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Summary
The components of the cryosphere are sensitive indicators of past and present climate variability. They
provide some of the most detectable evidence of global climate change. The contribution of ice sheets,
glaciers and ice caps to global sea-level rise has considerably increased during recent decades. Hence, the
monitoring of these components on a regular basis is of great importance.
The repeat observations and measurements of cryospheric variables have become available with the
launch of Earth Observation satellites. These instruments are very suitable to monitor large-scale changes
on repeat intervals due to wide footprints and both high spatial and temporal resolution. Above all, active
remote sensing systems operating in the microwave domain of the electromagnetic spectrum were most
useful. These systems work independently from daylight since they provide their own source of radiation
and are able to penetrate through clouds or dust. Modern twin satellite missions, such as the TanDEM-X
mission, offer new possibilities for interferometric processing due to very short temporal baselines
between image acquisitions.
The goal of this study was to investigate the potential of new satellite mission data in conjunction with
archived data for the quantification of changes of the cryosphere. For this purpose, glaciers in a high
mountain area and floating ice shelves on the margin of the Antarctic ice sheet were selected. The
respective cryospheric variables showed highly dynamic behavior during the last decades and were hence,
chosen for this study. Several remote-sensing based methods were used and adapted to specific
requirements of the satellite data or the studied objects. The applied methods include: the use of multispectral satellite data for mapping glacier outlines and termini position changes, the monitoring of
changes in glacier surface flow by means of ‘intensity offset tracking’ algorithms and the quantification
of glacier elevation and mass changes using SAR interferometry. In order to monitor ice shelves in a
recession stage, comparable techniques were used: the calculation of changes in surface flow and ice
thickness, the detection of fractures on the ice surface as well as the influence of tidal effects on the ice
shelf.
In the first part of this study, results are presented for glaciers in the Karakoram Region. Previous results
showed anomalous behavior of some glaciers expressed in stable and advancing glacier termini or in
balanced glacier mass budgets during recent decades. In contrast, glaciers in adjacent mountain ranges are
often affected by thinning and frontal recession. Additionally, numerous surge-type glaciers are found in
the Karakoram. These glaciers are characterized by cyclic speed up of flow accompanied by considerable
terminus advances. In the following longer-lasting quiescent period, ice flow remains nearly stagnant and
glacier tongues retreat or stay stable. Results of this study show a comprehensive inventory of glaciers in
the Karakoram including the monitoring of termini position changes over several decades. The majority
of glaciers showed stable termini and only few were retreating. An additional achievement of this study
was a comprehensive mosaic of SAR based glacier surface flow. Nearly stable glacier elevation and mass
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changes during 2000-2012 confirm previous findings, yet small-scale patterns of elevation changes were
quantified. Thanks to the high spatial resolution of modern SAR missions, comparably small and fast
flowing surge-type glaciers could be identified. The glacier surge cycle was investigated in detail and
small-scale spatial patterns of glacier elevation change were quantified, which might point to subsequent
advance and speed up of the respective surge-type glaciers.
In the second part, the floating ice shelves along the margins of the Antarctic continent were investigated.
These ice shelves are significantly affected by atmospheric and oceanic warming. As a consequence, ice
shelf recession and thinning has been observed and is most pronounced on the Antarctic Peninsula. Ice
shelf collapse leads to speed up and surface lowering of upstream grounded ice and hence, an additional
contribution to sea-level rise. In this study, the Antarctic ice shelf extent was partitioned into areas that do
or do not restrain the upstream ice flow. The latter ice shelf areas are referred to as passive shelf ice. If
this fraction is small at present, the respective ice shelf is considered susceptible to further ice loss. Most
susceptible ice shelves are located in the Bellingshausen and Amundsen Sea sectors. One of these ice
shelves is Wilkins Ice Shelf, located on the Antarctic Peninsula. It was used as a case study to show the
loss of ice shelf restraint during ice front recession. The retreat stages were surveyed by means of multitemporal surface velocities and deduced products such as strain rate and stress regimes. The latter two
helped to assess the ice-shelf stability during ice front break-up. A comprehensive, very detailed picture
on ice thickness changes over the last decade as well as the formation of fractures on the ice shelf’s
surface, points to a weakening ice shelf stability.
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Zusammenfassung
Die Elemente der Kryosphäre reagieren empfindlich auf Änderungen des globalen Klimas. Steigende
Temperaturen hinterlassen deutliche Spuren, die in der Kryosphäre ablesbar sind. So ist der Beitrag von
Gletschern, Eiskappen und der großen Eisschilde zum globalen Meeresspiegelanstieg in den letzten
Jahrzehnten deutlich gewachsen. Die flächendeckende Beobachtung der Kryosphäre in regelmäßigen
Abständen ist daher von besonderer Bedeutung. Dies wurde erstmals durch den Start verschiedener
ziviler Erdbeobachtungsmissionen in den 1970er Jahren möglich. Sie stellen ein wertvolles Instrument für
die flächendeckende Beobachtung von Veränderungen der Kryosphäre dar und bieten sowohl zeitlich als
auch räumlich hoch auflösende Aufnahmen. Vor allem aktive Mikrowellensysteme sind besonders
wertvoll, da sie selbstständig elektromagnetische Wellen aussenden und damit unabhängig von der
Solarstrahlung agieren. Bedingt durch die vergleichsweise langen Mikrowellen, durchdringen diese
Systeme außerdem Wolken- oder Staubschichten in der Atmosphäre.
Ziel dieser Arbeit war die Verwendung von Zeitreihen verschiedener Satellitendaten, um Änderungen von
Gebirgsgletschern sowie von schwimmenden Schelfeisen am Rande des Antarktischen Kontinents zu
detektieren und in einen globalen Kontext einzuordnen. Die jeweiligen Komponenten der Kryosphäre
zeigten sich während der letzten Jahrzehnte hochdynamisch und wurden daher für diese Studie
ausgewählt. Verschiedene Methoden der Fernerkundung wurden angewandt und sowohl an die
Spezifikationen der jeweiligen Satellitendaten als auch an die heterogenen Untersuchungsobjekte
angepasst. Die verwendete Methodik umfasst: das Detektieren von Änderungen der Gletscherfläche
anhand multispektraler Satellitendaten, das Monitoring des Fließverhaltens eines Gletschers mit Hilfe von
sog. ‚intensity offset tracking‘ Algorithmen, die Quantifizierung von Gletscherhöhen- und
Gletschermassenänderungen auf Basis interferometrischer Techniken. Für das Monitoring von
Schelfeisen in einem Rückzugsstadium wurden mit Hilfe ähnlicher Methoden diese Ziele verfolgt: die
Erstellung multi-temporaler Fließgeschwindigkeiten und Eisdickenänderungen, das Detektieren von
Rissen auf der Eisoberfläche sowie der Einfluss des Tidenhubs auf das frei schwimmende Schelfeis.
Die erzielten Ergebnisse werden zuerst für Gletscher im Karakorum Gebirge vorgestellt. Bisherige
Untersuchungen einzelner Gletscher dort zeigten stabile oder sogar vorstoßende Gletscherfronten. Auch
die Gletschermassen weisen eine ausgeglichene Bilanz aus. Im Gegensatz dazu sind Gletscher in
angrenzenden Gebirgen häufig von Gletscherrückzug und –schmelze betroffen. Im Karakorum sind
außerdem viele ‚galoppierende‘ (‚surge-type‘) Gletscher zu finden. Diese Gletschertypen sind durch eine
kurze Periode schneller Fließgeschwindigkeiten und beträchtlich vorstoßender Gletscherstirne
charakterisiert. Darauffolgend verringern sich die Fließgeschwindigkeiten wiederum und die
Gletscherzunge bleibt unverändert oder zieht sich sogar zurück. In dieser Arbeit wurde erstmals ein
flächendeckendes

Gletscherinventar

für

den

Karakorum

erstellt.

Darin

enthalten

sind

Gletscherflächenänderungen für einen Zeitraum mehrerer Dekaden. Hieraus ergibt sich, dass die
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Mehrzahl der Gletscherflächen konstant blieb und nur sehr wenige Gletscher von Rückzug betroffen
waren. Zudem zeigt die vorliegende Arbeit erstmals flächendeckende Fließgeschwindigkeiten für
Gletscher im Karakorum. Moderne SAR Satellitendaten halfen bei der Quantifizierung von
Höhenänderungen der Gletscher. Die Ergebnisse stützen vorhergehende Analysen, zeichnen sich jedoch
durch die Quantifizierung sehr kleinräumiger Muster aus. Dank der hohen räumlichen Auflösung der
modernen Satellitenmissionen konnten vergleichsweise kleine und schnell fließende ‚surge-type‘
Gletscher erstmalig identifiziert werden. Die zyklischen Veränderungen in Fläche, Fließverhalten und
Gletscherhöhen konnten detailliert beobachtet und zukünftige aktive Phasen prognostiziert werden.
Anschließend befasst sich diese Arbeit mit den schwimmenden Schelfeisen des Antarktischen Kontinents.
Durch die Erwärmung der Luft- und Ozeantemperatur dort haben sich die Schelfeise besonders an der
Antarktischen Halbinsel stark verkleinert oder verdünnt. Das Verschwinden eines Schelfeises führt zu
einem Anstieg der Fließgeschwindigkeiten der Eismassen flussaufwärts und trägt zum globalen
Meeresspiegelanstieg bei. In dieser Arbeit werden Schelfeisbereiche quantifiziert, die eine Stützfunktion
gegenüber gegründetem Eis ausüben oder aber keinerlei Funktion haben. Letztere werden hier als
passives Schelfeis bezeichnet. Sobald die Fläche des passiven Schelfeises einen gewissen Schwellenwert
unterschreitet, kann mit einem enormen Stabilitätsverlust und dem Verschwinden des betroffenen
Schelfeises gerechnet werden. Am häufigsten betroffen sind Schelfeise in der Amundsen und
Bellingshausen See. Dort liegt auch das Wilkins Schelfeis, welches in den vergangenen Jahren große
Flächen verloren hat und zur Prüfung der aufgestellten Thesen herangezogen wurde. Zudem zeigt die
Auswertung multi-temporaler Satellitendaten einen Anstieg der Fließgeschwindigkeiten im Zuge der
Flächenverkleinerung sowie eine Änderung der Dehnungs- und Spannungsraten im Eis. Dadurch konnte
die Stabilität des Eises während der Rückzugsstadien beurteilt werden. Schließlich zeigen
flächendeckende Eisdickenänderungen im letzten Jahrzehnt sowie die Kartierung von Rissbildungen eine
insgesamt geringe Stabilität des Wilkins Schelfeises.
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1
1.1

Overview
Motivation

“The cryosphere integrates climate variations over a wide range of time scales, making it a natural sensor
of climate variability and providing a visible expression of climate change” (Solomon, 2007, 339).
Climatic induced changes have affected all parts of the cryosphere: snow cover, sea, lake and river ice,
ice shelves and ice sheets, glaciers and ice caps, as well as frozen ground. Mass loss from these parts of
the cryosphere has increased in recent decades. The total contribution of ice sheets, glaciers and ice caps
outside Greenland and Antarctica to global sea-level rise was estimated to 1.0 to 1.4 mm yr-1 for 19932009 and to 1.2 to 2.2 mm yr-1 for 2005-2009 (Figure 1) (Vaughan et al., 2013). The largest contribution
arose from glaciers and ice caps outside Greenland and Antarctica (Vaughan et al., 2013).

Figure 1.1: Cumulative ice mass loss from Greenland and Antarctica and from glaciers outside the large ice sheets (in
sea-level equivalent, SLE) (Vaughan et al., 2013).

The globally comprehensive monitoring of changes in the cryosphere has become possible with Earth
Observation (EO) satellites. After the launch of the first Landsat satellite in 1972, multiple EO missions
followed including missions dedicated solely to the Polar Regions or ice applications. The high temporal
and spatial resolution of modern EO missions led to large-scale observations of the cryosphere. Single
acquisitions gave a first overview of the current state of the cryosphere. With the availability of repeat
satellite acquisitions, dynamic changes of the cryosphere could be monitored and the dominant processes
understood. Today, a globally comprehensive glacier inventory (Pfeffer et al., 2014) allows for a precise
estimation of the past, current and future contribution of glaciers to sea-level rise. Observations over the
Polar Regions are used for numerous applications, including changes in ice thickness and surface flow or
the monitoring of ice shelf recession. The results derived from remote sensing feed into a wide range of
related applications, e.g., ice dynamic modelling or continuum mechanics.
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Selection of study sites
The present thesis uses satellite data in order to study changes of the cryosphere on a regional scale. The
selected study sites comprise two glaciologically highly dynamic regions, i.e., the Karakoram Region and
the Antarctic Peninsula. Glacier changes in the Karakoram Region were heterogeneous. They showed
advancing and stable termini, whereas only few glaciers were retreating. Glacier mass budgets remained
balanced during recent decades (Kääb et al., 2012; Gardelle et al., 2013). This pattern contrasts the
behavior of most glaciers in High Mountain Asia, where glacier recession and thinning prevailed (Bolch
et al. 2012; Kääb et al., 2012). In addition, numerous surge-type glaciers are found in the Karakoram
Region, which show cyclic speed up and terminus advances. Cryospheric variables on the Antarctic
Peninsula have been affected by a significant increase in surface air temperatures (Vaughan et al., 2003;
Marshall et al., 2006). Several vast ice shelves have already disintegrated (Doake and Vaughan, 1991;
Rott et al., 1996; Skvarca et al., 1999; Scambos et al., 2000, 2003; Braun et al., 2009) or thinned
(Pritchard et al., 2012; Scambos et al., 2014; Paolo et al., 2015; Wouters et al., 2015). Ice shelf collapse
reduces the restraint that these floating ice bodies exert on the upstream grounded ice. This reduction of
the buttressing effect leads to accelerated outflow and surface lowering of grounded ice, which adds to
sea-level rise (Rott et al., 2002; Rignot, 2004; Scambos et al., 2004; Seehaus et al., 2015; Wuite et al.,
2015).
Cryospheric variables in the selected study sites differ in size and geometry, are influenced by different
climatic regimes and adapt differently to changes in them. However, satellite observations are able to
capture all these heterogeneous changes. The lack of in-situ measurements in these remote and often
inaccessible regions could be largely overcome due to these state-of-the-art satellite acquisitions.

1.2

Structure

This thesis is structured as follows. Chapters 2 gives an introduction into remote sensing of the
cryosphere. The history of early remote sensing of glaciers dating back to the 1820s is presented followed
by the description of satellite mission used in this study (chap. 2.1). The different remote sensing-based
methods applied to different parts of the cryosphere are explained subsequently (chap. 2.2). A
comprehensive dataset of high mountain glacier outlines was generated by using band ratios applied to
multispectral satellite data or by the measure of coherence between repeat SAR imagery (chap. 2.2.1).
Multi-temporal surface flow of ice was derived from intensity offset tracking algorithms applied to pairs
of SAR satellite acquisitions (chap. 2.2.2). This method proved suitable for comparable small and fastflowing surge-type glaciers, but also for vast and homogenous ice shelf areas. Elevation changes of an ice
body, in general, were derived from DEM differencing, i.e., the geodetic method (chap. 2.2.3). The height
information was extracted from altimetry datasets or by using SAR interferometry applied to TanDEM-X
satellite acquisitions. Challenges within the geodetic method were addresses in this chapter. In a final
step, the use of differential SAR interferometry is explained in order to measure the tidal effect on the
10
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floating parts of an ice shelf (chap. 2.2.4). With this, the transition from floating to grounded ice (the
grounding zone) was located.
Chapter 3 gives an overview of the study sites including the state-of-the-art glaciological knowledge.
First, background information on glaciers and climate in the Karakoram Region is provided (chap. 3.1.1).
In 3.1.2 special emphasis is put on surge-type glaciers and the remote sensing-based methods used to
study them. Chapter 3.2.1 deals with a changing climate on the Antarctic Peninsula and its impacts on ice
shelves. In addition, processes guiding the mass balance of an ice shelf are discussed and interactions
between an ice shelf and the ocean highlighted. Finally, the break-up time-series on Wilkins Ice Shelf is
shown (chap. 3.2.2).
Chapter 4 puts my own research results in the study sites into the larger context of other state-of-the-art
publications. First, chapter 4.1 provides an overview on commonly used remote sensing-based methods to
study glaciers (e.g., length and area, surface velocities and glacier elevation changes). This study was
embedded in the Glacier_CCI program funded by the European Space Agency (ESA) with the aim of
providing a global inter-comparison of remote sensing-based methods used in glaciology. Some of the
methods described there, were used in the subsequent publication about mountain glaciers in the
Karakoram Region (chap. 4.2). A comprehensive glacier inventory including termini position changes
over four decades was presented as well as glacier surface velocities for the entire Karakoram. Special
focus was put on temporal changes of surge-type glaciers (terminus advances, multi-temporal surface
flow, surface patterns). Based on this publication, glacier elevation and mass changes were derived for
different glacier types in the Central Karakoram using the geodetic method (chap. 4.3). Previously
unknown surge-type glaciers could be identified using a combination of the presented remote sensingbased methods. Satellite data of the German TanDEM-X mission were very suitable for monitoring smallscale glacier elevation changes.
Chapter 4.4 addresses ice shelf changes on a larger scale: Antarctic ice shelf retreat and its dynamic
consequences for upstream areas. Ice shelf areas which may be lost without dynamic consequences for
upstream areas were quantified. Wilkins Ice Shelf located on the Antarctic Peninsula was used as a case
study to show loss in ice shelf restraint due to ice front recession. The distinct break-up stages on this ice
shelf are analyzed in detail in the following chapter (chap. 4.5). Multi-temporal ice flow revealed
considerable changes after break-up. The temporal evolution of strain rate and stress regimes indicated
changes in ice shelf stability during frontal recession. A detailed picture of the ice thickness and its
variability could be drawn thanks to modern SAR satellite missions and altimetry datasets.
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1.3

List of papers

This doctoral thesis is based on the following peer-reviewed publications. For each publication the
author’s contribution is listed.
Paper #1
Paul F., Bolch T., Kääb A., Nagler T., Nuth C., Scharrer K., Shepherd A., Strozzi T., Ticconi F., Bhambri
R., Berthier E., Bevan S., Gourmelen N., Heid T., Jeong S., Kunz M., Lauknes TR., Luckman A.,
Merryman Boncori JP., Moholdt G., Muir A., Neelmeijer J., Rankl M., VanLooy J. & Van Niel T.
(2015): The glaciers climate change initiative: Methods for creating glacier area, elevation change and
velocity products. Remote Sensing of Environment 162, 408–426 (doi:10.1016/j.rse.2013.07.043)
Status: published
Achieved outcomes: inter-comparison of remote sensing-based methods applied to glaciers in the
framework of ESA’s glaciers climate change initiative; advantages and disadvantage of each
method are presented
Own contribution: providing processing algorithm and results of intensity offset tracking for glaciers in
the Karakoram

Paper #2
Rankl M., Kienholz C. & Braun M. (2014): Glacier changes in the Karakoram region mapped by
multimission satellite imagery. The Cryosphere 8(3), 977–989 (doi:10.5194/tc-8-977-2014)
Status: published
Article metrics: total article views: 6,204 (including HTML, PDF, and XML)
HTML
1,779

PDF
3,331

XML
1,094

Total
6,204

BibTeX
53

EndNote
46

Achieved outcomes: comprehensive inventory of glaciers in the Karakoram Region including termini
position changes over a 36 year period; inventory of dimensional glacier characteristics (glacier area,
length, slope); comprehensive SAR based glacier surface flow; inventory of surge-type glaciers including
multi-temporal surface flow and termini position changes as well as first-time identifications
Own contribution: design of the study; data processing and analysis; graphics and tables; writing

12

Overview

Paper #3
Rankl, M. & M. Braun (2016): Glacier elevation and mass changes over the Central Karakoram Region
estimated from TanDEM-X and SRTM/X-SAR Digital Elevation Models. Annals of Glaciology 51(71),
273-281 (doi:10.3189/2016AoG71A024)
Status: published
Achieved outcomes: glacier elevation changes of different glacier types (stable and advancing glacier
tongues) between 2000 and 2012; small-scale elevation changes during glacier surge cycle; conversion of
glacier elevation changes to mass changes; suitability of TanDEM-X data for glaciological purposes
Own contribution: design of the study; data processing and analysis; figures and tables; writing

Paper #4
Fürst, J.J., Durand, G., Gillet-Chaulet, F., Tavard, L., Rankl, M., Braun, M. & O. Gagliardini (2016): The
safety band of Antarctic Ice Shelves. Nature Climate Change 6(5), 479-482 (doi:10.1038/nclimate2912)
Status: published
Achieved outcomes: quantification of Antarctic ice shelf extent which may be lost without major
dynamic consequences for upstream areas, most susceptible ice shelves are located in the Bellingshausen
and Amundsen Sea sectors
Own contribution: processing of multi-temporal surface velocities on Wilkins Ice Shelf using SAR data

Paper #5
Rankl, M., Fürst, J. J., Helm, V., Humbert, A., Braun, M. (2016): Dynamic and geometric changes on
Wilkins Ice Shelf and consequences for its stability. To be submitted to The Cryosphere.
Status: to be submitted to The Cryosphere
Achieved outcomes: multi-temporal surface flow during distinct ice-front retreat stages; assessment of
ice shelf stability derived from strain rate and stress regimes as well as other measures presented in the
literature; detailed, high resolution ice thickness distribution derived from SAR interferometry and
altimetry datasets; variations in ice thickness and fracture formation point towards decreasing ice shelf
stability
Own contribution: design of the study; processing and analysis of satellite data; graphics and tables;
writing
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2

Remote sensing of the cryosphere

In general, remote sensing refers to collecting “information from an object without making direct physical
contact with it” (Pellikka and Rees, 2009, p. 1). In the narrower sense, information is acquired from above
an object using airborne or spaceborne platforms. Data about the investigated object is obtained via
electromagnetic energy acquired at distinct wavelengths, which is reflected or emitted by the object
(Figure 2.1).

Figure 2.1: Overview of the electromagnetic spectrum. Important frequencies for remote sensing range from the
ultraviolet (UV) to microwave region. Microwave frequencies used in this study: L-band (1-2 GHz), C-band (4-8 GHz), Xband (8-12 GHz). Source: NRC, 2016.

The history of scientific remote sensing of glaciers dates back to the 1820s. Due to the mostly remote
location of the world’s glaciers, remote sensing techniques provided important information from the very
beginning. The main application was the observation of glacier velocities from remote viewing points by
comparing the displacement of distinct features on the glacier surface (Pellikka and Rees, 2009). The
documentation of the glacier geometry or termini position changes were important tasks, too. In the 1850s
the first photographs were used to extract topographic information and the first aerial photograph was
taken in 1858 using a tethered balloon. Multi-temporal surveys of glaciers were carried out using early
photogrammetric methods in the 1870s/80s. Large parts of the German, Italian and Austrian Alps were
surveyed during that time (Pellikka and Rees, 2009). Glaciological remote sensing in the beginning of the
20th century was characterized by the use of terrestrial photogrammetry and stereographic methods. The
topographic and velocity mapping of glaciers was expanded to Norway, Svalbard, the Caucasus and
Pamir (Pellikka and Rees, 2009). After the First World War aerial photogrammetry was further developed
and large-scale surveys of glaciers became possible. During the Second World War, remote sensing
techniques were used for intelligence and navigational purposes and hence, were refined. The launch of
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the first rocket provided a milestone for remote sensing techniques. However, during the 1950s, aerial
photographs were still the main remotely sensed data source used in glaciology (Pellikka and Rees, 2009).
During that time, the first airborne radar altimeters were flown and the radar penetration into snow and
ice was discovered. The end of the 1950s marks the start of a new era of remote sensing: multispectral
films and sensors as well as the principle of radar interferometry and Synthetic Aperture Radar (SAR)
were developed (Pellikka and Rees, 2009).
Modern remote sensing of the cryosphere became widely applicable with the launch of the first civilian
Earth observation satellite, the Earth Resources Technology Satellite, in 1972. It was later renamed into
Landsat-1. Since then, the Landsat family has continuously acquired moderate resolution multispectral
data (USGS, 2016). The Landsat archive provides an important data source for several glaciological
applications: glacier inventories (Racoviteanu et al., 2010; Paul et al., 2011; Frey et al., 2012; Pfeffer et
al., 2014), glacier length and area changes (e.g., Bayr et al., 1994; Paul, 2002; Cook, 2005; Bolch et al.,
2010), surface velocities (Bolch et al. 2012; Heid and Kääb, 2012; Dehecq et al., 2015) and mapping of
the equilibrium line altitude (Bindschadler et al., 2001).
The first spaceborne SAR satellite mission was launched in 1978 with the SeaSat satellite. On overview
of SAR satellites launched since the 1990s is shown in Figure 2.2. SAR is a form of RADAR (Radio
Detection and Ranging). The concept of RADAR is to transmit a signal towards an object and to receive
the returning echo. The travelling time of the echo can be translated into the distance to the object,
provided that the travelling speed of the wave is known (Woodhouse, 2005). The strength of the returning
signal allows to distinguish between different targets (NRC, 2016). The principle of SAR is to synthesize
a large effective antenna by using a small antenna, which is moving along the flight line and constantly
transmitting radar pulses (Woodhouse, 2005). The acquired SAR image contains information on the
intensity and phase of the backscattered signal. However, the side-looking geometry introduces
challenges due to distortions called layover or foreshortening (Woodhouse, 2005). RADAR or SAR
systems usually operate in the microwave domain of the electromagnetic spectrum (Figure 2.1). Due to
the longer wavelengths (1m to 0.1cm) the signal is able to penetrate through clouds, haze or dust, but also
penetrates into snow or ice surfaces (NRC, 2016). SAR sensors are called ‘active’ sensors since they are
actively transmitting radiation to the target and are hence, independent from solar radiation. Both the
penetration through clouds and the independence from solar radiation makes active microwave systems
very beneficial for remote sensing applications.
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Figure 2.2: Overview of SAR satellites. Source: UNAVCO, 2016.

The application of SAR systems in glaciology is manifold: the estimation of glacier surface velocity
(chap. 2.2.2) and glacier elevation (chap. 2.2.3), the mapping of glacier facies (Rau and Braun, 2002;
Langley et al., 2008) or of glacier outlines and extent (chap. 2.2.1), the mapping of the grounding line
(chap. 2.2.4), the retrieval of snow cover characteristics such as density, depth, or snow water equivalent
(Hofer and Schanda, 1978; Mätzler and Schanda, 1984; Schaffhauser et al., 2008).
In contrast to imaging SAR systems, non-imaging microwave systems like radar altimeters acquire pointbased measurements of the earth’s surface. Based on the forth and back travel time of the transmitted
signal, the distance to the ground can be measured. Hence, radar altimeters are often used to determine
height changes of the polar ice sheets or sea ice. Laser altimeters or LiDAR (Light Detection And
Ranging) follow the same concept as radar altimeters, but operate in the visible or infrared domain of the
electromagnetic spectrum. The transmitted light pulses interact with clouds or particles in the atmosphere,
yet do not penetrate into ice or snow surface due to the shorter wavelengths. Thus, height measurements
from laser altimeters are often used to quantify the penetration depth of the radar signal into snow and ice
(e.g., Kääb et al., 2012; Michel et al., 2014).

2.1

Overview of used satellite missions

In this study, data from several SAR satellites were used in order to extract glaciological variables (chap.
2.2). The European Remote Sensing (ERS) satellites, were launched in 1991 and 1995, respectively. The
main payload was a SAR system and a radar altimeter. The two ice phases in 1991/92 and 1993/94 were
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dedicated to interferometric applications over ice covered regions (D’Elia and Jutz, 1997). ERS-2
acquired data from the same target area as ERS-1 only three days later. The short repeat cycle allowed for
a high level of correlation between image acquisitions. A comparable constellation was flown in 1995/96
during the tandem phase. The temporal baseline between ERS-1 and ERS-2 image acquisitions was 24
hours for selected orbits (Moore et al., 1999). Following the ERS mission, the Envisat satellite was
launched in 2002. The Advanced Synthetic Aperture Radar (ASAR) instrument onboard the satellite
continued to acquire imagery in the C-band frequency. The mission was fully operational until April
2012.
In 2006, the Japanese Earth Observation satellite ALOS (Advanced Land Observation Satellite) was
launched carrying the Phased Array type L-band Synthetic Aperture Radar (PALSAR) instrument. Every
46 days this sensor acquired images from the same relative orbit. Image acquisition was possible in 3
different imaging modes, ranging from high to medium resolution (JAXA, 2016). With the successive
launch of ALOS-2 in May 2014, the image acquisitions are carried on since ALOS-1 was lost in 2011.
The German TerraSAR-X satellite acquires SAR data in the X-band frequency. Repeat overpasses of the
target area are possible every 11 days and in three different imaging modes. The highest spatial resolution
of 3 x 3m (ground range x azimuth resolution) can be achieved with the StripMap mode (DLR, 2016).
The identical twin satellite TanDEM-X was launched in 2010. During the bistatic science phase both
satellites fly in a close helix formation with a temporal baseline of up to three seconds between image
acquisitions (Krieger et al., 2007). Hence, the TanDEM-X mission provides state-of-the-art spatial and
temporal high resolution SAR data for interferometric purposes (Krieger et al., 2007; Fritz et al., 2011).
In April 2014, the joint Sentinel-1A satellite of the European Commission and the European Space
Agency was launched. The satellite provides C-band SAR data following the ERS-1/2 and Envisat
missions. Sentinel-1A acquires high resolution data (up to 5 m ground resolution) in four different
imaging modes and has a repeat cycle of 12 days. With the launch of its twin satellite Sentinel-1B,
scheduled for April 2016, repeat acquisitions every 6 days will be made possible (ESA, 2016a).
Decorrelation between image acquisitions will decrease and the interferometric potential of the mission
will increase.
Onboard the CryoSat mission, the SIRAL (Synthetic Aperture Interferometric Radar Altimeter)
instrument was dedicated to provide altimeter measurements. Due to the failure of the first CryoSat
satellite in 2005, CryoSat-2 was launched in April 2010. The sensor reaches latitudes of up to 88° N/S
and is hence, very important for studies designed to investigate sea ice thickness and changes of the polar
ice sheets (ESA, 2016b).
The ICESat mission acquired, multi-year elevation data over the Polar Regions from 2003-2009 with the
primary aim of estimating ice sheet mass balance. An airborne laser altimeter (ATM) was flown with the

18

Remote sensing of the cryosphere

NASA IceBridge campaign. In order to fill the gap between the former ICESat and the planned ICESat-2
mission, the IceBridge campaign acquired topographic data over the Polar Regions (NASA, 2016).

2.2

Methods to map glaciological variables

2.2.1 Glacier area
Glaciers are important indicators of past and future climate change. It is hence, important to establish and
maintain globally comprehensive glacier inventories. The Global Land and Ice Measurements from Space
(GLIMS) aims to provide an inventory of worldwide glacier outlines including metadata such as glacier
area and length, glacier hypsography and glacier volume (Racoviteanu et al., 2010). A supplementary
dataset was provided by the Randolph Glacier Inventory (RGI), which was first released in 2012. The
RGI is a global inventory of glacier outlines (Arendt et al., 2015). The glacier area is important to know
for a wide range of glaciological applications with the overall aim of determining glacier changes and
their contribution to global sea-level rise.
Different methods based on optical data (mostly Landsat) were used in the past in order to determine a
glacier’s area: manual on-screen digitization (Rott and Markl, 1989), segmentation of ratio images (Rott,
1994; Bayr et al., 1994), supervised or unsupervised classification (Aniya et al., 1996; Sidjak, 1999). All
methods rely on the different electromagnetic properties of snow and ice in the shortwave infrared and
visible domain in contrast to the surrounding area.
Glacier areas were derived most successfully with a simple band ratio method applied to Landsat
Thematic Mapper (TM) imagery (chap. 4.1). The band ratio between the red (TM3) and shortwave
infrared band (TM5) and the application of a threshold based on the green band (TM1), or the ratio of
TM4/TM5 performed best. The ratio TM3/TM5 is more suitable for areas with no water bodies present,
whereas the ratio TM4/TM5 misses shaded glacier areas. Another possibility is the normalized difference
snow index (NDSI), which is computed from the Landsat TM band ratio (TM2 - TM5) / (TM2 + TM5).
However, this method requires manual preprocessing, which is unnecessary for the ratios mentioned first.
The main challenge within automated methods arises from debris covered glaciers, which are difficult to
distinguish from the surrounding bedrock. Manual post-processing is needed, which introduced a
significant source of errors.
Another approach uses the interferometric coherence between two SAR images and its sensitivity to
glacier motion (Atwood et al., 2010). Due to the glacier movement in time, coherence between image
acquisitions gets lost and the glacier outline can be retrieved based on the differences in coherence
between glacier areas and surrounding non-moving areas. This technique is very suitable for debris
covered glacier tongues, which are difficult to distinguish from bedrock using the optical or infrared part
of the electromagnetic spectrum. This techniques has been tested for glaciers in the Karakoram using
several SAR frequencies (L-, C- and X-band, Figure 2.3).
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Figure 2.3: left: Glacier outlines of Yazghil glacier, Karakoram, derived from SAR coherence using different frequencies
(SAR data has been processed by S. Lippl). Right: glacier extent as derived from optical satellite data in the Randolph
Glacier Inventory and from manual digitization as shown in chap. 4.2. Background: Landsat-8, 07/09/2013.

2.2.2

Surface velocity of ice

The surface velocity of ice can be derived using several methods based on SAR and multispectral
imagery. Differential SAR Interferometry (DInSAR) has been widely applied in recent decades in order
to determine surface flow of glaciers in the Polar Regions (e.g., Goldstein et al., 1993; Joughin et al.,
1996; Rignot et al., 1997) or in high mountain areas (e.g., Vachon et al., 1996; Fatland and Lingle, 2002;
Kumar et al., 2009). The differential approach uses two complex SAR acquisitions from slightly different
orbit configurations and acquired at different times in order to compute an interferogram. The
interferogram contains information about the surface topography and the coherent displacement in the
line-of-sight direction of the sensor. By using the differential approach, the topographic component can
be removed (i.e., by using an external DEM: 2-pass InSAR, another SAR acquisition: 3-pass InSAR, or
another interferogram: 4-pass InSAR). The successful application of DInSAR to map glacier surface flow
depends on the level of correlation between image acquisitions. However, coherence is often affected by a
changing surface over time, e.g., by snow accumulation, wind drift or surface melt (Strozzi et al., 2002).
Thus, the use of different techniques became popular: intensity offset tracking and coherence tracking.
Both techniques measure the displacement between image acquisitions over time in slant range and
azimuth directions (Strozzi et al., 2002). Both methods rely on a shifting window algorithm, which uses a
small sample window of a given size and moves this window over the other image according to a chosen
step size (Figure 2.4a). For each window shift the 2-D cross-correlation is calculated and the correlation
value is assigned to the center pixel of the overlapping window region. In this manner, a correlation field
is built up (Figure 2.4b). The maximum correlation value in this field is converted into offsets in range
and azimuth directions by using the distance to the field’s center (Figure 2.4b) (Lange et al., 2007).
Displacement offsets of minor confidence are discarded by using a signal-to-noise ratio.
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The coherence tracking technique or the fringe visibility algorithm applies the moving window algorithm
to small interferogram patches and measures the image offset based on the maximum level of coherence
(Strozzi et al., 2002). The method requires a sufficient level of coherence between image acquisitions, but
may also perform in featureless areas, such as glacier accumulation areas.

Figure 2.4: Shifting window algorithm used for different offset tracking techniques. a) shows the small sample window
which is shifted over the other image. For each step, a correlation value is assign to the center pixel of the sample
window. b) shows a complete correlation field which has been build up. The correlation peak P’ is visible. d denotes the
distance between P’ and the center of this field P (Lange et al., 2007).

Intensity offset tracking algorithms, also known as cross-correlation optimization procedure, rely on the
image intensity of a pair of co-registered Single-look-complex image scenes (e.g., Strozzi et al., 2002;
Luckman et al., 2003; Lange et al., 2007). In case coherence was retained over time, the speckle pattern
of both acquisitions is correlated additionally (Strozzi et al., 2002). This method depends on sufficient
image contrast in both image acquisitions, i.e., surface features have to be present, rather than on image
coherence. Displacement fields derived in this study (chap. 4.2 & 4.5) are based on the intensity offset
tracking technique.

2.2.3 Glacier elevation and mass change
The use of satellite observations to derive large-scale elevation changes has gained importance due to the
remote and mostly inaccessible location of the world’s glaciers, ice shelves and ice sheets. A common
method to study elevation changes of glaciers and ice sheets using satellite observations is the geodetic
method (e.g., Berthier et al., 2007; Kääb et al., 2012; Gardelle et al., 2012b, 2013). This method uses
topographic information extracted from DEMs or altimetry datasets in order to calculate glacier elevation
changes. DEMs with near-globe coverage are available from the Shuttle Radar Topography Mission
(SRTM) flown in February 2000, from the ASTER Global Digital Elevation Map Announcement
(GDEM), which was released for the first time in 2009, from the SPOT (Satellite Pour l’Observation de
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la Terre) high resolution stereoscopic instrument (HRS) launched in 2002, and from the German
TanDEM-X mission launched in 2010. Elevation changes derived from altimetry have been extracted
from radar or laser altimeters, as e.g., onboard the ERS-1/-2, ENVISAT, ICESat or CryoSAT-2 missions
as well as from airborne instruments (e.g., NASA IceBridge).
The generation of DEMs out of SAR data is possible using the basic principle of SAR interferometry. For
this, two sensors S1 and S2 measure the range distance to the ground from slightly different viewing
angles (Figure 2.5, left). They are separated by a baseline B. Based on the different path length ΔR from
S1 and S2 to the ground, the relative phase difference Δϕ can be retrieved. The phase difference is a
function of surface topography Δϕtopo, movements of the scattering object between image acquisitions
Δϕmov, atmospheric conditions Δϕatm, phase noise Δϕniose and the contribution of the ‘flat earth’ Δϕflat-earth:
Δϕ = Δϕtopo + Δϕmov + Δϕnoise + Δϕatm + Δϕflat-earth

(1)

The range measurement can be obtained by using repeat-pass interferometry, which requires two
overflights at different times over the target area. In contrast, the single-pass approach acquires two
measurements during one overflight with a satellite carrying two antennas (Woodhouse, 2005). A modern
single-pass system was launched with the TanDEM-X mission. It consists of two satellites (TerraSAR-X
and its twin satellite TanDEM-X), which fly in a close helix formation (Krieger et al., 2007). During the
bistatic acquisition mode, one of the satellites (the so-called active master satellite) transmits and receives
the signal, whereas the other satellite (the so-called slave satellite) receives the backscattered signal
(Figure 2.5, right). The time lag between image acquisitions during one overpass accounts for 3 seconds
only, which makes the bistatic TanDEM-X mission very suitable for interferometric processing (Krieger
et al., 2007; Fritz et al., 2011).
In consequence, several parameters in Eq. ( 1 ) are negligible. Atmospheric conditions between image
acquisitions are assumed to be the same, which renders the contribution from Δϕatm to zero. The same is
true for the phase difference due to movements of the scattering object on the ground Δϕmov and due to
phase noise Δϕnoise. The contribution of the phase difference arising from the ‘flat-Earth’ Δϕflat-earth is able
to be removed during interferometric processing. The equation is then described by the phase difference
due to the topographic component Δϕtopo:
∆ϕ=ϕtopo =

2π Bperp h
λ R 1 sin θ

(2)

λ = wavelength, Bperp = perpendicular baseline, θ = look angle, R1 = radar-target distance, h = height difference
between resolution cells
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Figure 2.5: left: Geometry of across-track interferometry. Right: Bistatic imaging mode of the TanDEM-X Mission.
Background: Parts of Wilkins Ice Shelf, Antarctic Peninsula. Intensity image: ALOS PALSAR, interferogram: TanDEMX/TerraSAR-X acquisitions.

The measured phase difference becomes visible by generating an interferogram out of both acquisitions.
Each fringe in the interferogram represents a phase cycle of 2π. After removing the topography of a
simulated ‘flat-Earth’ interferogram, the phase-to-height sensitivity can be calculated, which describes the
relation between one phase cycle and the measured relative height. In order to resolve the ambiguity of
the fringe cycles in the interferogram and to receive a measurement of the absolute phase difference, i.e.,
the absolute height relative to a reference point, the wrapped phase information has to be unwrapped. The
absolute terrain height of each pixel is then able to be determined using a reference point with known
terrain height and location (e.g., by using an external DEM or altimetry dataset).
In this study, the processing principle was slightly changed (chap. 4.3). The altered approach uses a
differential interferogram generated from the simulated phase of a reference DEM (here: C-band SRTM
DEM) and a TanDEM-X/TerraSAR-X interferogram. This step facilitates the unwrapping process, since
only the differential phase has to be considered. Further processing steps are explained in chapter 4.3.
A main concern attributed to the geodetic method arises from the variable signal penetration of different
radar frequencies into ice, firn or snow (Figure 2.6b). Due to the penetration of the signal into the ground,
surface elevations might be underestimated. When traveling through an inhomogeneous volume, a
microwave loses energy by absorption or scattering. Absorption depends on the dielectric properties of a
medium (Figure 2.6a). Scattering depends on the roughness of the boundary surface and its dielectric
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contrast (surface scattering), the snow grain size, air bubbles and the dielectric properties inside the
medium (volume scattering) (Pellikka and Rees, 2009). The sum of these losses, the degree of
attenuation, determines the microwave penetration depth into a medium or the phase center depth of the
scattering volume (Ulaby et al., 1982). The penetration depth of a SAR signal varies also with the
frequency (Figure 2.6), polarization and the incidence angle. A comparison between DEMs acquired in
the X- or C-band frequency showed considerable differences in the retrieved surface height.

b)

a)

Figure 2.6: a) Penetration depth σP into snow as a function of liquid water content mv (in %) and signal frequency (NRC,
2015b). b) Elevation difference between the X- and C-band SRTM DEMs over debris, ice or snow covered surfaces in the
Karakoram.

In order to account for the penetration depth when estimating glacier elevation change, a detailed
knowledge of the surface characteristics has to be available. Several attempts to quantify the penetration
depth have been made using remote sensing datasets: Rignot et al. (2001) found penetration depths of
9 ± 2 m and 1 ± 2 m for frozen firn and ice in Greenland using the C-band frequency. Under dry snow
conditions the penetration depth might further increase (Dall et al., 2001). A height bias of ~5 m was
found by comparing interferometric derived X-band heights with NASA IceBridge altimetry data over
dry snow in Antarctica (Groh et al., 2014). Seasonally changing X-band phase center depths in the range
of 2-3 m in Antarctica were found by Seehaus et al. (2015). Another approach uses elevation differences
between the C- and X-band SRTM DEMs over Asian high mountain areas (Gardelle et al., 2012a). The
X-band penetration into snow and ice was assumed to be negligible, and the C-band penetration was
averaged to ~2 m (Gardelle et al., 2012a). Several studies have adopted this approach to other high
mountain areas on the globe (e.g., Willis et al., 2012; Melkonian et al., 2013). However, as shown in
Figure 2.6b, the elevation difference between X- and C-band DEMs varies considerably both with surface
properties and altitude. Hence, the application of a constant value to glacier elevation changes at different
study sites and to various altitudinal bands was not recommended within the present study. This was also
24

Remote sensing of the cryosphere

shown in Kääb et al. (2012) who estimated the C-band penetration by using ICESat observations as a
reference.
Another concern arises from the conversion of glacier volume change to mass change. Different densities
need to be applied in order to convert changes of snow, firn and ice into the respective mass changes.
Additionally, firn compaction has be taken into account, otherwise glacier mass changes might be
overestimated (Huss, 2013). Yet, without in-situ measurements, it is difficult to quantify the density of the
volume lost/gained or to measure firn compaction over time. In consequence, most studies rely on a
constant conversion factor (using the density of ice: 900 kg m-3) and assume that no changes in the
vertical firn profile happen over time (Sorge’s law; Bader, 1954). Hence, changes in the firn thickness,
firn density or the position of the firn line during glacier volume changes are neglected (Huss, 2013). In
general, an overestimation of mass changes of 2-15 % was found, when using a constant density of 900
kg m-3 as the conversion factor for the entire glacier catchment (Huss, 2013). In consequence, the
application of a conversion factor of 850 ± 60 kg m-3 for investigation periods >5 years (Huss, 2013) or a
zonally variable density factor using 900 kg m-3 for the ablation area and 500-600 kg m-3 for the
accumulation area was recommended (Schiefer et al., 2007; Moholdt et al., 2010; Kääb et al., 2012;
Gardelle et al., 2012b).

2.2.4 Grounding line determination
Antarctica’s inland ice leaves the continent via tidewater glaciers and ice shelves. The area from the
grounded ice to the point where the ice is fully afloat is called the grounding zone. The location at which
the grounded ice first begins to float is termed the grounding line (Rignot, 1998). An ice shelf may also be
grounded locally and so-called ice rises become apparent. The location of the grounding zone of an ice
shelf or tidewater glacier can be determined by using DInSAR (Rignot, 1996; Metzig et al., 2000; Fricker
et al., 2009; Rignot et al., 2011). Due to the tidal movement of the floating ice shelf, vertical offsets can
be measured in the differential interferogram and the location of the grounding zone determined
(Figure 2.7).
The present study used ERS-1/-2 scenes in order to determine the grounding zone on Wilkins Ice Shelf
(chap. 4.5). During the ERS tandem phase (May 1995 to June 1996), both ERS satellites followed the
same relative orbit with ERS-2 24 hours behind ERS-1 (Moore et al., 1999). This configuration allowed
for precise height measurements due to low spatial and temporal decorrelation of the signal. In order to
extract the topographic phase information, 4-pass DInSAR was applied. The phase information of both
interferograms contains vertical and horizontal displacements in range direction based on surface
topography, ice flow, tidal motion, imaging geometry and noise (Rignot et al., 2011). By differencing the
two interferograms, the influence of the horizontal ice motion is removed, which is assumed to be
constant in-between the image acquisitions. The vertical tidal signal, which is not constant, remains in the
differential interferogram (Figure 2.7). The resulting differential interferogram contains an area of narrow
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fringes, which marks the dimension of the grounding zone and indicates the location of the grounding line
(Figure 2.7).

Figure 2.7: Grounding zone on Wilkins Ice Shelf. Left: double differenced interferogram. Right: vertical displacement due
to tidal movement shown in interferogram.
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3
3.1

State-of-the-art research in the study sites
The Karakoram Range

3.1.1 Glaciers and climate
The Karakoram Region stretches across the borders of China, Pakistan and Afghanistan. It contains some
of the largest glaciers outside the Polar Regions, e.g. Siachen (~72 km), Biafo (~67 km) or Baltoro
Glacier (~64 km) (Mayer et al., 2011). The glacier area accounts for ~18,000 km² (Bolch et al., 2012).
The climate in the Karakoram is guided by seasonal changing regimes: winds from the west are
predominant in winter and are responsible for two-thirds of the annual high-altitude snowfall (Hewitt et
al., 1989). In most summers, the Indian monsoon prevails and contributes to one third of the snow
accumulation. Annual average precipitation was estimated to range between 1500 and 1800 mm a-1 at
5000 m a.s.l. in the western Karakoram, but decreases considerably to ~600 mm a-1 at 5000 m a.s.l. in the
northern part (Winiger et al., 2005). Changes in precipitation and temperature regimes have been
observed since the early 1960s: valley weather station records showed an increase in winter precipitation
and a decrease in summer mean and minimum temperatures (Archer et al., 2004; Shekhar et al., 2010;
Yao et al., 2012; Bocchiola and Diolaiuti, 2013). In consequence, recent studies showed balanced or even
positive glacier mass balances for the Karakoram region. Kääb et al. (2012) reported balanced trends of
mass budgets in autumn (Oct.-Nov.) 2003-2008 of 0.0 ± 0.8 Gt a-1 (using a zonally variable conversion
factor) derived from ICESat altimetry measurements. Geodetic glacier mass balances of +1.9 ± 3.1 Gt a-1
(using an ice density of 850 kg m-3) between 1999 and 2010 were found by Gardelle et al. (2012b). Other
studies found some stable and advancing glacier termini across the Karakoram (Scherler et al., 2011;
Bolch et al., 2012), which is also shown in detail in chapter 4.2. In contrast, most glaciers in the adjacent
Himalaya Range are affected by frontal recession (Scherler et al., 2011; Bolch et al., 2012). According to
Scherler et al. (2011) 87% of the studied glaciers in the western Himalaya, 83% in the northern central,
and 65% in the southern central Himalaya showed retreating tongues between 2000 and 2008. Elevation
change measurements showed thinning for the entire Himalaya Range between 2003 and 2008 with
maximum rates of -0.66 ± 0.0.9 m a-1 in the Jammu-Kashmir region (Kääb et al., 2012).
The anomalous behavior of glaciers in the Karakoram and also in the Pamir during recent years was
termed the ‘Karakoram Anomaly’ (Hewitt, 2005) or the ‘Pamir-Karakoram Anomaly’ (Gardelle et al.,
2013). It was also shown that large-scale westerly winds affect precipitation and temperature regimes
over monsoonal High Asia and hence, play an important role in the inter-annual mass balance of glaciers
there (Mölg et al., 2014). A recent study by Kääb et al. (2015) found mass gain of glaciers in the western
Kunlun Shan, east of the Karakoram. In consequence, it was suggested that the Pamir and Karakoram
mountains indicate the western edge of the climatically induced glacier anomaly, which expands much
more to the west, i.e., the western Kunlun Shan (Kääb et al., 2015).
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Figure 3.1: Overview of the Karakoram region. Glaciers with advancing or retreating termini between 1976 and 2012 are
indicated as green or red circles. Surge-type glaciers are marked with light-blue triangles. Abbreviations denote: Ba –
Batura Glacier, Bi – Biafo Glacier, Bt – Baltoro Glacier, Hi – Hispar Glacier, and Si – Siachen Glacier. Background: ESRI,
2016.

3.1.2

Surge-type glaciers

The Karakoram is known for a large number of repeatedly surging glaciers. These glaciers are
characterized by a so-called active surge phase and a subsequent quiescent phase. During the active surge
phase, glacier flow increases by at least one order of magnitude along the lower reaches of the glacier,
when compared to non-surging glaciers (Meier and Post, 1969). In addition, significant terminus
advances were observable at surging glaciers in the Karakoram (chap. 4.2), but are not necessarily found
at surging glaciers elsewhere (Paterson, 2010). One can also detect a relocation of mass from a reservoir
area to a receiving area (Meier and Post, 1969). The glacier surface thickens and steepens in the reservoir
area during quiescence, i.e., a bulge is forming. During the active phase, the bulge usually propagates
quickly downwards, which results in surface lowering in the reservoir area and surface thickening in the
receiving area (Meier and Post, 1969). After the active surge phase, characteristic features on the glacier
surface become visible: e.g., looped and folded medial moraines, large and chaotically distributed
crevasses and ice foliation. The active phase of a surge might be very short (weeks to months) or might
cover several years with a constant advance of the tongue (chap. 4.2). The subsequent quiescent surge
phase, however, might endure several years or decades (Meier and Post, 1969). During quiescence ice
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flow decelerates or remains close to zero. The glacier termini usually stays stable or retreats slightly.
Surface lowering can be observed at the lower tongues.
The mechanisms triggering surge-type behavior are not yet fully understood and also differ from region to
region. For sub-polar surge-type glaciers, e.g., in the Canadian Yukon Territory, a characteristic thermal
internal structure was found. It includes a transition from an upstream area of ice at its melting point
towards a downstream area of ice frozen to its bed (Clarke et al., 1984). In consequence, sliding of the
glacier might be possible upstream the transition but not downstream, which might block the ice flow and
lead to the formation of a bulge. Other authors refer rather to the material underlying the glacier than to
internal ice deformation: the soft-bed view relates to the deformation of the sediment due to thickening
and steepening of the reservoir area during quiescence. The formation of water filled pockets within the
sediment might then be the destabilizing factor, which might trigger a surge event (Murray and
Dowdeswell, 1992). In contrast, the hard-bed theory relies on a change in the subglacial drainage system
from efficient channels to less efficient linked cavities, which then causes an active surge phase (Kamb,
1987). Environmental factors which could possibly trigger surge-type behavior are: earthquakes,
avalanches, significant temperature fluctuations or exceptional short-term snowfall (Hewitt, 1969). For
surge-type glaciers in the Karakoram neither theory could be proven nor any of the environmental factors
identified to trigger surge-type behavior. However, changes in the thermal regime, episodes of
exceptional warm temperatures above the equilibrium line altitude and the often steep, avalanche-fed
glacier catchments might be most important triggers (Hewitt, 2007).
Surge-type glaciers in the Karakoram have been observed since the 1860s (Mason, 1931; Hewitt, 1969,
1998, 2007; Barrand and Murray, 2006; Kotlyakov et al., 2008; Copland et al., 2011). However, during
recent years, the availability of high spatial and temporal resolution satellite data allowed for a
comprehensive long-term and repeated monitoring of these glaciers (Copland et al., 2011). Actively
surging glaciers in the Karakoram showed considerable termini advances of up to ~3.5 km within 5 years
and increased surface flow of up to ~1.78 m day-1 at the lower tongues compared to nearly stagnant
surface flow upstream (Figure 3.2). Characteristic surface features could be observed using multispectral
Landsat TM imagery.
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Figure 3.2: Example of surge-type glaciers in the Shaksgam Valley, Karakoram. Left: Surface velocities derived from
ALOS PALSAR image pairs in 2009. Middle: Elevation change between 2000 and 2012 derived from TanDEM-X and
SRTM/X-SAR DEMs. Right: Termini position changes between 2000 and 2012. Background: Landsat 7, © USGS, 2000.

Based on the calculation of glacier elevation changes between 2000 and 2012 using TanDEM-X and
SRTM/X-SAR DEMs (Figure 3.2), the relocation of mass during an active surge phase from the reservoir
to the receiving area was quantified. Elevation gain close to the snout was up to ~13 m a-1 (Figure 3.2).
Upstream the area of mass gain, elevation change was close to zero or slightly negative. A different
pattern became obvious for glaciers in the quiescent surge phase: thinning was observed at the lower
tongues, whereas thickening was found upstream these areas (Figure 3.3). The area of elevation gain
might represent the formation of a bulge or kinematic wave (Figure 3.3, dashed ellipse), which will
induce an active surge phase.

Figure 3.3: Surface flow and elevation change (2000-2012) of Skamri Glacier. Left: Surface velocities derived from
TerraSAR-X image pairs acquired in 2009. Right: glacier elevation change 2000-2012. Dashed line indicates the area of
mass gain referred to in the text. Background: Landsat 7, © USGS, 2000.

The monitoring of surge-type glaciers using remotely sensed data is not only useful to identify and
understand surge-type behavior, but also to identify potential risks for ‘glacial lake outburst floods’
(GLOF). The advance of the glacier tongue during an active surge phase may dam river valleys. In a short
time period, large-sized lakes may form. Collapse of the ice or moraine dammed lakes may lead to an
outburst flood threatening downstream settlements and infrastructure. Besides, the sudden drainage of
supra-glacial lakes or lakes between an end-moraine and the terminus of a retreating glacier may also lead
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to flooding. Most affected by GLOFs are the Shyok Valley (Mason, 1931) in the eastern Karakoram and
the Shimshal valley (Iturrizaga, 2005) in the north-western Karakoram (Figure 3.4). At least 35 GLOFs
have been reported in the Karakoram since the early 19th century (Hewitt, 1998).

Figure 3.4: Geomorphological map of the upper Shimshal valley indicating the formation of moraine dammed lakes
(Iturrizaga, 2005). The picture shows the lower tongue of Yazghil glacier (© M. Braun).
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3.2
3.2.1

The Antarctic Peninsula
Climate, ocean and the cryosphere

The Antarctic Peninsula (AP) stretches along ~1500 km from 73°S to 62°S, from the Ellsworth Land to
the Drake Passage. Most of the AP’s topography reaches elevations of over 1000 m a.s.l, which
significantly influences the circulation of air across the AP. On the western side of the AP relatively moist
and mild air masses prevail, i.e., a maritime climate. The eastern coast of the AP is influenced by a
continental climate regime with winds predominantly arising from the southern Weddell Sea. Hence,
precipitation on the eastern AP is considerably lower than on the western AP. Near-surface temperatures
on the western AP are higher than on the eastern side, yet temperatures above 0°C in summer are very
frequent on both sides (Barrand et al., 2013). Summer surface snowmelt on the AP accounts for 66% of
the whole Antarctic snowmelt (Kuipers Munneke et al., 2012).

Figure 3.5: Overview map of the Antarctic Peninsula. Recent ice shelf extents are shown in light blue. The location of the
ice front in the 1980’s is indicated as a yellow line. Data source: SCAR Antarctic Digital Database, 2016.

Climate warming on the AP during recent decades proceeded much more rapidly as compared to the
global mean (0.6 ± 0.2°C during the 20th century (Houghton et al., 2001)) or to the rest of the Antarctic
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Ice Sheet (Vaughan et al., 2003). Mean annual temperature rise accounted for 1.5 – 3°C since the 1950s
(Skvarca et al., 1998; Folland et al., 2002; Turner et al., 2005). Further indications for climate change on
the AP are: an increase in precipitation on the western AP coast (Turner et al., 1997), a reduced sea ice
coverage on the western AP coast (Stammerjohn et al., 2008), warming of >1°C of the Bellingshausen
Sea surface layers (Meredith and King, 2005; Martinson et al., 2008) as well as deep and intermediate
ocean warming in the Weddell Sea (Robertson et al., 2002). As a consequence, several ice shelves
collapsed or significantly retreated during the past three decades (e.g., Doake and Vaughan, 1991; Rott et
al., 1996; Skvarca et al., 1999; Scambos et al., 2000, 2003; Cook, 2005; Braun et al., 2009). Other ice
shelves and glaciers along the AP thinned considerably (e.g., Pritchard et al., 2012; Scambos et al., 2014;
Paolo et al., 2015; Wouters et al., 2015). Ice shelf loss leads to a reduced buttressing of the inland ice
(Dupont and Alley, 2005; Joughin and Alley, 2011; Pritchard et al., 2012). Buttressing is caused through
shear of the ice at lateral margins of the ice shelf or where the ice shelf locally runs aground, i.e., at ice
rises (Paterson, 2010). In consequence, the increasing discharge of the upstream grounded ice contributes
to global sea-level rise (Wouters et al., 2015). Subsequent ice flow acceleration of (former) tributary
glaciers feeding the ice shelves was documented (Rott et al., 2002; Rignot, 2004; Scambos, 2004;
Seehaus et al., 2015; Wuite et al., 2015). Hence, ice shelves play an important role in buttressing the
inland ice flow (Dupont and Alley, 2005, 2006). The buttressing effect of Antarctic ice shelves on the
upstream grounded ice was investigated in chapter 4.4.
Ice shelves fringe 45 % of the Antarctic continent (Walton and Doake, 1987). AP ice shelves are
considered viable when located south of both the 0°C January isotherm and -5°C mean annual air
temperature isotherm (Vaughan and Doake, 1996). However, both isotherms moved further south during
the last 50 years (Rott et al., 1996; Vaughan and Doake, 1996; Morris and Vaughan, 2003). In addition,
the number of annual average PDDs on the AP increased significantly since 1948 (Barrand et al., 2013),
which led to the presence of meltwater on many AP ice shelf surfaces in summer. On the one hand, much
of the meltwater may stay on the ice shelf and refreezes in the firn column (Paterson, 2010). On the other
hand, however, meltwater ponds on ice shelves have been declared as a trigger to cause ice shelf
disintegration (MacAyeal et al., 2003; Scambos et al., 2003) and were suggested to lead to the collapse of
former Larsen B ice shelf, when an area of 3200 km² broke off between February and March 2002
(Scambos et al., 2003).
In general, several processes have been proposed to cause ice shelf break-up: a primary process involves
fracture formation due to stresses induced by ice flow, which causes shear margins or crevasses on the
lee-side of ice rises (Doake and Vaughan, 1991; Glasser and Scambos, 2008). Another study proposed
that variations in ice thickness across an ice shelf cause buoyancy induced bending stresses and hence,
fracture formation (Braun et al., 2009). Scambos et al. (2009) suggested fracture formation by ice front
plate bending due to buoyancy stresses induced by tides. In a secondary process, melt ponds may drain
into pre-existing crevasses and lead to a deepening of these crevasses until they have propagated through
33

State-of-the-art research in the study sites

the entire ice shelf (Weertman, 1973; Van der Veen, 1998; Scambos et al., 2000, 2003). The infiltration of
brine water into crevasses may also trigger break-up (Scambos et al., 2009). In a tertiary process, iceberg
calving and the release of ice fragments takes place. These icebergs may capsize (MacAyeal et al., 2003)
and release a large amount of energy (Humbert et al., 2010), which may further contribute to ice shelf
fragmentation (MacAyeal et al., 2003).

Figure 3.6: Schematic of the three-step process of ice shelf break-up at the ice bridge on Wilkins Ice Shelf in July 2007.
Panel a shows a top view of the ice bridge with the initial rifts formed in July 2007. Panel b and c indicate cross-sections
through the ice shelf along the black line shown in a. Illustration according to Arigony-Neto et al. (2014).

The mass balance of ice shelves along the AP is guided by several major processes explained in the
following. Mass loss arises due to calving, melting at the ice shelf base and runoff of surface meltwater.
Gain of mass was attributed to snow accumulation and to basal accretion of ice.
Loss of ice on the AP, as well as on the whole Antarctic ice sheet, was assumed to be guided by calving
of icebergs from floating ice shelves and marine terminating glaciers. In total, calving was estimated to
account for ~90% of the Antarctic ice loss (Paterson, 2010). However, another recent study showed that
ablation due to basal melting exceeds mass loss induced by calving (Rignot et al., 2013). The highest
rates of basal melt were found on West Antarctic ice shelves (e.g., Getz Ice Shelf: 4.3 ± 0.4 m a-1) as well
as on western AP ice shelves (e.g., George VI Ice Shelf: 3.8 ± 0.7 m a-1) (Rignot et al., 2013; Paolo et al.,
2015). In general, basal melt of ice shelves along the western AP is guided by intrusions of almost pure
Circumpolar Deep Water (CDW) originating offshore from the Antarctic Circumpolar Current. Due to a
large-scale wind forcing, the relatively saline (S ≈ 34.7 psu) and warm (≥ ~1.0 °C) CDW rises along
glacial troughs onto the continental shelf and into ice shelf cavities (Jenkins and Jacobs, 2008; Padman et
al., 2012). This type of CDW upwelling is responsible for thinning of e.g., George VI Ice Shelf, where
basal melt rates were estimated to reach 3-5 m a-1 on average (Jenkins and Jacobs, 2008; Padman et al.,
2012). In contrast, basal melting on Wilkins Ice Shelf is rather influenced by small-scale atmospheric and
oceanic processes near the coast (Padman et al., 2012).
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On the eastern AP, ocean currents are influenced by upwelling and mixing of water masses within the
Weddell Gyre. Warm and saline water called Warm Deep Water (WDW) is formed out of the CDW
current and enters the Weddell Gyre. Due to further mixing and upwelling of the WDW with Winter
Water (WW), modified WDW (mWDW) is formed and enters the shelf break towards Filchner-Ronne
(Ryan et al., 2016) and Larsen C Ice Shelves (Holland et al., 2009). Sea ice formation and brine rejection
in winter leads to the formation of High Salinity Shelf Water (HSSW), which may enter the ice shelf
cavity (Nicholls et al., 2009, 2012). There, relatively dense HSSW may reach deep grounding lines,
where the in-situ freezing point decreases considerably due to the increasing pressure and ice shelf
melting can occur (Nicholls et al., 2009, 2012). As a result, relatively fresh and thus more buoyant Ice
Shelf Water (ISW) forms, which is able to rise along the underside of the ice shelf. Due to a reduction of
the water pressure, the in-situ freezing point can rise above the temperature of the ISW and the water
becomes supercooled. Accretion of ice crystals at the underside of an ice shelf is possible (Holland et al.,
2009). During the summer, the HSSW production is reduced and mWDW may reach the ice shelf cavity,
but was shown to not influence ice shelf melting (Nicholls et al., 2012).
Basal melt might be enhanced at deep grounding lines, as to be found in the Amundsen Sea sector (Rignot
and Jacobs, 2002; Paolo et al., 2015). In case of a retrograde sloped bed-topography located below sealevel, basal melting might accelerate, leading to grounding line retreat and in consequence, to marine icesheet instability (Schoof, 2007; Favier et al., 2014; Joughin et al., 2014). The onset of the marine ice-sheet
instability has already been suggested for the Amundsen Sea sector (Favier et al., 2014; Joughin et al.,
2014).
Surface mass loss due to runoff of meltwater is considered rather insignificant for the Antarctic Ice Sheet
(Church et al., 2001). It is generally assumed that summer surface meltwater refreezes in the snowpack
and does not leave the ice sheet (Vaughan, 2006; Paterson, 2010). However, on the AP the number of
positive degree days (PDD) increased by at least as much as 74% between 1950 and 2000 (Vaughan,
2006; Barrand et al., 2013). A doubling of surface ablation was suggested for the same period (Turner et
al., 1997; Vaughan, 2006). In consequence, a significant fraction of surface melt might become runoff
and was estimated to be equivalent to 0.008-0.055 mm a-1 of sea-level rise in 2000 (Vaughan, 2006). Yet,
an increase in solid precipitation due to a warming atmosphere might balance mass loss due to runoff
(Vaughan, 2006). In the long-term, however, more meltwater present in the snowpack might turn the ice
sheet to temperate conditions and the overall refreezing in the snowpack might decrease (Vaughan, 2006).
In addition, propagation of meltwater to the ice sheet base increases the ice flow speed due to lubrication
at the bed (Zwally et al., 2002), which enhances the transport of ice from the inland ice sheet to its
margins. It was also shown that surface meltwater supports the propagation of cracks to an ice shelf’s
base (Weertman, 1973; Van der Veen, 1998; Scambos et al., 2000, 2003).

35

State-of-the-art research in the study sites

Figure 3.7: Schematic diagram of the ocean circulation beneath an ice shelf in the Bellingshausen Sea, respectively on the
western AP side (left) and in the Weddell Sea, respectively on the eastern AP side (right). Left: Relatively warm and saline
Circumpolar Deep Water (CDW) enters the continental shelf directly and reaches the ice shelf cavity. Basal melting may
occur at an ice shelf’s grounding line. Right: High Salinity Shelf Water (HSSW) forms over the shallow continental shelf
at the Weddell Sea Sector in winter. The dense HSSW reaches the grounding line, where melting can occur. The rising Ice
Shelf Water (ISW) gets supercooled during its rise along the ice shelf underside and forms ice crystals, which accumulate
to the ice shelf’s base.

Mass gain on the AP was attributed to surface snow accumulation (Wingham et al., 2006). Even though
the AP covers ~2% of the grounded ice sheet area only, it receives ~7% of the Antarctic snowfall
(Vaughan et al., 1999). Mass gain from snow accumulation on the AP and on parts of East Antarctica
exceeded the mass loss due to ice dynamics over West Antarctica (Wingham et al., 2006). Considering a
warming atmosphere and more frequent precipitation (Turner et al., 1997), mass gain due to snow
accumulation might further grow on the AP.
Another process which involves mass gain is the basal accretion of ice at the underside of ice shelves due
to the supercooling of rising meltwater (see above). Basal accumulation of marine ice is known to be
significant beneath Filchner-Ronne Ice Shelf at the Weddell Sea (Thyssen et al., 1993) and the East
Antarctic Amery Ice Shelf (Fricker et al., 2001). Results from ocean modelling beneath Larsen C Ice
Shelf showed significant freezing beneath the ice shelf originating from the buoyant meltwater plume
(Holland et al., 2009).
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3.2.2 Break-up on Wilkins Ice Shelf
Wilkins Ice Shelf (WIS), located on the south-western Antarctic Peninsula, has undergone major ice front
retreat since the 1990’s (Figure 3.8, Table 3.1). Largest break-up events happened during February 1998,
when an area of 1,100 km² broke off (Scambos et al., 2000) and between February 2008 and April 2009,
when the ice connection between Charcot and Latady Island collapsed and an area of 2,010 km² was lost
(Braun and Humbert, 2009; Humbert et al., 2010). While the ice shelf area accounted for 16,200 km² in
1986 (Vaughan, 1993), it comprises to date an area of 10,150 km² (September 2015).
Table 3.1: Overview of major break-up events on WIS. Area estimations are from (Lucchitta and Rosanova, 1998;
Scambos et al., 2000; Humbert and Braun, 2008; Braun and Humbert, 2009).

Ice bridge

Northern ice front

South-western ice front

Period

Area loss [km²]

Period

Area loss [km²]

Period

Area loss [km²]

1990-1993

57

1986-1990

97

1990-2004

196

1998-1999

20

1990-1991

655

1999-2000

87

1993

~560

2001-2003

52

1998

~1100

2003-2004

51

Feb. 2008

425

May 2008

160

July 2008

1220 ± 75

April 2009

330

The break-up events in February and May 2008 were initiated on the ice bridge, where an initial double
fracture formed shortly or simultaneous to the break-up event in 1998. A second double fracture built in
July 2007, parallel to the ones formed in 1998. The fracture formation on the ice bridge was attributed to
bending stresses induced by a very heterogeneous pattern of ice thickness and hence, the exertion of
variable buoyancy forces on the ice (Braun and Humbert, 2009). The ice thickness at the middle part of
the ice plate was thicker than at the seaward side as could be derived from ICESat altimetry (Braun and
Humbert, 2009). In consequence, bending stresses acted perpendicular to the direction of fractures. It was
shown that the Hayhurst rupture criterion for polycrystalline ice was fulfilled for this break-up event in
2008 (Braun and Humbert, 2009). The area loss in February 2008 accounted for ~ 425 km². Another
break-up event in May 2008 led to mass loss of 160 km² and a reduction of the ice bridge width to 2.7 km
at the narrowest part.
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Figure 3.8: Ice front retreat at Wilkins Ice Shelf between 1986 and 2011. The background imagery shows the ice shelf
extent in May 2015. The location of the former ice bridge between Charcot and Latady Island is shown. Background:
Sentinel 1a, 2015-05-21, © ESA.

During the break-up, melt ponds on the ice shelf surface were absent and could be excluded as a potential
trigger for fracture formation on WIS (Braun and Humbert, 2009). With this, it was shown that ice shelf
break-up can occur in austral winter, which contradicts previous assumptions that break-up is constrained
to summer surface melt (Doake and Vaughan, 1991; MacAyeal et al., 2003; Scambos et al., 2009). In the
course of the break-up events between February and May 2008, surface velocities at the ice bridge and
upstream of it sped up considerably (up to ~0.8 m day-1) as was indicated by times series of SAR based
surface flow (chap. 4.4). In consequence, deformation of the ice bridge took place. Several parameters
such as strain rate and principal stress regimes as well as flow-stress angles were deduced in order to
survey the temporal course of the ice bridge failure (chap. 4.4). Most useful measures for assessing the ice
shelf stability were in-flow strain rates and principal stress components.
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In April 2009 the ice bridge finally collapsed (Humbert et al., 2010). The area loss accounted for ~330
km². After the ice bridge collapse, only small-size calving events occurred, which primarily took place
along the south-western ice front between Latady Island and Lewis Snowfield.

Figure 3.9: Temporal course of the failure of the ice bridge between Charcot and Latady Island from September 2007 to
April 2009. For location refer to Figure 3.8. © ESA, 2007-2009.
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4.1

Results and Discussion
The glaciers climate change initiative: Methods for creating glacier area, elevation
change and velocity products

This chapter was part of ESA’s Climate Change Initiative (CCI) Program and was published as:
Paul F., Bolch T., Kääb A., Nagler T., Nuth C., Scharrer K., Shepherd A., Strozzi T., Ticconi F., Bhambri
R., Berthier E., Bevan S., Gourmelen N., Heid T., Jeong S., Kunz M., Lauknes TR., Luckman A.,
Merryman J.., Moholdt G., Muir A., Neelmeijer J., Rankl M., VanLooy J. & Van Niel T. (2015): The
glaciers climate change initiative: Methods for creating glacier area, elevation change and velocity
products. Remote Sensing of Environment 162, 408–426 (doi:10.1016/j.rse.2013.07.043)

Abstract
Glaciers and their changes through time are increasingly obtained from a wide range of satellite sensors.
Due to the often remote location of glaciers in inaccessible and high-mountain terrain, satellite
observations frequently provide the only available measurements. Furthermore, satellite data provide
observations of glacier characteristics that are difficult to monitor using ground-based measurements, thus
complementing the latter. In the Glaciers_CCI project of the European Space Agency (ESA), three of
these characteristics are investigated in detail: glacier area, elevation change and surface velocity. We use
(a) data from optical sensors to derive glacier outlines, (b) digital elevation models from at least two
points in time and (c) repeat altimetry for determining elevation changes, and (d) data from repeat optical
and microwave sensors for calculating surface velocity. For the latter, the two sensor types provide
complementary information in terms of spatio-temporal coverage. While (c) and (d) can be generated
mostly automatically, (a) and (b) require the intervention of an analyst. Largely based on the results of
various round robin experiments (multi-analyst benchmark studies) for each of the products, we suggest
and describe the most suitable algorithms for product creation and provide recommendations concerning
their practical implementation and the required post-processing. For some of the products (area, velocity)
post-processing can influence product quality more than the main-processing algorithm.
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4.1.1

Introduction

Glaciers are considered key indicators of climate change due to their sensitive reaction to even small
climatic changes (e.g. Lemke et al., 2007). This is mainly a result of the ice being at pressure melting
point (under terrestrial conditions and for temperate glaciers), i.e. any surplus energy melts the ice.
Glaciers adjust their geometry (extent and surface elevation) to equilibrate with the prevailing climatic
conditions that largely control mass gain and loss. Thereby, glacier flow transports the mass gained in the
accumulation to the ablation region where it melts. The determination of changes in glacier geometry that
occur as a reaction to climate change thus involves the measurement of change in glacier surface
elevation, flow velocity and size/length, among others (e.g. snow covered area at the end of the melting
period). Variations in these parameters are related to each other at varying time scales. For example, the
annual mass budget is a direct reaction to the prevailing meteorological conditions over a year, whereas
changes in flow velocity result from a more long-term change in the nourishment of a glacier (Span and
Kuhn, 2003). Also changes in glacier length and size follow more long-term climatic changes, so that a
direct cause and effect relation is difficult to resolve (e.g. Johannesson et al., 1989).
Due to the often remote location and wide areal extent of glaciers, satellite-based measurements of glacier
changes complement field-based surveys. Satellite data can largely extend the number of glaciers
measured, the time period covered and the parameters that can be assessed. The wide range of available
sensors (e.g. imaging sensors and altimeters working in both the optical and microwave region of the
electromagnetic spectrum) and archives from ongoing and historic missions combined with already
existing geospatial information like digital elevation models (DEMs) or former glacier outlines as
available from GLIMS (Global Land Ice Measurements from Space), allows measurement of a wide
range of glaciologically relevant parameters (Kargel et al., 2005; Malenovsky et al., 2012; IGOS, 2007).
The Glaciers_cci project focuses on three of these parameters: glacier area, elevation changes (from DEM
differencing and repeat altimetry), and surface velocity fields (from optical and microwave sensors).
Numerous algorithms are available for product retrieval from each of the input data sets and sensor
combinations. They differ in complexity (from simple arithmetics such as division or subtraction of raw
data to rather complex calculations and processing lines) and in the required operator interaction (e.g.
from manual control and editing to almost fully automatic processing), but a pre-, main- and postprocessing stage is common to all of them. In general, only the main processing stage is automated while
the other stages require operator interaction. The consistency of the manual corrections applied in the
post-processing stage are critical when products are derived in a globally collaborative effort such as for
GLIMS (Kargel et al., 2005; Raup et al., 2007).
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Figure 4.1: Global map showing the approximate location of the test regions described in this study. Geographic
coordinates are: Fig. 2 (here Fig. 4.2): 46.53 N, 8.2 E; Fig. 3 (here Fig. 4.3): 42.25 S, 72.15 W; Fig. 4 (here Fig. 4.4):
34.15 N, 75.75 E; Fig. 5 (here Fig. 4.5): 43.65 S, 170.25 W; Fig. 9 (here Fig. 4.9): 79.8 N, 22.1 E; Fig. 10 (here Fig.
4.10): 35.9 N, 75.9 E (left) and 35.75 N, 76.4 E (right); Fig. 11 (here Fig. 4.11): 64.2 N, 16.4 W.

Accordingly, a major objective of the Glaciers_cci project is to find the most suitable algorithms for data
processing and an improved error characterization of the generated products. For this purpose we
performed an analysis of various existing algorithms along with their specific post-processing and editing
operations in four round robin experiments (one for glacier area and surface velocity, and two for
elevation change). In each of the following product-related sections we provide a short overview of the
algorithms applied based on earlier studies and either summarize (if already published) or illustrate in
detail the set-up and results of the round robin experiments for each product. We also describe the
challenges and main pitfalls that might occur during the pre- and post-processing stages by operators, as
this always involves some subjectivity and has an impact on the quality of the final product. The study
regions for the product-specific round robin experiments are located in different mountain ranges around
the world (Figure 4.1). These regions were selected for a range of criteria such as availability of
validation data or satellite data from different sensors, typical challenges, clear identification of the target,
and glacier size.

4.1.2 Glacier area
Background and previous work
Satellite data have been used to study glaciers from the very beginning of their availability. Starting with
the mapping of different ice and snow facies using the ca. 80 m resolution Landsat Multi Spectral Scanner
(MSS) sensor in the 1970s (Østrem, 1975; Rott, 1976) and the 30 m Landsat Thematic Mapper (TM)
sensor a decade later (e.g. Hall et al., 1987; Williams et al., 1991), the 1990s saw mapping of glacier
extent and first studies on change assessment with TM data (e.g. Bayr et al., 1994, Aniya et al., 1996,
43

Results and Discussion

Jacobs et al. 1997). A wide range of methods were applied in these and other studies to map glacier
extents. They range from full manual on-screen digitization (e.g. Rott and Markl, 1989; Williams et al.,
1997), to the segmentation of ratio images (e.g. Bayr et al., 1994; Rott, 1994; Paul, 2002) and various
supervised (Maximum-Likelihood) and unsupervised (ISODATA clustering) algorithms (e.g. Aniya et al.,
1996; Sidjak and Wheate, 1999). All methods utilize the very low spectral reflectance of ice and snow in
the shortwave infrared (SWIR) versus the high reflectance in the visible spectrum (VIS) to identify
glaciers (e.g. Dozier, 1989).
Several methods have been compared in regard to their performance (e.g. computation time, accuracy) in
a relative sense (e.g. Albert, 2002; Paul and Kääb, 2005), as well as against higher-resolution datasets
(serving as a reference) to determine their absolute accuracy (e.g. Andreassen et al., 2008; Paul et al.,
2003). However, this is a challenging task as also high-resolution data might not provide a reference with
higher accuracy (Paul et al., 2013). In the last decade, remote sensing data have been used more
systematically to create glacier inventories in many regions of the world (e.g. Bolch et al. 2010; Frey et
al., 2012; Le Bris et al., 2011; Khromova et al., 2006; Kulkarni et al., 2007; Paul et al., 2011; Racoviteanu
et al., 2008; Shangguan et al., 2009) with the majority of the studies using Landsat data. Several of them
were made possible by the opening of the Landsat archive at USGS and the provision of all scenes as
orthorectified images (Level 1T product) in Geotiff format (Wulder et al., 2012).
Converting the glacier outlines to inventory information involves digital intersection with drainage
divides and calculation of topographic parameters (e.g. minimum, mean, and maximum elevation) for
each glacier entity. Practical guidelines (e.g. Raup and Khalsa, 2007; Racoviteanu et al., 2009) and
general advice (e.g. Paul et al., 2002 and 2009) have been prepared for the analysts contributing to
GLIMS allowing a more consistent data processing. The generated outlines are stored as shapefiles (a
vector format) along with their meta-information in the GLIMS glacier database (www.glims.org) for free
access by the community (Raup et al., 2007). One globally complete dataset of glacier outlines has
recently been made available as the Randolph Glacier Inventory (RGI) via the GLIMS website (Arendt et
al., 2012).
Pre-processing
For the glacier area product we here describe the lessons learned from previous studies, as a large part of
the results of the round robin (accuracy assessment) were already published (Paul et al., 2013). The
results of the algorithm selection resulting from the round robin are described in section 2.5. The first step
in creating accurate glacier outlines from satellite data is the selection of suitable images. This is a nontrivial task, as snow and cloud conditions are often not optimal (e.g. clouds covering parts of an otherwise
perfect scene) and it might be required to digitally combine several scenes of the same region (e.g. Bolch
et al., 2010; Le Bris et al., 2011; Frey et al., 2012; Rastner et al., 2012; Bajracharya and Mool, 2011).
Experience from the past decade has shown that it is not advisable to use scenes with adverse snow
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conditions (i.e. with seasonal snow outside of glaciers) for glacier mapping. The workload to correct these
regions after an automated mapping of clean ice can be huge as a decision on thousands of small
polygons has to be made. A size-filter is an option to remove many of the smallest snow patches, but if
they are as large as glaciers (e.g. >0.05 km2), manual editing might have to be applied. As the workload
can be very high for this editing and the quality of the result still unsatisfactory, it is recommended to use
only the best available scenes (in regard to snow conditions) for glacier mapping (e.g. Racoviteanu et al.,
2009). The availability of full resolution preview images from the glovis.usgs.gov website for Landsat
data allows a fast analysis of the snow and cloud conditions, facilitating the selection of suitable images
before downloading and processing the original data.
Once scenes are selected, they have to be downloaded, converted to the format of the digital image
processing software used, and analyzed in more detail. For this purpose and for any subsequent manual
editing, it is recommend to generate contrast enhanced false-color composites using the TM equivalent
bands 3, 2, 1 (321), 432 and 543 as RGB (red, green, blue), respectively. The latter is important for proper
identification of glaciers (appearing blue-green) and clouds (white), while the first helps to identify ice
and snow in shadow during visual inspection. The typical false color infrared image (bands 432) is useful
for the identification of water surfaces that show a wide range of colors in this band combination. As the
main processing works on the raw digital numbers, the otherwise often required atmospheric and/or
topographic correction of the scenes need not be applied.
Main processing: Classification of glaciers
Glacier ice originates from metamorphosed and compressed snow resulting in spectral characteristics that
are similar to those of snow with large grain size (Hall et al., 1987). At the end of the ablation period
(when snow cover is minimal) and from a remote sensing perspective, the glacier surface is composed of
bare ice, snow, dirt / debris / rocks and liquid water; all under highly variable illumination conditions (e.g.
located in direct sunlight or cast shadow). Heavily crevassed regions can also lack spectral contrast (due
to shadow) and debris-covered glacier parts are spectrally similar to the surrounding terrain and are thus
not mapped as a part of a glacier. On the other hand, dirt often covers the bare ice on a micro scale,
providing a sufficiently large portion of ice being visible when seen at a 30 m resolution and thus
allowing its identification.
From the numerous methods applied previously for glacier classification (see section 2.1) the simple band
ratio method emerged as a ‘best’ (i.e. most suitable) one (e.g. Albert 2002; Paul et al., 2002; Paul and
Kääb, 2005). Compared to all others, the method is faster, simple, accurate and robust (e.g. results are
rather insensitive to the selected threshold). The method is based on the application of a threshold to a
simple band ratio with the equivalent bands of TM3 (red) and TM5 (SWIR) and an additional threshold in
TM1 (for improved mapping in shadow) using raw digital numbers. When TM4/TM5 is applied instead,
the TM1 threshold is not required as TM4 is less sensitive to atmospheric scattering than TM3 and rocks
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in shadow are not mapped as glaciers. The TM3/TM5 ratio also tends to map most water surfaces as
glaciers (depending on turbidity), which is less the case with TM4/TM5. On the other hand, TM4/TM5
tends to miss regions with ice and snow in deep cast shadow (e.g. Andreassen et al., 2008), but might map
vegetation in shadow as glaciers. Hence, preference for one or the other band combination depends on the
water / vegetation conditions in the respective regions. Also the normalized difference snow index
(NDSI) computed as (TM2-TM5)/ (TM2+TM5) is applied widely for glacier mapping (e.g. Racoviteanu
et al., 2008; Gjermundsson et al., 2011), but it requires more user interaction as the atmospheric scattering
in TM2 (green) is high and the path radiance has to be subtracted beforehand (Paul and Kääb, 2005). This
requires calculation of a histogram, determination of its lowest suitable value, and subtraction of this
value from the original band before the NDSI can be applied.
The selected threshold is converting the ratio image (floating point) to a binary (black and white only)
glacier map. The threshold for TM1 is only applied to regions that have been classified as glaciers in the
step before. Typical values of the threshold published in the above cited literature are in the 2.0 ±0.5
range for the ratio and 60 ±30 for the TM1 correction, partly depending on the band combination used
and the local atmospheric conditions. The method works for sensors like ASTER and SPOT as well, but
different threshold values might apply, as only a green band (equivalent to TM2) is available and gain
settings of individual bands can differ (Kääb et al., 2003). As shown in Figure 4.2a, the threshold for the
ratio is rather robust, i.e. only a few pixels change when 1.8, 1.9 or 2.0 is used as a threshold (cf. Paul and
Hendriks, 2010). However, the TM1 threshold is more sensitive and small changes in the threshold value
(e.g. +/-10) can result in large difference in the mapped glacier region (Figure 4.3). The general advice for
threshold selection is thus to check this in a region of shadow using a value that minimizes the workload
for post-processing (i.e. manual corrections required in shadow regions). The values are found by first
selecting the threshold for the band ratio and then optimizing the TM1 value (green band for ASTER and
SPOT). When comparing glacier outlines from different thresholds, the optimal value is where most ice is
mapped (i.e. towards low threshold values), but noise is still low. As can be seen in Figure 4.3, more ice
and snow in shadow is mapped towards the lower thresholds in TM1, but the lowest value (60) starts to
introduce noise (small yellow dots). In this case 65 was finally selected as a threshold value for TM1.
After the binary image is created, a spatial filter (e.g. 3 by 3 median) may be applied without changing the
glacier area much (cf. Paul and Hendriks, 2010), i.e. the number of removed and added pixels is about
similar as can be seen in Figure 4.2b. In this regard it is acceptable to have some noisy pixels left in the
previous step, as they will be removed by the filter. Once the final glacier map is created, a raster-vector
conversion is applied for the subsequent editing of polygons in the vector domain.
Concerning a potential automated detection of the correct threshold, it remains to be tested whether the
use of at-satellite planetary reflectance (correcting for solar elevation and Sun-Earth distance) would
result in more unique threshold values globally. As shown previously, locally variable atmospheric
conditions (e.g. due to fog, haze or optically thin clouds) might require the use of different thresholds
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within one scene or even require to map the upper and lower parts of glaciers from different scenes (e.g.
Bolch et al., 2010; Le Bris et al., 2011; Rastner et al., 2012) and digitally combine both datasets
afterwards.

a)

b)

Pixels
removed:
added: 

OA
Threshold
1.8: ++
1.9: +



1 km
Figure 4.2: The impact of the threshold value for the band ratio and the median filter is shown for a test region in the
Swiss Alps with Oberaar glacier (OA) in the center. a) Three glacier maps combined resulting from three threshold
values: 1.8 (all colors), 1.9: (grey and blue), 2.0 (grey). b) Effect of a 3 × 3 median filter: red pixels are removed and blue
pixels are added (shown here for the map with the threshold 1.9).

Post-processing (Manual editing)
Post-processing can be divided into three steps, (i) manual correction of glacier outlines, (ii) digital
intersection with drainage divides, and (iii) calculation of topographic parameters for each glacier from
the DEM (e.g. mean, maximum and minimum elevation). The focus is in the following on (i), as (ii) and
(iii) were already described in detail by Paul et al. (2002) and Paul et al. (2009), respectively. The
generation of drainage divides from watershed analysis is required for (ii) and, among others, already
described by Bolch et al. (2010), Manley (2008) or Schiefer et al. (2008).
A first step for (i) is to remove all gross errors (e.g. isolated lakes and rivers), as misclassified water
surfaces not in contact with glacier ice or those with ice bergs or sea ice on it tend to create (ten-)
thousands of polygons that reduce processing speed during editing. These polygons can easily be selected
in the vector domain and deleted. The next step is the more detailed correction of debris-covered parts,
shadow regions, local clouds hiding a glacier’s perimeter and terminus digitizing of glaciers calving into
lakes or the sea. In this step the various false-color composites created during pre-processing are used in
the background for correcting the outlines, but simple overlay of the three individual bands (layerstacking) might also work for proper correction. High-resolution images as sometimes available in
Google MapsTM or similar tools, can be used to aid in the correct interpretation of glacier outlines. In
cases where the exact boundary is unclear (e.g. due to deep shadow or clouds), we suggest using this
additional information and, if a DEM is available, to also create a shaded relief and manually digitize the
outline as a best-guess interpretation.
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Figure 4.3: Glacier outlines for the test region in Chile / Argentina with five different values of the threshold in band TM1
applied (blue: 100, green: 90, white: 80, red: 70, yellow: 60). Substantial changes take only place in regions with ice and
snow located in cast shadow. The finally selected threshold value in TM1 is 65.

The glacier area round robin
Most of the methods applied previously for glacier mapping (e.g. band ratio, NDSI, ISODATA clustering,
principal component analysis and decision tree classifiers) were also applied by the participants of the
round robin to a challenging test site in the western Himalaya (with many debris-covered glaciers). For a
subregion of the full scene the participants were asked to create glacier outlines from their algorithm of
choice and correct the wrongly classified outlines manually using only spectral information for
identification (i.e. a DEM was not provided). A digital overlay of all resulting glacier outlines is shown in
Figure 4.4, revealing differences only at the level of individual pixels (i.e. most outlines are on top of
each other) for the automated mapping and independent of the method applied.
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Figure 4.4: Overlay of the glacier outlines from the different participants for the subset of the test region located in the
Himalaya where editing of wrong classification results was requested.

On the other hand, large differences are visible in debris-covered regions where manual corrections were
applied. This result confirms earlier studies that mentioned debris-cover being a major error source (e.g.
Paul et al, 2013; Racovitenau et al., 2008; Shukla et al., 2011). The applied manual corrections are rather
consistent where the debris cover is easy to distinguish (e.g. through a different colour or shading) and
deviations increase as the interpretation becomes more difficult (e.g. the isolated orange lines in Figure
4.4). The change in glacier size due to the added debris cover can be 50% or more of the original size.
This is about one order of magnitude higher than the accuracy of the clean ice mapping (e.g. Paul et al.,
2013), and thus a crucial factor when deriving glacier area changes. In other words, the round robin
confirmed that the differences due to the algorithm used for the mapping are minor with respect to
product quality when glaciers are debris covered.

4.1.3 Glacier elevation changes from DEM differencing
Background and previous works
Measuring changes in glacier elevation is a commonly applied method for estimating volume and mass
changes of glaciers at local and regional scales. To avoid confusion, we use in this study elevation as
defined by McVicar and Körner (2013). The geodetic method was applied for decades to DEMs derived
from aerial photographs (Finsterwalder, 1954) and, in the last decade, to DEMs derived from space-borne
data. For individual glaciers, geodetic mass balances over decadal periods are useful to check the
consistency with cumulated in-situ measured mass balance and to determine whether bias has
accumulated in the in-situ measurements (e.g. Cox and March, 2004; Soruco et al., 2009; Zemp et al.,
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2010). Importantly, the same method allows determination of region-wide mass balance due to the large
spatial coverage of recent space-borne DEMs (e.g. Berthier et al., 2010; Bolch et al., 2011; Gardelle et al.,
2012b; Larsen et al., 2007; Paul and Haeberli, 2008; Schiefer et al., 2007; Willis et al., 2012). Besides the
spatial representativeness of elevation change measurements, the most critical and much discussed
assumption required for converting elevation and volume changes into mass changes is the density of the
material gained or lost (cf. Kääb et al., 2012; Huss, 2013). Elevation and volume change measurements
are free of related hypotheses and can thus be independently converted to mass changes at a later point
using a density scenario of choice.
DEMs may be generated through airborne or space-borne techniques using photogrammetry on optical
images, interferometry on microwave images and LIDAR scanning. Each of these methods has different
types of errors (in glacier settings) that must be considered independently. For example, photogrammetry
applied to optical images is dependent upon good visual contrast, while radar interferometry is limited by
coherence (signal de-correlation with time) and may also provide elevations of a layer below the glacier
surface (radar wave penetration), and LIDAR have range biases or waveform saturation problems
(Fricker et al., 2005; Joerg et. al., 2012). It is important to note that the impact of these and other general
method characteristics will vary considerably depending on glacier type and setting, and on specific
ground conditions during acquisition, so that DEM quality is highly variable in space, time and with the
method employed. Table 4.1 provides an overview of automatically generated DEMs available for
computing glacier elevation changes globally.
Glaciers_cci focused specifically on the extraction of elevation changes, as the conversion to mass
changes can be completed by the users with their preferred density assumption. Subtraction of two
matrices (i.e. DEMs) is trivial when having the same ground resolution; however ensuring the proper
alignment of the DEMs, that their resolutions are similar, and the detection of other higher-order biases
remains difficult. It was previously shown that even sub-pixel horizontal misalignment between DEMs
can cause large bias in elevation change estimates (Van Niel et al., 2008; Nuth and Kääb, 2011). This
means that co-registration of DEMs is of primary concern when estimating elevation change through
DEM differencing. Therefore, this round robin tested co-registration algorithms for determining misalignments between the multi-temporal DEMs (the general procedures are outlined below). The slave
DEM was defined as that which was co-registered to the master DEM.
Table 4.1: Overview table of automatically generated DEMs, with SRTM and ASTER being free of charge and with
(quasi) global glacier coverage. Several other sources exist but may not offer off-the-shelf DEM products, having only
local coverage and/or have purchasing charges. The TanDEM-X DEM has not yet been released.

Data
SRTM
ASTER
SPOT5-HRS (SPIRIT Products)
TanDEM-X

Acquisition Type
Radar interferometry
Optical photogrammetry
Optical photogrammetry
Radar interferometry
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Resolution
30-90 m
30 m
40 m
12 m

Time Period
February, 2000
2000-present
2002-present
2010-present
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Pre-processing
To compute elevation differences, the DEMs must be in the same map projection. Commonly, rectangular
coordinate systems such as the Universal Transverse Mercator (UTM) system are used as this projection
has limited distortions within individual UTM zones and re-projection algorithms are commonly available
in GIS software. Multi-temporal DEMs may also have different spatial resolutions, which require
resampling of one or both of the DEMs to make them congruent. Resampling should be performed using
algorithms more advanced than nearest neighbor (i.e. bilinear, bi-cubic, etc.), as nearest neighbor might
result in sub-pixel horizontal misalignments between the data. The simplest method to determine whether
the two DEMs are co-registered is to map their differences in gray-scale or a dichromatic color ramp
centered around 0 (Nuth and Kääb, 2011). If the grayscale differences resemble the terrain (looking like a
DEM hillshade) then there is a horizontal misalignment. The bearing of the overall shift between DEMs is
associated with the aspect having the highest positive bias, whereas the magnitude of the bias is
associated with the slope of the site (Van Niel et al., 2008), as shown in Figure 4.5. The relationship
between elevation difference and both slope and aspect were formally defined in Nuth and Kääb (2011)
and is summarized in Eq. (1).

Figure 4.5: For a test region in New Zealand the DEM differencing was investigated. (a) hillshade of the SRTM DEM; (b)
elevation differences between the SRTM and 2006 ASTER DEM plotted in grayscale pre co-registration thus displaying
the "false-hillshade"; (c) the elevation differences after co-registration; (d) histograms of the elevation differences before
and after- co-registration; (e) plot of the slope normalized elevation differences by aspect pre co-registration and the
solutions to equation (1) after the first (blue) and second iterations (red); and (f) shows the same as e) but post coregistration.
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The co-registration round robin
Test site, methods and results
The round robin for deriving glacier elevation changes from DEM differencing tested co-registration
algorithms. The experiment covered the Southern Alps of New Zealand using two ASTER DEMs (2002
and 2006) and the SRTM DEM (2000), with optional auxiliary ICESat data. A common glacier mask
(Gjermundsen et al., 2011) was provided together with the elevation datasets. Participants were asked to
co-register the three DEMs to each other, and if possible, also to ICESat, return their co-registration
parameters (Δx, Δy, Δz) and an elevation change grid (2006-2000). Six contributions implemented in
various software products or combinations thereof (IDL, Matlab, ArcGIS, ENVI, PCI Geomatica, GMT
tools, GDAL) were received. Three automatic algorithms were tested: (A) a robust surface matching
technique solving for linear translation, rotation and scale (Gruen and Akca, 2005; Miller et al., 2009;
Miller et al., 2008), (B) an iterative minimization of the elevation difference residuals (Berthier et al.,
2007; Rodriguez et al., 2006), (C) an analytical solution for translation only based upon terrain slope and
aspect (Kääb, 2005a; Nuth and Kääb, 2011) and (D) one semi-manual approach based upon terrain slope
(VanLooy and Foster, 2008). The first algorithm minimizes the sum of squares of the Euclidean distances
between two surfaces while the other algorithms rely on the minimization of elevation difference
residuals over assumed stable terrain. The strategy for analyzing the results was to visualize the elevation
change grids in grayscale to determine whether some misalignment remained (“false hillshade”) and to
compute the vector sum of three or more co-registration vectors between the datasets that should form a
perfect triangle. Theoretically, the vector sums should be 0 for the horizontal and vertical components,
but in practice residuals are present reflecting the method’s uncertainty.
Table 4.2 shows the co-registration vectors and triangulation between the SRTM DEM (2000) and two
ASTER DEMs (2002, 2006) for the three automatic algorithms tested (A, B and C described above). The
specific co-registration parameters are similar for methods A and C (Table 4.2), but different for Method
B when the SRTM DEM is involved. The reason behind this variation is that the SRTM DEM was
provided with an additional world file (tfw) for geocoding, which does not specify the pixel definition of
center or corner. Nonetheless, the triangulation of co-registration parameters for all three algorithms
resulted in similar sub-pixel residuals despite the variation in co-registration parameters. The “falsehillshade” of the DEM differences for 4 out of 6 contributions displayed only small hints of the terrain
suggesting that the co-registration was successful and misalignment properly removed. In two cases, the
terrain was clearly visible despite proper triangulation residuals. This occurred after co-registration in one
software, and final differencing in another software, specifically from a nearest neighbor resampling that
is default within the ‘Raster Calculator Tool’ of the ESRI ArcGIS software. In some of the contributions
using the same algorithms (not shown here), the triangulated residuals resulted in magnitudes of similar
order to the pixel and half pixel sizes of the DEMs. We attribute this artifact to the variable definition of
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the pixel corner vs. center in the various software products, so it occurs specifically when switching
software products within a single processing chain. In summary, one of the major lessons learned from
this round robin was that any automated DEM differencing processing chain should be maintained within
one software product to avoid propagation of pixel definition problems.
Table 4.2: Co-registration parameters from the three automatic algorithms tested: A is the robust surface matching, B is
the brute-force iterative minimization of difference residuals and C is the analytical solution using slope/aspect. The last
row of the table shows the triangulation residuals between the three elevation datasets. Also shown are co-registration
parameters and triangulation residuals between two DEMs and the collection of ICESat altimetry available over the
scenes.

DEM differences /
Triangulation*
2000 - 2006

2000 - 2002

2002 - 2006

2000 - ICESat

2006 - ICESat

2000 - 2002 - 2006*

2000 - 2006 - ICESat*

Method
A
B
C
A
B
C
A
B
C
A
B
C
A
B
C
A
B
C
A
B
C

ΔX

ΔY

ΔZ

24.4
-5.6
24.3
-12.0
-41.1
-13.4
-36.3
-38.0
-38.4
11.6
-1.71
25.3
25.78
0.1
-2.5
-0.6
10.7
-3.09

21.8
-50.8
20.6
-4.6
-24.5
-9.1
-25.8
25.4
-26.2
-14.4
-3.90
18.4
12.68
0.6
-0.8
3.5
-11.0
3.99

7.6
2.5
3.2
-1.0
-4.6
-4.1
-8.5
-4.9
-7.5
-8.5
-3.80
9.9
-0.25
0.1
2.2
-0.2
-10.8
-0.35

Algorithm selection
All three automatic algorithms resulted in similar sub-pixel accuracies when co-registering DEMs. When
co-registering a DEM to ICESat, the analytical solution using slope/aspect out-performed the other
methods (Table 4.2). In terms of computational efficiency, the implementation of the analytical solution
(C) requires 2-3 iterations whereas both the robust surface matching (A) and the image matching (B)
required substantially more iterations. For development within Glaciers_cci, the analytical co-registration
algorithm was therefore chosen due to its robustness to operate with various input datasets (i.e. the
algorithm works equally well using either one DEM and one vector data set such as ICESat or between
two DEMs) as well as algorithm efficiency. The algorithm is described in Nuth and Kääb (2011), and is
based upon minimizing the residuals between the left and right sides of equation (1) using the population
of elevation differences on stable terrain (dh):
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dh
tan(  )

(Eq. 1)

 a  cos( b   )  c

where α is terrain slope, ψ is terrain aspect, and the parameters a and b are the magnitude and direction,


respectively, of the co-registration vector and c is the mean bias between the DEMs divided by the mean
slope of the selected terrain. The implementation for minimization is not strictly defined, and we use a
robust linear least squares method (implemented in Matlab) to determine unknown a, b and c. Since the
solution to this analytical relationship is solved using a non-analytical surface (i.e. the terrain), the first
solution may not be the final solution and iteration of the process is required to arrive at an ultimate
solution. Typically 1-2 additional iterations are required (depending upon the minimization routine); we
stop the process when improvement of the standard deviation is less than 2%. An example of the coregistration procedure using the selected algorithm can be seen in Figure 4.5.
Main Processing
After determining the co-registration parameters, the original slave DEM was translated by adjusting the
corner coordinates with the horizontal co-registration parameters (Δx, Δy) and the mean bias (Δz) being
subtracted. Therefore, no resampling of the original pixels is required in this adjustment. Resampling of
one of the DEMs was necessary to unify the two DEM pixel sizes and locations. In many cases (and in
our round robin experiment), the coarser resolution DEM was over-sampled to the finer resolution DEM.
However, this introduces data at a scale that is not measured by the technique, possibly introducing
artifacts (Gardelle et al., 2012a; Paul, 2008). We suggest to under-sample the DEM with the finer
resolution to that of the coarser resolution, preferably using block averaging filters if one DEM pixel size
is at least two times larger than the other DEM pixel. After the DEMs cohere to each other in space and
resolution, a matrix (map) of glacier elevation changes was generated by subtracting the two co-registered
matrices (DEMs).
Post-processing
The co-registration procedure was the first-order correction required for the estimation of glacier
elevation changes from DEM differencing, common to all DEM data sources. A number of other data
source specific artifacts (biases) have been encountered in DEM differencing including C-Band
penetration into snow-ice of the SRTM DEM (Berthier et al., 2006; Gardelle et al., 2012a; Kääb et al.,
2012), along-track satellite attitude pointing biases in ASTER DEMs (Nuth and Kääb, 2011) and many
other potential corrections such as sensor specific influences (e.g. Berthier et al., 2007; Paul, 2008; Bolch
et al., 2008) and/or rotation/scale distortions may need to be considered. However, it remains unresolved
what exactly could cause and what the physical meaning behind potential rotational/scale effects in
differenced DEMs could be and whether their correction is required. Nonetheless, these effects have the
potential to be incorporated in an automated DEM differencing processing chain if/when their corrections
reach sufficient maturity for automated implementation. Alternatively, they may be bundled into one co54
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registration adjustment, such as that applied by Miller et al. (2008). This might also be important for
DEM differencing with DEMs made from historical imagery (Kunz et al., 2012). Using the same coregistration method as proposed here, these higher order biases might require individual case-specific
assessment.
The final post processing procedures included error estimation for the glacier elevation change
measurements. We relied on statistical error modeling using estimates based upon the selected stable
terrain assuming that the elevation measurement technique behaves similarly on and off glaciers, which in
some cases (i.e. optical photogrammetry) may not be true. After co-registration, the random error of
individual elevation changes can be estimated from the standard deviation of the differences over stable
terrain. Although rare, an alternative to using stable terrain is to analyze two DEMs on glaciers (or a
DEM with laser altimetry, i.e. ICESat) acquired at the same time (Berthier et al., 2012). In addition to the
random error estimation, the error of the mean vertical bias adjustment should be included in the total
error budget. This uncertainty may be estimated by the triangulation residual of the co-registration vectors
(see e.g. Nuth et al., 2012) or through a “null” test if two DEMs acquired at the same time are available
(Berthier et al., 2012). Slope distributions of the terrain and elevation blunders in the DEMs may affect
these estimates and should also be considered. For error estimates on mean glacier elevation changes and
subsequent volume change estimates, spatial autocorrelation of the elevation data must be considered
(Kääb, 2008; Rolstad et al., 2009; Schiefer et al., 2007).

4.1.4 Glacier elevation changes from altimetry
Background and previous work
Satellite altimetry is an alternative technique for estimating glacier elevation changes. There are two basic
approaches: (1) the repeat-track method is based on elevation differences between ground tracks of
closely repeated satellite orbits (Legresy et al., 2006; Howat et al., 2008; Pritchard et al., 2009) and (2)
the cross-over method is based on interpolated elevation differences at crossing points of ground tracks
(Zwally et al. 1989, Wingham et al. 1998). The cross-over method offers the most accurate observation of
elevation trends, because the calculation is less dependent upon spatial variations in topography. Data
from past altimetry missions (ERS, Envisat, ICESat) are sparsely distributed in space due to constraints
on the mission ground tracks, and are best suited to study averaged changes over large (>102 km2) areas
(Nuth et al., 2010; Moholdt et al., 2010a and b; Kääb et al., 2012). In contrast, the CryoSat-2 satellite
offers the potential for vastly superior spatial sampling due to the dense orbit ground track. For
comparison, at a latitude of 60º the average separation of ICESat, ERS/Envisat, and CryoSat orbit
crossing points is 175 km, 35 km, and 2 km, respectively.
Although repeat-track altimetry provides measurements of elevation change that are of inferior accuracy
to those acquired by the cross-over method, the approach provides a far better spatial sampling because
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measurements are available in-between each cross-over point. Topographically corrected elevation
differences can be obtained by several methods:
- triangulation between near repeat-tracks (Pritchard et al., 2009),
- fitting surface shapes to segments of near repeat ground tracks (Smith et al., 2009; Moholdt et al.,
2010b; Sørensen et al., 2011; Flament et al., 2012; Schenk and Csatho, 2012),
- applying an external DEM for cross-track slope correction (Moholdt et al., 2010b), and
- differencing to a reference DEM and fitting a trend Rinne et al., 2011; Kääb et al., 2012).
The basic algorithms for the altimetric methods are well developed and have been widely reported in the
literature (e.g. Zwally et al., 1989; Wingham et al., 1998; Shepherd et al., 2001; Shepherd and Wingham,
2007; Nuth et al., 2010; Moholdt et al., 2010b; Sørensen et al., 2011; Flament and Rémy, 2012). Some of
these methods have been compared during the round robin of the project with the aim to select a ‘best’
performing algorithm. A validation activity using airborne altimetry has also been performed.
The round robin experiment
Test regions and methods
The test regions, Devon Ice Cap in Arctic Canada and Austfonna Ice Cap in Svalbard (see Figure 4.1 for
location), were chosen to cover glaciers with different surface characteristics and datasets. The exercise
was based both on laser and radar altimetry data. Laser altimeter data were used as input to the different
implementations of the repeat-track method, whereas radar altimeter data were used as input to the crossover method. The laser data were acquired by the ICESat/GLAS instrument during the full acquisition
period (2003-2009). In particular the GLA06 level 1B elevation product (release 33) was used. It provides
surface elevations already corrected from geodetic and atmospheric effects and geolocated to the center of
the laser footprint. The radar data refer to the level 2 GDR version 2.1 acquired by the Envisat-RA2
altimeter during the period 2002-2010.
For the cross-over method, the dual cross-over algorithm reported in Wingham et al. (1998) was applied
(XO-RepAlt). With this method, the elevation measurements from pairs of orbital cycles, acquired at two
distinct times t1 and t2 were compared instead of combining ascending and descending tracks from a
single orbital cycle. In this manner two pairs of elevations can be considered for computing the elevation
change: the ascending track elevation measured during orbit cycle 1 at time t1 and the descending track
elevation measured during orbit cycle 2 at time t2, as well as the ascending track measured at the orbit
cycle 2 and the descending track measured at orbit cycle 1 (the elevation change during one orbit cycle is
supposed to be negligible).
For the repeat-track method, three different algorithms were considered:
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(1) the DEM-Projected correction method (DP-RT-RepAlt), described in Moholdt et al. (2010a and b), is
based on the projection of one profile onto a neighboring one by accounting for the cross-track slope
using an external DEM; elevations are then compared at each DEM-projected point by linear
interpolation between the two closest footprints in the other profile;
(2) the Rectangular Plane fitting method (RP-RT-RepAlt), described in detail by Moholdt et al. (2010b),
is based on a least-squares regression technique that fits rectangular planes to segments of repeat-track
data; for each plane the elevation change rate, supposed constant, is estimated; and
(3) the DEM Subtracting method (DS-RT-RepAlt), described in Ticconi et al. (2012), computes the
difference between the altimetry measured elevations and the DEM elevations at each altimetry footprint
location as determined from bilinear interpolation. Elevation differences are then grouped within the
selected area, e.g. a pre-defined grid, and within different time seasons. Linear trends are then fitted to the
data to estimate average elevation change rates.
For (1) and (3) the precision of the DEM is crucial for the quality of the results. Table 4.3 provides details
about the data sets and the temporal coverage for each algorithm and test site.
Table 4.3: Overview of the algorithms applied to each test site: dataset used and relative temporal coverage.

Devon Ice Cap
Algorithm
DS-RT-RepAlt

Austfonna

Sensor

Temporal coverage

ICESat/GLAS

2003-2009

DP-RT-RepAlt
RP-RT-RepAlt

ICESat/GLAS

2003-2009

XO-RepAlt

Sensor

Temporal coverage

ICESat/GLAS

2003-2009

ICESat/GLAS

2003-2009

Envisat/RA-2

2002-2010

The aims of the round robin were the validation of different repeat-pass altimetry algorithms for product
generation, and the selection of a ‘best’ performing algorithm. The validation of the derived elevation
changes focused on:
(a) comparison of airborne elevation changes with satellite altimeter elevation changes,
(b) comparison of elevation changes derived from different sensors (e.g. radar vs. laser), and
(c) comparison of elevation changes derived from different algorithms (cross-over vs. repeat-track).
The validation strategy (a) ensures independence, since it is based on external data which have not been
used during the generation of the elevation change products derived from satellite altimeter data. The
validation strategy (b) provides two independent elevation change products to be compared, because even
if the same algorithm has been used to create them, it has been applied on two different data sets acquired
by two different sensors. The same applies for the validation strategy (c), which provides two independent
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elevation change products derived from two different algorithms to a data set acquired by the same
sensor.
The validation criteria were based upon the computation of the root mean square error (RMSE) and the
correlation coefficient (R). This has been applied to the comparisons (a), (b) and (c) described above. The
limitation of the cross-over methods in terms of spatial coverage when compared with the repeat-track
method was shown in Ticconi et al. (2012) for the Devon Ice Cap. The authors of that study compared the
elevation changes obtained by the RP-RT-RepAlt technique applied on the full ICESat/GLAS archive
(2003-2009) with the elevation changes obtained by XO-RepAlt using the Envisat radar altimeter data
over the period 2002-2010. However, the small number of cross-over points made these results unsuitable
for the comparison of the different algorithms. The comparison between the different repeat-track
implementations is reported in Figure 4.6. The left panel shows the comparison between the DS-RTRepAlt and the RP-RT-RepAlt performed over Devon Ice Cap, whereas the right panel shows the
comparison between the DP-RT-RepAlt and the RP-RT-RepAlt over Austfonna. The good
correspondence expressed by an RMSE of 0.47 m/yr in the first case and 0.41 m/yr in the other indicates
that the two DEM-based algorithms are almost equivalent.

a)

b)

Figure 4.6: Scatter-plot of the dh/dt results obtained using: a) the RP-RT-RepAlt and the DS-RT-RepAlt algorithms over
Devon Ice Cap; b) the DP-RT-RepAlt and the RP-RT-RepAlt algorithms over Austfonna.

The validation against airborne data was performed only over the Austfonna test site using the airborne
data reported in Bamber et al. (2004). The repeated laser altimetry data were acquired in 1996 and 2002.
Both airborne and ICESat surface elevations below 100 m were discarded from the analysis. Furthermore,
the two data sets were separately averaged within elevation intervals of 100 m considering the entire ice
cap. It appeared that the radar altimeter data were not properly measuring the elevations along the ice cap
margin where slopes were steep. The reasons for this behavior could be related to a large footprint and to
time variation changes.
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Table 4.4: Average and standard deviation values of the dh/dt obtained within elevation intervals of 100 m for the DP-RTRepAlt, the RP-RT-RepAlt, the XO-RepAlt algorithms applied to ICESat data (2003-09) and for the repeated airborne
laser profiles (1996-2002); the last three columns report the absolute differences between the average values of the DPRT-RepAlt, the RP-RT-RepAlt and the XO-RepAlt algorithms applied and the average values of the airborne dataset,
respectively.

h (m)
0 - 100
100 - 200
200 - 300
300 - 400
400 - 500
500 - 600
600 - 700
700 - 800

dh/dt (m/yr)
DP-RT-RepAlt (1)
----0.81±0.95
-0.10±0.70
0.27±0.72
0.43±0.91
0.48±0.55
0.53±0.57
0.76±0.77

dh/dt (m/yr)
RP-RT-RepAlt (2)
----0.87±0.76
-0.19±0.60
0.29±0.53
0.33±0.53
0.50±0.45
0.64±0.37
0.74±0.51

dh/dt (m/yr)
XO-RepAlt
(3)
---0.58±0.94
0.59±0.52
0.09±0.13
0.31±0.12
-0.21±1.45
0.43±0.12
0.28±0.24

dh/dt (m/yr)
airborne
----0.21±0.19
-0.13±0.16
-0.28±0.15
0.07±0.27
0.20±0.26
0.34±0.19
0.34±0.18

|Δ| (m/yr)
(1)
---0.60
0.03
0.55
0.35
0.28
0.19
0.43

|Δ| (m/yr)
(2)
---0.66
0.06
0.57
0.25
0.30
0.30
0.40

|Δ| (m/yr)
(3)
---0.79
0.46
0.37
0.23
0.41
0.09
0.05

Table 4.4 reports the average and the standard deviation values obtained over elevation intervals of 100 m
for the methods applied at this test site, i.e. the DP-RT-RepAlt, the RP-RT-RepAlt and the XO-RepAlt
algorithms. The last three columns report the absolute differences between the average values of the three
algorithms and the average values of the airborne dataset, whose trends are also visualized in Figure 4.7
as a function of the elevation. They show a similar tendency when elevation becomes greater than 300 m.
For elevations below this value, a dissimilarity between the absolute differences can be noted when radar
altimeter data are used, indicating that radar performs better in regions with moderate slope than in
regions with high slopes like the ice margin. Figure 4.8 shows the scatter-plots between the two repeat
track algorithms used, i.e. the DP-RT-RepAlt and the RP-RT-RepAlt, against the cross-over method, i.e
the XO-RepAlt. In both cases the RMSE is more than 1 m/yr and the correlation coefficient assumes a
small value close to zero indicating that the there is no correlation between the two methods. This result
can be explained by the fact that the number of cross-over points is relative small when compared with
the elevation measurements used in the two repeat track algorithms.

Figure 4.7: Absolute differences in m/yr as
function of the elevation between airborne dh/dt
and DP-RT-RepAlt dh/dt (blu); airborne dh/dt and
RP-RT-RepAlt dh/dt (red); airborne dh/dt and XORepAlt dh/dt (green) for the Ausfonna Ice Cap
(Svalbard).
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a)

b)

Figure 4.8: a) Scatter-plot of the dh/dt results obtained using the DP-RT-RepAlt and the XO-RepAlt algorithms; b)
scatter-plot of the dh/dt results obtained using the RP-RT-RepAlt and the XO-RepAlt algorithms.

Round robin results and algorithm selection
The selection of the best performing algorithm was based on the following criteria:
spatial and temporal density of satellite derived surface elevation changes
absolute accuracy relative to validation data
processing time and manual interaction
Table 4.5 reports the algorithm performance in terms of absolute accuracy. Table 4.6 summarizes the
overall performance of the tested algorithms in relation to the above selection criteria over the two test
sites.
Table 4.5: Summaries of the RMSE (m/yr) and the correlation coefficient R obtained from the validation activity.

DS-RT-RepAlt (laser alt.)

DS-RT-RepAlt
(laser alt.)
---

DP-RT-RepAlt
(laser alt.)
N/A

RP-RT-RepAlt
(laser alt.)
0.47/0.48

DP-RT-RepAlt (laser alt.)

---

---

0.41/0.89

1.65/0.01

0.39/0.73

RP-RT-RepAlt (laser alt.)

---

---

---

1.25/-0.02

0.41/0.74

XO-RepAlt (radar alt.)

---

---

---

---

0.47/-0.23

airborne

---

---

---

---

---

RMSE (m/yr)/R
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XO-RepAlt
(radar alt.)
N/A

airborne
N/A
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Table 4.6: Performances of the algorithms applied: for repeat-track methods the spatial density is intended as the ratio
between the number of grid cells with valid elevation change measurements and the total number of grid cells covering the
areas of interest, whereas for the cross-over method the spatial density is given by the ratio between the number of dh/dt
values and the total number of satellite orbit cross-over points (in percentage).

Spatial density
Spatial coverage
Temporal density
CPU
Manpower time
Accuracy

Algorithms applied over Devon Ice Cap
Algorithms applied over Austfonna Ice Cap
DS-RT-RepAlt RP-RT-RepAlt
XO-RepAlt DP-RT-RepAlt RP-RT-RepAlt
XO-RepAlt
4%
5%
< 1%
5%
5%
2%
75%
75%
< 5%
75%
75%
60%
1.6 year-1
1.6 year-1
10 year-1
1.6 year-1
1.6 year-1
10 year-1
<1h
<1h
1 day
1h
1h
1 day
0.5 day
0.5 day
1 week
0.5 day
0.5 day
1 week
0.40 m/yr
0.40 m/yr
0.50 m/yr
1 m/yr
0.3 m/yr
0.5 m/yr

To sum up, the absolute difference has been used to compare the elevation change trends derived from the
different altimetry algorithms. The root mean square error (RMSE) and correlation coefficient R were
computed to provide a quantitative analysis. The results showed that the DP-RT-RepAlt and the RP-RTRepAlt algorithms had an RMSE of about 0.4 m/yr when compared with the airborne data, indicating a
good agreement. The good agreement with airborne data is supported by the high R value (~0.73). In
addition, the repeat track algorithms demonstrated a similar RMSE when inter-compared and a very high
R value (0.89), indicating that they were almost equivalent.

4.1.5 Glacier velocity
Background and previous work
A large number of archived and upcoming optical and SAR satellite missions make it possible to
operationally map and monitor glacier flow on a nearly global scale, providing unique glaciological
information (Joughin et al., 2010; Rignot et al., 2011; Heid and Kääb, 2012a and b). Such knowledge will
contribute to a better understanding of a wide range of processes related to glacier dynamics, for example
glacier mass flux, flow modes and flow instabilities (e.g. surges), subglacial processes (e.g. erosion),
supra- and intra-glacial mass transport, and the development of glacier lakes and associated hazards
(Kääb et al., 2005). The comparison of the spatio-temporal variations of glacier velocities both within and
between regions will improve understanding of climate change impacts (e.g. Scherler et al., 2011). In
response to 2-3 decades of negative glacier mass balances, glacier surface velocity is currently slowing
down in many mountain ranges (Heid and Kääb, 2012a and b; Span and Kuhn, 2003; Berthier and
Vincent, 2012), a dynamic behavior that in turn will also influence their response to future climate
change. In this regard, mapping and monitoring glacier flow globally complements the possibilities for
determination of glacier areas and volume changes described above.
The calculation of glacier velocity fields is possible with repeat optical satellite imagery (Scambos et al.,
1992) and SAR data using speckle and/or feature tracking methods (Gray et al., 1998). They are usually
called “image matching” in the optical domain and “offset-tracking” in the microwave domain, but we
here use the term offset tracking for both optical and SAR data. Indeed, strictly speaking image matching
61

Results and Discussion

refers only to the image correlation itself and does not include the required pre- and post-processing
procedures. The suitable temporal baselines of the repeat data are subject to two fundamental constraints:
(i) the displacements have to be statistically significant (i.e. have to be larger than the accuracy of the
method); (ii) surface changes due to melt, deformation, snow fall, etc. over the measurement period have
to be small enough so that corresponding intensity or phase features can be matched in both data sets.
Typical baselines suitable for optical data are weeks to years whereas for SAR offset-tracking intervals of
days to a few weeks are required. Interferometric techniques are not analyzed here as they require a very
short baseline (days) and are less suitable for operational and global-scale application (Figure 4.9).
However, SAR interferometry was widely used to determine flow velocities of ice sheets, where
decorrelation due to a change of surface properties is less of a problem (e.g. Goldstein et al., 1993;
Joughin et al., 1996; Rignot et al., 1997). To overcome signal decorrelation when using longer time
intervals or analysing more rapidly changing temperate glaciers, offset-tracking procedures are largely
adopted (Gray et al., 1998; Michel and Rignot, 1999; Derauw, 1999; Strozzi et al., 2002; Quincey et al.,
2009; Rignot et al., 2011). Repeat optical satellite imagery from sensors such as SPOT, Terra ASTER and
Landsat ETM+ pan were also widely applied to determine flow velocities of glaciers (e.g. Berthier et al.,
2005; Herman et al., 2011; Kääb, 2005b; Kääb et al. 2006; Scherler et al., 2008 and 2011). Here we focus
on Landsat data with 15 m spatial resolution (ETM+ pan), due mainly to the large spatial coverage of one
scene, the huge archive available and the perspective of future missions with similar characteristics (e.g.
Landsat 8, Sentinel-2). Data acquired by Envisat ASAR (C-Band), ALOS PALSAR (L-Band) and
TerraSAR-X (X-Band) data were considered as microwave imagery for algorithm testing.
slantrange

azimuth

Figure 4.9: From left to right: slant-range interferogram, slant-range and azimuth displacement maps from offsettracking, and multiple-aperture interferogram (Gourmelen et al., 2011) based on a ALOS PALSAR image pair separated
by 46 days over Vestfonna (Svalbard). Only offset-tracking is able to derive information over the outlet glaciers, the
interferograms are decorrelated.

Despite their wide application, only a few systematic studies compared different algorithms and
procedures for glacier surface velocity estimation based on repeat optical or microwave data. Starting
with optical sensors, Heid and Kääb (2012a) compared a number of frequently used and already
published matching algorithms. Despite differences in the results under conditions that are initially
difficult, for instance in regions with low visual contrast, most algorithms are in principle able to measure
displacements at sub-pixel precision. As most optical offset-tracking procedures rely on matching repeat
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orthoimages, errors in the sensor model, sensor orientation, and the DEM translate into lateral errors in
the data to be matched and thus in the displacements obtained (see section 3). Leprince et al. (2007)
developed a procedure to rigorously remove such effects and Debella-Gilo and Kääb (2011) analysed the
effect of a locally adaptive way to determine the optimal size of matching templates, combined with
finding suitable matching targets based on the image grey scale variations (image signal-to-noise ratio).
Ahn and Howat (2011) applied normalized cross-correlation (NCC) to a large number of input image
versions (e.g. channels, gradients, filtered versions, principle components) and a range of template sizes,
to find the most probable displacement based on the resulting stack. Though computationally very
expensive, this approach is locally adaptive in many geometric and radiometric respects. In the same
direction Liu et al. (2012) propose a multi-scale matching process to overcome the dependence of the
matching window size on the velocity. For SAR data, comparisons are related to optical versus SAR
methods, the impact of the matching window size on the derived velocity (Huang and Li, 2011) or InSAR
versus offset (or speckle) tracking methods (e.g. Joughin, 2002; Luckman et al., 2007).
In the round robin for the glacier velocity product different image matching algorithms for SAR and
optical data were compared with robust and global-scale applications in mind. Test regions (cf. Figure
4.1) were located in Iceland (Breidamerkurjökull, an outlet glacier of the Vatnajökull Ice Cap), HighMountain Asia (Baltoro Glacier in the Karakoram), and Svalbard (Vestfonna Ice Cap). In the following
sections, we describe the algorithms selected for generating the velocity product, including practical
considerations during the pre- and post-processing stages.
Pre-processing for SAR and optical sensors
In the pre-processing step data import and quality checks (e.g. missing line detection for SAR data) are
performed. The most crucial step is the accurate co-registration of the data to be matched (see section 3).
Offsets were measured using the same algorithms as in the main processing (though often with different
parameterizations, e.g. with a reduced sampling to decrease the computational effort) or using another
algorithm and form the base of co-registration. A glacier mask and a DEM can be optionally employed to
limit the search over stable ground and to compensate for the stereo offsets relevant for the range offset
field, respectively. The slave (or search) image can be then either transformed to the geometry of the
master (or reference) image or (e.g. polynomial) transformation parameters can be computed and applied
to the matching results without transforming the images. The co-registration transformation has the
advantage to make offset-tracking and other usages of the images easier, but increases the computational
time and storage requirements and may introduce loss of information, even if this is marginal for SAR
data.
A generic optical offset-tracking procedure for large-scale and frequent operational usage will have to be
based on orthorectified data, as some data are, or will be only available in orthorectified form (Landsat,
Sentinel-2) or because orthorectification within the tracking procedure will be difficult, e.g. due to
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instable sensor geometry (Leprince et al. 2007). As a result, the displacements are not necessarily the
highest accuracy level theoretically achievable, but will rather be contaminated by propagated DEM
errors, errors in the sensor model and sensor orientation, such as jitter (Scherler et al., 2008; Nuth and
Kääb, 2011). Co-registration can in some cases partially reduce these influences empirically, but will in
most cases be more useful for estimating the size of these effects and add them to the error budget of the
displacements. As glacier thickness changes with time, it is important to determine off-glacier DEM
errors only from data over stable ground.
Main Processing of satellite optical data
For the round robin we applied several image matching algorithms to the same data sets. For an internal
algorithm test we selected from the six algorithms originally discussed in Heid and Kääb (2012a), two (1
and 2 in the list below) which are assumed to be beneficial for large-scale, operational offset-tracking and
compared them to algorithms (3) and (4) applied by the external round robin participants:
(1) normalized cross-correlation (NCC) in the spatial domain (see details in Appendix),
(2) orientation correlation (CCF-O) in the frequency domain (see details in Appendix),
(3) a modified version of the GAMMA software (matching template 30 x 30 pixels, 5-pixel spacing)
using in principle NCC for offset-tracking, but solved in the Fourier domain, and
(4) a modification of the Ahn and Howat (2011) method using NCC (matching template 31 x 31 pixels, 8pixel spacing) but with sophisticated pre- and post-processing procedures.
The NCC method turns out to perform similar to the CCF-O in regions with good visual contrast
(typically ablation areas, debris cover), but obtains fewer correct matches in regions with low visual
contrast (Figure 4.10; no close-ups of images are shown here for better illustrating variations of visual
contrast). The Fourier methods (2) and (3) performed also similarly in regions of high visual contrast but
fewer correct matches were obtained by (3) in regions of low visual contrast. This was expected since the
method is based on NCC that has worse performance in low contrast regions. For regions in which the
velocity gradients (strain rates) were large, the NCC (1) and the NCC with sophisticated pre- and
postprocessing procedures (4) outperformed both of the Fourier methods tested. However with the preprocessing steps in (4), where a glacier mask is found by initial matching, some smaller glaciers, stagnant
glacier fronts and large parts of the accumulation area, where the movement was slow, were neglected
and unmatched.
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Figure 4.10: Velocity fields derived from satellite optical data over Biafo (left column) and Baltoro glaciers (right
column), Karakoram. From top to bottom: First row: Method (4) of section 5.3 unfiltered, second row: Method (4) filtered
with correlation coefficient threshold and smoothing, third row: Method (3) unfiltered, forth row: Method (1) weakly
filtered, fifth row: Method (2) of section 5.3 filtered.

Results with satellite optical data suggested that no single matching method clearly outperformed all other
methods investigated under all circumstances, but rather that a set of two methods – e.g. (1) and (2) –
should be combined depending on the image conditions and the glacier characteristics. These two
algorithms were chosen for further development in Glaciers_cci. The algorithm evaluation further
revealed that most algorithms and implementations were in principle able to achieve precisions in the subpixel range (e.g. if data taken from the same orbit were used).
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Main Processing of satellite SAR data
The NCC algorithm is simple and robust and can also be applied to SAR data. Offsets are measured using
rectangular windows that are m1 x m2 (range x azimuth) pixels in dimension at a set of positions in the
scene. The locations may be uniformly distributed over the image frame but for deformation mapping at
specific regions (i.e. glaciers) also can be selected for dense sampling. After global co-registration, the
residual offsets should not be larger than a small fraction of the patch size that will be used for measuring
the offset field. Typical values for m1 and m2 are in the range of 64 to 256 pixels depending on the noise
level, sensor resolution and specific application. Generally these sizes correspond to 300 - 1000 m on the
ground. Corresponding data patches are extracted from each single-look complex image (SLC) and are
typically over-sampled by a factor of 2 or more using FFT interpolation to substantially improve the
accuracy (Werner et al., 2005). The location of the maximum of the 2D correlation function yields the
desired range and azimuth offsets. In order to obtain an accurate estimate of the correlation peak, the
correlation function values over a (m1 x m2) region can be fitted using a bi-quadratic polynomial surface.
The signal-to-noise ratio (SNR) of the offset measurement is obtained by taking the ratio of the peak value
divided by the average correlation level outside the (m1 x m2) peak region. Typical values for m1 and m2
are on the order of 3. The implementation of the algorithms may vary significantly with regard to
matching window sizes and oversampling factors and various pre- and post-processing routines may
affect the quality of the results (Figure 4.11). Offset tracking methods, even when implemented in the
frequency domain using FFTs, are computationally expensive, and can take up to several hours on a
single CPU, for a single SAR image frame, depending on window size, pixels spacing and oversampling
factor. However, in principle each data patch can be processed in parallel, allowing for large gains in
processing time when using parallelized code.
The accuracy of the cross-correlation algorithm was investigated in various aspects, including a formal
description of the error terms (noise, stereo offsets, imperfectly compensated satellite orbit configurations,
ionospheric effects), matching on stable ground (Figure 4.12), inferring statistical errors on the difference
of matching image 1 with image 2 with respect to the matching of image 2 with image 1, comparison
against results from image data of equal or better resolution, and ground-based measurements from DGPS
(Figure 4.13). We finally estimated the reliability of the cross-correlation algorithm to return coregistration parameters on the order of 1/10th of a SAR image pixel. This corresponds for the ALOS
PALSAR and TerraSAR-X data separated by a temporal interval of 46 and 11 days, respectively, to an
accuracy of about 10 m/yr and for the Envisat ASAR data separated by a temporal interval of 35 days to
an accuracy of about 20 m/yr. Outliers were frequent and required special attention during postprocessing.
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Figure 4.11: Displacement magnitude in slant range geometry over Breidamerkurjökull (Iceland) from each of the roundrobin participants using the cross-correlation of image chips in a TerraSAR-X amplitude image pair separated by 11 days.
The following matching window sizes and oversampling factors were considered (range x azimuth/ oversampling):
Dataset 1: 128 x 128 / 2, Dataset 2: 128 x 128 / 16, Dataset 3: 128 x 128 / 2, Dataset 4: 64 x 64 / 16, Dataset 5: 44 x 40 /
4. Despite similar matching parameters (e.g. Datasets 1 and 3), different correlation thresholds chosen by the participants
produced variable results.

Figure 4.12: Polar plot of ground-range and azimuth displacements over stable ground based on two results (depicted in
red and green) from the round-robin over Vestfonna (Svalbard) using a ALOS PALSAR image pair separated by 46 days
(for 20248 points). Standard deviations are on the order of 0.5 m, corresponding to total horizontal displacement rates of
about 6 m/yr.

Post-processing
The matching algorithms do not directly provide perfect results. Errors and outliers cannot be avoided
because of non-perfect image and ground conditions and have to be detected and filtered as much as
possible in a post-processing step. The NCC algorithm provides, together with the offset with highest
score, the correlation coefficient (R) or SNR of the resulting offset. These measures can directly be used to
estimate the potential quality of a match, and filters based on R or SNR thresholds can be developed.
Since R and SNR, however, depend not only on the quality of a match but also on the image texture, such
filters are not strictly conclusive and should be used with care and only in combination with other postprocessing measures. The resulting displacement field can be low-pass filtered (e.g. mean, median,
Gaussian, etc.) to filter out individual outliers. Similar to a resolution pyramid, the raw displacements can
be compared to a low-pass filtered version of the field and measurements marked as outliers when the
difference exceed a given threshold on displacement magnitude and direction (Heid and Kääb, 2012a).
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This procedure is very successful over dense fields, but may fail where successful matches are only
scattered, or where entire groups of displacements have a similar bias.
Geometric constraints such as maximum magnitude or direction sectors can be also used as filters (e.g.
Skvarca et al., 2003). However, they are not very useful for large-scale applications including a number
of glaciers with different speeds and orientations. Also, for instance, gradients in glacier velocities could
be used to filter, but they are very different from region to region due to the large variety of glaciers. To
filter the displacements based, for instance, on the assumption that glaciers flow down-slope is considered
to be impossible globally, because the required accurate elevation models are not available in all
glacierized regions. There are also physical reasons where this assumption does not simply hold, such as
in confluence areas or regions where ice flow is controlled by subglacial topography. The comparison of
results using different pre-processing techniques or using CCF-O and NCC results can also be useful in
reducing erroneous measurements. Ahn and Howat (2011) showed that the (automated) comparison of
results obtained using different pre-processing techniques can also be useful, in particular in reducing
erroneous measurements. However, as the CCF-O has an inherent bi-directional gradient filter,
comparison of its results to NCC results resembles to some extent the comparison of differently preprocessed images.
Finally, we would like to stress that glaciologically sound and useful glacier displacements can only be
obtained when the automatic results undergo an expert check and, potentially, editing (similar to the
acknowledged good practice in multispectral glacier mapping). Thus, the aim of displacement filters is to
remove the obvious errors so that the analyst can focus on details that require glaciological expert
judgement.

4.1.6

Summary and discussion

Glacier area
Deriving glacier outlines from multispectral (optical) satellite images is straightforward from any of the
available algorithms as soon as images with minimal seasonal snow and cloud covers are chosen.
Manually selecting and optimizing classification thresholds has the advantage of minimizing the
workload for editing in the post-processing stage (e.g. in shadow regions), but differences in the mapped
glacier area when using constant threshold values will be small for glaciers with only few regions in
shadow. On the other hand, correction of debris-covered glacier regions remains a laborious task.
Although further semi-automated methods have been proposed recently (e.g. Bhambri et al., 2011; Shukla
et al., 2011; Atwoodet al., 2010; Frey et al., 2012; Racoviteanu and Williams, 2012) none are in a stage
where the automatically-derived outlines have the required accuracy, i.e. manual corrections have to be
applied in all cases. Nonetheless they provide valuable support for deciding where glacier outlines should
be. Actually, this decision can even be difficult in the field even with support from geophysical
techniques. For the time being it is suggested that it would be worthwhile to prepare illustrated guidelines
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for the analyst, showing where glacier margins are located in difficult cases with examples from glaciers
all around the world. At best, such a document should be prepared by a larger community to have wider
consensus.
As a general summary, we propose that the satellite scenes to be processed need to be carefully selected
in regard to snow and cloud conditions (mosaicking might be necessary but requires accurate coregistration of the different images), automated methods are preferable to map the bare ice, the threshold
values should be chosen in a region with shadow, correction of the debris-covered parts should consider
all information available, for example results of an automatic algorithm, hillshades from DEMs, highresolution imagery in Google EarthTM or similar tools such as the freely available OrbView images from
USGS http://earthexplorer.usgs.gov/, discussion with colleagues, and following examples (e.g. analyses
of outlines from the GLIMS database and the published literature) and guidelines (e.g. Racoviteanu et al.,
2009).
Elevation change from DEM differencing
The first step towards automated DEM differencing would be the implementation of a universal coregistration algorithm. All of the here presented round-robin-tested automated approaches performed with
similar accuracies but different efficiencies. In terms of universal application, we propose a coregistration algorithm based upon terrain slope and aspect that requires only 2-3 optimization iterations
and is applicable with non-continuous elevation data, for example, from ICESat. Other lessons learned
from the round robin are that various software products have different importing routines for the same file
format (i.e. Geotiff) affecting the pixel definition (pixel center vs. corner) and leading to large coregistration errors (typically half a pixel size) if an algorithm implementation requires switching the
software. Thus, an automated processing chain for DEM differences should be maintained within one
software product.
Apart from these challenges, results from the round robin for co-registering DEMs showed that sub-pixel
accuracies (typically 1/10th to 1/5th of the DEM pixel size) were achieved using the three tested automatic
algorithms. Only the analytical method using slope/aspect worked well with non-continuous data, such as
from ICESat and could be solved with a minimum of iterations. The analytical solution requires the
availability of stable terrain, typically with a uniform distribution of aspects on steeper slopes. While
stable terrain is present in the majority of the glacierized regions of the world, it may not work for regions
without stable terrain and/or where only very low slope surfaces are available, as equation (1) is not
defined for a zero slope. The vertical co-registration adjustment had the largest variability between the
methods applied in the round robin (Table 4.2) and this might be related to the selection of stable terrain.
Its characteristics might thus have large impacts on the co-registration parameters solved as well as for
any error quantification based upon this terrain.
Elevation changes from altimetry
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In regard to the comparison between the elevation changes derived with satellite altimetry and the
airborne measurements performed over the Austfonna ice cap, the absolute differences obtained using the
DP-RT-RepAlt, the RP-RT-RepAlt and the XO-RepAlt showed similar trends when the elevation became
greater than 300 m. It appeared that due to the large footprint of the radar altimeter, it was not properly
measuring the elevation at the margin of the ice cap where surface slopes are high. In addition, the repeattrack method applied to laser altimeter data provided estimates of ice cap elevation change with greater
accuracy than the cross-over method applied to radar altimeter (Table 4.5). Table 4.7 summarizes the
overall performance of the tested algorithms in relation to the selection criteria described. Based on these
results, and when an external DEM is available, the DS-RT-RepAlt and the DP-RT-RepAlt are the only
ones applicable for ICESat laser altimetry at mid to low latitudes because of the large cross-track spacing
between repeat-tracks of up to several kilometers (Kääb et al., 2012). The two algorithms differ only in
the manner of computing the elevation trend. The DS-RT-RepAlt is based on fitting a linear trend,
whereas the DP-RT-RepAlt is based on a point by point comparison. Hence, for the scope of the CCI
project, the DS-RT-RepAlt method applied to laser altimeter data has been selected as the reliable
technique for developing satellite-based trend determination of elevation changes. The selected repeattrack algorithm might also be applicable to the Cryosat-2 radar altimeter data, which are characterized by
a smaller footprint size compared to conventional radar altimeters. Being the first satellite equipped with
a SAR interferometric altimeter, the sensor can point down to the location of the echo on sloping surfaces
found around glaciers and ice caps.
Table 4.7: Summary of the ice cap elevation change algorithm performance in relation to the selection criteria (Good=3
scores, Moderate=2 scores, Poor=1 score).

RMSE
Spatial density
Temporal density
Processing time
TOTAL SCORE

DS-RT-RepAlt
Good
Good
Moderate
Good
11

DP-RT-RepAlt
Good
Good
Moderate
Good
11

RP-RT-RepAlt
Good
Good
Moderate
Good
11

XO-RepAlt
Poor
Poor
Good
Moderate
7

Glacier velocity
Results for glacier velocity measurement using satellite optical data suggested that no individual matching
method clearly outperformed all other methods investigated under all circumstances, but rather that a set
of, for instance, two methods – e.g. the NCC and the CCF-O – should be combined depending on the
image conditions and the glacier characteristics. Results from the SAR round robin algorithm
intercomparison demonstrated that, for the provided datasets and with temporal baselines >11 days, the
normalized cross-correlation of chips in amplitude SAR images performed better compared to phasebased SAR methods (SAR interferometry and multiple-aperture interferometry, see Figure 4.9), in
particular regarding its wider application to different glaciers and SAR data. Accuracy of offset-tracking
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using high to very-high resolution SAR data with a time interval of one orbital cycle are about 10 m/yr,
similar to the accuracy for medium-resolution optical satellite imagery (e.g. Landsat ETM+ pan) that is
on the order of 15 m/year for images acquired one year apart. However, there will be outliers that have
lower accuracies. These can occur due to:
- poor image co-registration and ortho-projection error (can be checked over stable terrain);
- sub-pixel geometric sensor noise level (usually larger than algorithm precision);
- surface changes and transformations, e.g. influence of different illuminations and shift of surface
features;
- mismatches due to similar but not corresponding features, e.g. self-similar ogives, crevasses or seracs,
with errors of many pixels possible;
- inability of post-processing procedures to eliminate measurement noise and mismatches.

4.1.7 Conclusions and Perspectives
We have described methods and algorithms for deriving three glacier related products (area, elevation
change, flow velocity) from a variety of space-borne sensor types (optical and microwave imagers or
altimeters). They generally provide complementary information and are thus particularly useful for
glaciological research when combined. The algorithms presented were selected for data production in the
Glaciers_cci project after careful evaluation and comparison with alternative methods. In regard to a more
general data processing workflow, all methods selected have also product-specific peculiarities. For the
glacier area product the mapping algorithm is very simple (band ratio with threshold) and the manual
editing of wrong classifications (debris cover) in the post-processing stage drives the accuracy of the final
product. The quality of the elevation change product (from DEM differencing) depends on the quality of
the input DEMs, on the use of a single software processing chain for co-registration (as pixel coordinates
can be interpreted differently), and on the post-processing stage (e.g., removal of altitudinal or other
biases). The processing of the velocity and elevation change (from altimetry) products is largely
automatic, but the algorithms are much more complex and the computational resources required are thus
much higher. In all cases product quality also depends on the quality of external data such as a highquality DEM, which is not yet available for all high-mountain regions of the world. Moreover, if more
than one algorithm can be applied (e.g. for velocity), the best choice often depends on the specific
characteristics of the investigated region and might have to be tested. For ice velocities the major
differences between different processing schemes may also stem from different implementations, pre- and
post-processing steps, which should thus be carefully selected. Velocity measurements from repeat
satellite optical and SAR sensors have a large potential to be accomplished automatically further arriving
at robust global-scale products. More detailed information on algorithms, work flows and product
generation is available from the documents on the Glaciers_cci website (http://www.esa-glacierscci.org/). With the recently launched (Cryosat-2, TanDEM-X, Landsat 8) or planned (Sentinels 1 and 2)
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satellite missions and the commitment to free data distribution by space agencies, the contribution of
space-borne sensors to glacier monitoring will play an increasing role in the future.
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Appendix
The NCC is given by:
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where (i,j) indicates the position in the search area, (k,l) the position in the reference area, r the pixel
value of the reference chip, s the pixel value of the search chip, μr the average pixel value of the reference
chip and μs the average pixel value of the search chip.
In CCF-O, orientation images are first derived from the original images. Taking f as the image at time t =
1 and g as the image at time t = 2, the orientation images fo and go are created from:

where sgn is the signum function, i is the complex imaginary unit, and the new images f0 and g0 are
complex, they are matched using cross-correlation:

Here F0(u,v) is the Fast Fourier Transform (FFT) of the matching window from the image at time t = 1,
G0(u,v) is the FFT of the matching window from the image at time t = 2, * denotes the complex
conjugated and IFFT is the Inverse Fast Fourier Transform.
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4.2

Glacier changes in the Karakoram region mapped by multimission satellite imagery

The results of this chapter appeared as:
M. Rankl, C. Kienholz and M. Braun (2014): Glacier changes in the Karakoram region mapped by
multimission satellite imagery. The Cryosphere 8(3), 977–989 (doi:10.5194/tc-8-977-2014)

Abstract
Positive glacier mass balances in the Karakoram region during the last decade have fostered stable and
advancing glacier termini positions, while glaciers in the adjacent mountain ranges have been affected by
glacier recession and thinning. In addition to fluctuations induced solely by climate, the Karakoram is
known for a large number of surge-type glaciers. The present study provides an updated and extended
inventory on advancing, stable, retreating, and surge-type glaciers using Landsat imagery from 1976 to
2012. Out of 1219 glaciers the vast majority showed stable termini (969) during the observation period.
Sixty-five glaciers advanced, 93 glaciers retreated, and 101 surge-type glaciers were identified, of which
ten are new observations. The dimensional and topographic characteristics of each glacier class were
calculated and analyzed. Ninety percent of non-surge-type glaciers are shorter than 10 km, whereas surgetype glaciers are, in general, longer. We report short response times of glaciers in the Karakoram and
suggest a shift from negative to balanced/positive mass budgets in the 1980s or 1990s. Additionally, we
present glacier surface velocities derived from different SAR sensors and different years for a
Karakoram-wide coverage. High-resolution SAR data enables the investigation of small and relatively
fast-flowing glaciers (e.g., up to 1.8 m day-1 during an active phase of a surge). The combination of multitemporal optical imagery and SAR-based surface velocities enables an improved, Karakoram-wide
glacier inventory and hence, provides relevant new observational information on the current state of
glaciers in the Karakoram Range.
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4.2.1 Introduction
Meltwater from snow cover and glaciers in high mountain areas is a major source for downstream water
resources (Gardner et al., 2013; Kaser et al., 2010). Glaciers in the Karakoram and western Himalaya
contribute to the discharge of the Indus River and its tributaries, which account for 90% of Pakistan's food
production and 13 gigawatts of hydroelectricity (Cook et al., 2013; Qureshi, 2011). The amount of
meltwater originating from the mountainous, glaciated catchment areas is 1.5 times greater than the
discharge generated downstream along the Indus (Immerzeel et al., 2010). Hence, well-founded
knowledge of the extent and nature of changes in glaciers supports downstream hydrological planning
and water resource management.
Investigations of glacier changes across the Hindu Kush-Karakoram-Himalaya mountain range revealed
retreating glacier fronts since the mid-19th century (Bolch et al., 2012; Scherler et al., 2011) and negative
geodetic mass balances for the entire mountain range of -0.21±0.05 m a-1 water equivalent (w.e.) between
2003 and 2008 (Kääb et al., 2012) and -0.15±0.07 m a-1 w.e. for the period 1999 to 2011 (Gardelle et al.,
2013). However, mass balances for the Karakoram Range are found to be less negative, or even positive,
using the geodetic method (Gardelle et al., 2012, 2013; Gardner et al., 2013; Kääb et al., 2012). Both
stable and advancing termini positions have been described by various authors (e.g., Bhambri et al., 2013;
Bolch et al., 2012; Hewitt, 2005; Scherler et al., 2011).
The Karakoram is also known for a large number of surge-type glaciers, which have been reported since
the 1860s (Barrand and Murray, 2006; Copland et al., 2011; Hewitt, 1969, 1998, 2007; Kotlyakov et al.,
2008; Mason, 1931). There has been a marked increase in surge activity in recent years (Copland et al.,
2011). Surge-type glaciers are also common outside of the Karakoram, e.g., in Alaska and the Yukon, the
Canadian High Arctic, Svalbard, Iceland, and the Russian High Arctic (Cuffey and Paterson, 2010).
However, the mechanisms triggering surge events differ among the various regions. Surge-type glaciers
are identifiable by distinctive surface features like looped and folded medial moraines, ice foliation,
crevassed surfaces, and/or advancing glacier tongues (Barrand and Murray, 2006; Hewitt, 1969; Meier
and Post, 1969). During the active phase of a surge, within a few months to several years, glacier surface
velocities increase by at least one order of magnitude compared to non-surging glaciers (Meier and Post,
1969). Moreover, the glacier terminus steepens and thickens throughout a surge event, as ice from the
reservoir area is shifted towards the receiving area (Clarke et al., 1984; Meier and Post, 1969). The rapid
advance of a glacier tongue may dam river valleys, which leads to the formation of lakes. Failure of the
ice and/or moraine dams, may result in glacial lake outburst floods (GLOFs) endangering downstream
areas. 71 GLOFs have been reported in the Upper Indus Basin since the early 19th century (Hewitt, 1982,
2014; UNDP, 2013).
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Figure 4.13: Overview map of the Karakoram Range. Surge-type glaciers are marked with red triangles. The locations of
major glaciers and groups are indicated. Abbreviations: Ba = Batura Glacier, Bi = Biafo Glacier, Bt = Baltoro Glacier,
Hi = Hispar Glacier, Si = Siachen Glacier. Green dots represent Skamri and South Skamri Glacier, for which velocity
profiles are shown in the results section. Locations of Figures 7 and 8 (respectively Figures 4.19 and 4.20) are outlined.
Background: Landsat Mosaic over 2011, © USGS, 2011.

The present study investigates the temporal variability and spatial distribution of surge-type, advancing,
stable, and retreating glaciers across the Karakoram region. Existing surge-type glacier inventories
(Barrand and Murray, 2006; Copland et al., 2011; Hewitt, 1998) are updated and refined using Landsat
time series (1976-2012), and a detailed analysis of termini position changes of surge-type, advancing, and
retreating glaciers since 1976 is carried out. The inventory compares dimensional and topographic
characteristics of each glacier class. Centerline profiles are generated using a homogeneous procedure for
the entire Karakoram Range. A complete coverage of glacier surface velocities is achieved from repeat,
very high-resolution Synthetic Aperture Radar (SAR) imagery as a composite in the period 2007–2011. In
several case studies, we demonstrate the potential of very high-resolution SAR time series to map
changes in ice flow for very small surge-type or advancing glaciers, and complement this analysis with
products based on archived scenes from ERS SAR and ENVISAT ASAR. During the active phase of a
surge event, high surface velocities close to the glacier snout support the identification of surge-type
glaciers.
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4.2.2 Study Site
The Karakoram Range is part of the Hindu Kush-Karakoram-Himalaya mountain range. It is located
between the borders of India, Pakistan, Afghanistan, and China and stretches over ~500 km in a NW to
SE direction (Figure 4.13). The region includes four peaks higher than 8000 m a.s.l., and half of its
surface lies above 5000 m a.s.l. (Copland et al., 2011). The glaciated area covers ~17,946 km² (Bolch et
al., 2012), including some of the largest glaciers outside the Polar Regions, e.g., Siachen Glacier (~72 km
long), Baltoro Glacier (~64 km), and Biafo Glacier (~63 km). The glaciers in the Karakoram extend over
a wide range of elevations (~3000 to >8000 m a.s.l.), while 60% to 80% of the glaciated area is found
between altitudes of 3800 and 5800 m a.s.l. (Hewitt, 2005). For most glaciers, nourishment is mainly or
wholly determined by snow avalanches, which also contribute to heavy accumulation of supraglacial
debris (Hewitt, 2005).
The climate in the Karakoram is influenced by the Asian monsoon, which contributes up to 80% of the
summer precipitation in the southeastern part of the Karakoram Range (Bolch et al., 2012). During
winter, precipitation occurs predominantly due to westerly cyclones and is responsible for about twothirds of the snowfall in high altitudes (Bolch et al., 2012). Northward, the steep topography of the
Karakoram and its more continental location lead to a decreasing influence of both wind systems. In the
western part of the mountain range, Winiger et al. (2005) estimated average annual precipitiation values
of 1500 to 1800 mm a-1 at 5000 m a.s.l., and considerably lower values of ~600 mm a-1 at 5000 m a.s.l.
north of Batura Glacier (36° 32′ N, 74° 39′ E). Another study found a similar trend indicating increasing
precipitation from north to south over the Hunza Basin, with average values of 1174 mm a-1 at 6000 m
a.s.l. (Immerzeel et al., 2012).
An increase in winter precipitation in the Karakoram has been observed since the early 1960s (Archer and
Fowler, 2004; Bolch et al., 2012; Yao et al., 2012). Williams and Ferrigno (2010) found decreasing
summer mean and minimum temperatures as well as increasing winter mean and maximum temperatures
across the Upper Indus Basin, which partly coincides with the studies of Bocchiola and Diolaiuti (2012)
and Shekhar et al. (2010). However, it needs to be considered that most climate stations are located at low
altitudes in the mountain valleys. The positive precipitation trends, decreasing summer temperatures, and
the high altitude origins of Karakoram glaciers favored positive mass balances of +0.10±0.16 m a-1 w.e.
between 1999 and 2010, assuming an ice density of 850 kg m-3 for the Karakoram Range as observed by
Gardelle et al. (2013) by differencing digital elevation models from the respective years. Another study
found positive elevation difference trends in winter (+0.41±0.04 m a-1) and only slightly negative
elevation difference trends in autumn (-0.07±0.04 m a-1) for the Karakoram, derived from ICESat timeseries from 2003 to 2008/09 (Kääb et al., 2012).
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4.2.3

Data and Methods

Glacier inventory and terminus positions
The glacier outlines in the present inventory are based on the Randolph Glacier Inventory 2.0 (RGI)
(Arendt et al., 2013), which provided subdivided glacier complexes for the Karakoram region. Each
glacier polygon was improved manually in accordance with the guidelines of the Global Land Ice
Measurements from Space (GLIMS) (Racoviteanu et al., 2010), using cloud-free, late summer Landsat
scenes from 2009 to 2011, and the 90 m resolution C-band SRTM DEM (February 11-22, 2000;
http://srtm.csi.cgiar.org). We deviated from the GLIMS guidelines if tributary glaciers showed obvious
surge-type behavior. Such tributaries were separated from the main trunk, and treated as individual
glaciers in the database. For each glacier polygon, terminus position changes were mapped using Landsat
imagery (Supplementary Table S1), which allowed us to determine whether the respective glacier was
advancing, stable, or retreating during the observation period 1976 to 2012. A terminus was classified as
advancing or retreating if it changed by at least ~60 m (exceeding the uncertainties in the digitization
process of approximately two pixels). Existing inventories on surge-type glaciers, dating back to the
1860s (e.g., Barrand and Murray, 2006; Copland et al., 2011; Hewitt, 1998), were complemented by our
own observations, including the identification of new surge-type glaciers that had been unknown before.
These glaciers were identified by investigating their annual termini position changes using Landsat time
series between 1976 and 2012, surface velocities, surface features like crevasses, and/or terminus
thickening. Within the inventory, surge-type glaciers were counted once, even if they showed more than
one active phase during the study period. The subsequent analysis of each glacier class was restricted to
glaciers at least 3 km in length and more than 0.15 km² in area. The area threshold removed glacierets and
potential snowfields from the analysis, while the length threshold removed smaller glaciers that are
typically difficult to classify into surging- or non-surging-type based on our criteria.
By combining the glacier outlines and the C-band SRTM DEM, we derived a set of parameters describing
dimensional glacier characteristics. For each glacier, we calculated area, average slope, and glacier
length, following the recommendations in Paul et al. (2010). The glacier area parameter was calculated as
planar area, i.e., no correction for slope was carried out. Slopes were calculated for individual grid cells
by analyzing the elevations of each cell and its eight neighbors. The mean of these slopes yielded the
average glacier slope. We determined glacier length by acquiring the length of the longest glacier
centerline, which was picked out of a set of centerlines covering the main branches of each individual
glacier.
The centerlines were compiled semi-automatically by calculating least-cost routes between glacier heads
and termini following the procedure in Kienholz et al. (2013). The heads (one per glacier branch) were
determined by automatically identifying local elevation maxima along the glacier outlines. The termini
were set at the lowermost cells along the outlines. Some manual intervention was required if glacier heads
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were misplaced, or if the automatically derived glacier termini were not at the location of the actual
termini. The least-cost route was eventually calculated on a cost grid individually prepared for each
glacier and containing penalty values that decrease toward the glacier center as well as downslope. The
resulting least-cost route yielded centerlines that are similar in shape to actual flow lines. The centerlines
enabled the accurate determination of glacier length, derivation of average slope and aspect, and
measurement of velocity along those profiles.
Table 4.8: Overview of sensors and main characteristics used for velocity mapping. The parameter settings for feature
tracking, like tracking window size, step size, and SNR threshold for discarding unreliable measurements, are also listed
per sensor.

Sensor
ALOS PALSAR FBS
TerraSAR-X SM
ERS-1/2 SAR
Envisat ASAR

Sensor wavelength,
platform repeat cycle
23.5 cm
L-band
46 days
3.1 cm
X-band
11 days
5.6 cm
C-band
35 days
5.6 cm
C-band
35/30* days

tracking window size
(range x azimuth)

Step
(range / azimuth)

SNR threshold

64 x 192

12 / 36

>7

128 x 128

25 / 25

>7

64 x 320

6 / 30

>5

64 x 320

6 / 30

>5

The SRTM DEM we used contains errors, particularly in areas with filled voids (e.g., Frey and Paul,
2012). These errors can reduce the quality of the derived inventory parameters, especially if one single
DEM value exclusively determines the parameter (e.g., minimum elevation, Frey et al., 2012). However,
for our statistical analysis, we rely on inventory parameters that are not, or only marginally dependent on
the DEM quality. The parameter glacier area is derived from the glacier outlines directly, and thus
independent of DEM quality. To derive the centerlines, and thus the parameter glacier length, we relied
on the DEM in two ways. First, we used elevation maxima and minima to derive the glacier heads and
termini. Second, we set up the cost grid by incorporating elevation values. While DEM errors interfere
with both applications, we checked the results visually to correct implausible centerlines. Accordingly,
the final glacier lengths should be largely independent of the DEM quality. Finally, the parameter mean
slope is directly derived from the DEM. However, because it is an averaged value, the influence of DEM
quality is also limited here (Frey et al., 2012).
The new glacier inventory in this study provides updated dimensional characteristics for each glacier
class using a homogenous methodology for the entire Karakoram Range. The statistical significance of
the differences within the specific distributions was tested with a two-sided Wilcoxon rank-sum test
(Wilcoxon, 1945).
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Glacier surface velocities
Surface velocities were derived using offset intensity tracking on repeat SAR satellite imagery, also
known as a cross-correlation optimization procedure (Lange et al., 2007; Luckman et al., 2003; Paul et
al., 2013a; Strozzi et al., 2002). Based on the image intensity, this technique tracks surface features and
also the speckle pattern on a pair of co-registered, single-look complex (SLC) images from two different
acquisition dates. All algorithms were executed with Gamma Remote Sensing Software. The master
image was divided into rectangular windows of a given width in range and azimuth (Table 4.8). For each
window, the corresponding patch of the slave image was determined based on the normalized crosscorrelation between the image patches. The maxima of the 2D correlation function defined the offsets in
range and azimuth direction. Image patches were over-sampled by a factor of 2 to increase the offset
estimation accuracy (Werner et al., 2005). Offsets of minor confidence were excluded using a signal-tonoise ratio (SNR) threshold (Table 4.8). The displacement fields were finally geocoded to map
coordinates with the SRTM DEM. The technique is well suited to Himalayan-style glaciers due to the
presence of distinct surface structures (Luckman et al., 2007; Quincey et al., 2011).
We used TerraSAR-X StripMap (SM) mode single polarization data from 2009 to 2013 and ALOS
PALSAR fine beam single polarization (FBS) imagery from 2007 to 2009 (Supplementary Table S2, S3).
While the data takes of the TerraSAR-X imagery may be up to three months apart, most ALOS imagery
was acquired with the standard 46-day repeat interval. ERS-1/2 SAR imagery provided coverage for
1992, 1993, 1998, and 1999 (Supplementary Table S4). The complementary ENVISAT ASAR products
were used to derive surface velocities for 2003 and 2011 (Supplementary Table S4). Processing for ERS
and ENVISAT data was done on 30/35-day repeat coverage. SAR imagery was acquired throughout the
year; however, late summer/autumn acquisitions provided the most accurate results. Decorrelation is
reduced due to minimized snow melt and not yet accumulated snow. We used identical settings for the
tracking algorithms for all imagery of the same sensor (Table 4.8).
Table 4.9: Mean uncertainties of displacement fields calculated over non-mowing terrain given for each sensor and each
temporal baseline (in cm day-1 ± 1 standard error, s.e.).

Sensor
TerraSAR-X SM
ALOS PALSASR FBS
ERS-1/2 SAR
Envisat ASAR

Repeat cycle [days]
11/22/143
46
35
35/30*

Mean uncertainty [cm day-1 ± 1 s.e.]
1.9±5.0/1.3±4.0/0.4±1.0
2.9±9.0
7.5±9.0
2.2±3.0

High-resolution SAR imagery makes it possible to map velocities over shorter temporal baselines and for
smaller glaciers. Generally, longer wavelengths (e.g., L-band) provide more stable backscatter signals
over time, thus yielding better results in the structure-less accumulation zone where shorter wavelength
imagery tends to decorrelate. Hence, for complete velocity coverage of the entire Karakoram Range, we
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compiled velocity measurements from the various products and sensors, giving priority in subsequent
order to the highest resolution, the best SNR, and closest acquisition date.
The precision of SAR offset tracking algorithms is dependent on various system, processing, and
environmental factors. These include the temporal baseline between acquisitions; glacier surface
characteristics and their changes over time; spatial representation, spatial resolution, wavelength, and
temporal changes of surface characteristics; displacements of the glacier in the observation time; tracking
window size, step size, search radius, and co-registration accuracy. These influences are hardly
quantifiable and measurable, in particular, since they vary from image pair to image pair. However,
uncertainties of the specific flow fields were estimated by determining displacement values over nonmoving terrain (e.g., bedrock), excluding snow- and ice-covered areas, glaciers, river beds, and terraces.
Mean velocity errors and their standard deviations (1σ) were calculated with 10,000 random samples over
stable ground for each image pair and each temporal baseline (Table 4.9).

4.2.4 Results and Discussion
Glacier inventory and terminus positions
The analysis of the Landsat time series revealed a large number of stable glaciers (969), 56 advancing,
and only 93 retreating glaciers out of 1219 glaciers in the inventory during the observation period of 1976
to 2012. 101 glaciers in the inventory were in the active phase of a surge once or multiple times since the
1860s. 91 of these have already been reported in Copland et al. (2011) and by various other authors (e.g.,
Barrand and Murray, 2006; Diolaiuti et al., 2003; Hewitt, 1998, 2007; Mayer et al., 2011; Quincey et al.,
2011). We observed ten more glaciers which showed an active phase of a surge during the observation
period (Table 4.10). They indicated remarkable frontal advances of up to ~3.5 km during a five year time
span, increased surface velocities close to the glacier snout (see 4.2), and/or looped/folded medial
moraines (Table 4.10). Ten of the 101 surge-type glaciers counted were still in the active phase in 2012.
In a previous study, Barrand and Murray (2006) analyzed potential morphometric and environmental
factors influencing glacier surges, based on 150 glaciers, of which 19 were surge-type glaciers. Within the
present inventory, we can rely on a much larger database (1219 glaciers) over a longer time period (19762012). Characteristics of surge-type (101), advancing (56), retreating (93), and stable (969) glaciers, such
as the glacier length, the area of the glacier catchment, and the mean slope of the main glacier branch
were compared. The length, area and slope distributions of the different glacier classes (Figure 4.14)
differed significantly (p < 0.0001) referring to a Wilcoxon rank-sum test. The minimum glacier length of
each glacier class was fixed by a threshold of 3 km. Glaciers below this threshold were not considered in
the statistical analysis. The maximum length varied between ~28.4 km (median = 6.2 km) for advancing,
~45.6 km (median = 11.3 km) for surge-type, ~57.2 km (median = 5.1 km) for retreating, and ~75.8 km
(median = 4.4 km) for stable glaciers. The median length distribution is strongly influenced by the high
number of glaciers smaller than 10 km in length (Figure 4.14a) and by the lower length limit (i.e., 3 km)
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of our analysis. Figure 4.13a demonstrates that approximately 90% of each type - advancing, stable and
retreating glaciers - are smaller than 10 km in length. Surge-type glaciers are, in general, longer than
advancing, retreating, and stable glaciers (2/3 of surge-type glaciers > 10 km long). The length
distribution is comparable with that found by Barrand and Murray (2006), who observed a peak in the
length distribution of surge-type glaciers at 10 km (median = 13.6 km).
Table 4.10: New surge-type glaciers identified in this study. Surge-type features include 1) looped/folded medial moraines
and surface foliation, 2) terminus advance, 3) terminus steepening and thickening, and 4) increased surface velocities
(according to Copland et al., 2011).
Glacier
name

Lat.

Long.

Mean
elevation
[m]

Length
[km]

Area
[km2]

Date of active
phase

Detected surge-type features

Catchme
nts in Fig.
7

Unnamed

35.924

76.374

5829.0

6.01

8.58

2005-13

2), 4), advance of ~500 m

15

Unnamed

35.965

76.405

5379.5

5.47

3.20

2002-11

2), 4), advance of ~500 m

14

Unnamed

35.993

76.275

5215.0

6.30

4.37

2002-10

1), 2), 4), advance of ~2 km

12

Unnamed

35.999

76.423

5086.0

6.12

3.26

2002-11

2), 4), advance of ~ 1.3 km

13

Unnamed

36.082

76.312

5599.0

9.69

11.35

2002-13

2), 4), advance of ~1.5 km

7

Unnamed

36.101

76.249

5484.5

5.35

2.93

2011-13

2), 4), advance of ~1 km

9

Unnamed

36.123

76.303

5548.0

8.33

12.75

2001-13

1), 2), 4), advance of ~800 m

6

Unnamed

36.146

76.198

5554.0

16.37

26.16

2009-13

2), 4), advance of ~3.5 km

4

Saxinitulu

36.280

75.947

5553.5

16.14

27.09

2001, 2011-13

2), 4), advance of ~900 m in total

not shown

Unnamed

36.730

75.219

5440.0

7.52

9.09

2003-05

1), 2), advance of ~800 m

not shown

The histogram of the glacier area (Figure 4.14b) shows that surge-type glaciers have larger areas (median
= 15.3 km²) than advancing (median = 4.4 km²), stable (median = 3.8 km²), and retreating (median = 4.9
km²) glaciers in the inventory. This pattern matches the length distribution of the individual glacier
classes. Half of the stable glaciers and 45% of the advancing glaciers are less than 4 km². More than 50%
of retreating glaciers are between 3 and 7 km². The analysis of the mean slope along the main glacier
branch allows no significant differentiation between the glacier classes (Figure 4.14c). Most glaciers have
only slightly inclined surfaces (15°). Surge-type glaciers are less inclined (median = 9.6°), but the slope
of a glacier does not correlate significantly with the glacier type.
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Figure 4.14: Percentage of glaciers classified as surge-type, advancing, retreating, or stable during the observation
period 1976 to 2012, related to the overall number of each class, divided into a) glacier length, b) catchment area, and c)
mean slope along the main glacier branch. The absolute numbers per glacier length class are given above the bars in
panel a).

Figure 4.15 illustrates the spatial distribution of glaciers classified as surge-type, advancing, retreating or
stable across the Karakoram. Surge-type glaciers are mostly located in the Sarpo Laggo Basin, the
Shaksgam Valley, the Panmah Basin, and at the eastern part of the Karakoram along the Upper Shyok
River (Figure 4.13 & 4.14, Table 4.10). Advancing glaciers partly cover the same glacier basins as surgetype glaciers do (e.g., north-western margins of the Shaksgam Valley). However, there is no marked
clustering evident. The largest glaciers in the Karakoram, like Siachen, Baltoro, Biafo, and Chogo
Lungma, show rather stable, heavily debris-covered termini during the observation period, as other
studies also confirmed (Hewitt, 2005; Mayer et al., 2006). However, termini position changes are hard to
quantify for debris-covered glaciers (Paul et al., 2013b). They are also ambiguous reactions of these
glaciers to changing climatic conditions and should be confirmed with mass balance studies (Scherler et
al., 2011). Retreating glaciers, mostly small, are mainly located at the eastern margins of the Karakoram,
north of the Shimshal River and west of the Hunza River close to the Hindu Raj mountains (Figure 4.14).
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Figure 4.15: Spatial distribution of glaciers classified as surge-type, advancing, retreating, or stable across the
Karakoram Range during the observation period 1976 to 2012. Abbreviations: Ba = Batura Glacier, Bi = Biafo Glacier,
Bt = Baltoro Glacier, Ch = Chogo Lungma Glacier, Hi = Hispar Glacier, Kh = Khurdopin Glacier, Si = Siachen Glacier,
P = Panmah Basin, SP = Sarpo Laggo Basin, SV = Shaksgam Valley, and US = Upper Shyok Valley.

The large number of stable glacier termini and glacier advances is influenced by positive glacier mass
balances in the central Karakoram during the last decade (Gardelle et al., 2012, 2013; Kääb et al., 2012)
induced by increasing winter precipitation and decreasing summer temperatures since the 1960s (Archer
and Fowler, 2004; Bocchiola and Diolaiuti, 2012; Bolch et al., 2012; Williams and Ferrigno, 2010; Yao et
al., 2012). In contrast, adjacent mountain ranges (Himalaya, West Kunlun Shan, Hindu Kush, and Hindu
Raj) are mainly affected by negative glacier mass balances and glacier recession (e.g., Bolch et al., 2012;
Sarikaya et al., 2012, 2013; Scherler et al., 2011). Various authors found ~70% of glaciers are retreating
in the Hindu Raj and Hindu Kush mountains west of the Karakoram between the 1970s and 2007
(Sarikaya et al., 2012, 2013; also: Scherler et al., 2011). Studies also show negative mass balances in this
area between 1999 and 2008 (-0.12±0.16 m a-1 w.e. (assumed ice density: 850 kg m-3); Gardelle et al.,
2013) and between 2003 and 2009 (-0.19±0.06 m a-1 w.e. (assumed ice density 900 kg m-3); Kääb et al.,
2012). East of the Karakoram, glacier recession is also very common for the Western (87% of glaciers
retreating) and Central Himalaya (north: 83%, south: 65% of glaciers retreating; Scherler et al., 2011).
Mass balances are found to be more negative across the Himalaya (Western and Central Himalaya: 0.34±0.05 m a-1 w.e., Eastern Himalaya: -0.34±0.08 m a-1 w.e. between 2003 and 2009 assuming an ice
density of 900 kg m-3; Kääb et al., 2012; also: Gardelle et al., 2013) in comparison to the Karakoram
Range (-0.06±0.04 m a-1 w.e. (assumed ice density 900 kg m-3); Kääb et al., 2012). However, these trends
in glacier behavior seem to also affect glaciers in the north-western part of the Karakoram, where various
glaciers are retreating (Figure 4.15). Decreasing high altitude precipitation in the northern part of the
Karakoram and towards the Hindu Kush mountains in comparison to the central part of the Karakoram
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might be one influencing factor for glacier recession (Weiers, 1995). Few retreating glaciers can also be
found at the southeastern margins of the Karakoram (Figure 4.15).

Figure 4.16: Temporal course of advancing and retreating glaciers, as well as glaciers in the active phase of a surge
during various time periods. Glaciers were counted repeatedly, if advancing, retreating, or active in various time periods.

Figure 4.16 shows the varying numbers of advancing, retreating, and surge-type glaciers in the active
phase since 1994, identified from Landsat imagery. The number of retreating glaciers decreased over
time, whereas termini advances happened more frequently since 2000 (Figure 4.16). Between 2006 and
2012, no retreating glaciers were found, however, glacier advances were continuing. Retreating and
thinning glaciers in the Karakoram until 1997 have been mentioned in Hewitt (2005). Besides, glacier
thickening and advances at glaciers larger than 10 km and at the highest watersheds have been reported
since then (Hewitt, 2005). Other studies found stable and positive glacier mass balances since 1999
(Gardelle et al., 2012, 2013; Kääb et al. 2012). However, mass balance measurements prior to 1997 are
not available.
Jóhannesson et al. (1989) supposed glacier response times for typical glaciers (thicknesses between 100
and 500 m) to range between ten and 100 years. For the large number of small Karakoram glaciers (90%
of non surge-type glaciers < 10 km), of which low thicknesses can be assumed, we therefore suggest short
response times of about 10 to 20 years. Considering increasing precipitation in winter and decreasing
summer mean and minimum temperatures across the Upper Indus Basin since the 1960s (Archer and
Fowler, 2004; Bocchiola and Diolaiuti, 2012, Fowler & Archer, 2006; Williams and Ferrigno, 2010; Yao
et al., 2012) and short response times of small glaciers, we suggest a shift from negative to
balanced/positive mass budgets in the 1980s or 1990s or even earlier. For larger glaciers we expect a
time-delayed reaction with stable or advancing termini in the late 1990s or years since 2000.
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Figure 4.17: Compiled surface velocities mosaic of the Karakoram Range. Priority has been given to the highest
resolution and best coverage. Data takes are between 2007 and 2011 from TerraSAR-X, ALOS PALSAR, and ENVISAT
ASAR. The dashed line at Baltoro Glacier marks the Concordia cross-profile mentioned in the text. Abbreviations: Ba =
Batura Glacier, Bi = Biafo Glacier, Bt = Baltoro Glacier, CL = Chogo Lungma Glacier, Hi = Hispar Glacier, Kh =
Khurdopin Glacier, Si = Siachen Glacier, Sk = Skamri Glacier, Ya = Yazghil Glacier. Background: SRTM DEM. Higher
resolved subsets are shown in the Supplementary Material (Figures S2-4S).

The decreasing number of surge-type glaciers in an active surge phase over time is difficult to explain.
There are no obvious reasons that would explain such a change in frequency since mechanisms driving
surge behavior are complex and yet not fully understood and vary in different regions (Belò et al., 2008).
One influencing factor might be positive glacier mass balances in the Karakoram since 1999 (Clarke et
al., 1984; Copland et al., 2011). However, changes in mass balances might be insufficient, and further
changes in the thermal regime of a surge-type glacier need to occur or more meltwater needs to become
available to influence surge incidences (Harrison and Post, 2003; Hewitt, 2007). In addition to climate
and geometric characteristics of surge-type glaciers, the geological setting of the glacier bed plays an
important role in triggering surges (Clarke et al., 1984; Harrison and Post, 2003; Murray et al., 2003). For
the Karakoram Range, there are no comprehensive in-situ studies on surge-type glaciers during active
phases available that would allow constraining the number of influencing factors.
Glacier surface velocities
Surface velocity maps were derived from different sensors for the years 1992, 1993, 2003, and 2006 to
2013. Figure 4.17 provides the best velocity coverage (2007 to 2011) for the Karakoram Range derived
from different sensors, with priority given to the highest resolution and best coverage for each individual
glacier. Large swath sensors like ERS and ENVISAT provide high spatial coverage at one time interval;
however, they do not allow for the derivation of displacement rates for small glaciers. The latter are best
resolved with TerraSAR-X imagery, but lead to a combination of different time steps. Although the
suitability of such a composite velocity map is limited for glaciers with temporally highly variable ice
flow (e.g., Mayer et al., 2006; Quincey et al., 2009a; Scherler and Strecker, 2012), it provides an
overview of the entire region with maximum spatial detail, and is relevant for many other glaciers
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showing less dynamic behavior. Higher-resolved subsets of the derived flow fields are available in the
Supplementary Material (Figures S2-S4). Velocity fields of very large glaciers, such as Batura, Hispar,
Biafo, Chogo Lungma, Baltoro or Siachen Glacier, can be well identified (Figure 4.17). The general flow
pattern is as to be expected for mountain glaciers, indicating increasing velocities upstream with highest
velocities close to the equilibrium line altitude (Copland et al., 2009; Cuffey and Paterson, 2010; Quincey
et al., 2009a, b). Flow speeds of Baltoro Glacier are similar to those averaged over 2003-2008 in Quincey
et al. (2009a). For this glacier, Mayer et al. (2006) observed highest velocities close to the Concordia
cross-profile using GPS measurements taken in summer 2004 (marked in Figure 4.17). The present study
also found high velocities of ~0.5 m day-1 at this part of the glacier in August 2011, derived from
ENVISAT ASAR feature tracking. Scherler and Strecker (2012) found the highest velocities at Biafo
Glacier at about 45 km from the terminus, which matches the flow pattern in Figure 4.17. Notably, Hispar
Glacier has the lowest surface velocities of all the very large glaciers, with speeds decreasing close to
zero at the lowest third of the glacier. Pronounced high surface velocities can be observed close to the
terminus at various smaller glaciers (e.g., Saxinitulu, Glacier #4, see also Supplementary Figure S1-S4),
where ongoing surges have been reported previously (e.g., Tatulu Gou Glacier, Quincey et al., 2011) or
are shown in this study (e.g., 1st Feriole Glacier, Glaciers in the Shaksgam Valley and Sarpo Laggo Basin,
Figure 4.18 & 4.19). Detailed investigations of seasonal and interannual ice flow variations of large
valley glaciers are beyond the main scope of this study.
In the Shaksgam Valley, Skamri Basin, and Sarpo Laggo Basin, we found eight surge-type glaciers which
had been unknown as such before (Figure 4.18, Table 4.10). The potential of high-resolution TerraSAR-X
imagery to map ice dynamics of very narrow glaciers becomes obvious from catchments #1, #3, #6, #7,
#9, #13, #14, #15, #16, or #17 (Figure 4.18). The comparably high flow speeds throughout the glaciers or
at the terminus indicate an active phase of a surge. This corresponds neatly with the mapped frontal
position changes (Supplementary Figure S5). Quincey et al. (2011) showed a similar pattern of high flow
velocities at the surge front of Kunyang Glacier (a tributary of Hispar Glacier). A nice example of a small
surge-type glacier is Musita Glacier (#17), which revealed high surface velocities of ~0.5 m day-1 (June to
September 2009) during the active surge phase close to its snout. The analysis of the optical imagery
indicated a frontal advance of ~0.85 km from 2005 to 2009. In the Panmah Basin southwest of the
Shakgsam Valley, five glaciers showed surge-type behavior in the past (Nobande Sobonde, Drenmang,
Chiring, Maedan, Shingchukpi Glaciers, Figure 4.19a) (Hewitt 2007, Copland et al. 2011), whereas 1st
Feriole Glacier is currently in the active phase of a surge (Fgiure 4.19c, d). By March 2012, it had
advanced ~2.0 km (Figure 4.19c). Flow fields derived from TerraSAR-X SM image pairs for a 22-day
interval between December 2009 and January 2010 indicated high surface velocities of ~1.25 m day-1 near
the glacier’s snout (Figure 4.19b). In March 2011, surface velocities increased up to ~1.78 m day-1 and
decreased slightly in June 2013 (Figure 4.19b, d). The shapes of the centerline surface velocity profiles
indicate the location of the surge front close to the terminus (Figure 4.19d). The surge front seemed to
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remain ~1 km from the terminus, though the glacier was advancing between March 2011 and June 2013.
The recent decrease in surface velocities might indicate the decay of the active surge phase.

Figure 4.18: Surface velocities derived from
TerraSAR-X SM image pairs (June 16 –
September 12, 2009 and December 24, 2009 –
January 15m 2010) in the central Shaksgam
Valley, Sarpo Laggo and Skamri Basin.
Numbers
indicate
glacier
catchments
mentioned in the text and in Table 4.10. The
centerlines of Skamri and South Skamri
Glacier are marked as white lines.
Background: SRTM DEM.

Figure 4.19: Termini advances and surface velocities for 1 st Feriole
Glacier, Panmah Basin (a). Panel (b) comprises the centerline
velocity profiles and their changes over time (location of the profiles
is marked in (d)). Panel (c) shows the changing terminus positions
since 2002. A surface velocity map derived from repeat TerraSAR-X
SM imagery between 11 and 22 June 2013 is given in (d).
Background: Landsat TM, January 15, 2011, © USGS, 2011.

Centerline velocity profiles (Figure 4.20) showed changes in surface flow over time for two surge-type
glaciers (the location of these glaciers is marked in Figure 4.13. South Skamri Glacier surged in 1990
(#11 in Figure 4.18) and again in 2007 (Copland et al., 2009, 2011; Jiang et al., 2012). By 2009, it
showed still high surface velocities (Figure 4.20a), which are comparable to those averaged over 20072008 in Jiang et al. (2012). Surface velocities for Skamri Glacier (#10 in Figure 4.19) decreased between
2003 and 2009 (by as much as 0.3 m day-1, Figure 4.20a), which supports the fact that South Skamri
Glacier was the dominant flow unit in the Skamri Basin at that time (Copland et al., 2009). During 2011,
Skamri Glacier accelerated considerably to ~1.5 m day-1, whereas South Skamri Glacier slowed down
slightly between 2009 and 2011. This indicates that Skamri Glacier might be in an active surge phase
again, and might influence South Skamri Glacier again in years to come, as it did prior to 1990.
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Figure 4.20: Velocity profiles along the centerlines
The location of the centerline profiles is marked in Fig. 7.

of

Skamri

(a)

and

South

Skamri

Glacier

(b).

4.2.5 Conclusions and Outlook
The present study utilizes different remote sensing-based methods to generate an updated glacier
inventory for the entire Karakoram region. It provides a new comprehensive dataset on the state of
advancing, stable, and retreating glaciers, including the temporal and spatial variations of frontal positions
between 1976 and 2012. Out of 1219 glaciers in the inventory, the vast majority showed stable termini
positions (969). These findings support the assumption of the anomalous behavior of glaciers in the
Karakoram in comparison to adjacent mountain ranges, which indicate glacier recession and thinning
(Bolch et al., 2012; Hewitt, 2005; Gardelle et al., 2013; Kääb et al., 2012; Scherler et al., 2011). Glacier
recession is found for only 13% of the glaciers in the inventory, indicating decreasing numbers since the
beginning of the 21st century, whereas the number of advancing glaciers has increased since then.
Considering the advance of small glaciers with assumed short response times of about 10-20 years, we
conclude on balanced/positive mass balance in the Karakoram since the 1980s or 1990s or even earlier
induced by changing climatic conditions since the 1960s (Archer and Fowler, 2004; Bocchiola and
Diolaiuti, 2012; Williams and Ferrigno, 2010; Yao et al., 2012).
Existing inventories of surge-type glaciers are updated and previously unknown surging glaciers are
identified (e.g., in the Shaksgam Valley). We demonstrate the suitability of surface velocities derived
from high resolution SAR images to support the identification and analysis of surge-type glaciers.
However, the complex mechanisms driving surge-type behavior cannot be explained by
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statistical/satellite imagery analysis alone. In particular, comprehensive field surveys would be required to
gain more insight into mechanisms and driving forces of surges in this region.
Our results demonstrate the high potential modern high-resolution SAR missions have for deriving
surface velocity fields, including those for small and comparably fast-flowing valley glaciers during the
active phase of a surge event. Short repeat cycles of 11 or 22 days enable the identification of surface
structures with only a limited temporal decorrelation impact. Specific acquisition planning enables typical
difficulties of active side-looking radar instruments, like layover or foreshortening, to be overcome. The
study on ice dynamics also confirmed that X-band SAR, with its shorter wavelength, does decorrelate
rapidly in the structure-less accumulation zone of the Karakoram, where longer wavelengths (e.g., from
L-band ALOS PALSAR) still preserve the signal over 46 days. It is recommended that at least annual
repeat acquisitions with short temporal baselines should be integrated into the acquisition plans of current
and future SAR missions for regions with highly dynamic and fast-changing glaciers such as the
Karakoram Range. The exploitation of the satellite archives (e.g., ERS, ENVISAT, Landsat) provides
additional potential for determining seasonal and interannual changes in flow patterns and surge cycles,
which is important for monitoring glaciers in remote and inaccessible regions such as the Karakoram
Range.
For future studies, we suggest expanding the present glacier inventory and linking it with other
observational data such as surface elevation changes. Integration of the few local observations with
products from regional climate models will support a more comprehensive analysis of climatic driving
forces on glacier behavior.
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4.2.6 Supplement Material
Supplementary Table S 1. List of Landsat data used in this study.

Landsat no.

Landsat path/row

1

160-035

scene
date
1972/11/17

2

160-035

1976/08/25

2

158-036

1976/09/10

2

159-035

1976/09/11

2

160-035

1976/10/18

2

159-035

1976/11/04

2

159-035

1976/12/10

2

162-035

1977/06/29

2

162-034

1977/07/17

2

159-035

1977/08/01

2

161-035

1977/08/03

2

160-035

1977/08/20

2

161-035

1977/09/26

2

159-035

1978/06/21

3

160-035

1978/07/01

3

159-035

1978/07/18

3

160-035

1978/07/19

3

159-035

1979/07/31

3

160-035

1979/08/19

3

160-035

1979/09/06

3

161-034

1981/09/14

5

148-035

1990/06/29

5

149-035

1992/10/15

5

149-036

1992/10/15

5

150-035

1998/08/04

7

149-035

1998/08/13

5

150-034

1998/08/20

5

149-035

1998/08/29

5

148-035

1998/09/07

5

147-036

1998/09/16

7

147-036

1998/09/16

7

148-035

1999/06/30

7

148-035

1999/07/16

5

149-035

1999/08/16

7

149-035

1999/10/11

7

147-036

1999/10/29

7

147-035

1999/12/16

7

147-036

1999/12/16

7

148-035

1999/12/23
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5

149-035

2000/02/08

5

147-036

2000/03/29

5

149-034

2000/05/14

5

148-035

2000/08/27

7

148-035

2000/09/04

7

149-035

2000/09/11

7

149-035

2000/10/13

7

149-035

2001/01/01

7

147-036

2001/06/28

7

148-035

2001/09/23

7

149-034

2001/09/30

7

149-035

2001/09/30

7

149-035

2001/10/01

7

147-035

2001/10/02

7

150-035

2001/10/07

7

148-035

2001/10/09

7

148-035

2002/06/22

7

147-036

2002/08/02

7

148-035

2002/08/09

7

149-035

2002/08/16

7

149-035

2002/10/03

7

149-036

2002/10/03

7

148-035

2002/10/12

7

147-036

2002/11/22

7

149-034

2003/07/18

7

147-036

2003/07/20

7

149-035

2003/09/20

7

148-035

2003/10/15

7

149-034

2004/03/30

7

148-035

2004/06/11

7

149-035

2004/08/05

7

148-035

2004/08/14

7

147-036

2004/09/08

7

148-035

2004/09/15

7

149-035

2004/10/24

7

149-034

2005/04/18

7

149-035

2005/06/21

7

148-035

2005/09/02

7

149-035

2005/10/27

7

147-036

2005/10/29

7

149-034

2006/04/05
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7

148-035

2006/05/16

5

148-035

2010/11/11

7

149-035

2006/07/26

7

148-035

2011/01/22

7

148-035

2006/08/20

5

150-035

2011/05/04

7

148-035

2006/09/05

5

149-035

2011/05/29

7

149-035

2006/09/28

5

147-035

2011/05/31

7

147-036

2006/09/30

5

147-036

2011/08/03

7

148-035

2006/10/07

5

148-035

2011/08/10

7

149-034

2007/07/29

5

149-035

2011/08/17

7

149-035

2007/07/29

7

149-034

2011/10/12

7

148-035

2007/09/08

7

149-035

2011/10/12

7

149-035

2007/09/15

7

148-035

2011/10/21

7

147-036

2007/10/19

7

147-036

2012/01/02

7

148-035

2007/11/27

7

149-035

2012/02/01

7

148-035

2008/05/21

7

148-035

2012/03/29

7

148-035

2008/06/06

7

147-036

2012/11/12

7

149-034

2008/07/31

8

147-036

2013/06/21

7

148-035

2008/09/10

8

149-034

2013/07/21

7

148-035

2008/09/26

8

147-036

2013/07/23

7

149-035

2008/10/03

8

150-035

2013/07/28

7

147-036

2008/10/05

8

148-035

2013/07/30

7

148-035

2009/07/27

8

149-035

2013/09/07

5

148-035

2009/08/04

5

149-034

2009/08/11

5

149-035

2009/08/11

7

148-035

2009/08/12

5

147-035

2009/08/13

5

147-036

2009/08/13

5

149-035

2009/08/27

5

150-035

2009/09/19

7

149-035

2009/09/20

7

148-035

2009/09/29

7

147-036

2009/10/24

7

148-035

2009/12/02

5

149-034

2009/12/17

5

149-034

2010/01/17

5

148-035

2010/05/03

5

148-035

2010/06/20

5

148-036

2010/06/20

5

149-035

2010/06/27

5

148-035

2010/08/23

5

147-036

2010/09/17

7

148-035

2010/10/02

7

149-035

2010/10/09

5

149-036

2010/10/17
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Supplementary Table S 2. List of TerraSAR-X data used in this study.

sensor

scene date

orbit

strip

ascending/descending

TerraSAR-X

2009/06/16

098

008

A

TerraSAR-X

2009/08/03

151

009

D

TerraSAR-X

2009/12/24

151

009

D

TerraSAR-X

2009/19/12

098

008

A

TerraSAR-X

2010/01/15

151

009

D

TerraSAR-X

2011/03/09

151

010

D

TerraSAR-X

2011/03/31

151

010

D

TerraSAR-X

2013/06/11

151

010

D

TerraSAR-X

2013/06/22

151

010

D

Supplementary Table S 3. List of ALOS PALSAR data used in this study.

sensor

scene date

orbit

track

frame

ascending/descending

ALOS PALSAR

2006/05/17

01658

532

720

A

ALOS PALSAR

2006/05/17

01658

532

710

A

ALOS PALSAR

2006/05/17

01658

532

700

A

ALOS PALSAR

2006/07/02

02329

532

700

A

ALOS PALSAR

2006/07/02

02329

532

710

A

ALOS PALSAR

2006/07/02

02329

532

720

A

ALOS PALSAR

2006/12/28

04940

527

710

A

ALOS PALSAR

2006/12/28

04940

527

720

A

ALOS PALSAR

2007/02/12

05611

527

720

A

ALOS PALSAR

2007/06/13

07376

526

710

A

ALOS PALSAR

2007/07/29

78047

526

710

A

ALOS PALSAR

2008/01/12

10483

525

710

A

ALOS PALSAR

2008/02/27

11154

525

710

A

ALOS PALSAR

2008/11/17

15005

527

720

A

ALOS PALSAR

2008/12/11

15355

523

700

A

ALOS PALSAR

2008/12/11

15355

523

690

A

ALOS PALSAR

2009/01/02

15676

527

710

D

ALOS PALSAR

2009/01/02

15676

527

720

D

ALOS PALSAR

2009/01/14

15851

525

710

A

ALOS PALSAR

2009/01/26

16026

523

700

A

ALOS PALSAR

2009/01/26

16026

523

690

A

ALOS PALSAR

2009/02/17

16347

527

710

D

ALOS PALSAR

2009/02/17

16347

527

720

D

ALOS PALSAR

2009/03/01

16522

525

710

A
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Supplementary Table S 4. List of ERS and ENVISAT data used in this study.

sensor

scene date

orbit

track

ascending/descending

ERS SAR

1992/09/29

6305

148

D

ERS SAR

1992/10/15

6534

377

D

ERS SAR

1992/11/03

6806

148

D

ERS SAR

1992/11/19

7035

377

D

ERS SAR

1992/12/14

7393

377

D

ERS SAR

1993/01/31

8080

420

D

ERS SAR

1993/03/07

8581

420

D

ENVISAT ASAR

2003/08/03

7445

377

D

ENVISAT ASAR

2003/10/12

8447

377

D

ENVISAT ASAR

2003/11/03

8762

191

D

ENVISAT ASAR

2003/12/08

9263

191

D

ENVISAT ASAR

2011/08/11

49401

249

D

ENVISAT ASAR

2011/08/19

49516

364

D

ENVISAT ASAR

2011/08/22

49559

407

D

ENVISAT ASAR

2011/08/30

49674

091

D

ENVISAT ASAR

2011/09/10

49832

249

D

ENVISAT ASAR

2011/09/18

49947

364

D

ENVISAT ASAR

2011/09/21

49990

407

D

ENVISAT ASAR

2011/09/29

50105

091

D

Supplementary Figure S 1. Overview of velocity subsets shown in Supplementary Figure S 2, Supplementary Figure S 3,
and Supplementary Figure S 4.
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Supplementary Figure S 2.
Compiled surface velocities
mosaic of the Karakoram Range
between 2007 and 2011 from
TerraSAR-X, ALOS PALSAR, and
ENVISAT ASAR; subset A.
Abbreviations: Ba = Batura
Glacier, Bi = Biafo, Br = Braldu,
Bt = Baltoro, Bu = Barpu, CL =
Chogo Lungma, Hi = Hispar, Kh
= Khurdopin, Ku = Kunyang, NB
= Nobande Sobonde (Panmah),
NG = North Gasherbrum, PA =
Pasu, Sa = Saxinitulu, Si =
Siachen, SK = Skamri, SL = Sarpo
Laggo, SSk = South Skamri, TG =
Tatulu Gou, Vi = Virjerab, Ya =
Yazghil.

Supplementary Figure S 3.
Compiled surface velocities
mosaic of the Karakoram Range
between 2007 and 2011 from
TerraSAR-X, ALOS PALSAR, and
ENVISAT ASAR; subset B.
Abbreviations: Ba = Batura
Glacier, Bi = Biafo, Br = Braldu,
Bt = Baltoro, Bu = Barpu, CL =
Chogo Lungma, Hi = Hispar, Kh
= Khurdopin, Ku = Kunyang, NB
= Nobande Sobonde (Panmah),
NG = North Gasherbrum, PA =
Pasu, Sa = Saxinitulu, Si =
Siachen, SK = Skamri, SL = Sarpo
Laggo, SSk = South Skamri, TG =
Tatulu Gou, Vi = Virjerab, Ya =
Yazghil.
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Supplementary Figure S 4.
Compiled surface velocities
mosaic of the Karakoram Range
between 2007 and 2011 from
TerraSAR-X, ALOS PALSAR, and
ENVISAT ASAR; subset C.
Abbreviations: Ba = Batura
Glacier, Bi = Biafo, Br = Braldu,
Bt = Baltoro, Bu = Barpu, CL =
Chogo Lungma, Hi = Hispar, Kh
= Khurdopin, Ku = Kunyang, NB
= Nobande Sobonde (Panmah),
NG = North Gasherbrum, PA =
Pasu, Sa = Saxinitulu, Si =
Siachen, SK = Skamri, SL = Sarpo
Laggo, SSk = South Skamri, TG =
Tatulu Gou, Vi = Virjerab, Ya =
Yazghil.

Supplementary Figure S 5. Glacier
termini positions in the Shaksgam
Valley, Sarpo Laggo and Skamri
Basin between 1976 and 2012.
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4.3

Glacier elevation and mass changes over the Central Karakoram Region estimated
from TanDEM-X and SRTM/X-SAR Digital Elevation Models

This chapter was published as:
M. Rankl and M. Braun (2016): Glacier elevation and mass changes over the Central Karakoram Region
estimated from TanDEM-X and SRTM/X-SAR Digital Elevation Models. Annals of Glaciology 51(71),
273-281 (doi:10.3189/2016AoG71A024)

Abstract
Snow cover and glaciers in the Karakoram Region are important freshwater resources for many
downriver communities and people as they provide water for irrigation and hydro power. A better
understanding of current glacier changes is hence an important informational baseline. We present glacier
elevation changes in the Central Karakoram Region using TanDEM-X and SRTM/X-SAR DEM
differences between 2000 and 2012. We calculated elevation differences for glaciers with advancing and
stable termini or surge-type glaciers separately using an inventory from a previous study. Glaciers with
stable and advancing termini since the 1970s showed nearly balanced elevation changes of -0.09 ± 0.12 m
a-1 on average or mass budgets of -0.01 ± 0.02 Gt a-1 (using a density of 850 kg m-3). Our findings are in
accordance with previous studies indicating stable or only slightly negative glacier mass balances during
recent years in the Karakoram. The high resolution elevation changes revealed distinct patterns of mass
relocation at glacier surfaces during active surge cycles. The formation of kinematic waves at quiescent
surge-type glaciers could be observed and points towards future active surge behaviour. Our study reveals
the potential of the TanDEM-X mission to estimate geodetic glacier mass balances, but also points to still
existing uncertainties induced by the geodetic method.
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4.3.1

Introduction

Meltwater from snow and ice originating from High Mountain Asia serves about 800 million people by
supplying e.g., drinking water and hydro-power (Immerzeel et al., 2010; Kaser et al., 2010). A warming
climate accelerates glacier melt and threatens the supply of local communities at a small scale and
influences global sea-level rise on a large scale (e.g., Radić and Hock, 2011; Kääb et al., 2012; Marzeion
et al., 2012; Gardner et al., 2013). Most high mountain glaciers in Asia have been affected by mass loss
(Bolch et al., 2012). However, in some regions glaciers show anomalous behaviour: glaciers across the
Pamir-Karakoram range showed stable or even positive glacier mass balances during recent years (Kääb
et al., 2012; Gardelle et al., 2013; Gardner et al., 2013) which have fostered stable or advancing glacier
termini (Scherler et al., 2011; Bolch et al., 2012; Rankl et al., 2014). Gardelle et al. (2013) found geodetic
glacier mass balances of +1.9 ± 3.1 gigatonnes per year (Gt a -1) for the Karakoram (19,024 km²) and +1.3
± 1.3 Gt a-1 for the Pamir (9,369 km²) between 1999 and 2010 (using a density of 850 kg m-3). Another
study estimated balanced mass budgets between October and November (0.0 ± 0.8 Gt a -1 using a zonally
variable conversion factor for a glacier area of 21,750 km²) in the Karakoram using ICESat time series
between 2003 and 2008 (Kääb et al., 2012). Furthermore, Kääb et al. (2015) and Neckel et al. (2014)
suggested that the glacier mass balance anomaly extends further east towards the Tibetan Plateau.
The Karakoram is known for a large number of surge-type glaciers (Hewitt, 1998; Copland et al., 2011;
Rankl et al., 2014). These glaciers show accelerated surface flow by as much as an order of magnitude
and advancing termini during an active surge phase, which lasts a few months to years (Meier and Post,
1969). The active surge phase is accompanied by surface characteristics like looped and folded medial
moraines, crevassed surfaces or ice foliation (Hewitt, 1969; Meier and Post, 1969). Subsequently, flow
velocities stagnate and glacier tongues remain stable. The so-called quiescent phase typically endures
several years to decades (Meier and Post, 1969). An inventory of surge-type glaciers in the Karakoram
was presented by Copland et al. (2011) and refined and extended by Rankl et al. (2014). The latter
contained 1219 glaciers, whereof 101 were classified as surge-type glaciers, 969 glaciers showed stable
termini, 56 glaciers were advancing and 93 retreating between 1976 and 2012.
In this study, the bistatic TanDEM-X mission is evaluated in regard to its suitability for calculating
glacier elevation changes and geodetic glacier mass balances for parts of the Central Karakoram Region
(Figure 4.21). Elevation differences are calculated from interferometrically derived TanDEM-X and
SRTM/X-SAR digital elevation models (DEMs). We analyse the elevation differences in respect to
glacier type (surge-type, stable, advancing) using the inventory by Rankl et al. (2014) and we provide
results for different volume to mass conversion approaches including a consideration of surface and
glacier types. Surge-type glaciers are analysed in more detail, differentiating between quiescent or
actively surging glaciers in the period 2000 to 2012.

110

Results and Discussion

4.3.2 Data and Methods
The Shuttle Radar Topography Mission (SRTM) acquired Interferometric Synthetic Aperture Radar
(InSAR) data simultaneously in the C-band and X-band frequencies between 11 and 22 February, 2000.
Data was acquired between 56°S and 60°N. However, the X-band system operated with a swath width of
~50 km (C-band: ~225 km), which did not allow for global data coverage (Hoffmann and Walter, 2006).
The SRTM/X-SAR (X-SRTM) DEM is distributed via the German Aerospace Center with a spatial
resolution of 1 arcsec. The SRTM/SIR-C DEM is available in a gap-filled 3 arcsec resolution
(http://srtm.csi.cgiar.org) or in a 1 arcsec resolution which still contains data gaps (available at USGS).

Figure 4.21: Overview of glaciers classified as advancing, stable or surge-type (Rankl et al., 2014) and areas of
interpolated elevation differences. The extent of each TanDEM-X tile is shown as a dashed box. Background: Hillshade of
the C-SRTM DEM. The inset map provides the location of the study site in High Asia.

The TanDEM-X (TerraSAR-X-Add-on for Digital Elevation Measurements) mission was launched in
2010 by the German Aerospace Center (DLR). TanDEM-X and its twin satellite TerraSAR-X fly in a
close helix formation (Krieger et al., 2007). Either the TanDEM-X or TerraSAR-X satellite transmits the
radar signal to the ground (the so called active master). The other satellite then records the backscattered
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signal (the so called slave) as does the master satellite (Krieger et al., 2007). The time lag between
satellite overpasses during the global DEM mode acquisitions accounts for 3 seconds only. Hence, the
bistatic acquisitions are very suitable for interferometric processing since temporal and spatial
decorrelation are minimized (Krieger et al., 2007; Fritz et al., 2011). We used four TanDEMX/TerraSAR-X StripMap scenes for this study, which were acquired between January and March, 2012
(Table 4.11).
The two missions (X-SRTM and TanDEM-X) both operated in the X-band frequency (9.65 GHz) and
data takes were acquired during winter on the northern hemisphere. Due to the high elevation, surface
conditions are expected to be similar in 2000 and 2012 with predominantly temperatures below freezing
point. Fine grained, cold winter snow of a few decimetres to metres does not induce a change in the phase
scattering centres, i.e., it is transparent for the X-band signal under such cold conditions (Mätzler and
Schanda, 1984). Hence, effects of varying, hardly quantifiable penetration depths of the radar signal
(Gardelle et al., 2012; Rignot et al., 2001) on the geodetic elevation differences are assumed to be small.
Table 4.11: TanDEM-X acquisitions (date and time) used for interferometric DEM generation. The TanDEM-X tiles of
February, 2012 were concatenated along the orbit before processing them.

Date

Relative orbit

Strip

Direction

Height of Ambiguity [m]

06-01-12T005359

075

090

descending

329

25-02-12T125519
25-02-12T125526

007

080

ascending

104

07-03-12T125526

007

070

ascending

97

Each image pair of the TanDEM-X mission consists of two already co-registered Single-Look Complex
files (CoSSC). The TanDEM-X/TerraSAR-X acquisitions were processed by differential interferometry
(DInSAR) (Neckel et al., 2013) using Gamma Remote Sensing Software (Werner et al., 2000). After
initial interferogram formation and coherence estimation the baseline was determined using the precise
satellite orbits delivered with the data. Subsequently, we subtracted the gap-filled SRTM/SIR-C DEM (CSRTM). This processing step was introduced in order to improve the phase unwrapping procedure and
minimize errors due to e.g., phase jumps in the steep mountainous terrain. The C-SRTM was favoured
since it covers the entire Karakoram range and hence, no additional geometric artefacts are introduced
(the X-SRTM is not available gap filled and with full coverage of the TanDEM-X/TerraSAR-X scenes).
To generate the differential interferogram the C-SRTM DEM and the TanDEM-X/TerraSAR-X
acquisitions were co-registered to each other. For this, an initial lookup table was calculated which was
based on the relation between the map coordinates of the C-SRTM DEM segment covering the TanDEMX/TerraSAR-X master file, and the SAR geometry of the respective master file. Gaps in the lookup table
resulting from areas of radar shadows or layover in the TanDEM-X/TerraSAR-X interferogram were
filled using linear interpolation between the gap edges in each line of the lookup table (Gamma Remote
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Sensing, 2007). The co-registration was refined in a subsequent step by calculating the offsets between
the master scene and the simulated intensity of the C-SRTM DEM using an intensity cross-correlation
algorithm. The corresponding segment of the C-SRTM DEM was then transformed into the SAR
geometry of the respective TanDEM-X/TerraSAR-X master scene. The simulated phase of the coregistered C-SRTM DEM and the interferogram of the TanDEM-X/TerraSAR-X bistatic scene were used
to generate a differential interferogram. It contains all deviations from the TanDEM-X/TerraSAR-X
interferogram as well as any systematic biases and errors in the C-SRTM DEM. The differential
interferogram was filtered using an adaptive filtering approach (Goldstein and Werner, 1998) and areas of
low coherence (<0.3) were masked out (Figure S1). Phase unwrapping was then pursued using a
minimum cost flow algorithm. The initial starting point of the unwrapping process was chosen to be on
flat, non-glaciated terrain. The unwrapped differential phase was converted to absolute differential
heights according to the computed phase-to-height-sensitivity. Finally, the differential heights were added
back to the C-SRTM DEM in order to achieve the final TanDEM-X elevations for each scene. This last
step ensures that the final DEM surface is the one mapped by the X-band phase centres. Assuming that
surface conditions were comparable between 2000 and 2012, and that phase centres of the radar return
from the same depth, no additional correction for differential radar penetration in 2000 and 2012 was
applied. Next, the TanDEM-X DEM tiles were corrected for tropospheric path delays according to Fritz et
al. (2011).
The resulting TanDEM-X DEM tiles were mosaicked by choosing the February, 2012 DEM as a
reference. We adjusted the DEM of March, 2012 to the reference DEM in regard to the relative height
offset by randomly distributing several hundred points over stable, flat and non-glaciated ground in the
overlapping areas of the DEMs (Figure S2). The fitting was based on a linear regression analysis using
the corresponding points in the overlapping areas. The constant value of the y-axis intercept was added to
the respective TanDEM-X DEM during mosaicking (Figure S2a). When mosaicking the scene of January,
2012 to the reference DEM, only samples over glaciated areas could be chosen, because no stable, flat
and non-glaciated ground was available in the overlapping part. The resulting TanDEM-X DEM mosaic
was finally resampled to 30 m x 30 m pixel spacing.
In order to obtain absolute TanDEM-X DEM heights, we calibrated the TanDEM-X DEM mosaic to the
X-SRTM DEM using samples over non-glaciated, low slope (< 15°) ground assuming no elevation
differences in these areas between 2000 and 2012. The fitting is again based on the y-axis intercept of a
linear regression analysis of the samples used.
Finally, we calculated the difference between the X-SRTM and the mosaicked TanDEM-X DEMs over
glaciers. No further correction of horizontal offsets between the TanDEM-X DEM mosaic and X-SRTM
DEM was needed before DEM differencing, since the TanDEM-X DEMs were co-registered to the CSRTM DEM during interferometric processing (see above) and no systematic horizontal offsets between
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the C-band and X-band SRTM DEMs are known (Hoffmann and Walter, 2006). Due to the use of two Xband DEMs, errors resulting from different radar penetration are deemed negligible for winter conditions.
Since the coverage of the X-SRTM DEM was sparse, we excluded glaciers where less than 50 % of the
catchment was covered. The X-SRTM DEM is affected by inaccuracies in steep terrain in high altitudes,
introduced by shadows and layover effects inherent to the SAR geometry (Ludwig and Schneider, 2006).
Thus, we removed elevation differences greater than ±50 m located above the firnline from the analysis.
The threshold of ±50 m was verified over completely covered glacier catchments, where the elevation
differences followed a smooth pattern. Smaller data gaps were iteratively filled by a mean filter with a
5x5 pixel window. The interpolated areas account for ~19 % of the glaciated area covered by the analysis
(Figure 4.21).
The mean error in the elevation differences was estimated over non-glaciated ground assuming that these
areas did not change in height between 2000 and 2012 and that elevations should be equal in both the XSRTM and TanDEM-X DEMs (Figure S3). However, Figures S4 and S5 show large biases in elevation
between the two DEMs at altitudes above 5700 m a.s.l. and in areas steeper than 50° slope. Additionally,
we plotted the distribution of grid cells on-glacier for each 100 m altitude bin and for each 5° slope bin
(Figures S6 and S7). Over 80 % of the grid cells on-glacier were located below a threshold of 5700 m
a.s.l. (84 %, see also Figure S6) and 50° slope (99 %, see also Figure S7). Thus, the error estimation was
restricted to non-glaciated grid cells located below these altitude and slope thresholds following the
distribution of grid-cells on-glacier (Figure S3). Additionally, elevation differences off-glacier which
exceeded the range of elevation change on-glacier were removed from the analysis. Further, we excluded
samples used for referencing with the X-SRTM DEM and mosaicking of the TanDEM-X DEM tiles. We
used the mean of the elevation differences on those resulting off-glacier areas (25899 grid cells) as an
error measure for our elevation change analysis (Shuman et al., 2011). The samples were distributed over
the whole mosaic including potential uncertainties introduced during the various processing steps. Hence,
the error accounts for relative height differences which were not eliminated during the mosaicking and
fitting processes. The resulting systematic error was -0.12 m a-1 on average, the median of the elevation
differences off-glacier was 0.06 m a-1 and the standard deviation 1.90 m a-1.
For the conversion of the observed glacier volume changes into mass changes a density of ice/firn/snow
needs to be assumed. We applied three different density scenarios in order to simplify the comparison to
other studies and to show the influence of different conversion approaches on geodetic glacier mass
balances. Scenario-A uses a fixed density of 900 kg m-3 and scenario-B uses a density of 850 kg m-3
(Gardelle et al., 2013; Huss, 2013) for the entire glacier. Scenario-C uses 900 kg m-3 for ice below the
firnline and 600 kg m-3 for snow/firn above the firnline (e.g., Schiefer et al., 2007; Moholdt et al., 2010).
The standard error of the detected elevation change was converted into mass assuming the corresponding
densities of scenario-A and –B. For scenario-C we chose a mean density of 750 kg m-3 in order to convert
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the error estimate into mass. The altitude of the firnline was determined using multispectral imagery.
Based on a Landsat-8 summer scene (30 July, 2013) and the combination of band 6, 5, and 4, we
classified the glaciated areas into snow/firn, ice and debris cover. The transition between snow/firn and
ice was assumed to show the firnline. Changes in the firnline position between 2000 and 2012 were
neglected.
The glacier outlines are based on the manually improved glacier inventory of the Karakoram Region
presented by Rankl et al. (2014). Therein, 1219 glaciers were classified into either surge-type, advancing,
retreating or stable using Landsat time-series between 1976 and 2012 and SAR-based surface velocities.
Based on this classification, we separated glacier elevation changes and glacier mass balances for surgetype glaciers and glaciers with advancing or stable termini (Figure 4.21). Frontal advances were classified
as such when a threshold of 2 pixels (~60 m) was exceeded during the observation period 1976 to 2012
(Rankl et al., 2014). The threshold arose from uncertainties during the digitization of glacier outlines
using Landsat time-series. Glaciers with stable termini did not show frontal changes outside the error
bars. The identification of surge-type glaciers was based on several glacier inventories (e.g., Barrand and
Murray, 2006; Copland et al., 2011; Hewitt, 1998) which were updated with our own observations based
on Landsat time-series, surface features and surface velocities (Rankl et al., 2014). Glaciers showing
frontal advance, increased surface velocities close to the snout and characteristic surface features were
classified as surge-type glaciers. Glaciers identified as advancing presented evidence of frontal position
changes only, without further evidence to support a surge identification. Within the study area presented
here, no retreating glaciers were observed. Glacier centrelines were generated automatically based on the
method developed by Kienholz et al. (2014).

4.3.3 Results and Discussion
Glacier elevation changes
We calculated glacier elevation changes for 71 glaciers with a total area of 1107.23 km² (Figure 4.22).
Out of 71 glaciers, 33 glaciers showed surge-type behaviour (area: 930.43 km²), 35 remained stable (area:
166.58 km²) and 3 showed advancing termini (area: 10.22 km²) between 1976 and 2012 according to
Rankl et al. (2014) (Figure 4.21, Table 4.12). Average elevation changes of glaciers with stable frontal
positions were estimated to be -0.09 ± 0.12 m a-1. Glaciers classified as advancing showed on average
slight thinning within error bars (-0.15 ± 0.12 m a-1) as did surge-type glaciers (-0.17 ± 0.12 m a-1).
Frontal advances of several hundred meters between 1976 and 2012 were found for glaciers with
advancing termini (Rankl et al., 2014). Further evidence of surge-type behaviour (e.g., looped and folded
moraines, increased surface flow) was not found for advancing glaciers in previous studies using
observations not accompanied by elevation change measurements (Copland et al., 2011, Hewitt, 1998,
Rankl et al., 2014).
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Previous studies including surge-type and non-surge-type glaciers reported both positive and negative
elevation changes in the Karakoram Region: Kääb et al. (2012) showed negative elevation difference
trends of -0.07 ± 0.04 m a-1 on average using time series from ICESat autumn campaigns between 2003
and 2008. Gardner et al. (2013) observed comparable mean changes of -0.12 ± 0.15 m a-1 (2003-2009)
derived from GRACE satellite gravimetry and ICESat altimetry measurements (including the Hindu Kush
Mountains). However, Gardelle et al. (2013) presented positive elevation differences of +0.12 ± 0.19 m a1

on average for a longer time period (2000-2010) using the geodetic method based on SPOT5 and C-

SRTM DEMs. They had to account for the spatially variable C-band radar penetration in order to
compare their DEMs derived from optical imagery. Considering glaciers with stable and advancing
termini only, we showed average glacier elevation changes of -0.09 ± 0.12 m a-1 for the 2000-2012 period.
We covered a smaller glaciated area than previous studies, but for a twelve year period. Our high
resolution measurements comprehensively mapped the glaciated areas with a detailed representation of
small scale features (e.g., kinematic waves at surge-type glaciers (glaciers #6, #12, #15 in Figure 4.22);
thickening and thinning in ice receiving and ice reservoir areas, respectively; and differentiated flow
patterns at confluence zones (glacier #11, Figure 4.22)). There was no need for interpolation except in
areas of shadows and layover introduced by the SAR geometry.
Stable and advancing glacier termini and only slight glacier thinning in the central Karakoram represent
the so-called Pamir-Karakoram anomaly (Gardelle et al., 2013). This glacier mass balance anomaly was
recently found to extend further northeast to the West Kunlun Shan or Tarim basin and the centre of the
anomaly was suggested to be located on the Tibetan Plateau (Neckel et al., 2014; Kääb et al., 2015). An
increase in winter precipitation in the Karakoram and eastern Pamir (Archer and Fowler, 2004; Yao et al.,
2012) was related to a strengthening of the westerlies in these regions (Bolch et al., 2012). Annual snow
accumulation in the Karakoram is dominated by non-monsoonal winter precipitation (Kapnick et al.,
2014). In addition, mid-latitude westerlies considerably influence the mass balance of glaciers over the
Tibetan Plateau (Mölg et al., 2014). This confirms the strong influence of westerlies on glacier mass
balances in High Asia and even extends their relevance to areas formerly considered to be dominated by
monsoonal influence.
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Figure 4.22: Elevation differences between 2000 and 2012. Surge-type glaciers in a quiescent phase between 2000 and
2012 are marked with purple circles, active surge-type glaciers with green triangles. Boxes indicate kinematic waves at
quiescent surge-type glaciers. Glacier centreline profiles analysed in Figure 4.23 are shown. The histograms show the
elevation differences on-glacier and off-glacier. The mean, median and standard deviation of the uncertainty estimation
are given as well as the total number of off-glacier samples used. Background: Hillshade of the C-SRTM DEM.

Geodetic glacier mass balances
We computed nearly balanced glacier mass budgets of -0.01 ± 0.02 Gt a-1 (scenario-A and -B) for glaciers
with stable and advancing termini or specific mass balances of -0.08 ± 0.10 m a-1 water equivalent (w.e.)
(Table 4.12). Scenario-C uses a density of 600 kg m-3 for the conversion of volume changes above the
firnline and 900 kg m-3 for volume changes located below the firnline (e.g., Schiefer et al., 2007; Moholdt
et al., 2010). This scenario was applied to glaciers with stable and advancing termini only (Table 4.12).
Due to the relocation of mass during an active surge phase, a zonally variable conversion factor, which
changes with altitude, might be inapplicable to these glaciers. We assume that the dynamic relocation,
which is also clearly reflected in the elevation differences, is dominated by glacier ice.
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The conversion from volume to mass is a crucial factor when assessing glacier mass changes using the
geodetic method (Huss, 2013). Different densities need to be applied for snow/firn and ice coverage.
Additionally, changes in a glacier's mass balance over time involve changes in the firn density profile.
Hence, surface lowering in the accumulation areas expressed using the geodetic method does not
necessarily imply a loss of mass, but might be strongly influenced by firn compaction. Due to a lack of in
situ measured density profiles, most studies use constant factors when converting ice volume to mass.
Huss (2013) found an overestimation of mass changes of 2-15 % when assuming the density of ice for
entire glacier catchments. The author recommended to apply a density of 850 ± 60 kg m-3 for
investigation periods >5 years provided that stable glacier mass balance gradients are present and also
that firn area and volume changes are significantly different from zero. In consequence, we suggest
scenario-B (850 kg m-3) and scenario-C to be most appropriate to reflect mass changes of non-surge-type
glaciers in the Karakoram.
Table 4.12: Average elevation differences and mass balances by glacier type. Elevation changes differed significantly
(p < 0.0001) according to a Wilcoxon rank-sum test.

Surge-type (33)

Stable (35)

Advancing (3)

930.43

166.58
(134.42 / 32.16)

10.22
(5.72 / 4.53)

-0.17 ± 0.12
n.a.
n.a.

-0.09 ± 0.12
-0.11 ± 0.12
0.00 ± 0.12

-0.15 ± 0.12
-0.36 ± 0.12
0.11 ± 0.12

-0.09 ± 0.12

Mass budget / specific mass balance
scenario-A*
-0.14 ± 0.10 /
[Gt a-1 / m a-1 w.e.]
-0.16 ± 0.11

-0.01 ± 0.02 /
-0.08 ± 0.11

0.00 ± 0.001 /
-0.13 ± 0.11

-0.01 ± 0.02 /
-0.08 ± 0.10

scenario-B*
[Gt a-1 / m a-1 w.e.]

-0.14 ± 0.09 /
-0.15 ± 0.10

-0.01 ± 0.02 /
-0.07 ± 0.10

0.00 ± 0.001 /
-0.13 ± 0.10

-0.01 ± 0.02 /
-0.08 ± 0.10

scenario-C*
[Gt a-1 / m a-1 w.e.]

n.a.

-0.01 ± 0.01 /
-0.06 ± 0.09

0.00 ± 0.001 /
0.00 ± 0.09

-0.01 ± 0.01 /
-0.09 ± 0.09

Area (above/below
firnline) [km²]
Mean elevation differences
dh/dt [m a-1]
above firnline [m a-1]
below firnline [m a-1]

Stable + Advancing
(38)
176.80

*density assumptions: scenario-A: 900 kg m-3; scenario-B: 850 kg m-3; scenario-C: 900 kg m-3 below the firnline and 600
kg m-3 above the firnline (firnline at 5171.77 m a.s.l.). The errors given are based on the mean error of elevation
differences over non-glaciated ground following the altitude and slope distribution as well as the range of observed
elevation changes of glaciated catchments. A mean density of 750 kg m-3 is used for the error computation of scenario-C.

Surge-type glaciers and small-scale surface features
Glaciers classified as surge-type showed average surface thinning of -0.17 ± 0.12 m a-1 and slightly
negative mass budgets within the error bars (-0.14 ± 0.09 Gt a-1, scenario-B). Elevation change
measurements are a suitable tool for mapping and monitoring surge-type glaciers. The relocation of mass
from the ice reservoir to the ice receiving area during an active surge phase can be quantified. In
subsequent years, these ice masses can downwaste faster due to the higher ablation rates in these lower
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areas. Figure 4.22 illustrates the relocation of mass: actively surging glaciers (between 2000 and 2012)
gained mass close to the snout and lost mass in the ice reservoir area. Most prominent examples are
glaciers #1-5 (Figure 4.22). For these glaciers, the elevation differences were extracted along their
centrelines and plotted against altitude (Figure 4.23a). Elevation gain and loss as well as the respective
change with altitude become visible in more detail. The combination with other observations based on
remote sensing makes the identification of surge-type glaciers in an active surge cycle and the
quantification of the relocation of mass possible without the need for in-situ measurements. Glaciers #13
and #14 (Figure 4.22) could not be identified as actively surging glaciers without elevation change
measurements or additional multi-temporal velocity datasets as in previous studies (e.g., Copland et al.,
2011; Rankl et al., 2014). Yet, the relocation of mass from the ice reservoir area to the ice receiving area
is visible in Figure 4.22, where a concentrated mass gain close to the glaciers’ snouts is observable. A
previous study investigating glacier elevation changes using the geodetic method came to the same
conclusion for both glaciers (Gardelle et al., 2013). Thus, we suggest that thinning and thickening at
glaciers #13 and #14 was independent from climatic forcing, since the elevation change was driven by
surge-type behaviour. These findings stress the importance of including elevation change measurements
when analysing glaciers in regard to surge-type behaviour.
Quiescent surge-type glaciers thinned considerably along their lower tongues between 2000 and 2012
(e.g., glaciers #6 and #12 in Figure 4.22: ~-6 ± 0.12 m a-1 on average). However thickening is visible
between ~4100 and ~5000 m a.s.l. (dashed labelling in Figure 4.22 on glaciers #6, #12, #15 and Figure
4.23b). Upstream of these areas, elevation changes were nearly zero or increased slightly towards the
glaciers’ origins. We think that the elevation gain visible in Figure 3b (see dashed ellipse, glaciers #6,
#12, #15 in Figure 4.22) represents the formation of a bulge (Clarke et al., 1984) or kinematic wave
(Mayer et al., 2011). An active surge cycle will be initiated provided that the size of the bulge exceeds a
threshold and the thermal regime of the glacier or the meltwater supply changes. In a previous study,
Synthetic Aperture Radar based surface velocities were analysed for Skamri glacier (#12 in Figure 4.22,
Rankl et al., 2014). The glacier was in an active surge phase prior to 1990, sped up in 1992 (~0.8 m day-1)
and slowed down again. It remained quiescent until 2009 with surface velocities of ~0.1 - 0.2 m day-1.
However, surface flow rose again in 2011, reaching velocities of up to 1.5 m day-1 (Rankl and other,
2014). The area of increased surface speed coincides with the area of thickening between ~4500 and
~5000 m a.s.l. (dashed box at glacier #12 in Figure 4.22). Hence, there are strong indications that Skamri
glacier has entered a new active phase of the surge cycle. The same might be true for Nobande Sobonde
glacier (#15) or Virjerab glacier (#6). Multi-temporal information on surface flow (e.g., Quincey et al.,
2011) or repeated observations of the TanDEM-X mission could confirm this interpretation and even
provide a better understanding of the processes involved.
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Figure 4.23: Averaged glacier elevation differences of a) five surge-type glaciers in an active surge phase and b) three
glaciers in a quiescent surge cycle between 2000 and 2012. The dashed ellipse marks the formation of a bulge or
kinematic wave at quiescent glacier tongues (refer also to dashed boxes in Figure 4.22). The error bar of ± 0.12 m a-1
holds for each value given here. The location of the profiles is shown in Figure 4.22.

High resolution elevation differences allow for a detailed analysis of ablation/accumulation patterns at
confluence zones. Glacier #11 (Chiring glacier, Figure 4.22) is fed by three tributaries. The main trunk of
Chiring glacier thinned during the observation period after its last active surge phase ended in 1995
(Hewitt, 2007). However, its northernmost tributary showed hardly changed surface elevations and is
identifiable as a northern branch even below the point of confluence. Another interesting small scale
feature is visible at glacier #16's tongue (Figure 4.22). The glacier surged between 1995 and 2000 and ran
into the heavily debris covered tongue of Sarpo Laggo glacier. During the advance of its tongue, mass
was shifted down-glacier and was subsequently affected by melt. After the surge, the largest part of the
advanced glacier tongue was debris-free. In contrast, the surrounding tongue of Sarpo Laggo glacier
hardly thinned (Figure 4.22) which can be attributed to the thicker debris cover. This demonstrates the
utility of high-resolution DEM comparison as small scale ablation patterns became apparent. Further
analysis of such patterns could help to better quantify the degree of protection debris provides against
surface melt.
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Accuracy assessment
Elevation differences between the X-SRTM and TanDEM-X DEMs off-glacier were plotted as a function
of altitude (Berthier et al., 2006) and slope over non-glaciated ground (Figures S4 and S5). We detected
elevation biases both with increasing altitude (>5700 m a.s.l., Figure S4) and slope (>50°, Figure S5).
This is in agreement with Ludwig and Schneider (2006), who found an increased mean error of the XSRTM DEM for slopes larger than 35°. Highest deviations of up to 30 m were reported for slopes of 50°.
Additionally, due to the effect of radar shadows, maximum height errors of 30 m were found in the XSRTM DEM on north and west facing slopes (Ludwig and Schneider, 2006). In the present study,
uncertainties in glacier elevation differences were estimated only for altitudes ≤5700 m a.s.l. and slopes
shallower than 50°. Height biases at altitudes >5700 m a.s.l. and in very steep terrain were excluded from
the error estimation. Additionally, the values used for the uncertainty estimation were restricted to the
range of elevation differences measured on-glacier. We hypothesize that inaccuracies in the measured
elevation differences on-glacier at high altitudes (>5700 m a.s.l) were mainly influenced by the X-SRTM
DEM, which resulted in an overestimation of thinning in these altitudinal bands. An overestimation of
thinning in accumulation areas in our study would further strengthen the evidence for anomalous
behaviour of Karakoram glaciers with positive or balanced glacier mass budgets (Gardelle et al., 2013,
Kääb et al., 2012). Additional height errors might be induced by the mosaicking of the TanDEM-X DEM
tiles. However, the correlation coefficients between the TanDEM-X DEM reference tile (February 25,
2012) and the tiles to be calibrated are very high (R² = ~1, Figure S2). In consequence, height differences
in the final mosaic in overlapping areas are assumed to be negligible.
Due to the use of the same radar frequency, we did not apply a correction for the spatially and temporally
variable penetration depths of the SAR signal from different wavelengths or as necessary when
comparing optical with SAR-derived DEMs. Half of the mountain range is located above 5000 m a.s.l.
(Copland et al., 2011). Thus, dry snow conditions can be assumed resulting in no change in the phase
scattering centres of the X-band SAR signal. Yet, the occurrence of melt events before image acquisitions
cannot be ruled out completely and thus, the layering of the snow pack might have changed in time. The
penetration of the signals’ phase centres between image acquisitions would then have been different.
However, we do not think that the radar penetration would be affected in the 12 years observation time to
a magnitude that would significantly bias the measurements. Accounting for the penetration depths (e.g.,
when comparing optical data to the C- or X-band SRTM DEMs) implies detailed knowledge of the
surface and snow cover conditions that is not available for the region. For C-band, penetration was
estimated to range between 9 ± 2 m and 1 ± 2 m for frozen firn and ice in Greenland (Rignot et al., 2001);
under dry snow conditions it can be even more. Penetration of the X-band frequency into snow, firn and
ice is assumed to be smaller (Gardelle et al., 2012; Ulaby et al., 1986). Groh et al. (2014) found a height
bias of about 5 m when comparing interferometric X-band heights and NASA IceBridge laser altimetry
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over dry snow in Antarctica. Seehaus et al. (2015) showed a seasonally changing X-band signal phase
centre depth in the range of 2 to 3 m. In consequence, elevation change measurements of previous studies
using different sources of elevation data (Berthier et al., 2007; Gardelle et al., 2013) are affected by
uncertainties resulting from the correction of the radar penetration depth.

4.3.4

Conclusions

In this study, we showed glacier elevation differences between 2000 and 2012 for parts of the central
Karakoram range using the geodetic method based on TanDEM-X and X-SRTM DEMs. Our
measurements are mostly independent from temporal decorrelation between image acquisitions due to the
bistatic TanDEM-X imaging mode. We suggest that there is only little influence of differential X-band
penetration on the elevation change measurements. We applied different approaches in order to convert
glacier volume changes to glacier mass changes. Based on the classification in Rankl et al. (2014), we
showed elevation changes for surge-type, stable and advancing glaciers separately. Surge-type glaciers
indicated slight surface lowering within error bars between 2000 and 2012 as did advancing glaciers. The
majority of the studied glaciers showed stable termini during the observation period and only slight
thinning of -0.09 ± 0.12 m a-1 on average corresponding to a mass change of -0.01 ± 0.02 Gt a-1 (scenarioB). Our analysis is in accordance, within error bars, with previous studies investigating glacier elevation
and mass changes in the Karakoram (e.g. Kääb et al., 2012; Gardelle et al., 2013) and confirms the
anomalous behaviour of glaciers there, termed the Pamir-Karakoram Anomaly (Gardelle et al., 2013).
The high resolution of both the TanDEM-X and X-SRTM DEMs revealed small scale features of glacier
behaviour: e.g., the relocation of ice from the reservoir to the receiving area during an active surge-event,
kinematic waves and differences of surface lowering under debris cover and on bare glacier tongues. The
combination of SAR based surface velocities and elevation change measurements seems to bear high
potential to better understand the glacier surge processes in the Karakoram.
We demonstrate the suitability of the bistatic TanDEM-X Mission to study glacier volume changes of
larger regions but also consider individual glacier catchments. The advantages against optical DEM
differencing with respect to SRTM are that no additional corrections are required in order to account for
the differential signal penetration. Sparse point-based measurements derived from e.g., laser altimetry
(e.g., ICESat), are complemented by a sound statistical sampling density, even in smaller catchments.
Unfortunately, globally comprehensive coverage of the X-SRTM DEM is not available due to the limited
swath width.
We want to stress the importance of monitoring surge-type glaciers in the Karakoram and other high
mountain areas using repeat remote sensing. Rapidly advancing glacier tongues might dam river valleys
and hence, threaten local communities. Failure of the moraine dammed rivers might result in glacial lake
outburst floods, which are very common in the Karakoram (Hewitt, 2014). The study demonstrates the
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potential of satellite missions like TanDEM-X to remap such regions regularly, e.g. annually or twice a
year in order to reveal change and provide early warnings.
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4.3.5 Supplement Material
S1

Coherence map

Figure S1: Differential interferogram coherence of the study area. Areas of low coherence (<0.3) are visible in dark blue
and were not considered during the phase unwrapping process. Background: Hillshade of C-SRTM DEM.
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Figure S2: Comparison of elevations between single TanDEM-X DEMs. The concatenated scene of February 25, 2012
was chosen as the reference DEM. The comparison between January and February is based on samples on-glacier,
because low slope areas off-glacier are unavailable in the overlapping areas of these DEMs (see also Figure 4.21). a) The
DEMs were calibrated to the reference DEM using the y-axis intercept based on a linear regression analysis. b)
Histogram of elevation differences in overlapping areas of single TanDEM-X DEMs after height adjustment to the
reference DEM. The standard deviation (1 sigma) of elevation differences between single TanDEM-X DEMs is given in
brackets. The corresponding Height of Ambiguity for each TanDEM-X/TerraSAR-X acquisition is shown in Table 4.11.
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Uncertainty estimation

Figure S3: Elevation differences off-glacier used for the uncertainty estimation excluding grid cells >5700 m a.s.l. and
>30° slope as well as grid cells outside the range of elevation differences on-glacier. Areas of low coherence (<0.3) are
not shown. Background: C-SRTM DEM.
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N=18970.
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The safety band of Antarctic Ice Shelves
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Fürst, J.J.1,2, Durand, G.1,2, Gillet-Chaulet, F.1,2, Tavard, L.1,2, Rankl, M.3, Braun, M.3 & O.
Gagliardini1,2,4 (2016): The safety band of Antarctic Ice Shelves. Nature Climate Change 6(5), 479-482
(doi:10.1038/nclimate2912)

Abstract
The floating ice shelves along the seaboard of the Antarctic ice sheet restrain the outflow of upstream
grounded ice1,2. Removal of these ice shelves, as shown by past ice-shelf recession and break-up,
accelerates the outflow3,4, which adds to sea-level rise. A key question in predicting future outflow is to
quantify the extent of calving that might precondition other dynamic consequences and lead to loss of iceshelf restraint. Here, we delineate frontal areas that we label as ‘passive shelf ice’ and that can be
removed without major dynamic implications, with contrasting results across the continent. The ice
shelves in the Amundsen and Bellingshausen seas have limited or almost no ‘passive’ portion, which
implies that further retreat of current ice-shelf fronts will yield important dynamic consequences. This
region is particularly vulnerable as ice shelves have been thinning at high rates for two decades 5 and as
upstream grounded ice rests on a backward sloping bed, a precondition to marine ice-sheet instability6,7.
In contrast to these ice shelves, Larsen C Ice Shelf, in the Weddell Sea, exhibits a large ‘passive’ frontal
area, suggesting that the imminent calving of a vast tabular iceberg8 will be unlikely to instantly produce
much dynamic change.
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4.4.1 Introduction
The future fate of the Antarctic ice sheet under a warming climate is dynamically tied to geometric
changes of the floating ice shelves. The reason is that ice shelves transmit buttressing to upstream
regions1,2. Sources for buttressing are shearing at lateral confinements and positions where the ice shelf
locally runs aground, such as at ice rises and ice rumples. As Antarctic ice shelves are known to be
thinning9 at increasing rates5, their buttressing potential is expected to reduce. Under continuous
atmospheric warming over the Antarctic Peninsula10, vast ice-shelf areas have already been lost. Before
break-up, ice shelves accommodated a certain gradual recession of the ice front 11–14. During this
recession, a transition of the calving front was observed from being convex to becoming concave,
reaching either further or less out into the ocean between any anchor points. After break-up, the extant
glacier fronts were no longer buttressed and tributary glaciers accelerated15,16 with, in places, an eightfold
velocity increase3. This had direct consequences for ice flowing over the boundary between grounded and
floating ice—that is, the ice discharge over the grounding line. More than one decade after the major
break-up events on the Antarctic Peninsula, glaciers still adjust to these past perturbations4.
To this day, it remains largely unquantified which parts of the floating area are more or less important for
the overall dynamic state of an ice shelf. For this purpose, we quantify the buttressing effect and delineate
the ice-shelf area which has little or no dynamical influence. This area is referred to as passive shelf ice
(PSI). Our quantification of buttressing relies on the stress regime within the ice 17, which is inferred from
a state-of-the-art data assimilation into an ice-flow model18–20 (Supplementary Section 1). From the stress
field, buttressing is calculated as a normal force exerted by the ice shelf on upstream ice in a given
horizontal direction17 (Supplementary Section 2.1). This force is compared to the vertically integrated
hydrostatic pressure, a normal force, that the ocean water would exert if the ice shelf was removed up to
this position. The ratio of these two forces determines the buttressing potential of the ice shelf. If both are
equal, shelf ice is unbuttressed, as it neither provides nor transmits any extra restraint other than the ocean
pressure. The required direction choice is made so that buttressing becomes maximal (Figure 4.24). The
reason for this choice is that low values in maximum buttressing point out regions that are not well
buttressed in any direction and it is there that we suspect to encounter PSI. As we consider ice flow to be
vertically homogeneous21, maximum buttressing is attained in the direction aligned with the second
principal stress. On account of this direction choice, the ‘compressive arch’ criterion22 might seem similar.
Yet this arch is inferred from strain rates and it was introduced as an ice shelf stability criterion. Here, the
stability issue is not addressed and the buttressing primarily serves to identify PSI. Larsen C Ice Shelf
shows a typical pattern of maximum buttressing, spanning the full range from being highly buttressed to
unbuttressed (Figure 4.25). Values generally decrease towards the ice front unless other geometric
confinements are encountered, such as Bawden and Gipps ice rises. Near these two ice rises, buttressing
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is elevated as ice locally runs aground. Isolated patches of low buttressing are found at the lee side of
promontories or where ice flow leaves a zone of lateral confinement.

Figure 4.24: Maximum buttressing of Antarctic ice shelves. The field serves to infer the extent of the PSI area (red
contours). For the labelled ice-shelf regions, we computed PSI-area percentages (pie charts and blue numbers). Regional
percentage values (bold blue numbers) are given for six sectors (separated by black bars) and for the whole of Antarctica.
Maximum buttressing is less informative further upstream, where values exceed 1. There, spatial differences, in how much
grounded ice outflow is restrained, are deducible from buttressing quantified in flow direction (Supplementary Section
2.1). Red contours are smoothed (4-km moving average). Black contours delineate floating areas. Background map data
from ref. 31; 2008-2009 MODIS Mosaic.

4.4.2

Results and Discussion

From maximum buttressing, we infer a PSI-threshold that will serve to delineate the PSI area. For this, we
performed generic calving experiments, along isolines in maximum buttressing, and looked at the
instantaneous velocity response of individual ice-shelf regions (Supplementary Section 2.2). As long as
there is no speedup, we consider the removed ice as dynamically passive. When the flux over the ice front
shows a step increase under successive calving, the PSI-threshold is passed. In this way, the delineation of
PSI area is a diagnostic exclusively based on and representative of the present-day geometry and the
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present-day dynamic state of the ice shelves. As ice-shelf geometries evolve, their buttressing potential
will alter in the long run. However, thinning within the PSI area is found to leave the upstream buttressing
regime and with it the delineation of PSI area unaffected. For Larsen C, the PSI threshold lies at 0.3,
implying that 10.3% (or ∼6,000 km2) of the total area contains PSI. Once calving exceeds the PSI area,
the ice shelf accelerates, but this does not necessarily imply an instant increase in tributary-glacier
discharge. Such an increase is confirmed when 55% (or ∼30,000 km2) of the ice-shelf area is lost. A
propagating rift on Larsen C overcame a stabilizing zone of soft ice in 2014, which gave rise to concerns
on the dynamic integrity of the ice shelf8. If further propagation of the ice rift triggered a calving event, it
will mostly remove passive shelf ice. From the buttressing regime, we anticipate no significant ice-shelf
speed-up, let alone an abrupt increase in ice discharge. However, the ice front will take on a concave
shape, a state that all former northern parts of Larsen Ice Shelf adopted before their respective break-up11–
14

. Even if Larsen C detached from Bawden Ice Rise, an instant ice discharge increase is not confirmed,

although a large portion of the ice shelf accelerates (Supplementary Section 3.1).

Figure 4.25: Maximum buttressing on Larsen C Ice Shelf. Low values are found in areas that are generally not well
buttressed, and this is where we suspect PSI would be found. For Larsen C, the 0.3 isoline in maximum buttressing is
found to delineate the PSI area (red contours). The calving event that is presumably triggered by a rift that continuously
opened and propagated in 2014 (ref. 8; black–white dashed line), will mostly remove PSI. Grey shading gives observed
surface-velocity magnitudes for grounded ice, with the 100-m yr-1 isoline being highlighted (black dashed lines). Red
contours are smoothed as in Figure 4.24.
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4.4.4

Supplementary Information

Data assimilation
The stress tensor σ is inferred by assimilating geometry and velocity observations for the whole of the
Antarctic ice sheet with the Elmer/Ice flow model18. Primary input to the assimilation is the Bedmap2
surface and bottom elevations31, MEaSUREs surface velocities from satellite interferometry data.32 The
assimilation relies on standard inverse methods19,20 and simultaneously infers the ice viscosity parameter
B and the basal friction parameter β2. For details on the method and on the performance of the inversion
on continental scales, we refer the interested reader to Fürst et al. (2015)18. Here, the description is limited
to a brief presentation of the observational input, the meshing, the underlying flow model, the
optimization of the cost function and the general performance.
Input
The Bedmap2 compilation of geometry observations31 is prescribed during the inversion. First the data is
interpolated onto the mesh. Second, the ice-shelf geometry is put afloat by keeping the ice thickness and
adjusting the upper and lower surfaces according to the model densities for ice and water. This is
necessary as otherwise the viscosity parameter on the ice shelves is biased18. As it is known that many
locations of ice rises/rumples are not present in Bedmap2, additional information on where the ice sheet
runs aground was consulted. Data from differential synthetic aperture radar (SAR) interferometry
represents the main source for further information on grounded regions33. Data points within 5 km of the
Bedmap2 grounding line were excluded because the Bedmap2 product was processed on a 5-km grid and
only interpolated for its final release on 1 km. In addition to this source, we manually delineated Bawden
Ice Rise (Larsen C) from ALOS/PALSAR satellite imagery and the ice rise on the eastern part of the
Thwaites Glacier ice tongue from ERS-1/2 satellite imagery34. Information on grounded shelf ice not in
Bedmap2 enters the inversion by allowing local optimization of the basal friction parameter. In this way,
the velocity decrease upstream of such flow obstacles is reproducible with a flow model18, which is
crucial for the anticipated quantification of the buttressing effect of ice shelves.
Interferometric SAR products from various satellites show almost complete coverage of the Antarctic ice
sheet, and served to infer a continental-scale surface velocity field32. During the inversion, these
observations are the target for the velocity optimization. No interpolation is required as velocity
differences are directly computed where observations are provided.
Mesh
Anisotropic mesh adaptation gives a means to dynamically refine the numerical grid where it is crucial or
convenient, without excessively increasing memory and computational requirements. The procedure, used
here, is described in detail in Gillet-Chaulet et al. (2012)20. Starting from a regular triangular grid
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covering the footprint of the Antarctic ice sheet, the mesh sizes is adjusted to a predefined metric. This
metric is defined such that a nominal resolution of 1.2 km is obtained for all floating parts. For grounded
ice, the resolution is gradually decreased according to the Hessian matrix of the observed surface
velocities up to a maximal value of 50 km, for ice that moves at rates lower than 10 m/a. This gives a total
of ∼1.5 million nodes connected by triangular elements. In this way, we assure maximum resolution on
the ice shelves, while accounting for the complex flow regime of the fast outlet glaciers.
Flow model
For the data assimilation, we use Elmer/Ice, an open-source 3D thermo-mechanically coupled ice-flow
model20,35,36, which

is

the

glaciological

extension

of

the

Elmer

finite

element

software

(http://www.csc.fi/elmer/). This flow model is based on continuum mechanics. The focus here is on the
floating parts of the ice sheet and thus a computationally favorable model variant is used that is based on
the shallow shelf approximation (SSA)21,37. In this approximation, gravitational driving is non-locally
balanced by an overall adjustment of the stress regime, which is communicated by gradients in membrane
stresses38 where basal friction is negligible. A non-linear form of the constitutive equation, with a flow
exponent of 3, is chosen to link a certain stress field to deformation and thus velocities. For grounded ice
and where ice shelves locally run aground, a linear friction law is adopted. The viscosity parameter B and
the linear friction coefficient β2 are 2D fields, which are determined during the inversion.
Cost function & optimization
Central to any inversion method is the definition of a cost function and the determination of gradients of
the cost function with respect to the inferred parameters19,20,39,40. For the present data assimilation, the cost
function is a sum of three terms. The first quantifies the velocity differences at the location where the
observation was taken18,32. Differences in both horizontal surface velocity components are counted. The
second two terms penalize strong oscillations in the inferred parameter fields B and β2, determined from
first spatial derivatives of multiplier fields to an initial guess18. Both regularization terms are weighted
such that the overall velocity difference becomes minimal. Gradients of the cost function with respect to
the viscosity B and friction parameter β2 are determined based on the adjoint problem, allowing their
accurate computation. For minimizing the cost function, these gradients enter the limited memory quasiNewton M1QN3 routine41.
General performance
During the optimization, the cost function is reduced by more than three orders of magnitude and the final
model velocities match the observations very well. For the whole of the Antarctic ice sheet, the rootmean-square (RMS) deviation falls below 9 m/a lying within the error estimate of the observations32. The
RMS deviation is somewhat higher on the ice shelves with 14 m/a. Reported RMS deviations after similar
inversions on individual ice shelves lie often higher42–44. On the ice shelves, few spatially confined areas
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with larger discrepancies remain present. Some of these discrepancies can be traced back to the
concatenation of satellite imagery into a single velocity mosaic32. The high quality of the inferred velocity
product was exploited to identify a characteristic velocity mismatch pattern that facilitated the localization
of yet uncharted ice rises and ice rumples18.
Methods
Buttressing theory
In glaciology, buttressing is understood in terms of a normal force exerted by the ice shelf on the
upstream grounded ice in a certain horizontal direction17,45,46. The normal stress is inferred from the stress
tensor σ prescribing the relevant horizontal direction n. To compute a normal buttressing number17, this
stress is normalized to the hydrostatic pressure, that the ocean water would exert if the ice was removed
up to the considered location.
1

∗

Here, the required stress tensor σ is inferred from a data assimilation of ice geometry and surface
velocities with a flow model (Sect. 1). N0 is the vertically integrated pressure exerted by the ocean on the
ice shelf.
1
2

1

The pressure is set by the model densities for ocean water ρwater = 1028 kg m-3 and ice ρice = 917 kg m-3,
together with the ice thickness H and the gravitational acceleration g = 9.81 m s-2.
With increasing buttressing, ice flow is opposed not just by the ocean pressure but also by lateral
confinements, ice rises/rumples, confluent ice flow, etc. Once buttressing exceeds 100%, the stress
regime becomes compressive. Negative buttressing can be found where floating ice leaves an embayment
and drags along more stagnant lateral ice. In its original definition, buttressing is restricted to the
grounding line17,45,46, computed perpendicular to this boundary between floating and grounded ice. To
extend the buttressing concept to the floating ice shelves, the direction n requires a redefinition.
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Figure S1. Flow buttressing of Antarctic ice shelves. Here, buttressing is computed in the direction of the ice flow (Eq. 1)
and quantifies the resistance the ice flow encounters at each location. It is generally elevated on the shelf side of fast
tributary glaciers as the ice shelf restrains the outflow. Flow buttressing is also elevated upstream of ice rises. An
exceptional large fraction of unbuttressed ice is found on Brunt/Stancomb-Wills Ice Shelf.

Flow buttressing
An intuitive choice for n is the flow direction. Buttressing in this direction gives information on how
much resistance the shelf geometry exerts on the upstream ice, with special interest in the tributary
glaciers (Figure S1). Typically flow buttressing is high near the grounding line, especially downstream of
fast outlet glaciers and ice streams. There, the flow is often restrained by lateral friction or confluent flow.
Once the lateral confinement widens, for instance downstream of promontories, flow resistance gradually
decreases. This general pattern is modulated by ice rises/rumples, where ice shelves locally run aground.
The ice rises and rumples on Ronne Ice Shelf provide an illustrative example. Upstream of the flow
barrier formed by the Doake Ice Rumples and Korff and Henry Ice Rises, buttressing is elevated and the
ice flow is deflected laterally. Downstream the flow experiences reduced buttressing. Minimal values are
found just behind the distinct barrier units.
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The relative shelf area, where flow buttressing falls below 1, reveals characteristic differences on a
regional level (Table S1). For the majority of ice shelves, this relative area is above 80%. Values are
somewhat lower in the Amundsen Sea sector (71%) and almost halved in the Bellingshausen Sea sector
(47%). Any perturbations to the shelf geometries there are consequently more likely to alter the ice
discharge over the grounding line. Smallest values for this relative area are found on George VI and
Sulzberger Ice Shelves.
Maximum buttressing
The drawback of using the flow direction to quantify buttressing is that even if this direction was
unbuttressed, this might well be the case in another direction. For the identification of passive shelf ice,
the interest is in areas where buttressing is low in all directions. This is the case if the maximum
buttressing at a certain place is low. As the flow model considers ice-shelf flow to be vertically
homogeneous (Sect. 1), the system is characterized by the stress components in the horizontal plane and
the direction associated with maximum buttressing has a direct physical interpretation. The maximum is
attained when n aligns with the direction of the second principal stress (σ2). It is the stress direction of
minimal extension or maximum compression. Within confinements, σ2 is typically negative, thus
compressive, and buttressing values exceed 1. Once these confinements are passed, σ2 turns positive,
implying an exclusively extensive stress regime, characterized by lower buttressing values. A description
of a typical pattern of maximum buttressing on Larsen C (Figure 4.25) is provided in the main
manuscript. Here, we focus on the relative area of the purely extensive stress regime, which is equivalent
to maximum buttressing values below 1 (Table S1). This quantity shows distinct regional differences. In
clockwise direction from the Weddell to the Ross Sea, about half of the ice shelf area is not highly
buttressed in σ2-direction. For the ice shelves in the Amundsen Sea Sector, its relative extent is only half
as high (25.3%). The situation is more severe in the Bellingshausen Sea sector, where the relative extent
of this area of extensive stresses constitutes only 14%. The smaller this area is, the less capable ice
shelves are to buffer further retreat of the calving front. The area of exclusively extensive stresses is
however not equivalent to the area where deviatoric stresses and thus the ice flow is purely extensive. The
latter area is smaller. Flow is extensive where the second principle strain rate turns positive. It was
speculated that ice shelves are stable as long as frontal retreat does not exceed this area of flow extension,
referred to as the ‘compressive arch’22.
Defining buttressing thresholds
In this section, two buttressing thresholds are inferred in terms of maximum buttressing. First, the PSIthreshold is determined which is central for delineating the area of passive shelf ice. This threshold is
inferred from the ice flux across the marine ice front. Second, the ice-discharge (ID) threshold is
estimated, which quantifies when a noticeable increase in ice flow over the grounding line is experienced.
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Both thresholds are inferred from the instant flux response for each ice shelf around Antarctica on the
basis of generic calving experiments along isolines in maximum buttressing.
Table S1. Ice-shelf area fraction for which maximum and in-flow buttressing are lower than a certain value. Values are
given for 39 ice-shelf regions. Individual PSI- and ID-threshold values for maximum buttressing are given as inferred
from instantaneous changes in the ice flux over the new marine ice fronts and over the grounding line under generic
calving along buttressing isolines (Sect. 2.2).
total float. area
threshold

0.3
[103 km2]

SCAR inlet
Larsen C & D
Filchner-Ronne
Brunt/Stancomb-Wills
Riiser-Larsen
Quar & Ekstrom¨
Jelbart & Fimbul
Weddell Sea
Astrid & Ragnhild
North-East
Amery Ice Shelf
West Ice Shelf
West Indian Ocean
Shackleton Ice Shelf
Vanderford
Totten ice tongue
Moscow-University
Porpoise
Adelie´
Mertz glacier tongue
Ninnis
Cook glacier tongue
Rennick
East Indian Ocean
Drygalski
Ross Ice Shelf
Sulzberger
Ross Sea
Nickerson Ice Shelf
Land glacier tongue
Getz Ice Shelf
Dotson Ice Shelf
Crosson Ice Shelf
Thwaites ice tongue
Pine Island
Cosgrove Ice Shelf
Amundsen Sea
Abbot Ice Shelf
Venable Ice Shelf
Stange Ice Shelf
George VI Ice Shelf
Bach Ice Shelf
Wilkins Ice Shelf
Wordie Ice Shelf
Bellingshausen Sea
Total

2.8
57.6
422.8
36.3
42.7
10.8
51.7
624.7
71.9
9.9
60.8
15.8
158.4
32.0
1.2
6.8
4.4
2.7
1.7
5.5
1.8
3.3
3.3
62.6
2.5
475.9
12.1
490.4
6.5
0.6
33.2
5.1
3.0
4.3
5.8
2.2
58.4
31.8
3.1
7.5
23.2
4.6
13.7
0.7
87.3
1522.7

0.4

0.5

1.0

0.3

[%]
12.5
10.6
5.3
35.5
14.0
14.6
13.9
9.0
14.5
38.6
12.4
23.4
16.0
28.8
15.3
9.8
4.6
18.3
8.1
34.9
30.7
29.3
14.8
23.6
56.0
8.0
7.3
8.3
15.0
9.5
1.1
0.2
11.1
19.0
3.2
1.7
4.7
3.6
11.3
6.8
2.3
1.2
1.9
11.7
3.4
9.9

17.9
17.8
6.8
42.8
17.7
17.9
17.1
11.7
17.3
42.1
14.3
29.9
19.0
34.9
20.2
12.3
6.7
23.8
9.6
40.8
39.1
35.2
15.8
28.7
59.1
10.9
7.8
11.1
18.5
11.3
1.8
0.4
15.2
24.7
4.7
2.7
6.3
4.3
13.4
8.8
2.8
1.6
3.1
12.4
4.3
12.6

PSI
threshold

flow-direction

σ2-direction

0.4

0.5

1.0

[%]
24.2
24.4
8.6
48.9
21.5
22.2
20.2
14.6
20.0
45.2
17.2
36.7
22.2
40.0
26.4
15.0
9.9
29.8
11.4
46.8
47.2
43.7
16.7
33.4
61.5
14.6
8.3
14.7
23.2
12.9
2.9
1.0
20.3
32.4
7.1
3.2
8.6
5.2
15.7
10.3
3.3
1.8
5.4
14.0
5.3
15.7
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56.1
62.3
49.3
73.1
53.9
51.3
44.3
51.8
43.0
60.1
47.5
67.4
48.3
60.4
60.0
38.6
41.4
61.8
27.6
73.6
76.5
69.4
21.2
55.9
72.2
53.5
16.7
52.7
46.6
28.3
16.9
6.3
43.5
68.3
24.5
6.9
25.3
15.5
27.8
21.9
8.0
9.3
24.8
24.1
15.4
48.5

52.1
57.0
29.6
73.5
44.8
51.3
36.5
36.7
32.7
70.2
32.2
62.5
37.8
59.4
51.4
31.0
18.5
65.4
33.3
61.4
74.3
69.9
28.0
52.3
66.1
41.9
13.3
41.4
48.1
28.8
23.6
16.5
51.6
56.9
25.2
14.5
29.8
17.6
37.3
25.9
8.6
10.5
24.5
55.0
17.3
38.1

62.4
65.9
36.5
79.7
51.7
57.3
43.8
43.9
38.8
75.1
40.1
68.4
44.5
63.8
56.8
35.9
21.4
71.3
36.0
66.5
81.0
76.7
31.0
56.9
69.1
49.6
15.0
48.9
53.3
31.5
30.8
20.4
56.3
65.3
30.3
17.3
36.2
20.8
42.4
29.2
9.9
13.9
28.6
57.6
20.2
44.8

[-]
70.5
73.3
43.4
84.3
58.1
64.4
51.1
50.7
44.3
79.0
44.6
73.5
49.5
67.4
62.0
41.0
26.3
76.6
38.1
71.3
86.9
83.3
33.3
61.0
71.8
57.4
17.0
56.4
57.3
36.7
37.6
24.5
59.9
72.2
36.0
20.4
42.1
24.3
46.9
33.3
11.6
17.3
34.7
59.4
23.7
51.2

ID
threshold

95.1
92.5
83.9
95.8
85.3
94.0
81.7
85.5
75.4
89.6
79.7
92.6
79.7
84.1
90.6
80.5
78.9
95.4
63.0
93.7
98.6
97.4
63.2
84.2
87.1
89.8
36.0
88.5
73.9
74.8
68.0
61.4
84.0
89.8
71.9
61.1
71.0
47.7
69.1
54.8
29.4
55.0
60.4
71.3
47.1
82.8

[-]
0.3
0.3
0.4
0.3
0.5
0.5
0.4
0.41
0.5
0.8
0.4
0.2
0.48
0.1
0.4
0.1
0.4
0.3
0.6
0.6
0.4
0.3
0.3
0.31
0.2
0.5
0.6
0.47
0.2
0.3
0.6
0.6
0.4
0.4
0.7
0.4
0.48
0.5
0.7
0.4
0.7
0.7
0.4
0.4
0.51
0.43

0.8
0.9
0.8
0.6
0.9
0.6
>1.0
0.6
0.8
0.8
>1.0
0.6
0.8
0.9
0.7
>1.0
0.9
>1.0
0.4
>1.0
>1.0
>1.0
0.8
>1.0
0.8
0.6
>1.0
>1.0
0.9
>1.0
0.7
>1.0
>1.0
>1.0
0.9
>1.0
0.6
-
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Calving along buttressing isolines
After assimilating velocity and geometry data with the flow model, the ice stress field is retrieved and
with it the maximum buttressing. Isolines in maximum buttressing that connect to the marine fronts of ice
shelves are then delineated in the range from 0 to 1 with an increment of 0.1. For each of these 11 calving
scenarios, the ice is removed downstream of the respective isoline. One additional calving experiment is
conducted that investigates the removal of all Antarctic ice shelves. For all 12 calving scenarios, a new
mesh is generated according to Sect. 1.2. Therefore, a re-interpolation of inversion output data is
necessary. This concerns the basal friction parameter β2, the ice viscosity parameter B and the reference
velocity field. On the basis of the interpolated parameter fields, a new velocity field is calculated. In
comparison with the reference velocities, the new velocity field gives information on the instant response
(no evolution) of the ice fluxes over the grounding line and over the lateral ice margin.

Figure S2. Relative ice-flux change over generic calving boundaries of Antarctica. Changes are normalized to the ice flux
over the marine boundary in the unperturbed state, as inferred from the data assimilation (Sect. 1). Ice velocities are
recomputed after each generic calving event and used to determine instant flux changes over the respective marine
boundary (blue dots). Below the PSI-threshold, shelf ice is considered dynamically passive (orange shading). The
threshold value of 0.43 is inferred as an average of equally weighted threshold values determined for 39 distinct ice-shelf
regions (Table S1).

The necessary interpolations have a non-negligible effect on ice fluxes used to assess the calving effects.
Prior to interpolation, the total ice discharge from Antarctica accounts to 2039 km³/a, comparable to the
2049±87 Gt/a inferred directly from observations26. When the reference velocity field is interpolated onto
each of the 12 meshes, the resultant ice discharge values lie in a range from 1843 to 2072 km³/a. In
general, the interpolated reference discharge shows a 6% low bias. When using the recalculated
velocities, based on the interpolated model parameter fields, this bias is more expressed. Applying the
interpolation scheme even without cutting back the ice front results in a 16% underestimate of the ice
discharge. In consequence of the interpolation, reference fluxes tend to exceed the recalculated values for
small calving extents. Nonetheless, the fluctuations in the reference ice discharge values indicate that
model changes below 10% should not be considered significant.
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To determine the PSI threshold, ice fluxes over the marine boundary for each calving scenario are
quantified around Antarctica (Figure S2). Using the original velocity field to compute the ice flux over
the 12 generic calving fronts gives the boundary flux prior to calving and it is used for normalization.
Recomputing ice velocities with the flow model after calving, the resultant boundary flux actually
increases as calving progresses, meaning that ice shelves accelerated near the marine front. Instead of
inferring the threshold from this global behavior, ice fluxes for 39 individual ice shelves and tongues were
computed to assess shelf-to-shelf variations (Table S1). The PSI-threshold is manually determined when a
stepwise flux increase occurs. For some ice shelves, the ice-flux ratio decreases again after an initial
increase. We attribute this to a resolution effect from the anisotropic mesh refinement because the
nominal grid size increases as less floating parts remain. For Drygalski ice tongue, Wilkins and Nickerson
Ice Shelves, this effect becomes already dominant for small generic calving extents. Yet, we are still able
to identify PSI threshold values from flux peaks present in the lower buttressing range. From this
analysis, we find that all ice-shelf regions dynamically react to calving along buttressing isolines (Table
S1). PSI thresholds for individual ice shelves vary from 0.1 to 0.8 showing a median of 0.4 and a mean of
0.43 for Antarctica. Threshold variations might be indicative for the geometric setting of an ice-shelf, the
dynamic state, the damage degree, etc. They might also stem from inconsistencies or errors in the
assimilated data sets. Considering the total ice outflow over all marine boundaries, the inferred average
threshold of 0.43 marks the calving extent beyond which this flux increases monotonously and notably
(Fig. S2).

Figure S3. Relative ice discharge change from the Antarctic ice sheet. Ice velocities are recomputed after each generic
calving event and used to update the ice discharge over the grounding line (black dots). Changes in ice discharge are
normalized to the unperturbed state directly obtained from the data assimilation (Sect. 1).

For calving extents up to buttressing-isoline values of 0.6, no clear tendency is seen in ice discharge
changes (Figure S3). For larger calving extents, ice discharge starts to increase and we expect the IDthreshold to be larger than 0.6. As the PSI-threshold lies lower, the ice discharge is not necessarily
affected even if all passive shelf ice was removed. Again we turn to individual ice shelves to discern the
ID-thresholds. Here, the threshold is determined when the relative ice-discharge change exceeds 10%,
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which we considered a significant increase. For 28 of the 39 ice-shelf regions, we find ID-thresholds
larger than 0.7 (Table S1). For half of these ice shelves, ID-thresholds exceed 1. As the experimental
setup comprises generic calving along buttressing isolines in the range of 0 to 1 together with the total
removal of the ice shelves, the thresholds was not estimated more accurately above 1. In addition, ice
discharge was not quantified for Wilkins and Bach Ice Shelves. Due to these limitations, we cannot use
the individual shelf information to retrieve a mean ID-threshold. Therefore, we directly use the global
response in ice discharge to determine this threshold (Fig. S3). With the same 10% criteria as above, the
global ID-threshold is found to be 0.9, clearly above the global PSI-threshold of 0.43.
Calving response of Pine Island Glacier
An independent derivation of the ID-threshold is pursued on the ice shelf of Pine Island Glacier (PIG). As
compared to the purely diagnostic instant flux response, we turn to the transient response after calving.
These experiments are described at length in Favier et al. (2014)47. To allow a realistic migration of the
grounding line, the mesh was refined and the full-Stokes variant of Elmer/Ice model was chosen. Similar
to the work presented here, the flow model was initialized by inferring both the viscosity parameter B and
the basal friction parameter β2. After a 15-year relaxation period, the shelf front was cut back and the
model was run forward for additional 50 years. Four different calving extents (abbreviated as ₵1 - ₵4)
were suggested (Figure S4). The ₵1 geometry was loosely based on a major calving event that started end
of 2011. For the other three calving events ₵2, ₵3 and ₵4, the removed area was roughly increased by a
factor of 2, 3 and 4, respectively. For each calving experiment, a new mesh is created, implying as before
an interpolation of the geometry and the inferred parameters B and β2. Prior to calving, the maximum
buttressing field shows very low values near the ice front (Fig. S4).
Laterally, buttressing increases quickly, while the transition is more gradual along the flow. As the ₵1calving event triggers no significant grounding line migration, the experimental setup does not suffer
from a dominant background trend. First, a lower bound of 0.3 is found for the ID-threshold value. From
₵1, we also learn that, right after calving, the maximum buttressing field is not much affected by the
frontal ice loss. This reassures that our buttressing quantification is robust under a gradual recession of the
ice front and supports the assumption that a portion of the ice shelf is dynamically passive. When a
certain calving extent is surpassed, the upstream dynamics and with it the buttressing field are
instantaneously altered. As a consequence, the grounding line starts to migrate inland. Independent of the
calving extents ₵2 to ₵4, a comparable grounding line retreat is triggered. From the initial maximum
buttressing and calving fronts ₵1 and ₵2, we infer that the ID-threshold should not exceed 0.7. From
these new high-resolution experiments, it is difficult to better constrain the ID-threshold as calving does
not follow buttressing isolines. The above inferred threshold for PIG of 0.7 (from the calving events along
buttressing isolines) falls on the upper bound (Table S1). This is not unexpected because the above
inferred threshold relies on the instant flux increase. Here the ice shelf evolves and ice discharge can
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gradually increase, allowing a lower threshold. These additional PIG calving experiments therefore
expand the ID-threshold concept in terms of the transient response of a shelf-sheet system with grounding
line migration. This transient determination of the threshold is more informative, yet it requires high
resolution for grounding line migration and is therefore computationally limited.

Figure S4. Maximum buttressing for calving experiments of the ice shelf of Pine Island Glacier. Initial buttressing field
after model initialization and relaxation (a). Panels (b)-(e) give the maximum buttressing right after the calving
perturbation for the four different calving experiments ₵1 -₵4. The grounding line position after 50 years of evolution
(pink line) quantifies the response of the sheet-shelf system to the calving perturbation. Grey shading indicates observed
velocity magnitudes with a high-lighting of the 100 m / a isoline (black dashed line).

Sensitivity of PSI-area delineation
For assessing the sensitivity of the PSI-area delineation, the viscosity parameter B and the ice thickness
were varied for the floating parts of the Antarctic ice sheet. For the viscosity parameter, the pursued
assessment is twofold. On the one hand, B is scaled up and down by 10% (denoted as B11 and B09,
respectively). On the other hand, we determined a mean value of 0.52 MPa a-1/3 from the inferred B-field
(CON), which is then applied on all the floating parts. In both cases the altered viscosity parameter is
used to determine a new buttressing field, using the initially inferred velocities. The first options (B09,
B11) give a handle on the sensitivity to an offset, while the latter is meant to assess the influence of the
spatial information in B. Apart from the sensitivity to the ice viscosity, ice thickness is perturbed by ±10%
(T09 and T11). This range roughly corresponds to the differences seen between inferred thickness values
and in-situ measurements48. The scaled thicknesses do not enter another inversion but are used to
recalculate the ocean hydrostatic pressure, necessary for the normalization (Eqs. S1 & S2).
For scaling the viscosity parameter, we want to motivate the choice for the 10% range. This range
translates into a ∼25% change of the equivalent fluidity parameter, often referred to as the rate factor.
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Assuming an Arrhenius-type relation, this range can be further converted into ice temperatures. For warm
shelf ice (typically above -10°C), we find an equivalent ∼ 1°C temperature range, but if the ice is colder,
the range increases to about 3°C. Both temperature regimes can occur on a single ice shelf49. A
temperature reconstruction for grounded ice on Antarctica shows a comparable or even lower uncertainty
away from the ice-sheet interior under different geothermal heating50. As most shelves are primarily
sustained by a meteoric ice source, temperatures of grounded ice just upstream of the grounding line are
decisive for the floating parts. We therefore conclude that our choice for the sensitivity range of B reflects
our present knowledge of the temperature state of the ice sheet. Admittedly, this range might not cover
viscosity uncertainties related to shelf-ice damaging.

Figure S5: Sensitivity of the PSI-area fraction. Region averages and Antarctic-wide PSI-area ratios are given under
different perturbations to the viscosity parameter B and ice thickness. Regions are abbreviated: Weddell Sea (WS), West
Indian Ocean (WIO), East Indian Ocean (EIO), Ross Sea (RS), Amundsen Sea (AS), Bellingshausen Sea (BS) and the
whole of Antarctica (ALL).

For the whole of the Antarctic ice sheet, scaling the B-field results in an increase or reduction of the
relative PSI-area by ~2% of the total shelf area (Figure S5). Regionally, this value reaches 6%, while
variations can be higher for individual ice shelves. Despite the introduced shift, regional differences are
preserved under the B scaling. Scaling the ice thickness field also results in a similar systematic shift of
the PSI-area. The magnitude is very comparable to the sensitivity to the B-scaling. Again, regional
differences persist and their interpretation in the main manuscript is substantiated. Another aspect is
covered by applying a constant viscosity value of 0.52 MPa a-1/3 to all ice shelves (CON). Putting aside all
spatial information, a very similar PSI-area ratio of 13.8% for all of Antarctica is found (as compared to
13.4%). On a regional and on a shelf-to-shelf level, we see larger variations. For ice shelves in the
Amundsen and Bellingshausen Seas, the PSI-area increases notably to 12.6 and 8.2%, respectively. In
addition, the regional PSI-area fraction in the Ross Sea drops to 10.4%. In comparison to the ice shelves
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in the Indian Ocean, differences remain pronounced and further substantiate our buttressing assessment.
Spatial variations in B are therefore considered to be important for the analysis of the stress regime. In
addition, low B-values, obtained after a comparable inversion, were already used to infer the damage
degree and provenance of shelf ice49. So the spatial pattern is an asset to our buttressing analysis and it is
even interpretable in terms of the damage degree of ice. The sensitivity analysis suggests that regional
differences are robust under suggested parameter variations. For the global PSI-area estimate of 13.4%,
we find a sensitivity of ~2%.
Examples
In this section, we want to shed some light on individual ice shelves. Larsen C Ice Shelf provides a
perfect setup to illustrate how to combine the analysis of buttressing in flow- and σ2-direction and how to
assess the possible dynamic consequences of a large calving event that may already be in preparation8.
Wilkins Ice Shelf is a test case for our buttressing analysis because the input geometry represents the state
prior to a large calving event.
Larsen C Ice Shelf
The maximum buttressing field is described at length in the main manuscript. This field provides the
necessary information to delineate the PSI-area, which constitutes 10.6% of the total area. After removing
the PSI-area, according to the threshold value of 0.3, the maximum buttressing field is not much altered
(Figure S6b) and upstream acceleration remains small. This is confirmed by buttressing in flow direction
as it typically falls below 0.1 within most of the PSI-area (Fig. S6a). The existing rift which further
opened and propagated in 20148 and thereby overcame a stabilizing suture zone, falls partly into this area.
The starting point of the rift lies in a highly buttressed and heavily crevassed area downstream and north
of Gipps Ice Rise (labelled C12 flow unit)51. Maximum buttressing is elevated because of the vicinity of
the ice rise. Buttressing in flow direction shows, however, a dip in magnitude along the rift implying that
the upstream buttressing potential is a-priori reduced. Though not classified to contain passive shelf ice,
any further opening of the rift in flow unit C12 is not expected to cause a significant acceleration. This
interpretation receives support from a model experiment that artificially removes the basal contact of
Gipps Ice Rise49. No speed-up is triggered in this region. In any case, the tip of the new rift falls into the
PSI-area. Two calving scenarios were suggested, for which the rift either follows the shortest distance to
the ice front along pre-existent weaknesses or continues to propagate in the same direction for another 80
km before it connects to the ocean8. In both cases, the rift remains within the PSI-area and no major
dynamic consequences are expected from the associated calving event.
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Figure S6. Buttressing and velocity differences of Larsen C Ice Shelf. Buttressing in flow direction (a) shows how the flow
resistance radiates upstream from Bawden and Gipps Ice Rises. After generic calving of ice downstream of the PSIthreshold, the maximum buttressing field is mostly unaltered (b) as compared to the state prior to calving (Figure 4.25).
Removing the basal contact at Bawden Ice Rise, the northern part of the ice shelf turns passive as maximum buttressing
decreases (c). This decrease arises from a non-local speed-up (d). In all panels, the location of a rift is indicated (blackwhite dashed line) that continuously opened and propagated during 20148. Grey shading indicates observed velocity
magnitudes with the 100 m / a isoline being high-lighted (black dashed line). Flow units C1, C2 and C12, as labelled by
Glasser et al. (2009)51, are indicated.

In flow direction, the Gipps and Bawden Ice Rises show up prominently with increased buttressing (Fig.
S6a). The flow resistance exerted by these two ice rises has already been described by a similar
quantification of buttressing49. Upstream, in the confined area between promontories, flow buttressing is
also elevated and shows a comparable pattern. Yet, we do not confirm the high buttressing effect
downstream, i.e. on the lee side, of promontories. Elevated buttressing there was interpreted to arise from
a bottle-neck effect from lateral confluence of adjacent flow units49. In our more general approach, we
find that buttressing is rather reduced downstream of promontories. Flow buttressing even shows negative
values indicating that the ice there is dragged along by lateral shearing with adjacent fast flow units.
Therefore, this area provides not much buttressing in flow direction as upstream inflow from the
promontory sites is negligible. Yet perpendicular to the flow direction (similar to the σ2-direction),
buttressing can be elevated downstream of such promontories.
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Since 1994, continuous thinning is observed for the northern part of Larsen C Ice Shelf5. Rates are in the
order of meters per year near Bawden Ice Rise, raising concerns on an imminent loss of the contact
between the ice shelf and the bathymetry there. The inferred flow buttressing field shows high values in
the ice rise vicinity. Its magnitude gradually decreases inland and falls below 0.4 before it links up with
elevated values for flow units C1 and C251. From this significant drop in buttressing, we speculate that
dynamic consequences for the associated tributaries are small after ungrounding from Bawden Ice Rise.
To verify this speculation, we put the basal friction coefficient β2 to zero at the ice rise and calculated the
resultant velocity field (with Elmer/Ice) and with it the corresponding maximum buttressing (Fig. S6c).
The loss in basal friction triggers a non-local speed-up of major parts of the ice shelf (Fig. S6d).
Magnitudes and extents are comparable to a similar speed-up experiment49, which was triggered by a
reduction of the viscosity parameter B. For both experiments, dynamic consequences are small in the
upstream flow units C1 and C2. By prolongation, ice discharge from further upstream tributary glaciers
remains unaffected. Moreover, the loss of basal contact at Bawden Ice Rise causes an increase of the PSIarea from 10.6 to 14.6%. This gain is primarily explained by the loss of the previously buttressed area. No
significant changes in maximum buttressing are found further inland in the central parts of the ice shelf.
This confirms that Bawden Ice Rise influences the dynamics of a large portion of the ice shelf, but is not
decisive for the amount of tributary-glacier discharge. In any case, the ungrounding from Bawden Ice
Rise would allow a more extensive stress regime, which may facilitate calving and trigger frontal retreat.
Wilkins Ice Shelf
For Wilkins Ice Shelf, the data assimilation relies on the Bedmap2 geometry corresponding to the state
prior to the major calving event in July 200825. The used surface velocity mosaic comprises velocity
observations that were acquired during fall 2007 to 200832, mostly prior to calving. The quantification of
the buttressing therefore represents the stress regime before this event (Fig. S7). For this state, only ∼3%
of the Wilkins Ice Shelf contained passive shelf ice (Fig. S1). Maximum buttressing exceeds 1 for most
parts of the ice shelf (75%, Table S1), representing a compressive stress regime. Outflows from Gilbert
Glacier and Haydn and Schubert Inlets meet immediate resistance by running aground for instance at
Dorsey and Mercer Island or other ice rises. This resistance is well illustrated by the buttressing in flow
direction (Fig. S7b), showing elevated values for the confined areas until ice flow passes the last ice rises
in the central region (i.e. the Petrie Ice Rises). On the lee side of these smaller ice rises, when the obstacle
is passed, flow buttressing shows patches of reduced values. Further downstream, ice flow mostly
experiences low buttressing except for single small-scale patches. The narrow ice bridge connecting
Latady and Charcot Islands exerted, however, some buttressing upstream. From the maximum buttressing
information, the 2008 calving event is expected to have triggered some acceleration as it exceeded the
PSI-area. Second, the flow buttressing indicates that the acceleration should be limited to frontal areas,
smaller tributaries in the northern region and upstream of the ice bridge.
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Figure S8. Surface velocity change on Wilkins Ice Shelf in response to the calving event in July 2008. Velocity differences
are taken between September-November 2007 and September-November 2008 (left) and September-November 2007 and
October-November 2009 (right). Velocities are derived from ALOS PALSAR intensity tracking for the western part of the
Wilkins Ice Shelf. Black dots on the ice shelf indicate locations of ice rises/rumples. The ice front positions of the
respective years are highlighted. Background satellite imagery (©ESA 2008, 2009): Envisat ASAR Wide Swath Mode of
25-08-2008 (left), Envisat ASAR Wide Swath Mode of 22-07-2009 (right). Locations of Vere Ice Rise (V) and Petrie Ice
Rises (P) are denoted.

To validate our interpretation of the buttressing regime, surface velocities were inferred from satellite
imagery for the southwestern part of Wilkins Ice Shelf in 2007, 2008 and 2009 (Fig. S8). In view of the
2008 calving event, the region between Petrie Ice Rises to Lewis Snowfield is of most interest, as a large
portion of the ice bridge was lost. Velocity differences confirm the previous assessment that the major
speed-up after the calving in 2008 is limited to the area downstream of the Petrie Ice Rises. South of these
ice rises and upstream of the ice bridge, the ice shelf accelerated further inland almost up to Schubert
Inlet. Though magnitudes are by far smaller than close to the marine front, the upstream speedup is not
negligible. Schubert Inlet, however, shows no sign of acceleration. By 2009, after further retreat of the ice
front, the velocity difference still shows the speedup in the southern central region. Yet magnitudes are
somewhat reduced. This inferred acceleration pattern agrees with the above interpretation of the
buttressing fields in σ2- and flow-direction.
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4.5

Changes on Wilkins Ice Shelf derived from multi-mission satellite remote sensing

A manuscript in similar form is in preparation for submission as:
Rankl, M.; Fürst, J. J.; Helm, V.; Humbert, A.; Braun, M.: Changes on Wilkins Ice Shelf derived from
multi-mission satellite remote sensing. The Cryosphere

4.5.1

Introduction

Antarctic ice shelves are sensitive indicators for global climate change (Vaughan and Doake, 1996). Ice
shelf collapse or break-up led to tributary glacier acceleration and dynamic thinning (Rignot, 2004;
Scambos, 2004; Berthier et al., 2012). The reason is that ice shelves restrain the outflow from tributary
glaciers, thus they serve as natural buttresses (Rott et al., 2002; De Angelis and Skvarca, 2003; Scambos
et al., 2014; Khazendar et al., 2015). Outflow increase becomes sea-level relevant when it reaches a key
upstream location, the grounding line (Rignot, 2004; Shuman et al., 2011). This line pins down the
location where ice becomes afloat on its general way towards the ocean. On the Antarctic Peninsula (AP),
12 major ice shelves have either disintegrated or significantly retreated (Doake and Vaughan, 1991;
Scambos et al., 2000, 2003; Rott et al., 2002). In addition, many of these ice shelves experienced
important thinning over the past two decades (Zwally et al., 2005; Fricker and Padman, 2012; Paolo et al.,
2015; Wouters et al., 2015). Ice shelves along the western coast of the AP exhibit thinning rates that are
often twice as high as those on the eastern side (e.g., Larsen Ice Shelf) (Paolo et al., 2015). 87% of the
tributary glaciers showed retreating tongues (Cook, 2005). Reasons for this regionally concentrated ice
shelf recession or break-up are manifold. Explanations range from a warming atmosphere (Vaughan et al.,
2003; Steig et al., 2009; O’Donnell et al., 2011), to a reduction in sea ice coverage on the western side of
the AP (Stammerjohn et al., 2008), to rising ocean temperatures on the Bellingshausen Sea continental
shelf (Meredith and King, 2005; Martinson et al., 2008) and to warming deep waters in the Weddell Sea
(Robertson et al., 2002).
As it is long known that ice shelves serve as natural buttresses (Rott et al., 2002; De Angelis and Skvarca,
2003; Scambos et al., 2014; Khazendar et al., 2015), there were regular attempts to assess their structural
stability under ice front recession. A first criterion was formulated after final collapse of Larsen A, within
only one week, and during the subsequent gradual recession of Larsen B. Doake et al. (1998) inferred all
horizontal strain-rate components. The sign of the smaller eigenvalue of the strain-rate tensor was then
used to determine a line, downstream of which the ice flow regime is exclusively extensive (all
eigenvalues positive). This 'compressive arch' was forwarded as a threshold contour for frontal recession,
beyond which ice shelves are expected to ultimately disintegrate. In the meantime, ice-flow models were
successfully applied to get a more comprehensive description, including the stress distribution. Studying
Larsen C ice shelf, Kulessa et al. (2014) proposed that ice-shelf stability should be assessed from the
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stress-flow angles. It is the angle between ice flow and the first principal stress. When the two align,
fracture opening rates were considered to maximize. If angles are small near the ice front, this would be
considered a less stable state.
Also relying on the stress regime within the ice, Fürst et al. (2016) quantified the maximum buttressing
potential of all ice shelves in Antarctica. Though not addressing the stability issue, they could show that
~13% of all floating ice is dynamically not relevant. Once ice-front recession exceeds this passive shelfice area, dynamic consequences are expected. For ice shelves in the Bellingshausen Sea, only a small 5%fraction can still be removed without dynamic implications.
The aim of this study is twofold. In a first step, we will assess changes in the dynamic state of Wilkins Ice
Shelf (WIS) under the multi-stage break-up during the last decade. For this purpose, ice velocity maps are
inferred from radar satellite observations in 1994 and 2006-2010. From these maps, we infer strain rates
and the stress distribution. These fields will then help to explain the collapse stages, which allows us to
assess the stability criteria forwarded in the literature (Doake et al., 1998; Kulessa et al., 2014; Fürst et al.,
2016). In a second step, thickness changes between 2003 and 2012 are inferred using ICESat/CryoSat-2
and TanDEM-X imagery. Together with information on new fracture formation, our previous stability
assessment can be evaluated and provide a current status assessment of the ice shelf.

4.5.2

Study area

WIS is located at the south-western part of the AP covering an area of 10,150 km² in April, 2015. The ice
shelf is confined by Alexander, Rothschild and Latady Island. Mass gain at WIS is dominated by surface
accumulation (Vaughan et al., 1993). Further contribution of mass originates from the main in-flow from
Lewis Snowfield south-west of the ice shelf. Contribution of mass from Gilbert Glacier and two inlets,
called Schubert and Haydn inlets, is highly restraint by prominent ice rises (e.g. Dorsey Island).
During the last decades, WIS has undergone significant dynamic changes: Surface lowering of in total 4.95 ± 0.21 m between 1978 and 2008 at the southern WIS (Fig. 1) was found to be the largest for all AP
ice shelves (Fricker and Padman, 2012). In recent years (2000-2008), however, thinning rates were less
negative or even slightly positive at the northern WIS (Paolo et al., 2015). Average thickness changes at
WIS account for -0.62 ± 0.12 m a-1 for the period 1994-2012 derived from radar altimetry and were
attributed to basal melting (Paolo et al., 2015). Basal melt rates of WIS were estimated by several authors:
Holland et al. (2010) found 0.66 m a-1 averaged over the period 1979 to 2007, Padman et al. (2012)
inferred rates of 1.3 ± 0.4 m a-1 during 1992-2008, while Rignot et al. (2013) derived 2003-2008 average
rates of 1.5 ± 1 m a-1.
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Figure 4.26: a) Overview map of Wilkins Ice Shelf. The ice front positions of the years 1994 and 2008 as well as the
situation in 2015 are shown. The remnant ice connection between Charcot and Latady Island in its shape from April, 2008
is indicated. Inset b and c show fractures at the ice front close to Latady Island and at the south-western ice front in the
proximity of ice rises and close to the ice front in 2015. The location of the grounding line was derived from ERS-1/-2
differential interferometry (supplement material S3). P = Petrie Ice Rises, V = Vere Ice Rise. Background: Sentinel 1a 2105-2015 © ESA.

In addition, major ice-front retreat has been detected (Scambos et al., 2000; Braun et al., 2009). Based on
the analysis of multi-temporal satellite imagery and historic maps, several break-up stages were
quantified (Arigony-Neto et al., 2014). Several causes for break-up at WIS were proposed in the
literature: fracture formation due to bending stresses in combination with surface melt or brine infiltration
(Scambos et al., 2009), transoceanic infragravity waves which induce fractures at Antarctic ice shelves
(Bromirski et al., 2010) and break-up due to bending stresses caused by enhanced basal melt (Braun and
Humbert, 2009; Humbert et al., 2010). Continuous ice front retreat led to the formation of a remnant ice
connection between Latady and Charcot Island at the western WIS. Braun et al. (2009) also documented
the development of fractures and rifts as well as the role of ice rises in the break-up processes on WIS.
Between 28/29 February and 30/31 May 2008 an area of 585 km² broke-off narrowing the connection
between these two confining islands (Braun et al., 2009). In June/July 2008, 1220 ± 75 km² of ice was
lost at the eastern side of this ice bridge (Figure 4.26), meaning further weakening of it (Humbert and
Braun, 2008). Braun and Humbert (2009) found highly variable ice thicknesses (~250-170 m) along the
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ice bridge implying important buoyancy differences. The break-up events in May and June/July 2008
have demonstrated that such events can occur in austral winter (Braun et al., 2009). This contradicts
previous assumptions that ice shelf break-up depends on summer surface melt ponds (Doake and
Vaughan, 1991; MacAyeal et al., 2003; Scambos et al., 2009). In early April 2009, the final ice bridge
collapse corresponded to an area loss of 330 km². More than 100 tabular icebergs calved off. Many of
these icebergs capsized, releasing an energy of >125 x 106 J (Humbert et al., 2010). After the collapse of
the ice bridge, small-size calving events occurred, which primarily took place along the south-west ice
front between Latady Island and Lewis Snowfield.

4.5.3

Material and Methods

SAR intensity offset tracking
Surface velocities of the ice shelf and its tributary glaciers were derived from SAR intensity offset
tracking (Strozzi et al., 2002) using repeat ALOS PALSAR (46 day time interval) and ERS-1/-2 (35 day
time interval) SAR Single Look Complex (SLC) image pairs (Table S1). This technique cross-correlates
the backscatter intensity pattern of a pair of SAR images of different acquisitions dates. For this purpose,
small image patches are moved over the entire image and for each patch (Table 4.13), the maximum of
the 2-D cross-correlation function yields the image offsets in range and azimuth directions. If coherence
between both image patches is retained, the speckle pattern is additionally correlated. Offsets of minor
confidence were rejected based on a signal-to-noise-ratio (SNR ≤ 4). The processing was performed using
the Gamma Remote Sensing software. Geocoding of the final range and azimuth offsets from SAR to
map geometry was based on the WGS84 ellipsoid.
Table 4.13: Parameters used for intensity offset tracking.

Sensor

Tracking window size
(range x azimuth)

Step (range/azimuth)

ALOS PALSAR

128 x 384

12/36

ERS-1/2 SAR

256 x 1280

15/75

The method relies on surface patterns which are identifiable in both images. However, co-registration and
intensity tracking performed on single scenes of structureless ice shelves was hardly successful.
Therefore, single scenes along the respective relative orbits were concatenated (Fig. S1). Additionally, we
used a binary mask of non-moving (e.g., ice rises, bedrock) and moving areas (ice shelf, tributary
glaciers, sea) to perform co-registration on stable areas only (Fig. S1). In a postprocessing step, the
surface flow was filtered using a 5x5 pixel median filter and a threshold discarding flow vectors deviating
from a reference direction.
For each year, several displacement fields of different relative orbits were mosaicked (Fig. S1). Due to the
time difference between image acquisitions, the mosaicked surface flow shows slight deviations in the

157

Results and Discussion

flow magnitude at the boundaries of each relative orbit. Hence, flow differences were calculated for the
south-western orbit only in order to show results independent from overlapping velocity results. For each
flow field between 2006 and 2010, a mosaic of three to four relative ALOS PALSAR orbits represent the
surface flow for the respective time period, mostly in austral summer (August/September to
October/November in 2007-2010, Table S1). Ice flow in 2006 covers the period mid May to mid June.
The estimation of errors in the derived velocity fields was done as described in McNabb et al. (2012) and
in Seehaus et al. (2015). For each velocity field a value based on the accuracy of the co-registration was
calculated and a second value described uncertainties involved in the intensity tracking algorithm
(Table S2).
Stress tensor and strain rates
In order to infer the components of the stress tensor associated with a flow field, a constitutive equation is
required. In glaciology, ice is typically described as being a non-Newtonian fluid with a viscosity η
depending on temperature and effective strain rate. In its most general form, the constitutive equation can
be written as follows.

2
Here,

(1)

is the strain rate tensor, which holds information on spatial derivatives of the velocity field:

0.5

(2)

The strain rate tensor describes how much the ice is deformed at a certain location and its horizontal
components can be inferred from surface velocities. For the purpose of understanding the changes in the
stress regime due to the break-up events it is of particular importance to look at strain rates and not
velocity fields. Velocity fields are derived by measuring displacements of features assuming that the
features themselves do not change. In case of opening of a rift, the feature is often a rift face or a crack
front, and both change over time. Thus, the interpretation of the displacement field as a flow velocity can
only be done in case there is no rift opening. Otherwise, the displacement due to opening of a rift and the
creep of ice are superimposed in the velocity field. Strain rates, however, overcome this flaw, as they are
spatial derivatives.
The ice viscosity then determines how strain rates translate into deviatoric stresses τij. Stress deviators are
linked to the full Cauchy stress tensor σ by adding the isometric pressure. Owing to the isometric
pressure, the horizontal stress components depend not only on the horizontal strain components.
However, horizontal scales of an ice shelf are much larger than its vertical extent. Therefore, we apply an
approximation that stems from thin body mechanics. We assume that any loading differences in the
vertical are small as compared to the horizontal direction.
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The horizontal Cauchy stress tensor is then redirected to:

2

(3)

2

In addition, the viscous response of an ice body is not necessarily linear and depends itself on the strain
regime:



1 1 / n (1 n ) / n
A  e
2

Here, ε2e

1
2

tr ε

(4)
2

tr ε2

is the second invariant of the strain rate tensor. We assume isotropic

material properties and a flow exponent of n = 3. A is the rate factor, which determines the readiness of
the viscous material to deform under a given stress (Van der Veen, 2013). For WIS, we assume a constant
rate factor A of 1.7x10-24 Pa-3s-1 (Paterson, 2010) corresponding to temperate ice of about -2° C as
observed in this area. On an entire ice shelf, the rate factor is certainly not constant as it depends amongst
others on ice temperatures, impurity content as well as the degree of damage. Consequently, the inferred
stress magnitudes do not reflect these additional factors. However, the zero stress line remains unaffected
by this scaling issue.
Strain and stress components are real and, by construction, the strain rate and stress tensors are
symmetric. Therefore, all eigenvalues are also real. Moreover, we order the two eigenvalues for each
tensor by size. In glaciology, the larger eigenvalue of these tensors is referred to as the first principal
component (Doake et al., 1998; Kulessa et al., 2014). First and second principal components span the
range of minimal and maximal extensive or compressive strain rates or stress occurring within the ice.
The first principal strain rate gives maximal extension rates and is therefore of interest to define a
crevasse opening or material failure criteria (see Vaughan, 1993; Benn et al., 2007 for reviews). Observed
threshold strain rates for fracture initiation span a wide range from 0.01 a-1 (2.7E-5 day-1) on Greenland
(Meier, 1958) to 0.004 a-1 (1.0E-5 day-1) on White Glacier, Canada (Hambrey and Müller, 1978). To
describe damage initiation within an ice body, Krug et al. (2014) used a threshold criterion for the first
principal stress component. In terms of stresses, inferred thresholds range from 90 to 320 kPa (Vaughan,
1993). Second principal components, however, were recognized to be important in terms of ice-shelf
stability (Doake et al., 1998) or, more general, to assess and quantify the dynamic susceptibility of ice
shelves (Fürst et al., 2016).
TanDEM-X interferometry, altimetry and ice thickness estimation
The

German

bistatic

TanDEM-X

mission

(TerraSAR-X

add-on

for

Digital

Elevation

Measurement),(subsequently abbreviated as TDM) provides high resolution data for interferometric
processing. The mission was launched in 2010 by the German Aerospace Center. TerraSAR-X (TSX) and
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its twin satellite TanDEM-X (TDX) fly in a close helix formation (Krieger et al., 2007). One of the
satellites transmits the signal to the ground (the so-called active master) and records the backscattered
signal as does the second satellite (the so-called passive slave). These bistatic acquisitions assure a high
level of coherence between image acquisitions due to only three seconds time lag between satellite
overpasses (Fritz et al., 2011).
We used CoSSC (Coregistered Single look Slant range Complex) stripmap scenes with short across-track
baselines (Table S1), where the master and slave image are already co-registered to each other. The
processing was done using Gamma Remote Sensing software. Once the interferograms for each
TSX/TDX image pair were computed, the 'flat Earth' was removed. Afterwards, coherence between the
master and slave acquisitions was estimated and areas of low coherence (<0.3) were masked out.
Unwrapping of the wrapped phase cycles was carried out using a 'Minimum Cost Flow' algorithm. The
initial location to start the unwrapping process was chosen manually in advance and ensured to be on flat
terrain. The unwrapped phase was transformed to relative heights according to the phase-to-height
sensitivity computed. The relative height information was geocoded to the WGS84 ellipsoid using the
orbital information of the image pairs. The ionospheric path delay was neglected during processing, since
the impact is assumed to be small for X-band frequencies (Fritz et al., 2011). However, the troposphere
has large impacts on the vertical accuracy. The tropospheric path delay was calculated using the approach
by Fritz et al. (2011):
∆Rtropo = ZPD⁄cos α *exp

h⁄C

(5)

where ZPD: Zenith path delay, which was set to 2.3, α is the incidence angle of the master scene, h
denotes the relative height and C is a scale factor of 6000 m.
In a final step, we correlated CryoSat-2 altimetry data (provided by the European Space Agency) and
acquired in the same time period (June-July 2012) to the TanDEM-X heights in order to achieve the
absolute elevation of the ice shelf surface. No correction for a potentially spatially variable X-band signal
penetration was applied and a uniform, penetration of the SAR signal in the snow cover was assumed.
The CryoSat-2 data was corrected for ocean tides using the CATS2008a model (Padman et al., 2002,
2008). The satellite was launched in April 2010 and provides data up to a latitude of 88°S/N. The mission
is dedicated to ice applications and is currently the only altimeter system (SIRAL: Synthetic Aperture
Interferometric Radar ALtimeter), which acquires topographic information over the Polar Regions.
Narrow across-track spacings of 2.5 km at 70°S/N and 4 km at 60°S/N enable dense data acquisitions
(Helm et al., 2014).
The correlation function between CryoSat-2 and TanDEM-X heights reached high R² coefficients over
the ice shelf (Fig. S3). The constant value of the y-axis intercept was added to the relative heights derived
from TanDEM-X interferometry. The absolute TDM-CryoSat-2 heights were transformed to the EGM08
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geoid in order to rely on freeboard heights. The mean ice density over the ice shelf was assumed to be 915
kg m-3 since brine infiltration was suggested to likely occur (Vaughan et al., 1993; Braun et al., 2009).
The floating ice shelf is often considered to be close to hydrostatic equilibrium which makes the ice
thickness H a function of the densities of sea water (ρsw = 1027 kg m-3) and the mean density of ice (ρice =
915 kg m-3) as well as the freeboard height h:

H

ρsw ⁄ ρsw

ρice

*h

(6)

Longterm ice thickness changes of the ice shelf were derived from comparing TDM-CryoSat-2 ice
thickness (June/July 2012) with ICESat (Ice, Cloud, and Land Elevation Satellite) GLAS (Geoscience
Laser Altimeter System) surface elevation data from 2003. We used ICESat GLA12, release 34. The data
were corrected for tides and referenced to the EGM08 geoid. Further corrections for saturation and for an
error in the range determination arising from the selection of the transmit-pulse reference were applied
(Zwally, 2013; Borsa et al., 2014). The ice thickness was derived as described in Eq. 6.
The location of the grounding zone was mapped using differential interferometry applied to ERS-1/-2
image pairs. The method follows the approach shown in e.g., Rignot et al. (1996) and is described in the
supplement material S3.

4.5.4

Ice dynamic changes

Results
Break-up at WIS was analyzed using multi-temporal surface flow in 1994 and between 2006 and 2010
(Figure 4.27). Figure 4.23 shows in more detail the period between 2006 and 2009, when the ice bridge
gradually collapsed.
The general picture of surface flow shows prominent inflow from Gilbert Glacier, Haydn and Schubert
inlets, and directly from Lewis Snowfield over all years 1994 and 2006-2010 (Figure 4.27), where flow
rates can exceed 1.5 m day-1. The inflow is, however, restrained and deviated by several obstacles,

as for instance by Dorsey Island or by the ice rises in front of Haydn and Schubert inlets.
The entire ice shelf showed very small velocities in March 1994. Slightly higher surface motion was
encountered in the southwest, originating from Lewis Snowfield as well as near the ice front at Charcot
Island after the 1993 break-up event (remnant icebergs are still visible in the backscatter SAR image in
Figure 4.27a). Between February and June 1998, a large double fracture formed almost parallel to the
western ice front of the ice bridge between Latady and Charcot Island (Figure 4.28a). In July 2007,
surface flow at the ice bridge increased due to the formation of the second longitudinal fracture-pair
(Figure 4.28b). This acceleration was followed by major ice loss at the western and south-eastern ice
bridge between February and July 2008 (Braun and Humbert, 2009; Humbert et al., 2010). A total area of
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1805 ± 75 km² was lost. The consecutive acceleration was most expressed on the ice bridge (up to ~0.8 m
day-1 at the narrowest part), but did certainly reach as far upstream as to the Petrie Ice Rises (Figure
4.27h). Upstream of this region, acceleration is somewhat lower.

Figure 4.27: Surface velocities of WIS in 1994 and between 2006 and 2010 derived from ERS-1/2 and ALOS PALSAR
feature tracking. The position of the grounding line in 1995/96 is marked as black line. Inlet g) shows ice front positions
between 2006 and 2010. Inlet h) and i) show differences in surface flow between 2008 and 2007, and 2009 and 2008,
respectively, for the western part of the ice shelf. P = Petrie Ice Rises, V = Vere Ice Rise. Background imagery: a) MOA
2003/2004 © NSIDC, ERS-1/2 SAR 19-08-1993; b) Envisat ASAR 25-03-2006; c) Envisat ASAR 05-08-2007 and 09-092007; d) Envisat ASAR 25-08-2008; e) Envisat ASAR 22-07-2009; f) Envisat ASAR 09-12-2010; g) Sentinel 1a 21-052015; h) Envisat ASAR 25-08-2008; i) Envisat ASAR 22-07-2009, © ESA.

The north-western part of the ice bridge remained rather stagnant, still experiencing and transmitting the
buttressing from Charcot Island (Figure 4.28g). The narrow remainder of the ice bridge finally collapsed
in April 2009 and an area of 330 km² broke off (Humbert et al., 2010). This final event entailed hardly
any further upstream acceleration (Figure 4.27i). This indicates that the area lost did no longer transmit an
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important backstress to the flow of the main ice shelf unit. In 2010, results from feature tracking were
unavailable for some parts of the WIS and the coverage was incomplete (Figure 4.27f). Yet, from the
covered areas of the ice shelf, we are confident that ice flow did not change significantly between 2009
and 2010 (Figure 4.27e, f). In addition, the ice front position remained stable (Figure 4.27f).
From the strain rate tensor, we inferred the component pointing in flow direction. This in-flow strain rate
gives an indication on whether the flow regime is extensive or compressive along streamlines. Yet, the
quality of the in-flow strain rate is highly dependent on the reliability of the inferred flow directions. Very
low flow speeds, as found on the main ice shelf in 2006 and 2007, are more susceptible to errors (Figure
4.28a, d). Thus, for the interpretation of in-flow strain-rates, we will limit the discussion to faster areas.
The in-flow strain rate component is negative in all years 2006-2009, where the ice flow is blocked by an
obstacle, e.g., upstream of the Petrie Ice Rises (Figure 4.28, central panel, compressive strain corresponds
to negative values ). Compressive strain also prevails close to Latady Island, where a slight inflow is
visible (Figure 4.28, central panel). In-flow strain rates at the ice bridge show a mostly extensive
component in 2006 and 2007 (Figure 4.28, central panel, red values indicate extensive strain). In 2008,
most parts of the ice shelf show extensive flow, merely buttressed by the Petrie Ice Rises and Latady
Island. In-flow strain rates of opposite sign on each side of the narrowest part of the ice bridge in 2008
explain the formation of an initial crack and why the ice bridge failed there. The prevailing atmospheric
circulation pushed the brittle ice mélange westward, which explains why the bridge yielded in this
direction (Humbert et al., 2010).
The second principal strain rate component is negative in all years (Figure 4.28c, f, i, l). This implies that
the flow regime of WIS has a compressive component almost everywhere. As ice flow accelerates from
2006 to 2008, the second principal strain rate becomes less negative (Figure 4.28c, f, i). After the final
collapse of the ice bridge, this strain rate component drops down again to pre-collapse values near the ice
front and close to Latady Island (Figure 4.28l).
Based on the calculation of surface flow in 2006-2009 and the basic assumption of a constant rate factor,
principal stress fields were derived in order to assess the fundamental changes in the stress regime during
the ice bridge break-up. The first principal stress gives the highest extensive stress acting within the
material. In all years 2006-2009, first principal stresses are generally positive (Figure 4.29a, d, g, j). Local
maxima in these fields coincide with fractures. It is not surprising that these maxima are often located at
the tip of these fractures, where extensive forces are focused. In 2008 and 2009, however, a wave-like
pattern becomes visible on the main part of the ice shelf. These artefacts cannot be explained by processes
occurring in the ice, but are inherent to the satellite data (e.g., ionospheric noise) or a result of the tracking
algorithm.
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Figure 4.28: Surface velocities (upper row), strain rates in flow direction (middle row) and second principal strain rates
for the years 2006-2009 (bottom row). The strain rate components were filtered using a moving average with a
rectangular kernel of 1000 m x 1000m. Arrows show the ice flow direction above a threshold of 0.05 m day-1. For each
date the respective ice front positions are shown. A double fracture system formed in 1998 is shown as green lines in a)
and c). A newly developed double fracture par formed in July, 2007 is marked as purple line in c). P denotes Petrie Ice
Rises, V denotes Vere Ice Rise. Background imagery: a-c) Envisat ASAR 25-03-200; d-f) Envisat ASAR 09-09-2007; g-i),
Envisat ASAR 02-08-2008/06-08-2008, © ESA.

The second principal stress holds information on the smallest extensive or largest compressive stress
acting within the ice. For positive values, the ice shelf experiences an exclusively extensive stress regime.
In 2006 and 2007, a compressive second principal stress regime prevails on WIS (Figure 4.29b, e).
During the formation of the second double fracture on the ice bridge in 2007, this region turns fully
extensive in terms of stresses as well as strain rates. Without any compressive components, the ice bridge
was destined to split in two and the western part collapsed soon thereafter. In 2008, ice flow increased
and with it the second principle stress. In large areas previously showing negative values, the stress
regime turned entirely extensive in 2008 (Figure 4.29h). The only exceptions are the vicinity of ice rises
and near Latady Island. One year later, the stress state has reverted back to the pre-acceleration state with
a largely compressive second principal component (Figure 4.29k).
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Assessing ice shelf stability on Larsen C, Kulessa et al. (2014) introduced a new variable. They computed
the angle between the ice flow direction and the first principal stress direction. They argue that when flow
direction and first principal stress direction align, fracture formation is facilitated. This stress-flow angle
is consequently forwarded as a criterion for ice shelf stability. Low stress-flow angles indicate areas,
which are more likely to suffer from break-up, whereas larger stress-flow angles, approaching 90°,
indicate stable conditions (Jansen et al., 2015). Stress-flow angles on WIS are small, where fractures
formed, e.g., at the ice bridge in 2007 or upstream the ice bridge, parallel to the northern ice front in 2008.
Stress-flow angles on the ice bridge, however, show higher values in 2008.

Figure 4.29: First and second principal stress fields as well as stress-flow angles on WIS for the years 2006-2009. P
denotes Petrie ice rises, V denotes Vere ice rise. Background imagery: a-c) Envisat ASAR 25-03-200; d-f) Envisat ASAR
09-09-2007; g-i), Envisat ASAR 02-08-2008/06-08-2008, © ESA.
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Assessing the retreat stages
In this section, we want to investigate, which fields are more or less informative, when it comes to
identifying weaknesses and predicting the next break-up stage.
None of the fields from 2006 points out that another fracture pair would open. Near the existing double
fracture, local maxima are discernible for in-flow strain rates, and the first and second principal stresses.
The latter stress even turns positive. Neither the second principal strain rate nor the stress-flow angle
shows a well imprinted trace of the already present fracture.
Turning to 2007, most fields reflect the opening of the new fracture pair on the ice bridge (Figs. 3 & 4).
Only exception is the second principal strain rate (Figure 4.28f). As the western side disintegrated later
on, the question is, if any of the fields actually points out this side of the bridge to be more vulnerable. Inflow strain rates show a large area of high compression on the eastern side along the old fracture pair. In
the principal stress components we see, however, a local stress maxima (pure extension) on the
southwestern trunk of the ice bridge, which could explain fracturation there. Stress-flow angle values
show very small values on the north-western end of the bridge (Figure 4.29f). Following the interpretation
from Kulessa et al. (2014), fracture opening would be facilitated. In this area, the first principal stress
shows no elevated values. The stress-flow angle criteria is, however, the only measure that points out
instable conditions all along the north-eastern ice front, which actually retreated afterwards. Low values
along the south-western ice front might be an artefact from not well constrained flow directions.
By 2008, ice flow fundamentally changed both in terms of direction and magnitude. All measures reflect
this important change. The in-flow strain rates show different flow regimes on each side of the narrowest
part of the ice bridge. This explains the later failure position. No other field can make an as clear
distinction here. The second principal strain rate gradually increased since 2006 but still remains mostly
negative. Even if zero is not passed, the stability interpretation from Doake et al. (1998) would suggest
reduced retreat susceptibility as compared to the previous stages. This is certainly true as no further
acceleration followed. However, the ice bridge was lost afterwards. Stress-flow angles suggest a different
interpretation of this state. High values dominate on the ice bridge, while all the rest of the north-eastern
ice front shows small angles. The interpretation of these angles would suggest an inverted retreat scenario
than was actually observed. Both principal stress components, as well as the in-flow strain rates, show
elevated values along fractures, which later became the new north-eastern ice front position.
The state in 2009 points towards stable conditions on WIS reflected in all measures. To date, no further
ice front retreat occurred at the northern ice front.
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Ice shelf stability
From the above assessment, some of the presented measures emerge to be more or less applicable for
assessing ice shelf stability. For the interpretation of the second principal strain rate component (Figure
4.28c, f, i, l), we want to follow Doake et al. (1998). They forwarded that when the ice front
retreats/recedes beyond a certain isoline in this strain rate component, the ice-shelf integrity is no longer
granted and a destabilization is expected. The stress value associated to this isoline is suggested to be
close to zero. Second principal strain rates are rather insensitive during the retreat stages of WIS. Values
are generally negative and therefore suggest general recession.
The picture that we got from the stress-flow angle on WIS is rather ambiguous (Figure 4.29c, f, i, l).
Though some retreat stages can be explained, this is certainly not the case for others. In defense of this
measure, we have to add that uncertainties on flow directions are high in slow moving regions. In
addition, the principal stress directions are biased by the choice of a constant rate factor. The later effect
is hard to estimate though we would expect that differences manifest in certain spatially confined areas
and not allover the ice shelf domain.
The most useful measures for interpreting the retreat stages are the in-flow strain rates (Figure 4.28) and
the principal stress components (Figure 4.29). Sign changes and local maxima in the strain fields could be
exploited in this interpretation. The first principal stress component points out regions, where fractures
are likely to open or propagate (Vaughan, 1993; Krug et al., 2014). On WIS the threshold between 90 and
320 kPa mentioned above (Vaughan, 1993) holds for the the break-up events in 2007 and 2008 (Figure
4.29d, g). In 2007, the first principal stress regime at the ice bridge exceeded ~200 kPa as well as in 2008,
when fractures parallel to the ice front formed (Figure 4.29d, g). Values were slightly lower at the
narrowest part of the ice bridge, where the ice bridge collapse initiated (Figure 4.29g). Yet, the magnitude
of this field scales directly with the rate factor, hence, any threshold criteria inferred from observations
has to be considered with caution.
The second principal stress component shows some advantage in this respect (Figure 4.29b, e, h, k). For
all retreat stages, we confirm that this stress field shows a change in sign to positive values in critical
regions. Such sign changes are unaffected by the rate factor choice. Thus, we think that positive second
principal stresses add substantially to a pure strain-rate interpretation.

4.5.5

Geometric changes

Ice thickness in 2012
The TanDEM-X/CryoSat-2 approach allows for a comprehensive mapping of the ice thickness and is
advantageous to point-based altimetry measurements. The heterogeneous pattern of ice thickness across
the ice shelf became visible in detail and allows identifying potential zones of weakness (Figure 4.30).
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Distinct inflow from Lewis Snowfield, which emerges towards the center of the ice shelf, is clearly
identifiable. At this part, the ice shelf is about 300 m thick and a sharp drop in thickness separates the
flow unit from its surroundings. The northern ice shelf, where many ice rises are located, is thinnest,
especially downstream of ice rises. The western part of the ice shelf, close to Latady Island, is separated
by an elongated area of thinner ice, which stretches from the south-western to the north-western ice front.
The ice shelf is thickest close to the grounding line, e.g., at Schubert (~800 m) and Haydn Inlets (~500
m). In the Inlets, uncertainties in the ice thickness estimation are highest since the ice might not be
completely free floating and hence the criteria for Eq. 6 may not be fulfilled.
Changes since 2003
Ice thickness measurements at WIS in 2003 were derived from the ICESat mission (Braun et al., 2009)
and could be compared to the recent dataset (2012, Figure 4.30). The ice shelf can be separated into a
narrow northern part, where slight thinning occurred. In a middle part as well as in Haydn and Schubert
inlets, the ice shelf thickened with values of up to ~55 m between 2003 and 2012. We found most
pronounced thinning close to Latady Island reaching ~ -73.6 m between 2003 and 2012 (-7.36 m a-1;
Figure 4.30).
Paolo et al. (2015) found average thickness loss of WIS of -6.2 ± 1.2 m between 1994 and 2012.
However, thinning at WIS was interrupted by a period of almost stable conditions between 2000 and 2008
(Paolo et al., 2015), which was also shown in stable surface elevations in Fricker et al. (2012). A study
from Padman et al. (2012) showed elevation change at WIS derived from ERS-1/-2 and Envisat crossover altimetry between 1992 and 2000. Close to Latady Island they found surface lowering of -0.31 m a-1
(sample X313). When comparing their sample X313 to our observation at approximately the same location
between 2003 and 2012 (Figure 4.30, -7.36 m a-1 thickness loss equals ~ 0.8 m a-1 elevation change), we
found ~ 2.6 times higher elevation loss in the more recent period 2003-2012 at that point. Yet, thickness
change between 2003 and 2009 derived from ICESat measurements was less negative or slightly positive,
when compared to the whole observation period 2003-2012 (Fig. S4). Hence, we confirm, that after a
period of balanced conditions between 2000 and 2008/09, surface lowering/thickness loss continued at
the western WIS.
At the south-western ice front we detected fractures using several SAR images (Envisat Asar, Sentinel 1a,
TanDEM-X) of recent years (2011-2015). In front of Lewis Snowfield, on the lee side of small ice rises,
fractures have developed since 2011 (Figure 4.26c) and have grown perpendicular to the south-western
ice front. In August 2014, one of these fractures grew further towards the center of the ice shelf, forming
a kink parallel to the south-western ice front. Another fracture was detected on a Sentinel 1a imagery
from April 2015, north of the ones described before (Figure 4.26c). This fracture emerged perpendicular
to the ice front towards the ice shelf center.
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Figure 4.30: Ice thickness derived from TanDEM-X interferometry and CryoSat-2 altimetry between June/July 2012.
Red/green colored circles show the thickness change between 2012 and ICESat tracks from 2003 (values in m). Red
circles denote thickness loss, green circles show thickness gain. The circles' radii are linearly scaled with the magnitude
of thickness loss/gain. The position of the grounding line in 1995/96 is shown as a black line. P = Petrie Ice Rises, V =
Vere Ice Rise. Background image: Sentinel 1a, 21-05-2015, © ESA.

Validation of stability
We suggest, that thickness loss in recent years 2009-2012 is dynamically linked to ice flow acceleration
due to break-up at the ice front in 2008/2009 (Figure 4.28). Considering basal melt rates of 4.1 ± 0.4 m a-1
for the period 1992-2000 in front of Latady Island (crossover X313 in Padman et al., 2012) and surface
accumulation rates which are far less (Padman et al., 2012) as well as very thin ice in front of Latady
Island (<30 m in 2012, Figure 4.30), the decoupling of the ice shelf from Latady Island might be
inevitable in the near future. This might lead to a similar situation as prior to 2008/09 with an ice bridge
between two confining areas of grounded ice, in this case between Latady Island and Lewis Snowfield. A
decoupling from Latady Island most likely leads to a large area loss since the remaining stabilizing points
left are Vere and Petrie Ice Rises only.
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In addition, the ice thickness is very heterogeneous in very close proximity and that was shown to cause
fracture formation and subsequent break-up (Humbert et al., 2010). Changes in buoyancy in close
proximity lead to an increase of bending stresses. Hence, we suggest that further break-up at WIS due to
increased bending stresses might occur. Most prone for break-up are the northern ice front and the
western part close to Latady Island. The large number of ice rises at WIS (172, Braun et al., 2009) might
further promote fracture formation, when the ice flow has to divide around them, in particular around
Petrie Ice Rises (Braun et al., 2009). Due to the mostly tensile first principal stress regime at WIS,
fractures formed on the lee of ice rises will further grow. Further growth of the fractures detected on the
south-western ice shelf towards the ice shelf center and a connection of them, might lead to future ice
shelf break-up at there. The region close to Latady Island might be susceptible for further break-up, too
(Figure 4.26b).

4.5.6

Conclusions

Our study revealed the potential of modern satellite missions to derive a comprehensive overview of
dynamic changes on WIS before and during ice shelf break-up. For this, multi-temporal velocity maps
were derived for 1994 and 2006-2010. Ice flow sped up after considerable ice front retreat in 2008. The
estimation of strain rate and principal stress regimes helped to explain the individual stage of the ice
bridge collapse between 2006 and 2009. It was shown that the most useful measures were provided by inflow strain rates and principal stress components. Other measures like second strain rate regimes and the
stress-flow angle were less suitable approximations for the ice shelf stability.
A comprehensive picture of the ice thickness of WIS was derived from combining the TanDEM-X
mission with altimetry measurements from CryoSat-2/ICESat. A detailed pattern of ice thickness was
shown and a very heterogeneous thickness distribution revealed. Ice thickness changes between 2003 and
2012 revealed significant ice loss on the western ice shelf close to Latady Island. In addition, recent
fracture growth was detected on the south-western ice shelf. The future stability of the ice shelf was
suggested to be weak due to ice shelf thinning, fracture formation and the large number of ice rises.
Following Fürst et al. (2016), passive shelf-ice at WIS is restricted to an insignificant area of 3% at the
south-western margins. In turn, WIS might face dynamic consequences in case of further ice front retreat.
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4.5.7
S1

Supplement Material
SAR Data

Table S 1: Satellites and sensors used.

Intensity tracking
Sensor

Date

Relative orbit/strip

Frame

ALOS PALSAR

18/09/2008

169

5680-5740

ALOS PALSAR

03/11/2008

169

5680-5740

ALOS PALSAR

22/10/2008

171

5680-5720

ALOS PALSAR

07/12/2008

171

5680-5720

ALOS PALSAR

28/09/2008

175

5680-5720

ALOS PALSAR

12/11/2008

175

5680-5720

ALOS PALSAR

15/05/2006

181

5670-5700

ALOS PALSAR

03/07/2006

181

5670-5700

ALOS PALSAR

14/06/2006

190

5650-5680

ALOS PALSAR

30/07/2006

190

5650-5680

ALOS PALSAR

09/06/2006

185

5650-5690

ALOS PALSAR

25/07/2006

185

5650-5690

ALOS PALSAR

26/06/2007

175

5670-5720

ALOS PALSAR

28/09/2007

167

5700-5730

ALOS PALSAR

11/11/2007

175

5670-5720

ALOS PALSAR

13/11/2007

167

5700-5730

ALOS PALSAR

20/10/2007

171

5680-5720

ALOS PALSAR

05/12/2007

171

5680-5720

ALOS PALSAR

21/09/2009

169

5700-5720

ALOS PALSAR

06/11/2009

169

5700-5720

ALOS PALSAR

09/09/2009

171

5690-5720

ALOS PALSAR

25/10/2009

171

5690-5720

ALOS PALSAR

01/10/2009

175

5680-5710

ALOS PALSAR

16/11/2009

175

5680-5710

ALOS PALSAR

09/10/2010

180

5650-5680

ALOS PALSAR

24/11/2010

180

5650-5680

ALOS PALSAR

09/08/2010

169

5700-5730

ALOS PALSAR

24/09/2010

169

5700-5730

ALOS PALSAR

29/09/2010

174

5670-5710

ALOS PALSAR

14/11/2010

174

5670-5710

ERS-1/2 SAR

02/03/1994

019

5728

ERS-1/2 SAR

17/03/1994

019

5728

174
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TanDEM-X
Sensor

Date

Relative orbit/strip

Active sensor

Across-track baseline [m]

TanDEM-X SM

09/06/2012

090/60

TDX

68

TanDEM-X SM

25/06/2012

166/90

TDX

79

TanDEM-X SM

26/06/2012

014/60

TDX

61

TanDEM-X SM

04/08/2012

105/10

TDX

25

TanDEM-X SM

21/08/2012

029/10

TDX

25

Date

Rel. Orbit

Frame

ERS-1/2 SAR

23/10/1995

305

5715

ERS-1/2 SAR

24/10/1995

305

5715

ERS-1/2 SAR

11/03/1996

305

5715

ERS-1/2 SAR

12/03/1996

305

5715

ERS-1/2 SAR

08/03/1994

019

5715

ERS-1/2 SAR

11/03/1994

019

5715

ERS-1/2 SAR

03/03/1996

195

5085

ERS-1/2 SAR

04/03/1996

195

5085

ERS-1/-2 DInSAR
Sensor

S2

Intensity offset tracking

Figure S 8: Example for concatenated and masked ALOS PALSAR SLC imagery.
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Error estimation of velocity products
The estimation of errors in the derived velocity products follows the method as described in Seehaus et al.
(2015). The error estimation of the derived velocity fields consists of one term σvC which describes
uncertainties in the co-registration process. The magnitude of this term was derived from the median of
stable points (up to 25000 samples per image pair) over ice rises, where zero ice motion is assumed. The
second term σvT describes uncertainties involved in the intensity tracking algorithm using

σ Tv =

C∆ x
z∆t

(Seehaus et al., 2015)

Where C is the uncertainty of the tracking algorithm (C=0.4), ∆x the image resolution in ground range, z
the oversampling factor used in the tracking process and ∆t the time period between image acquisitions.
The final error estimate σv is derived from the sum of both term σvC and σvT.
Table S 2: Error estimation of derived velocity fields.

Date

Sensor

(yyyy-mm-dd--yyyy-mm-dd)

T

❑

σ vC

σv

σv

[m/d]

[m/d]

[m/d]

1994-03-02--1994-03-17

ERS SAR

0,0645311

0,2

0,2645311

2006-05-18--2006-07-03

PALSAR

0,0707297

0,03

0,1007297

2006-06-09--2006-07-25

PALSAR

0,249185

0,03

0,279185

2006-06-14--2006-07-30

PALSAR

0,267962

0,03

0,297962

2007-09-26--2007-11-11

PALSAR

0,25396

0,03

0,28396

2007-09-28--2007-11-13

PALSAR

0,1755955

0,03

0,2055955

2007-10-20--2007-12-05

PALSAR

0,0428592

0,03

0,0728592

2008-09-18--2008-11-03

PALSAR

0,186815

0,03

0,216815

2008-09-28--2008-11-13

PALSAR

0,113365

0,03

0,143365

2008-10-22--2008-12-07

PALSAR

0,037087

0,03

0,067087

2009-09-09--2009-10-25

PALSAR

0,06461115

0,03

0,09461115

2009-09-21--2009-11-06

PALSAR

0,0428839

0,03

0,0728839

2009-10-01--2009-11-16

PALSAR

0,1476365

0,03

0,1776365

2010-08-09--2010-09-24

PALSAR

0,04809755

0,03

0,07809755

2010-09-29--2010-11-14

PALSAR

0,0657041

0,03

0,0957041

2010-10-09--2010-11-24

PALSAR

0,08

0,03

0,11
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S3

ERS-1/-2 Differential Interferometry

The location of the grounding zone was determined by using double differential SAR Interferometry
(DInSAR) applied on ERS-1/-2 scenes (Rignot, 1996; Fricker et al., 2009; Rignot et al., 2011). During the
ERS tandem phase (May 1995 to June 1996), both ERS satellites follow the same relative orbit with ERS2 24 hours behind ERS-1 (Moore et al., 1999). This configuration allows for precise deformation
measurements due to low spatial and temporal decorrelation of the signal. In order to extract the
topographic phase information, we used 4-pass differential SAR interferometry (Rignot et al., 2011). The
phase information of both interferograms contains vertical and horizontal displacements in range
direction based on surface topography, ice flow, tidal motion, imaging geometry and noise (Rignot et al.,
2011). By differencing the interferograms, the influence of the horizontal ice motion is removed, which is
assumed to be constant between the image acquisitions. The vertical tidal signal, which is not constant
over time, remains in the differential interferogram and allows to identify the grounding zone between
grounded and floating ice of an ice shelf. The resulting differential interferogram contains an area of
narrow fringes, which marks the flexure of the ice shelf plate and hence the dimension of the grounding
zone (Figure S2). The differential interferogram was geocoded afterwards and the grounding line
digitized based on the location of point G.

Figure S 9: Grounding zone at Wilkins Ice Shelf: F: limit of tidal flexing, G: grounding line, I: local elevation minimum,
H: maximum extent of flexure.
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S4

TanDEM-X interferometry, altimetry and ice thickness estimation

Figure S 10: Correlation function between TanDEM-X acquisitions from June 2012 and CryoSAT-2 measurement.

S5

Ice thickness changes

Figure S 11: Ice thickness change rate between 2003 and 2009 derived from ICESat (small dots) as well as between 2003
and 2012 (large dots, values given in white) derived from TanDEM-X/CryoSAT-2/ICESat. Values are given in m a-1. The
same color scheme is applied to all measurements for better comparison.
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5

Concluding remarks

Glaciers and ice shelves are sensitive indicators of past and present climatic changes. This study aimed to
detect these changes by means of multi-mission satellite data. For this purpose, several remote-sensing
based methods have been applied to glaciers in the Karakoram and to ice shelves on the Antarctic
Peninsula. For both study sites, a comprehensive dataset on decadal changes of the respective elements of
the cryosphere could be derived and heterogeneous behavior as a consequence to a changing climate
revealed.
The results showed that most glaciers in the Karakoram Region indicated stable terminus positions during
the last four decades. The number of advancing glacier tongues increased considerably around the year
2000, whereas the number of retreating glacier termini decreased. Additionally, the estimation of glacier
elevation changes revealed nearly balanced glacier mass budgets from 2000-2012. This anomalous
behavior of glaciers was attributed to changing climatic conditions in the Karakoram since the 1960s.
Moreover, existing inventories of surge-type glaciers were updated and previously unknown surging
glaciers identified. For this, changes in glacier surface flow and glacier elevation, termini advances and
surface patterns were investigated. Ongoing and future active surge-cycles could be identified and
predicted by using high-resolution SAR satellite data.
Ice shelves on the Antarctic Peninsula, however, are affected by significant atmospheric warming.
Changes of ice shelves are expressed in ice front retreat and thinning. The disintegration of an ice shelf
impacts the restraint on upstream grounded ice. In this study, the Antarctic ice shelf extent was
partitioned into areas that do or do not restrain the upstream ice flow. In case of loss of the latter extent,
dynamic consequences for upstream areas are unlikely and the ice shelf is considered safe. These results
contributed considerably to recent discussions on Antarctic ice shelf stability. A very detailed picture of
ice shelf break-up was presented for Wilkins Ice Shelf. Multi-temporal surface flow and changes in strain
rate and stress regimes expressed the weakening of the ice shelf during break-up events. Considerable
thinning of the ice shelf in response to ice front retreat was shown in detail thanks to high resolution
imaging SAR data.
The present study revealed the large potential of modern satellite missions to monitor changes of the
cryosphere in a changing climate. Especially the use of SAR satellite data was highly suitable for this
purpose due to acquisitions independent from solar radiation or weather. With the launch of future SAR
missions the monitoring of the cryosphere will be continued. The successful launch of Sentinel-1B, the
twin satellite of Sentinel-1A, by the end of April 2016 will significantly increase the interferometric
potential of the Sentinel mission. A proposal for another future SAR mission is the Tandem-L mission.
This mission will carry a globally unique remote sensing system dedicated to biomass, earthquake and ice
applications. For this, the global land mass will be imaged interferometrically once a week. The
181
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performance of the mission will exceed previous systems by at least one order of magnitude and will
contribute to a new era of spaceborne remote sensing.
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