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Summary 5

Summary 
 
This study investigates the evolution of the photosynthetic carbon isotope fractionation (εp) of 
marine phytoplankton during the Devonian to Permian interval, a time of profound changes in 
the geosphere, biosphere, and atmosphere and the transition from a climatic greenhouse to an 
icehouse phase.  
The concentration of CO2 in the ocean-atmosphere-system (pCO2) represents one of the most 
important controlling factors for both global climate (greenhouse gas) and the magnitude of εp 
of marine primary producers. In view of (i) the dramatic changes in pCO2 and the 
accompanying shifts between climatic greenhouse and icehouse modes during the Late 
Paleozoic and (ii) the successful application of marine phytoplankton εp in previous studies to 
reconstruct pCO2-levels during several Mesozoic and Cenozoic time windows, the Devonian 
to Permian interval represents a particularly promising episode in Earth’s history to test the 
suitability of phytoplankton εp as a paleo-pCO2-proxy in pre-Mesozoic times.  
This study provides the first comprehensive record of marine phytoplankton εp for the 
Devonian to Permian interval, which has been determined by means of compound-specific 
carbon isotope analysis. The magnitudes of εp in the Middle Devonian (Late Eifelian) to Late 
Permian (Wordian-Capitanian) samples show an overall range between 17.9 and 23.7 ‰, with 
two notable exceptions of 14.5 ‰ in the Middle and Late Devonian, respectively. The data 
clearly reveal the existence of noticeable changes in εp in the course of the investigated 
Middle Devonian to Late Permian time window, despite the (expected) presence of a certain 
εp-variability within individual time slices. A comparison of the Middle Devonian to Late 
Permian εp-data of this study (14.5 to 23.7 ‰) with the vast majority of εp-magnitudes 
reported for the present day oceans (~ 10 to 16 ‰) suggests that marine phytoplankton εp was 
mostly higher in the Late Paleozoic than today. Despite this finding, the magnitudes of 
Middle Devonian to Late Permian marine phytoplankton εp never exceeded the kinetic 
13C/12C-fractionations of the RubisCO-enzymes of eukaryotic algae, which lie between 25 and 
27 ‰ and represent the maximal attainable values for εp. This finding was expected and 
supports the assumption of a general validity of this εp-maximum throughout Earth’s history.  
In view of the potentially significant influence of pCO2 on phytoplankton εp and the presence 
of very high Middle Devonian to earliest Carboniferous (earliest Tournaisian) pCO2-levels (~ 
1500 to 4000 ppmV; e.g. BERNER & KOTHAVALA 2001), Devonian to earliest Carboniferous 
phytoplankton εp was expected to lie close to or within the εp-maximum of 25-27‰. 
Surprisingly however, the supra-regionally distributed Middle Devonian to earliest 
Carboniferous samples consistently yielded just moderately high and relatively uniform εp-
magnitudes between 17.9 and 21.8 ‰ (except for the two above mentioned values of 14.5 ‰), 
i.e. mostly well below the initially expected magnitudes. These εp-values hence seemed to be 
inconsistent with the very high Middle Devonian to earliest Carboniferous pCO2-levels, thus 
apparently indicating that contrary to the study’s working hypothesis pCO2 did not represent 
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the primary εp-control during this time interval. It was however recognized that the Middle 
Devonian to earliest Carboniferous εp-range (17.9 to 21.8 ‰) agrees strikingly well with the 
εp-maximum of cyanobacteria (~ 17 to 22 ‰), i.e. the known range of kinetic 13C/12C-
fractionation factors of the cyanobacterial RubisCO-enzymes of form Ia and Ib. This led to 
the hypothesis that Middle Devonian through earliest Carboniferous phytoplankton εp could 
carry to a significant extent a cyanobacterial, instead of a eukaryotic, signature. Strong 
evidence for the validity of this hypothesis was provided by the nitrogen isotope data of 
OSTERTAG-HENNING & BUGGISCH (2001), who collaboratively used the entire Devonian to 
Permian sample set of the here presented study and further Late Paleozoic sedimentary rocks 
for their investigations. The uniformly and consistently low δ15N-values between about -2 and 
+3 ‰ found for all Middle Devonian to earliest Carboniferous samples are characteristic for 
the process of microbial fixation of atmosphere-derived nitrogen (δ15N = 0 ‰), i.e. 
diazotrophy, in response to nitrate-limited nutrient conditions. OSTERTAG-HENNING & 

BUGGISCH (2001) thus concluded that the Middle Devonian to earliest Carboniferous 
phytoplankton communities were most likely dominated by N2-fixing (diazotrophic) 
cyanobacteria. In combination, the results for εp and δ15N thus provide strong evidence that 
the Middle Devonian to earliest Carboniferous εp-values in deed represent a largely 
cyanobacterial signal and that in nearly all samples (except for the two samples with εp = 14.5 
‰) εp attained magnitudes at the εp-maximum of cyanobacteria (~ 17 to 22 ‰). In accordance 
with the very high Middle Devonian to earliest Carboniferous pCO2-levels and the 
postulations of RAVEN (1997a), BADGER et al. (2002), and BADGER & PRICE (2003), this 
finding strongly indicates that the Middle Devonian to earliest Carboniferous phytoplankton 
communities solely relied on passive-diffusive CO2-uptake. In view of (i) cyanobacterially-
dominated εp-values lying at the εp-maximum of cyanobacteria, (ii) the known rather low 
CO2-substrate specifity of cyanobacterial RubisCOs, and (iii) the likely absence of active 
DIC-uptake mechanisms among the Middle Devonian to earliest Carboniferous primary 
producers, it is suggested that, after all, pCO2 represented the primary controlling factor for 
Middle Devonian to earliest Carboniferous phytoplankton εp.  
The Permocarboniferous icehouse phase (middle Early Carboniferous to early Late Permian), 
was most likely the first time interval in Earth’s history, during which pCO2 was so low that 
(i) the concentrations of both extra- and intracellular CO2 represented a major controlling and 
limiting factor for marine primary production and phytoplankton εp and (ii) the magnitudes of 
εp generally lay below the εp-maximum (25-27 ‰). The Permocarboniferous icehouse phase 
was thus presumably also the first time interval in Earth’s history, during which 
phytoplankton εp was able to actually trace temporal shifts in pCO2 by concurrent shifts in its 
magnitude. This view is consistent with the overall Early Carboniferous to Late Permian εp-
record, which exhibits significant long- and midterm changes. These temporal variations in εp 
correlate excellently with the evolution of pCO2 during this time interval and the concomitant 
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shifts in the intensity of the Permocarboniferous glaciation, the latter of which exhibits (i) two 
glaciation maxima during the Bashkirian-Moskovian (Late Carboniferous) and Late Asselian-
Sakmarian (Early Permian), respectively, and (ii) a noticeably less glaciated episode during 
the Kasimovian-Gzhelian (latest Carboniferous). In agreement with the working hypothesis, 
εp was very high (22.5 to 23.4 ‰) and close to the εp-maximum of algae (25-27 ‰) in the 
Early Carboniferous (Middle to Late Tournaisian) and the Late Permian (Wordian to 
Capitanian), i.e. before and after the Permocarboniferous glaciation, when pCO2 was still or 
again very high (≥ ca. 1000 ppmV; BERNER & KOTHAVALA 2001). Also as expected, εp only 
exhibited moderately high magnitudes (18.5 to 19.9 ‰) at the end of the first and the 
beginning of the second Permocarboniferous glaciation maximum (latest Moskovian and 
middle Asselian), when the CO2-concentrations in the ocean-atmosphere-system were 
probably very low (~ 200 to 400 ppmV; BERNER & KOTHAVALA 2001). Remarkably, the 
geologically relatively short-termed (~ 10 Ma) and noticeably less glaciated episode during 
the Kasimovian-Gzhelian (latest Carboniferous), which was in all likelihood associated with 
elevated pCO2-levels and a warmer climate, was accompanied by a significant positive 
excursion in εp with an amplitude of about 4 ‰. From the level of the moderately high, latest 
Moskovian values (18.5 to 19.9 ‰), εp rose to magnitudes between 22.0 and 23.7 ‰ until the 
earliest Gzhelian, and decreased back to a value of 19.6 ‰ in the middle Asselian. The 
earliest Gzhelian εp-magnitudes of 22.0 to 23.7 ‰, which seem to represent the approximate 
vertex of the εp-excursion, again lie in close proximity to the algal εp-maximum of 25-27 ‰, 
as do the Early Carboniferous and Late Permian εp-values. In view of (i) the striking and 
consistent correlation between phytoplankton εp and the evolution of pCO2 (and global 
climate) during the entire Early Carboniferous to Late Permian time interval (~ 85 Ma), (ii) 
the lack of concrete evidence for noticeable shifts in potentially important alternative εp-
controls (e.g. cell-specific growth rate, community composition), and (iii) the existing data 
and knowledge about the Permocarboniferous icehouse time, it is suggested that pCO2 
represented the primary controlling factor for marine phytoplankton εp during the Early 
Carboniferous to Late Permian time interval. 
The results of this study thus indicate that phytoplankton εp represents a valuable qualitative, 
but not quantitative, paleo-pCO2-barometer for the Late Paleozoic time interval. Besides, the 
compiled εp-data can make an important contribution towards an improvement of future 
numerical models of the evolutions of the carbon cycle and pCO2 during this significant time 
interval in Earth’s history.  



 8

 



Zusammenfassung 9

Zusammenfassung 
 
Diese Studie befasst sich mit der Entwicklung der photosynthetischen Kohlenstoffisotopen-
Fraktionierung (εp) von marinem Phytoplankton im Zeitraum Devon bis Perm, einer 
erdgeschichtlichen Zeit mit tiefgreifenden Veränderungen in der Geo-, Bio- und Atmosphäre 
und dem Übergang von einer globalen klimatischen Warmzeit zu einer Vereisungsphase.  
Die CO2-Konzentration im Ozean-Atmosphäre-System (pCO2) ist einer der bedeutendsten 
Steuerungsfaktoren sowohl für das globale Klima als auch für die Größe von εp von marinen 
Primärproduzenten. Angesichts (i) der starken pCO2-Veränderungen und Übergänge zwischen 
globalen, klimatischen Warm- und Vereisungsphasen während des späten Paläozoikums und 
(ii) dem bereits erfolgreichen Einsatz von Paläo-εp-Datensätzen zur pCO2-Rekonstruktion für 
einige mesozoische und känozoische Zeitfenster in vorangegangenen Studien, ist der 
Zeitabschnitt Devon bis Perm besonders viel versprechend, um die Anwendbarkeit von 
Phytoplankton-εp als Paläo-pCO2-Proxy in der prä-mesozoischen Erdgeschichte zu testen.     
Mit den Ergebnissen dieser Studie steht erstmals ein umfassender Datensatz für die 
Entwicklung von Phytoplankton-εp im Zeitraum Devon bis Perm zur Verfügung, der auf 
komponentenspezifischer Kohlenstoffisotopen-Analytik beruht. Die εp-Magnituden der 
mitteldevonischen (spätes Eifelian) bis oberpermischen (Wordian-Capiatnian) Proben liegen 
in einem Bereich zwischen 17,9 und 23,7 ‰, mit Ausnahme von zwei speziell zu 
diskutierenden Proben aus dem Mittel- und Oberdevon mit Werten von jeweils 14,5 ‰. Die 
Ergebnisse der Studie belegen, dass sich die Größe von εp im Verlauf des untersuchten 
mitteldevonischen bis oberpermischen Zeitintervalls signifikant verändert hat, trotz einer 
gewissen (erwarteten) Variabilität innerhalb, die jede Zeitscheibe aufweist. Ein Vergleich der 
mitteldevonischen bis oberpermischen εp-Daten dieser Studie (14,5 bis 23,7‰) mit der großen 
Mehrheit der εp-Magnituden von rezenten, marinen Primärproduzenten (ca. 10 bis 16 ‰) legt 
den Schluss nahe, dass Phytoplankton-εp im späten Paläozoikum weitgehend größer war als in 
der Gegenwart. Die mitteldevonischen bis oberpermischen εp-Werte überschreiten allerdings 
niemals die kinetische 13C/12C-Fraktionierung der RubisCO-Enzyme eukaryotischer Algen, 
die zwischen 25 und 27 ‰ liegt und die Obergrenze für die Größe von Phytoplankton-εp 
darstellt. Dieser Befund wurde erwartet und untermauert die Annahme einer generellen 
Gültigkeit dieses εp-Maximums während der gesamten Erdgeschichte.  
Angesichts des bedeutenden Einflusses von pCO2 auf die Größe von Phytoplankton-εp und 
den sehr hohen pCO2-Werten vom Mitteldevon bis zum frühesten Unterkarbon (unteres 
Tournaisian) (ca. 1500 bis 4000 ppmV; z.B. BERNER & KOTHAVALA 2001) wurde zu Beginn 
der Studie erwartet, dass Phytoplankton-εp in diesem Zeitintervall nahe am oder innerhalb des 
eukaryotischen εp-Maximums von 25 bis 27 ‰ liegt. Überraschenderweise ergaben die 
Analysen der paläogeographisch überregional verteilten Proben aus diesem Zeitabschnitt εp-
Werte, die grundsätzlich nur mittelhohe und relativ einheitliche Magnituden zwischen 17,9 
und 21,8 ‰ besitzen (ausgenommen die beiden Proben mit εp = 14,5 ‰). Es schien daher 
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zunächst, dass diese εp-Werte die sehr hohen mitteldevonischen bis früh-unterkarbonischen 
pCO2-Wert nicht reflektieren. Entgegen der Arbeitshypothese der Studie schien das darauf 
hinzuweisen, dass pCO2 während dieses Zeitintervalls nicht den primären Steuerungsfaktor 
für Phytoplankton-εp darstellt. Es fiel jedoch auf, dass der Bereich der εp-Daten der Proben 
aus dem Mitteldevon bis frühesten Unterkarbon (17,9 bis 21,8 ‰) bemerkenswert gut mit der 
Spanne der bekannten kinetischen 13C/12C-Fraktionierungsfaktoren der cyanobakteriellen 
RubisCO-Enzyme (Formen Ia & Ib; ca. 17 - 22 ‰) übereinstimmt, d.h. mit dem εp-Maximum 
von Cyanobakterien. Das führte zur Hypothese, dass Phytoplankton-εp während der Zeit 
Mitteldevon bis frühestes Unterkarbon ein stark cyanobakteriell (prokaryotisch) geprägtes 
Signal darstellt, und nicht wie anfangs angenommen ein weitgehend eukaryotisches. 
Stickstoffisotopen-Daten, die von OSTERTAG-HENNING & BUGGISCH (2001) im Rahmen eines 
Proben-Sharings an allen Proben der hier vorgestellten Dissertation und an weiteren 
devonischen bis permischen Proben gemessen wurden, stützen diese Hypothese deutlich. Die 
sehr niedrigen δ15N-Werte zwischen ca. -2 und +3 ‰ der Proben aus dem Intervall 
Mitteldevon bis frühestes Unterkarbon sind für den Prozess der mikrobiellen Fixierung von 
atmosphärischem Stickstoff (δ15N = 0 ‰), d.h. Diazotrophie, charakteristisch, der unter nitrat-
limitierten Nährstoffbedingungen stattfinden kann. OSTERTAG-HENNING & BUGGISCH (2001) 

gelangten zu dem Schluss, dass N2-fixierende Cyanobakterien die Phytoplanktonassoziationen 
dieser Proben dominierten. In ihrer Kombination liefern die εp- und δ15N-Ergebnisse daher 
einen starken Beleg für die Richtigkeit der Hypothese, dass Phytoplankton-εp im Zeitraum 
Mitteldevon bis frühestes Unterkarbon ein weitgehend cyanobakterielles Signal darstellte, 
dessen Werte innerhalb des εp-Maximums von Cyanobakterien (ca. 17 bis 22 ‰) liegen. Aus 
diesen Befunden, den sehr hohen mitteldevonischen bis unterkarbonischen pCO2-Werten und 
den Postulaten von RAVEN (1997a), BADGER et al. (2002), and BADGER & PRICE (2003) kann 
mit großer Sicherheit geschlossen werden, dass das mitteldevonische bis früh-
unterkarbonische Phytoplankton ausschließlich passiv-diffusive CO2-Aufnahme betrieb. 
Angesichts (i) höchstwahrscheinlich noch fehlender, aktiver Aufnahmemechanismen für 
anorganischen Kohlenstoff in mitteldevonischen bis unterkarbonischen Primärproduzenten, 
(ii) cyanobakteriell-geprägter εp-Werte, die am εp-Maximum von Cyanobakterien liegen und 
(iii) den generell sehr niedrigen CO2-Substratspezifitätsfaktoren der cyanobakteriellen 
RubisCOs wird postuliert, dass pCO2 letztlich doch den primären Steuerungsfaktor für 
Phytoplankton-εp im Zeitraum Mitteldevon bis frühestes Unterkarbon darstellte.  
Die permokarbone Vereisungsphase (mittleres Unterkarbon bis frühes Oberperm) war 
höchstwahrscheinlich der erste Abschnitt in der Erdgeschichte, in dem pCO2 derart niedrige 
Werte besaß, dass (i) die Konzentrationen von extra- und intrazellulärem CO2 einen 
bedeutenden steuernden Einfluss auf die marine Primärproduktion und Größe von 
Phytoplankton-εp darstellte und (ii) Phytoplankton-εp unterhalb des Maximums von 25 bis 27 
‰ lag. Die permokarbone Vereisungsphase stellt daher vermutlich auch das erste 
erdgeschichtliche Zeitfenster dar, in dem Phytoplankton-εp zeitliche Veränderungen von 
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pCO2 durch entsprechende Verschiebungen seiner Magnitude nachzeichnen und somit 
potentiell als Paläo-pCO2-Proxy dienen kann. Diese Annahme wird durch den εp-Datensatz 
für den Zeitraum Unterkarbon bis Oberperm gestützt, der signifikante mittel- und langfristige 
εp-Veränderungen zeigt. Diese korrelieren stark mit der karbonisch-permischen Entwicklung 
von pCO2 und den damit einhergehenden Veränderungen der Intensität der permokarbonen 
Vereisung. Letztere weist zwei Vereisungsmaxima während des Bashkirian-Moskovian 
(Oberkarbon) und des Sakmarian (Unterperm) auf, die während des Kasimovian-Gzhelian 
(spätestes Oberkarbon) durch ein deutlich geringer vereistes Zwischenstadium voneinander 
getrennt waren. Erwartungsgemäß war Phytoplankton-εp während des Unterkarbons (mittleres 
bis spätes Tournaisian) und des Oberperms (Wordian-Capitanian), d.h. vor und nach der 
permokarbonen Vereisung als pCO2 noch bzw. inzwischen wieder hoch (≥ ~ 1000 ppmV; 
z.B. BERNER & KOTHAVALA 2001) war, sehr groß (22,5 bis 23,4 ‰) und nahe am εp-
Maximum eukaryotischer Algen (25 bis 27 ‰). Ebenfalls erwartungsgemäß waren die εp-
Magnituden am Ende des ersten und zu Beginn des zweiten permokarbonen 
Vereisungsmaximums (oberstes Moskovian, mittleres Asselian), als pCO2 sehr niedrig war 
(ca. 200 bis 400 ppmV; z.B. BERNER & KOTHAVALA 2001), deutlich kleiner (18,5 bis 19,9 
‰). Als bemerkenswerter Befund der Studie stellte sich heraus, dass das erdgeschichtlich sehr 
kurze (~ 10 Ma) und bedeutend geringer vereiste Zwischenstadium während des Kasimovian-
Gzhelian, in dem höchstwahrscheinlich pCO2 erhöht war und ein wärmeres Klima herrschte, 
mit einer signifikanten, positiven εp-Exkursion von ca. 4 ‰ einherging. Ausgehend von den 
mittelhohen Werten im obersten Moskovian (18,5 bis 19,9 ‰) stiegen die εp-Magnituden auf 
Werte zwischen 22 und 23,7 ‰ im untersten Gzhelian an und verringerten sich anschließend 
wieder bis auf 19,6 ‰ im mittleren Asselian. Die εp-Magnituden im untersten Gzhelian (22 
bis 23,7 ‰), die wahrscheinlich den ungefähren Scheitelpunkt der Exkursion darstellen, 
liegen wieder nahe am εp-Maximum (25 bis 27 ‰), wie auch die unterkarbonischen und 
oberpermischen εp-Werte. Angesichts (i) der guten Korrelation zwischen Phytoplankton-εp 
und der Entwicklung von pCO2 (und globalem Klima) während des Zeitraums Unterkarbon 
bis Oberperm, (ii) dem Fehlen konkreter Hinweise auf signifikante Veränderungen anderer, 
potentieller εp-Einflussgrößen (z.B. zellspezifische Wachstumsrate, Zusammensetzung der 
Phytoplanktonassoziationen) und (iii) der bekannten Daten und Informationen über die 
permokarbone Vereisung wird postuliert, dass die Veränderungen von Phytoplankton-εp 
während der permokarbonen Vereisungsphase primär durch die mittel- und langfristigen 
pCO2-Schwankungen gesteuert wurden.  
Die Ergebnisse dieser Arbeit legen daher den Schluss nahe, dass Phytoplankton-εp einen 
geeigneten qualitativen, wenn auch nicht quantitativen, Paläo-pCO2-Proxy für das späte 
Paläozoikum darstellt. Außerdem kann der hier erarbeite εp-Datensatz für den Zeitraum 
Mitteldevon bis Oberperm einen wichtigen Beitrag zur Verbesserung künftiger, numerischer 
Modellierungen der Evolution des Kohlenstoff-Kreislaufs und der CO2-Konzentration im 
Ozean-Atmosphäre-System in diesem erdgeschichtlich bedeutenden Zeitabschnitt leisten.   
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1 Introduction 
 
1.1 The Devonian to Permian interval - a time of profound global changes 
 
The Devonian to Permian time interval was characterized by profound and interrelated 
changes in the geosphere, biosphere, and atmosphere. The supercontinent Pangea formed as a 
result of the collision of Laurussia, Gondwana, and other continental fragments. Several mass 
extinction events with differing magnitudes resulted in significant turnovers, particularly of 
marine biota, e.g. the Kacak-otomari event (just below the Eifelian-Givetian boundary, 
Middle Devonian), the Frasnian-Famennian event (Late Devonian), the Hangenberg event (at 
the Devonian-Carboniferous boundary), or the Permian-Triassic event. The evolution of land 
plants led to the development of forests and a rapid colonization of the continents (e.g. ALGEO 
et al. 1995, ALGEO & SCHECKLER 1998). The concentration of CO2 in the ocean-atmosphere-
system decreased dramatically from very high values between approximately 1500 to 4000 
ppmV in the Middle Devonian to quite low values between about 300 to 400 ppmV (i.e. to 
present day levels) during Permocarboniferous times (BERNER & KOTHAVALA 2001) (Fig. 
1.b). Simultaneously, the concentration of O2 in the atmosphere exhibited a significant 
increase from values between approximately 17 and 21 % in the Middle Devonian to levels 
between circa 30 and 35 % in the Permocarboniferous. This increase in atmospheric pO2 is 
followed by a decrease back to somewhat lower levels around 25 % at the end of the Permian 
(BERNER & CANFIELD 1989, BERNER 2001). All these developments were accompanied by a 
change from a greenhouse to an icehouse climate (Fig. 1). The resulting global cooling led to 
the buildup of extensive ice caps on Gondwana. This icehouse time commenced within the 
Viséan or at the beginning of the Sepukhovian (middle to late Early Carboniferous) and ended 
in the Kazanian (early Late Permian), and thus encompassed a period of approximately 80 Ma 
(e.g. FRAKES et al. 1992, CROWELL 1999) (Fig. 1.a). In northern Brazil, evidence exists for a 
rather short-term glaciation of uncertain intensity and spatial extent in latest Devonian to 
earliest Carboniferous time (CAPUTO 1985, CAPUTO 1994, CAPUTO 1995, CAPUTO & 

CROWELL 1985, CROWELL 1999, ISAACSON & HLADIN 2003, STREEL ET AL. 2000, GARZANTI 

& SCIUNNACH 1997). This short-term glaciation thus preceded the Carboniferous to Permian 
icehouse mode (Fig. 1.a). Besides, there are speculations about the occurrence of two very 
short glacial episodes - also of uncertain intensity and spatial extent - at the Frasnian-
Famennian boundary and within the Famennian, respectively (CAPUTO 1985, CAPUTO 1994, 
CAPUTO 1995, CAPUTO & CROWELL 1985, CROWELL 1999, STREEL ET AL. 2000) (Fig. 1.a).   
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Fig. 1:  (a) The glacial phases and their relative intensities (compiled from FRAKES et al. 1992, GARZANTI & 

SCIUNNACH 1997, STREEL ET AL. 2000, ISAACSON & HLADIN 2003) and (b) the evolution of pCO2 in the 
ocean-atmosphere-system (from Geocarb III, BERNER & KOTHAVALA 2001) during the Middle 
Devonian to Late Permian time interval. Absolute ages are taken from STG 2002 (GERMAN 

STRATIGRAPHIC COMMISSION 2002). 
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1.2 Working hypothesis and objectives of the study  
 
Our current knowledge of the evolution of the concentration of CO2 in the ocean-atmosphere-
system during the Devonian to Permian time interval is largely based on (i) studies of carbon 
isotope compositions of terrestrial carbonates (paleosols), (ii) paleobotanical findings such as 
the leave stomatal density, and (iii) numerical modelling (ROYER et al. 2004, BERNER & 

KOTHAVALA 2001, GODDÉRIS et al. 2001, CROWLEY & BERNER 2001, FRANCOIS et al. 1993). 
A further paleo-pCO2-approach is based on the finding that the CO2-concentration in the 
ocean-atmosphere-system (pCO2) represents one of the most important controlling factors for 
the magnitude of the photosynthetic carbon isotope fractionation εp of phytoplankton (see 
chapter 1.3) (e.g. POPP et al. 1989, HAYES et al. 1989, FREEMAN & HAYES 1992, JASPER et al. 
1994, BIDIGARE et al. 1997, POPP et al. 1998, PAGANI et al. 1999). 
The investigation of phytoplankton εp for the purpose of reconstructing ancient pCO2-levels 
and -evolutions involves the sophisticated methodology of compound-specific carbon isotope 
analysis. This approach was already successfully employed in a number of studies of post-
Paleozoic time intervals, e.g. FREEMAN & HAYES (1992; Late Jurassic to Pleistocene), PAGANI 
et al. (1999; Late Oligocene to Late Miocene), or JASPER et al. (1994; Late Pleistocene and 
Holocene).  
In view of (i) the dramatic changes in pCO2 and the accompanying shifts between greenhouse 
and icehouse climate modes during the Late Paleozoic (see chapter 1.1, Fig. 1), (ii) the still 
existing uncertainties associated with these pCO2-estimates (see e.g. the large uncertainty 
ranges in Fig. 1.b), and (iii) the role of CO2 as a greenhouse gas and thus as a significant 
factor driving global climate and its long-term evolution (ROYER et al. 2004, but see SHAVIV 

& VEIZER (2003) for a dissenting view), the Devonian to Permian time interval represents a 
particularly promising episode in Earth’s history to investigate the suitability of marine 
phytoplankton εp as a paleo-pCO2-proxy in pre-Mesozoic times. Accordingly, the following 
assumption serves as the central working hypothesis of this study: 
 

The profound changes in the concentration of CO2 in the ocean-atmosphere-
system and the accompanying shifts between greenhouse and icehouse climate 
modes during the Devonian to Permian time interval have significantly influenced 
the evolution of the photosynthetic carbon isotope fractionation (εp) of marine 
phytoplankton and are traceable in a Devonian to Permian record of εp, which is 
based on compound-specific carbon isotope analysis.  

 
All previous studies, which have compiled records of εp by means of compound-specific 
carbon isotope analyses and which have employed them to reconstruct ancient CO2-
concentrations in the ocean-atmosphere-system (e.g. FREEMAN & HAYES 1992, PAGANI et al. 
1999, JASPER et al. 1994), were restricted to the Mesozoic and/or the Cenozoic. This study 
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thus represents the first to extend this paleo-pCO2-approach to a pre-Mesozoic time interval 
and seeks to answer to following questions:  

 
(i) Does Late Paleozoic εp show any long- and/or short-term variations? 
 
(ii) Is it possible to correlate these temporal variations of εp with the Late Paleozoic 

evolution of pCO2 in the ocean-atmosphere-system? 
 

(iii) Is it possible to correlate these temporal variations of εp with temporal changes of 
other controlling factors, such as e.g. the taxonomic composition of the Late 
Paleozoic phytoplankton communities? 

 
(iv) Can εp be employed as a paleo-pCO2-indicator (qualitative or quantitative) during 

the Devonian to Permian time interval? 
 
Besides, this study aims to improve future numerical models of the carbon cycle and the 
Phanerozoic evolution of pCO2 by providing:   
 

(i) new and reliable isotope input data (δ13C of marine primary biomass, εp) and 
 
(ii) new insights into the nature of the factors controlling Late Paleozoic 

phytoplankton εp.  
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1.3 The photosynthetic carbon isotope fractionation (εp) of marine phytoplankton  
 
The photosynthetic carbon isotope fractionation (εp) of marine phytoplankton describes the 
13C/12C-fractionation that occurs during the passage of dissolved CO2aq from the seawater into 
the phytoplankton cell and its successive photosynthetic fixation by means of the enzyme 
ribulose-1,5-bisphosphate carboxylase/oxygenase (RubisCO) (e.g. HAYES 1993, Hayes 2001). 
The magnitude of εp is therefore essentially equivalent to the carbon isotopic difference 
between (i) the ambient dissolved CO2, i.e. the inorganic carbon substrate for phytoplankton 
photosynthesis, and (ii) the photosynthetically assimilated phytoplankton biomass. On a 
global spatial scale and over time-scales of ≥ a few thousand years (i.e. geologic time scales), 
the concentrations of dissolved CO2 in the seawater and atmospheric CO2 are in equilibrium. 
Hence, the concentrations of CO2 in both the oceans and the atmosphere are closely coupled 
and the term “CO2 concentration in the ocean-atmosphere-system” is thus commonly used. 
The concentration or partial pressure of CO2 (pCO2) in the ocean-atmosphere-system exhibits 
a causal positive correlation with the magnitude of the photosynthetic carbon isotope 
fractionation (εp) of phytoplankton. At high levels of pCO2, the magnitude of εp tends to be 
high and vice versa: 
 

pCO2  ↑|↓   →   εp  ↑|↓ . 
 
The causality of this relationship can be understood, when considering that CO2 in the ocean-
atmosphere-system represents the ultimate inorganic carbon substrate for photosynthesis both 
on land (land plants) and in aquatic settings (phytoplankton). The substrate concentration and 
hence its availability thus constitutes a major controlling factor for photosynthesis and the 
magnitude of εp.   
In the presence of high ambient and intracellular CO2-concentrations, phytoplankton is easily 
able to satisfy its demand for dissolved inorganic carbon (DIC) exclusively by diffusive, i.e. 
passive, transport of dissolved CO2 (CO2aq) from the water into the cell. However, in the 
presence of specific conditions, such as very low ambient CO2-concentrations (a few hundred 
ppmV) and/or particularly high cell-specific growth rates (µ), passive-diffusive uptake of 
CO2aq alone would result in an insufficient DIC-supply into the phytoplankton cell. The 
majority of recent phytoplankton (cyanobacteria and most algae) is therefore able to induce 
one or several biochemical mechanisms, by which they can actively take up CO2 and/or 
HCO3

- (e.g. HAYES 1993, GOERICKE et al. 1994, RAVEN 1997b). Such conditions can occur 
e.g. in time intervals of very low pCO2-levels in the ocean-atmosphere-system and/or during 
massive phytoplankton blooms. The common goal of these active DIC-uptake mechanisms is 
to notably increase the concentration of dissolved, intracellular CO2 around the active site of 
RubisCO, i.e. within the carboxysomes of cyanobacteria and within the chloroplasts of algae 
(e.g. GOERICKE et al. 1994, PRICE et al. 1992, BADGER et al. 1998, BADGER et al. 2002). Due 
to this function, all types of active DIC-uptake by phytoplankton are collectively referred to as 
CO2 concentrating mechanisms (CCMs). Three principal CCM-types are known: (i) active 
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transport of dissolved CO2 (CO2aq) from the ambient water across the cell membrane into the 
bulk cytoplasm and then into the carboxysome or chloroplasts ∗, (ii) active transport of HCO3

- 
from the ambient water across the cell membrane into the bulk cytoplasm and then into the 
carboxysome or chloroplasts, and subsequent conversion of the uptaken HCO3

-
 into dissolved 

CO2 by an enzymatic dehydration reaction catalyzed by a carboxysome- or chloroplast-
located (i.e. internal) type of carbonic anhydrase (CA), and (iii) extracellular conversion of 
seawater-HCO3

-
 to dissolved CO2 by an enzymatic dehydration reaction catalyzed by an 

extracellular (i.e. external) type of carbonic anhydrase (CA), which is located on the cell 
surface or in the periplasmic space (space between the cell wall and the plasmalemma) and 
subsequent uptake of the resulting CO2 across the cell membrane into the bulk cytoplasm and 
then into the carboxysome or chloroplasts either by passive uptake (i.e. diffusion) or by a 
direct, active transport mechanism as described in (i) (e.g. GOERICKE et al. 1994, PRICE et al. 
1992, RAVEN 1997b, BADGER et al. 1998, BADGER et al. 2002). The CA-catalyzed conversion 
of HCO3

-, which was either taken up by active HCO3
--transport or which accumulated in the 

bulk cytoplasm of a cyanobacterium after active CO2-transport (see footnote for CCM-type (i) 
above), to CO2 is an essential step, since the enzyme RubisCO can only catalyze the fixation 
of CO2, but not of HCO3

- (e.g. COOPER et al. 1969). Several authors have postulated that the 
ability of active CO2- and/or HCO3

--uptake was first and independently developed by both 
cyanobacteria and algae sometime during the Carboniferous to Permian, when the 
concentration and availability of CO2 in the ocean-atmosphere-system for the first time in 
Earth’s history reached exceptionally low levels (e.g. RAVEN 1997a, BADGER et al. 2002, 
BADGER & PRICE 2003). If this postulation is correct, active DIC-uptake and the presence of 
CCMs in phytoplankton can be expected to have been absent until at least the Late Devonian.     
Fig. 2 illustrates a conceptual fractionation scheme for the uptake of CO2aq and/or HCO3

- into 
the photosynthetically active organelle of a phytoplankton cell (algae: chloroplast, 
cyanobacteria: carboxysome) and the subsequent, RubisCO-catalyzed, photosynthetic fixation 
of the uptaken CO2. This scheme is based on the principles of the conceptual fractionation 
model of BURKHARDT et al. (1999).  

                                                 
∗  However, the results of BADGER & PRICE (2003) strongly suggest that, at least in cyanobacteria, active CO2-

uptake follows the following pathway: (a) active transport of CO2 across the cell membrane and 
enzymatically-catalyzed hydration of CO2 to HCO3

- at the thylakoid membrane, (b) accumulation of HCO3
- 

within the bulk cytoplasm, (c) transport of the cytoplasmic HCO3
-
 into the carboxysome, and (d) 

intracarboxysomal conversion of HCO3
-
 to dissolved CO2 by an enzymatic dehydration reaction catalyzed by a 

carboxysomal (i.e. internal) type of carbonic anhydrase (CA).  
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Fig. 2:  Conceptual scheme of (i) the fluxes (F) during the four principal types of DIC-uptake [(I) to (IV)] and 

the RubisCO-catalyzed, photosynthetic CO2-fixation and (ii) the carbon isotopic fractionations (ε) 
associated with these fluxes in a unicellular phytoplanktonic organism (microalga or cyanobacterium) 
(based on the principles of the fractionation model of BURKHARDT et al. 1999). All fluxes, carbon 
isotope fractionations, and symbols are explained in the main text.  

 

CO2ext and HCO3
-
ext represent the external (i.e. ambient) pools of dissolved CO2 and HCO3

-, 
CO2int and HCO3

-
int the internal (i.e. intracellular) pools of dissolved CO2 and HCO3

-, 
respectively. Cfix denotes the enzymatically (RubisCO) fixed organic carbon (i.e. primary 
biomass). δCO2ext, δΗCO3-ext, δCO2int, δΗCO3-int, and δCfix represent the carbon isotopic 
compositions (δ13C) of these carbon pools, as indicated by the respective indices. In the case 
of passive uptake of CO2 (DIC-uptake type I), the pools of CO2ext and CO2int are linked by 
fluxes F1 and F-1, which represent the diffusive uptake of ambient CO2 across the cell 
membrane into the chloroplast (algae) or carboxysome (cyanobacteria) and the diffusive 
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efflux, i.e. leakage, of intracellular CO2 back into the (sea)water, respectively. The carbon 
isotope fractionations that are associated with fluxes F1 and F-1, i.e. ε1 and ε-1, are small and 
have a magnitude of 0.7 ‰, respectively (O’LEARY 1984). F1* is the flux during active uptake 
of CO2 into the chloroplast (algae) or carboxysome (cyanobacteria) (DIC-uptake type II) and 
ε1* represents the associated carbon isotopic fractionation, which is in all likelihood very small 
(0.7 ‰) or even 0 ‰, and thus essentially identical to the fractionation accompanying passive 
CO2-upatke (see above). F2 represents the flux during the RubisCO-catalyzed, enzymatic 
fixation of CO2, which is accompanied by the large kinetic carbon isotopic fractionation ε2. 
The magnitude of ε2 is taxon-dependent, since the various groups and subgroups of 
phytoplanktonic organisms (algae, cyanobacteria, photosynthetic bacteria) possess specific 
forms of RubisCO (Ia, Ib, Ic, Id, II), which are associated with differing kinetic characteristics 
and kinetic carbon isotope fractionations (ROESKE & O’LEARY 1984, ROESKE & O’LEARY 

1985, GUY et al. 1993, GOERICKE et al. 1994, ROBINSON & CAVANAUGH 1995, RAVEN 1997a, 
SAKATA et al. 1997, POPP et al. 1998, TABITA 1999, HAYES 2001, ROBINSON et al. 2003, 
SCOTT et al. 2004; ~ 25 to 27 ‰ for algae; ~ 17 to 22 ‰ for cyanobacteria, ~ 18 to 23 ‰ for 
anaerobic, photosynthetic bacteria and some dinoflagellates; see text below for details). ε3 is 
the temperature-dependent equilibrium carbon isotope fractionation between CO2aq and 
HCO3

-. Its magnitude is 8 ‰ at 25°C (εCO2-HCO3- = 11.98 (± 0.13) - 0,12 (± 0.01) × T [°C]; 
ROMANEK et al. 1992). It should be noted that the magnitude of ε3 has a negative sign in the 
model of BURKHARDT et al. (1999) and thus as well in the presented fractionation scheme 
(Fig. 2). F4 is the flux during active uptake of HCO3

- into the chloroplast (algae) or 
carboxysome (cyanobacteria) and subsequent CA-catalyzed dehydration to CO2aq (DIC-
uptake type III). ε4, which denotes the carbon isotope fractionation associated with F4, can be 
assumed to be associated with no net isotope fractionation (ε4 = 0 ‰), since all actively 
acquired HCO3- is converted to CO2 prior to its fixation or to its diffusive leakage from the 
cell, i.e. flux F4 proceeds more rapidly than fluxes F2 or F-1. The enzymatic conversion of 
seawater-HCO3

-
 to CO2aq at the phytoplankton cell surface by an external-type of CA and the 

associated kinetic carbon isotopic fraction are specified by F5 and ε5, respectively.    
The fractionation scheme in Fig. 2 includes all elements of the conceptual fractionation model 
of BURKHARDT et al. (1999). The latter provides an excellent framework for a rather realistic 
description of the overall photosynthetic carbon isotope fractionation εp by the following 
equation, since “in contrast to most existing models, it permits the simultaneous uptake of 
both CO2 and HCO3

- at variable proportions” (BURKHARDT et al. 1999, p. 3733): 
 

εp = a (ε3 + ε4) + (1 - a) ε1 + (ε2 – ε-1) (F-1 / F1 + F4), 
 
with a representing the fractional contribution of active HCO3

--uptake to total DIC-uptake, i.e. 
F4 / F1 + F4.  
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The above given equation by BURKHARDT et al. (1999) is able to describe εp in the following 
four scenarios with respect to DIC-uptake:  
(i)  DIC is exclusively acquired by passive-diffusive CO2aq-uptake, i.e. DIC-uptake type (I), 

(ii)  DIC is solely taken up by active CO2aq-uptake, i.e. DIC-uptake type (II),  

(iii)  DIC is exclusively taken up by active HCO3
--transport, i.e. DIC-uptake type (III), and  

(iv)  DIC is acquired at variable proportions by passive and/or active CO2aq-uptake and 

concomitant, active HCO3
--transport   

The equation by BURKHARDT et al. (1999) does, however, not explicitly include the uptake of 
DIC specified as type (IV) in Fig. 2, i.e. the extracellular, CA-catalyzed conversion of HCO3

- 
to CO2 and the subsequent active or passive uptake of the generated CO2 into the 
phytoplankton cell.  
The fractionation scheme shown in Fig. 2 and the above equation illustrate the importance of 
the sizes of fluxes F1, F-1, and F4 as the primary variables driving the magnitude of εp.  
 
(1)  If DIC is solely acquired by passive CO2aq-uptake, F4 = 0, a = 0, and ε4 can be omitted. 

The magnitude of εp is then only dependent on the fraction of the passively acquired 
CO2aq that is lost from the cell by diffusive leakage and that is not used for CO2-fixation, 
i.e. on the ratio F-1/F1: 

 
εp  = a (ε3 + ε4) + (1 - a) ε1 + (ε2 – ε-1) (F-1 / F1 + F4)  = 

= 0 (ε3 + ε4) + (1 - 0) ε1 + (ε2 – ε-1) (F-1 / F1 + 0)  = 
     = ε1 + (ε2 – ε-1) (F-1 / F1).    
 

If the uptaken CO2 is completely used for fixation and none is lost by diffusive leakage, 
flux F-1 = 0 and the ratio F-1/F1 = 0. The magnitude of εp is then equal to the small kinetic 
carbon isotope fractionation associated with the diffusive CO2-uptake, i.e. ε1 = 0.7 ‰: 
 

εp  = ε1 + (ε2 – ε-1) (F-1 / F1)  = 
= ε1 + (ε2 – ε-1) 0  =   
= ε1. 
 

In contrast, if virtually all uptaken CO2 is lost again from the cell by diffusive leakage, 
flux F-1 → 1 and the ratio F-1 / F1 → 1. In this case, εp is equal to the large kinetic carbon 
isotope fractionation of the involved RubisCO-enzyme, i.e. ε2 (~ 25 to 27 ‰ for algae): 

 
εp  = ε1 + (ε2 – ε-1) (F-1 / F1)  = 

= ε1 + (ε2 – ε-1) 1  =   
= ε2.   
  

Accordingly, the magnitude of εp of an alga, which acquires its inorganic carbon substrate 
for photosynthesis exclusively by passive-diffusive CO2-uptake, can assume any value 
between 0.7 ‰ and ~ 25 to 27 ‰, depending on the extent of diffusive CO2-leakage out of 
the cell.  
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(2) If DIC is solely acquired by active HCO3
--transport, F4 = 1, F1 = 0, and a = 1. In this case, 

the magnitude of εp is only dependent on the fraction of the actively acquired and 
enzymatically dehydrated HCO3

- (→ CO2aq) that is lost from the cell by diffusive leakage 
and that is not used for CO2-fixation, i.e. on ratio F-1/F4: 

 
εp  = a (ε3 + ε4) + (1 - a) ε1 + (ε2 – ε-1) (F-1 / F1 + F4)  = 

= 1 (ε3 + ε4) + (1 - 1) ε1 + (ε2 – ε-1) (F-1 / 0 + 1)  = 
     = (ε3 + ε4) + 0 ε1 + (ε2 – ε-1) (F-1 / 1)  = 
 = (ε3 + ε4) + (ε2 – ε-1) (F-1 / 1).  

 
Flux F4 can be assumed to be associated with no net isotope fractionation, i.e. ε4 = 0 ‰, 
since all actively acquired HCO3

-
 is converted to CO2 prior to its fixation or to its diffusive 

leakage from the cell (F4 proceeds more rapidly than F2 or F-1). If the uptaken and 
enzymatically dehydrated HCO3

- is completely utilized for CO2-fixation and none is lost 
by diffusive leakage, flux F-1 = 0, ε-1 can be omitted, and the ratio F-1/F4 = 0. Under these 
conditions, primary biomass (Cfix) assumes the carbon isotopic composition of the actively 
uptaken and converted (sea)water-HCO3

- and is thus enriched (!) in 13C relative to the 
(sea)water-CO2aq by 8 ‰ (at 25°C). As a consequence, the magnitude of εp assumes the 
value of ε3, i.e. a negative (!) value of -8 ‰ (at 25°C).  
 

εp  = (ε3 + ε4) + (ε2 – ε-1) (F-1 / 1)  = 
= (ε3 + 0) + ε2 (0 / 1)  = 

 = ε3 + ε2 0  =  ε3.  
 

The scenario, in which virtually all uptaken and enzymatically dehydrated HCO3
- is again 

lost from the cell by diffusive leakage, i.e. flux F-1 → 1 and the ratio F-1 / F4 → 1, is only 
theoretical. Actually, it is entirely unrealistic that a significant proportion of the inorganic 
carbon substrate, which an organism actively imported into the cell at a notable metabolic 
cost, would remain unused and be allowed to leave the cell again. Rather, it must be 
assumed that at least the majority of the actively acquired and enzymatically converted 
HCO3

- is actually utilized for the formation of primary biomass and that the amount of lost 
CO2 is kept small or even negligible. Consequently, the magnitude of εp in the presence of 
active HCO3

--uptake is generally expected to assume relatively small or even negative  
values of up to -8 ‰ (at 25°C). Nonetheless, the magnitude of εp for the above described 
theoretical scenario with F-1 → 1 and the ratio F-1 / F4 → 1 can be calculated as follows: 

 
εp  = (ε3 + ε4) + (ε2 – ε-1) (F-1 / 1)  = 

= (ε3 + 0) + (ε2 – ε-1) (1 / 1)  = 
= ε3 + (ε2 – ε-1) 1  =   ε3 + ε2 – ε-1. 

 
In this theoretical scenario, the magnitude of εp of an alga (ε2 = e.g. 25 ‰) would assume 
a value of -8 ‰ + 25 ‰ – 0.7 ‰ = 16.3 ‰ (at 25°C).   
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(3) If DIC is taken up by a mixture of passive CO2aq-uptake and active HCO3
--transport at 

variable proportions, F1 + F4 = 1 and a (= F4 / F1 + F4) assumes a value between 0 and 1, 
(0 < a < 1), depending on the fractional contribution of F4 to total DIC-uptake. 
Independent of the relative contributions of passive CO2-uptake and active HCO3--
transport, the value of F-1 may vary between 0 and 1. However, as stated above, it can be 
assumed that the (vast) majority of the inorganic carbon substrate, which an organism 
actively imported into the cell at a notable metabolic cost, is utilized for carbon fixation 
and is not allowed to be lost again from the cell. Therefore, F-1 is not expected to approach 
a value of 1, if active HCO3

--uptake (i.e. F4) represents a significant DIC-acquisition 
pathway for the organism. In conclusion, if DIC is imported into the cell by a mixture of 
passive CO2aq-uptake and active HCO3

--transport, the magnitude of εp is dependent on 
both the fractional contribution of HCO3

--uptake to total DIC-uptake (a) and the extent of 
diffusive loss of intracellular CO2 (F-1): 

 
ε   = a (εp
     

3 + ε4) + (1 - a) ε1 + (ε2 – ε-1) (F-1 / F1 + F4). 

This is illustrated by the following example, in which it is assumed that passive CO2-
uptake accounts for 60 % of total DIC-uptake and the remaining 40 % of DIC-acquisition 
are accomplished by active HCO3

--transport.  Accordingly, flux F1 = 0.6, flux F4 = 0.4 and 
a = (0.4 / 0.6 + 0.4) = (0.4 / 1) = 0.4. Besides, the loss of intracellular CO2 by diffusive 
leakage (F-1) is predefined to be 20 % of the total amount of acquired CO2 (i.e. the sum of 
F1 and F4). Thus, the ratio F-1 / F1 + F4 = 0.2 / 0.6 + 0.4 = 0.2 / 1 = 0.2 and the flux of 
carbon fixation F2 is 0.8. Moreover, it is again assumed that F4 is associated with no net 
isotope fractionation, i.e. ε4 = 0 ‰, since all actively acquired HCO3

- is converted to CO2 
prior to its fixation or to its diffusive leakage from the cell (F4 proceeds more rapidly than 
F2 or F-1). Under these preconditions, the magnitude of εp of a eukaryotic alga with a 
kinetic RubisCO-fractionation (ε2) of 25 ‰ living at 25°C (ε3 = -8 ‰) is:  

 
εp  = a (ε3 + ε4) + (1 - a) ε1 + (ε2 – ε-1) (F-1 / F1 + F4)  = 

= 0.4 (-8 ‰ + 0 ‰) + (1 – 0.4) 0.7 ‰ + (25 ‰ – 0.7 ‰) (0.2 / 0.6 + 0.4)  = 
= 0.4 × -8 ‰ + 0.6 × 0.7 ‰ + 24.3 ‰ × 0.2  = 
= -3.2 ‰ + 0.4 ‰ + 4.9 ‰  = 
= 2.1 ‰. 
 

The result of this example demonstrates that under (i) a significant fractional contribution 
of active HCO3

--transport to total DIC-uptake (F4 = 0.4) and (ii) a rather efficient 
fractional utilization of the acquired CO2 for carbon fixation (F2 = 0.8, F-1 = 0.2) the 
magnitude of εp is remarkably small. Hence, the primary biomass (Cfix) formed in this 
example is isotopically quite heavy and depleted in 13C relative to (sea)water-CO2aq by 
only 2.1 %. At higher fractional contributions of active HCO3

--transport to total DIC-
uptake (a) and/or lower losses of intracellular CO2 (F-1) the magnitude of εp would be 
even smaller or, in extreme cases, could even assume negative values. 
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The above discussed considerations about the multiple pathways of DIC-uptake into marine 
primary producers, the influence of the availability of CO2aq on the fluxes F1, F-1, F2, and F4 
relative to each other, and the effects of these fluxes on the magnitude of the photosynthetic 
carbon isotope fractionation clearly demonstrate and confirm that the concentration of CO2 
represents a major controlling factor for the magnitude of εp (pCO2  ↑|↓  →  εp  ↑|↓).  
Some kinetic properties of the RubisCO-enzymes of phytoplankton are of indirect or direct 
relevance for the magnitude of phytoplankton εp. These properties include: 
 
(i)  the half-saturation constants KC and KO for the competitive carboxylation 

(photosynthesis) and oxygenation (photorespiration) functions of RubisCO,  
 
(ii)    the maximum velocities for the carboxylation (VC) and oxygenation (VO) reactions,  
 
(iii)  the CO2/O2-substrate specifity value Ω (TABITA 1999) or τ (RAVEN 1997a) (Ω or τ = 

VCKO/VOKC), which is a measure for the affinity of the RubisCO enzyme for CO2 (→ 
photosynthesis) relative to O2 (→ photorespiration) (e.g. GOERICKE et al. 1994, RAVEN 
1997a, TABITA 1999); a RubisCO-enzyme with a high Ω-value possesses an enhanced 
selectivity for CO2 and, therefore, a higher intrinsic capacity for its carboxylase function 
(photosynthesis) relative to its oxygenase function (photorespiration), and 

 
(iv)  the magnitude of the kinetic carbon isotope fractionation (ε2 in Fig.2, just referred to as 

ε in the following) occurring during fixation of intracellular CO2 (i.e. the carboxylation 
reaction); the various taxonomic groups of phytoplankton utilize specific forms of 
RubisCO, forms Ia, Ib, Ic, Id, and II, which exhibit differing ranges of ε (ROESKE & 

O’LEARY 1984, ROESKE & O’LEARY 1985, GUY et al. 1993, GOERICKE et al. 1994, 
ROBINSON & CAVANAUGH 1995, RAVEN 1997a, SAKATA et al. 1997, POPP et al. 1998, 
TABITA 1999, HAYES 2001, ROBINSON et al. 2003, SCOTT et al. 2004).  

 
As KC, KO, VC, and VO are included in the CO2/O2-substrate specifity value (Ω) (see above), 
the following explanations will focus on the kinetic RubisCO-properties Ω and ε. Table 1 lists 
the RubisCO forms and the characteristic ranges of ε and Ω for a number of important 
taxonomic groups of photo- and chemoautotrophic organisms. For some groups or subgroups 
of marine phytoplankton, the differences between the ranges of both Ω and ε are significant 
and characteristic. 
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RubisCO  
Form 

ε  
[‰] 

CO2/O2-substrate 
specifity Ω 

Examples for  
Taxonomic Occurrence 

24.4 25 - 45 
many Photo- & Chemoautotrophic Bacteria  
(e.g. Chromatium vinosum, Rhodobacter capsulatus,  

also Vent Symbionts) 
Ia 

37 α-Cyanobacteria  
(e.g. Synechococcus WH7803, Prochlorococcus marinus) 

 ~ 17 - 22 

35 - 56 β-Cyanobacteria  
(e.g. Synechococcus PCC7002, Trichodesmium erythraeum) 

- 54 - 83 Green Algae  
(e.g. Chlamydomonas reinhardtii, Scenedesmus obliquus) 

Ib 

29 - 30.3 79 - 90 Higher Plants (C3) 
(e.g. Spinacia oleracea, Triticum aestivum) 

Ic - 45 - 75 many Purple Bacteria  
(e.g. Bradyrhizobium japonicum, Xanthobacter flavus) 

- - Dinoflagellates lacking Peridinin 
(e.g. Gyrodinium aureolum) 

- 129 - 238 Red Algae 
(e.g. Porphyridium cruentum, Cyanidium partita) 

- - Brown Algae 

77 - 79 Haptophytes  
(e.g. Emiliania huxleyi) 

Id 

~ 25 - 27 

101 - 114 Diatoms  
(e.g. Phaeodactylum tricornutum, Cylindrotheca fusiformis) 

 ~ 18 - 23 9 - 15 many Photo- & Chemoautotrophic Bacteria  
(free-living [e.g. Rhodospirillum rubrum] & endosymbiontic) 

II 

- 37 
Dinoflagellates containing Peridinin 

(free-living [e.g. Amphidinium carterae, Gonyaulax polyedra]  
& endosymbiontic [e.g. Symbiodinium spp.]) 

 
Table 1:  Summary of the RubisCO forms Ia-d and II and the characteristic ranges of the kinetic carbon isotope 

fractionation factors (ε) and CO2/O2-substrate specifity values (Ω) for a number of important 
taxonomic groups of photo- and chemoautotrophic organisms (ranges or single values for ε compiled 
from ROESKE & O’LEARY 1984, ROESKE & O’LEARY 1985, GUY ET AL. 1993, ROBINSON & 

CAVANAUGH 1995,  SAKATA ET AL. 1997, POPP ET AL. 1998, ROBINSON ET AL. 2003, SCOTT ET AL. 
2004; ranges or single values for Ω compiled from RAVEN 1997a, BADGER et al. 1998, TABITA 1999, 
TORTELL 2000).  
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Many photo- and chemoautotrophic bacteria, i.e. prokaryotic autotrophs, utilize a form II 
RubisCO, which exhibits the lowest observed CO2/O2-substrate specifity values (Ω = 9 - 15). 
Moreover, low Ω-values were found to be characteristic for all organisms with form II 
RubisCO enzymes. MORSE et al. (1995) were able to show that dinoflagellates, which contain 
the carotenoid pigment peridinin (as part of their light-harvesting complexes), also utilize a 
form II RubisCO. At the time of its discovery, this finding was a surprise, since 
dinoflagellates represent eukaryotic organisms and were hence thought to contain a form I 
RubisCO like all other eukaryotic autotrophs. In the study of BADGER et al. (1998), the 
CO2/O2-substrate specifity value of Amphidinium carterae, a peridinin and hence RubisCO 
form II containing dinoflagellate species, was determined to be 37, thus confirming the 
generally very low Ω-values of form II RubisCO enzymes. Today, peridinin containing 
dinoflagellates represent a quantitatively important subgroup of dinoflagellates.  
Form I RubisCO enzymes are utilized by (i) many (not all, see above) photo- and 
chemoautotrophic bacteria (prokaryotes), (ii) all cyanobacteria (prokaryotes), (iii) all algae 
(eukaryotes; except peridinin-containing dinoflagellates), and (iv) all higher plants 
(eukaryotes). The CO2/O2-substrate specifity values of the four types of from I RubisCO - Ia, 
Ib, Ic, and Id - actually cover a very wide range from approximately 25 to 238 and are (much) 
higher than those of form II RubisCO. However, this large range also shows that significant 
differences in Ω exist between RubisCO forms Ia, Ib, Ic, and Id and between the various 
taxonomic groups using these form I RubisCO enzymes. The Ω-values of the RubisCO form 
Ia of many photo- and chemoautotrophic bacteria (25 - 45) and α-cyanobacteria (37) and of 
the RubisCO form Ib of β-cyanobacteria (35 - 56) are on average only about twice as high as 
the values of RubisCO form II (9 - 37) (BADGER et al. 1998). This difference is still 
noticeable. However, the Ω-values of the cyanobacterial form I RubisCO enzymes are rather 
low and close to those of RubisCO form II (RAVEN 1997a, BADGER et al. 1998). This 
becomes particularly evident in view of the large differences in Ω between RubisCO form II 
and e.g. RubisCO form Ib of green algae (54 - 83) and higher plants (75 - 90) or RubisCO 
form Id of diatoms (101 - 114) and red algae (129 - 238).  
The taxonomic differences in CO2/O2-substrate specifity of the RubisCO forms are of direct 
relevance for the mode(s) of carbon uptake (passive-diffusive versus active) employed by the 
different groups of phytoplankton. Organisms possessing RubisCO forms with low CO2/O2-
substrate specifity values (e.g. photosynthetic bacteria including all cyanobacteria, peridinin-
containing dinoflagellates, some green algae; see Table 1) are only capable to satisfy their 
inorganic carbon demand for photosynthesis through passive-diffusive CO2-uptake, as long as 
the ambient concentration of CO2 is (very) high. However, at low or moderate environmental 
CO2 concentrations, these organisms are forced to induce active DIC-uptake and CO2 
concentrating mechanisms (CCMs) to ensure a sufficiently large pool of intracellular CO2 for 
further carbon fixation and growth. To compensate for the low CO2-affinity of their RubisCO 
enzymes, the CCMs of these organisms are rather effective and can achieve appreciable or 
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even extremely high carbon (CO2) concentration factors (CCFs; factor relating the 
concentration of intracellular inorganic carbon to the concentration of ambient, i.e. external, 
inorganic carbon) in the range of approximately 10 to 1000. The latter factor of about 1000 
particularly pertains to some of the cyanobacterial CCMs, which probably posses the most 
effective active carbon uptake and concentrating strategies of all photosynthetic organisms 
(e.g. BADGER & PRICE 2003). In contrast, organisms using RubisCO forms with elevated or 
high CO2/O2-substrate specifity values (e.g. some green algae, haptophytes, diatoms, red 
algae; see Table 1) can (largely) satisfy their demand for inorganic carbon for photosynthesis 
and growth through passive-diffusive CO2-uptake even at moderate or relatively low ambient 
concentrations of CO2. Accordingly, such algae induce active carbon uptake and 
concentrating mechanisms only at rather low environmental CO2-concentrations and/or 
exceptionally high growth rates, when the demand for intracellular inorganic carbon is 
particularly high. As a result of the higher CO2-affinity of their RubisCO enzymes, the 
efficiency of the CCMs of e.g. haptophytes, diatoms, and red algae is significantly lower than 
that of e.g. cyanobacteria and peridinin-containing dinoflagellates. Accordingly, the carbon 
concentration factors of haptophytes, diatoms, red algae, and other algae with high(er) CO2-
affinity RubisCOs do not exceed approximately 50. Some species of these algal groups, which 
exhibit very high CO2/O2-substrate specifity values (e.g. the green alga Coccomyxa sp. [Ω = 
83] or the red alga Cyanidium caldarium [Ω = 224]), even seem to completely lack CCMs and 
are thus probably able to always satisfy their inorganic carbon demand for photosynthesis and 
cell growth solely by passive-diffusive CO2-uptake (BADGER et al. 1998).    
The knowledge we gained so far about the evolution of the various taxonomic groups of 
phytoplankton and the kinetic properties and taxonomic occurrences of the different RubisCO 
forms strongly suggest that both the differential CO2/O2-substrate specifity (Ω) of the 
RubisCO forms and the ability of most phytoplankton groups to induce and exploit various 
active DIC-uptake and CO2 concentrating mechanisms (CCMs) evolved in response to the 
significant changes in the concentrations of CO2 and O2 in the ocean-atmosphere-system      
during Earth’s history (e.g. RAVEN 1997a, TORTELL 2000, BADGER et al. 2002, BADGER & 

PRICE 2003). Accordingly, the very low CO2-substrate affinity of the RubisCO enzymes of 
cyanobacteria - the most ancient, aerobic and O2-producing photoautotrophs - is explained by 
the extremely high CO2-concentrations and minute O2-levels that prevailed in the ocean-
atmosphere-system during the time of the emergence of cyanobacteria, i.e. the Archean. In the 
presence of CO2-concentrations, which were higher than the present day level (ca. 380 ppmV) 
by a factor of (i) at least 100 to 1000 during the Archean (e.g. KASTING 1993, RYE et al. 1995) 
and (ii) by about 10 to 200 during the Proterozoic (e.g. KAUFMAN & XIAO 2003), both the 
external and intracellular availability of CO2 was in all likelihood never a limiting factor for 
cyanobacterial photosynthesis during the Precambrian. Hence, the utilized RubisCO enzymes 
were then not required to exhibit a specifically optimized affinity for CO2 as the substrate. 
Presumably, the latter continued to be true for the RubisCO enzymes of cyanobacteria and of 
all other phytoplankton groups, which emerged through primary and secondary 
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endosymbiosis during the Proterozoic and/or the early Paleozoic era (green algae, red algae, 
dinoflagellates), until the Late Devonian period. During late Devonian to middle 
Carboniferous time, the until then very high CO2-concentrations (several thousand ppmV) in 
the ocean-atmosphere-system decreased dramatically and for the first time in Earth’s history 
reached very low levels between about 200 and 400 ppmV during the Permocarboniferous 
(e.g. BERNER & KOTHAVALA 2001). The large Late Devonian to middle Carboniferous drop in 
pCO2 was accompanied by a significant increase in the concentration of atmospheric O2 from 
approximately 17 to 21 % in the Middle Devonian to circa 30 to 35 % during the 
Permocarboniferous (BERNER & CANFIELD 1989, BERNER 2001). Accordingly, this evolution 
in atmospheric composition involved notably lower CO2/O2-ratios in the global ocean-
atmosphere-system. Most likely, these significant developments resulted for the first time in 
Earth’s history in a situation, in which the rather low CO2-substrate specifity of the RubisCO 
enzymes of the then existing phytoplankton groups (particularly cyanobacteria, 
photosynthetic bacteria, green algae, dinoflagellates) became problematic and gave rise to 
CO2-limited conditions during photosynthesis. Accordingly, several researchers (RAVEN 
1997a, BADGER et al. 2002, BADGER & PRICE 2003) have postulated that, in response to this 
situation, cyanobacteria and algae independently developed the ability to induce and exploit 
active DIC-uptake and CO2 concentrating mechanisms sometime during the Carboniferous 
and Permian time interval. Today, cyanobacteria posses the most efficient of all known 
CCMs, with CO2 concentrating factors reaching values of up to approximately 1000 (e.g. 
BADGER & PRICE 2003). Interestingly, the RubisCOs of all phytoplankton groups, which 
evolved after the Paleozoic era through secondary and tertiary endosymbiontic events, most 
notably the diatoms and haptophytes, exhibit significantly higher CO2/O2-substrate specifity 
values (Table 1). It is assumed that this represents an evolutionary adaptation to the Mesozoic 
and Cenozoic pCO2-levels, which always stayed significantly below those of the Precambrian 
and Early Paleozoic (e.g. TORTELL 2000).  
The differences in the kinetic properties of the RubisCO forms also include the magnitudes of 
their kinetic carbon isotope fractionation factors (ε). Unfortunately, ε-values for the RubisCO 
forms of only some of the major photo- and chemoautotrophs have been established by high-
precision methods so far (ROESKE & O’LEARY 1984, ROESKE & O’LEARY 1985, GUY et al. 
1993, POPP et al. 1998, ROBINSON et al. 2003, SCOTT et al. 2004). Still, no data are available 
on ε-values of RubisCO form Ic (many purple bacteria). Besides, ε-values for the RubisCOs 
of several geologically and/or presently important algal groups, such as green algae, 
dinoflagellates, and red algae, have also not been published yet.  
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Nonetheless, our current knowledge strongly suggests that the phytoplanktonic organisms can 
be divided into three clusters based on the ε-ranges of their respective RubisCO enzymes.  
 
• The first cluster includes all algae (RubisCO forms Ib and Id), i.e. the eukaryotic 

phytoplankton, with the exception of the peridinin-containg dinoflagellates. This cluster 
exhibits high kinetic carbon isotope fractionations between approximately 25 and 27 ‰ 
(e.g. POPP et al. 1998). Thus, many studies use a value of 25 ‰ as the maximum 
magnitude of εp of algae (eukaryotic phytoplankton) (e.g. POPP et al. 1998, HAYES 2001, 
KAUFMAN & XIAO 2003).  

 
• The second cluster encompasses all cyanobacteria (RubisCO forms Ia and Ib). The 

magnitude of their kinetic carbon isotope fractionation (ε) ranges from about 17 to 22 ‰ 
(GUY et al. 1993, SAKATA et al. 1997, POPP et al. 1998) and is characteristically lower than 
those of algae.  

 
• The third cluster comprises many photosynthetic bacteria and the peridinin-containing 

dinoflagellates (RubisCO form II). The kinetic carbon isotope fractionation (ε) of 
RubisCO form II varies between approximately 18 and 23 ‰ (GUY et al. 1993, ROBINSON 

et al. 2003). Accordingly, the ε-range of RubisCO form II is also distinctly lower than that 
of algae and is almost identical to that of cyanobacterial RubisCOs.   

 
It is important to notice that these ε-values and -ranges represent upper limits for the 
magnitude of the photosynthetic carbon isotope fractionation εp of the respective 
phytoplankton species and groups. Accordingly, the magnitude of ε - and therefore of εp - of a 
photoautotroph is among other factors also dependent on the taxonomic affiliation of the 
organism. Moreover, shifts in the taxonomic composition of a phytoplankton association, e.g. 
a shift from a cyanobacterially-dominated association to an algae-dominated one, can 
potentially result in temporal changes of the integrated εp-signal of that community.  
In addition to the above described controls (CO2-concentration in ocean atmosphere-system, 
passive-diffusive CO2aq-uptake versus active DIC-uptake and CO2 concentrating mechanisms, 
taxon-specific ranges of kinetic carbon isotope fractionation factors ε and CO2/O2 substrate 
specifity values Ω of RubisCO forms), a number of further factors exist, which are also 
capable of exerting influence on the magnitude of phytoplankton εp. The most influential of 
these factors comprise: 
 

(i) the cell geometry, i.e. the ratio of cell volume to cell surface (V/S),  
(ii) the cell membrane permeability, and  
(iii) the cell-specific growth rate (µ), which is closely linked to nutrient availability.  
 

Other parameters, which may affect εp to some extent, include water temperature, pH, and 
light intensity and quality (e.g. FRY & WAINRIGHT 1991, FRANCOIS et al. 1993, GOERICKE et 
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al. 1994, THOMPSON & CALVERT 1994, LAWS et al. 1995, BIDIGARE et al. 1997, PANCOST et 
al. 1997, POPP et al. 1998, BIDIGARE et al. 1999, POPP et al. 1999a,b, BURKHARDT et al. 1999).  
Both the cell geometry (i.e. the ratio of cell volume to cell surface; V/S) and the cell 
membrane permeability of a specific primary producer represent important constraints for the 
maximum possible rate of CO2-uptake into the cell and partly for the leakage of uptaken CO2 
back into the ambient water. These factors are thus highly phytoplankton-species-specific and 
of crucial importance for the overall efficiency of the CO2aq-supply to the site of carbon 
fixation. If the cell surface (S) is large relative to the cell volume (V), i.e. if the V/S-ratio is 
low, the overall supply of the phytoplankton cell with CO2aq is higher and thus more efficient 
than in cases of low cell surface and large cell volume, i.e. at high V/S-ratios. Accordingly, 
phytoplanktonic organisms with low surface (S) to volume (V) ratios possess advantageous 
cell geometries with respect to their intracellular CO2-supply and vice versa. Besides, a high 
cell membrane permeability for CO2 is advantageous for the intracellular CO2-supply as well. 
An alga or photosynthetic bacterium with a low V/S-ratio and high cell membrane 
permeability will therefore be able to satisfy its inorganic carbon demand by passive-diffusive 
CO2-uptake even at a comparatively low ambient CO2-concentration, at which an organism 
with a higher V/S-ratio and lower cell membrane permeability would already experience 
(severely) CO2-limited conditions. These interrelations between cell geometry, cell membrane 
permeability, and intracellular CO2-availability affect the magnitude of εp as follows:    
 

(i) V/S ↑|↓   →   εp ↓|↑  (negative correlation) and 
(ii)  cell membrane permeability ↑|↓   →   εp ↑|↓  (positive correlation). 

 
The cell-specific phytoplankton growth rate (µ) determines the organisms’ intracellular CO2 
demand for photosynthesis and thus the size of flux F2 of the above described conceptual 
fractionation model (see Fig. 2). The cell-specific growth rate is closely linked to the 
availability of inorganic nutrients, particularly of phosphorus (P), nitrogen (N), and iron (Fe). 
The presence of abundant and readily bioavailable nutrients (e.g. PO4

3-, NO3
-, dissolved Fe-

phases) allow for and stimulate high cell-specific growth rates. An increase in the cell-specific 
growth rate (µ), i.e. an increase in the intracellular carbon (substrate) demand, of an alga or 
photosynthetic bacterium tends to decrease the organisms’ magnitude of εp and vice versa 
(negative correlation between µ and εp):  
 

µ ↑|↓   →   εp ↓|↑. 
 
This relationship arises from an increase in the size of flux F2 (see conceptual fractionation 
model above), which usually leads to the fixation of a higher quantity of the intracellular CO2 
(i.e. increase of ratio F2/F1) and a decrease in the amount of intracellular CO2 that is lost again 
from the cell by diffusive leakage (i.e. decrease of the ratio of F-1/F2). Accordingly, an 
increase in the cell-specific phytoplankton growth rate (µ) usually forces the organism to 
decrease its preference for 12CO2 and to utilize the available intracellular CO2-pool more 
efficiently than at low growth rates. This situation then results in a lower overall carbon 



1 Introduction 31

isotope fractionation (εp) between ambient CO2 and the photosynthetically formed 
phytoplankton biomass. Moreover, elevated or high cell-specific phytoplankton growth rates 
can force an alga or photosynthetic bacterium to induce active uptake of DIC, especially of 
HCO3

-, from the ambient water into the cell (flux F4 in Fig. 2). This situation arises, when the 
organism can not (entirely) satisfy its carbon demand by passive-diffusive CO2-uptake (flux 
F1) anymore due to (i) an unfavourable cell geometry (high V/S-ratio), and/or (ii) a low cell 
membrane permeability, and/or (iii) a low CO2/O2-substrate specifity (Ω) of the utilized 
RubisCO enzymes. It can be expected that the (vast) majority of the actively uptaken DIC is 
actually used for photosynthesis (F2/F4 → 1) and that CO2-loss from the cell by diffusive 
leakage is minimal or absent (F-1/F2 → 0). As a result, the magnitude of εp is very low (εp → 0 
‰) and may even attain negative values (phytoplankton biomass is 13C-enrihed relative to 
ambient CO2aq), if the actively uptaken DIC-species was HCO3- (see discussion above).    
In conclusion, the above discussed influences of various physicochemical and physiologic 
parameters on εp clearly illustrate that the magnitude of εp is highly taxon- and even species-
dependent and that shifts in the taxonomic composition of a phytoplankton community can 
entail significant changes in the integrated εp-signal of that community. The magnitude of εp 
of a phytoplankton species A may differ significantly from that of a coexisting species B or 
species C even in the presence of fixed environmental conditions such as a given ambient 
CO2aq-concentration, nutrient (N, P, Fe, etc.) availability, water temperature, pH, salinity, 
light intensity, etc.  
On a global scale, the usually heterogeneously composed phytoplankton communities of a 
specific time slice therefore exhibit a certain εp-range rather than a single εp-magnitude. Each 
time slice in Earth’s history is thus expected to show a certain variability in εp. Based on the 
results of numerous studies of phytoplankton-εp in today’s oceans, it seems that the range of εp 
does not exceed circa 20 ‰ even on a supra-regional or global scale. According to the results 
of these studies, which comprise 396 single εp-data, the magnitudes of phytoplankton εp in the 
modern oceans vary between approximately 2 and 22 ‰. However, the vast majority of 
modern phytoplankton εp falls into a rather narrow range between about 10 and 16 ‰ (Fig. 3) 
(FRANCOIS et al. 1993, LAWS ET AL. 1995, BIDIGARE ET AL. 1997, PANCOST ET AL. 1997, 
PANCOST ET AL. 1999, EEK ET AL. 1999, POPP ET AL. 1999a, POPP ET AL. 1999b, LAWS ET AL. 
2001, BENTHIEN ET AL. 2002). The mean εp-value of these globally-distributed 396 literature-
data is 12.5 ‰ ± 3.9 ‰.  
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Fig. 3:  Global distribution of the magnitudes of phytoplankton-εp in the modern oceans. The dataset includes 

almost 400 single εp-values from the Atlantic Ocean, Pacific Ocean, and Indian Ocean (mean value = 
12.5 ‰ ± 3.9 ‰). The upper histogram (a) includes the characteristically low εp-values found in the 
Peru upwelling zone (→ high growth rates, utilization of active DIC-uptake mechanisms). The lower 
histogram (b) excludes the Peru upwelling data, thus focussing on the “normal-marine” εp-data, which 
were not controlled by the highly specific conditions present in upwelling regimes. The vast majority of 
the εp-data fall into the rather narrow range between approximately 10 to 16 ‰. The data were compiled 
from the results of εp-measurements of various researchers (see references in the text above). 
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2 Introduction to the biogeochemistry of n-alkanes and isoprenoids 
 
2.1 Introduction 
 
Most sedimentary rocks, which were deposited under dysoxic or anoxic conditions and/or in 
areas of high biological productivity (e.g. in upwelling regimes), contain measurable quanti-
ties of organic matter. This is due to conditions and transformations during deposition and 
dia-/catagenesis, which specifically occur in oxygen-deficient and/or high productivity set-
tings. These specific conditions and transformations can result in the preservation of organic 
substances and molecules over geologic time spans. Preserved organic matter can be divided 
into a kerogen and bitumen fraction, with kerogen usually accounting for the majority of total 
organic matter.  
Kerogen is insoluble in organic solvents and thus not extractable from the rock. Kerogen can 
be described as a recalcitrant, macromolecular, polymeric organic substance, formed by ag-
glomeration and condensation of smaller bio(macro)molecules and compounds that were bro-
ken down by microbial degradation.  
Bitumen in contrast is soluble in and thus extractable with organic solvents (e.g. dichloro-
methane, hexane, pentane, methanol, toluene, etc.). It is thus also referred to as extractable 
organic matter or EOM. Bitumen is composed of a number of organic compound classes, e.g. 
saturated hydrocarbons, aromatic hydrocarbons, porphyrins, ketones, alcohols, sterols and 
asphaltenes. Most of these compound classes are of great interest and value in petroleum geo-
chemistry and biogeochemistry. Several of them, e.g. the saturated or the aromatic hydrocar-
bons, can be further divided into a number of compound groups. Each compound group com-
prises a more or less extensive series of individual compounds, which show a common gen-
eral structural design, e.g. n-alkanes, acyclic isoprenoids, steroids, hopanoids (see below). 
This study focuses on compound groups within the class of saturated hydrocarbons. These 
compound groups were investigated by organic geochemical methods and two of them, n-
alkanes and acyclic isoprenoids, also by means of compound-specific carbon isotope analysis.  
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2.2 n-alkanes  
 
In ancient and recent sediments and oils, n-alkanes (normal alkanes) represent the structurally 
simplest saturated organic compounds. Their general chemical formula is CnH2n+2. n-alkanes 
encompass a homologous series of linear, unbranched chains of carbon atoms, which are fully 
saturated by hydrogen atoms (Fig. 4).  
 

n-C13

n-C42

n-C29

n-C22

 
 
Fig. 4:  The linear and unbranched structure of the homologues series n-alkanes, illustrated by four examples 

with short (n-C13), mid (n-C22) and long (n-C29, n-C42) chain lengths. 

 
With increasing carbon number the physical state of the n-alkane homologs changes at room 
temperature (20°C) from gaseous (n-C1 to n-C4) via liquid (n-C5 to n-C16) to solid (≥ n-C17). 
A wide variety of organisms biosynthesize n-alkanes or compounds, which finally end up as 
n-alkanes in the course of sedimentary diagenesis. Hence, the total of n-alkanes in sedimen-
tary rocks and oils usually represents a mixture from several biological sources. However, the 
n-alkane homologues derived from most of these organism groups exhibit characteristic car-
bon number ranges. An important source for low molecular weight n-alkanes with 15 to 20 
carbon atoms are eukaryotic algae, from both marine and lacustrine environments (e.g. CLARK 

& BLUMER 1967, GELPI et al. 1970, CRANWELL et al. 1987, PETERS & MOLDOWAN 1993). 
Typically, the distribution of these algae-derived n-alkanes exhibits a predominance of the 
odd-numbered compounds (n-C15, n-C17, n-C19) over the even-numbered (n-C16, n-C18, n-C20) 
homologs, with n-C17 commonly being particularly abundant. However, such low molecular 
weight n-alkanes can also be derived from cyanobacteria, notably n-C17 and n-C19 (e.g. GELPI 
et al. 1970, CRANWELL et al. 1987), or from photosynthetic and non-photosynthetic bacteria 
(n-C12 to n-C22), with a predominance of the even-numbered homologs (GRIMALT & AL-

BAIGÉS 1987). FICKEN et al. (2000) showed that n-alkanes of mid-chain length (n-C21 to n-
C25) with a predominance of the odd-numbered homologs are characteristic for submerged 
and floating aquatic macrophytes. Mid- to high molecular weight n-alkanes with 23 to 35 car-
bon atoms displaying a distinct odd-over-even carbon number predominance and a character-
istic abundance maximum at n-C27 or n-C29 (or in some specific cases at n-C31) are widely 
accepted to be derived from epicuticular leaf waxes of terrestrial vascular plants (e.g. EGLIN-

TON & HAMILTON 1967, RIELEY et al. 1991, LOCKHEART et al. 1997, FICKEN et al. 2000). 
However, high molecular weight n-alkanes may also have algal or bacterial sources. It has 
been recognized, that some modern species of haptophyte algae (Prymnesiophytes), such as 
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Emiliani huxleyi, generate C31, C33, C37, and C38 n-alkenes (i.e. mono- or polyunsaturated 
straight-chained hydrocarbons). These n-alkenes can represent an additional source for the 
long-chained n-alkanes n-C31, n-C33, n-C37, and n-C38, when undergoing diagenetic reduction 
and saturation of the double bonds (e.g. VOLKMAN et al. 1980, FREEMAN et al. 1994, CONTE 
et al. 1994). Besides, it was found, that the C37 and C38 n-alkenes are more resistant to this 
kind of diagenetic conversion than the C31 and C33 n-alkenes (FREEMAN et al. 1994). Based on 
this observation, FREEMAN et al. (1994) suggested, that certain haptophyte algae can represent 
a potential biological source particularly for the long-chained n-alkane homologs n-C31 and n-
C33 in addition to the widely accepted terrestrial plant origin of these and other odd-numbered, 
long-chained n-alkanes. These findings must be taken into account when interpreting the oc-
currence and origin of long-chained n-alkanes, particularly of n-C31 and n-C33 (possibly also 
of n-C37 and n-C38).  
 
2.3 Isoprenoids (terpenoids) 
 
The following description of the structural features of isoprenoid (terpenoid) groups and com-
pounds is based to a significant extent on the comprehensive introductions and treatises given 
in PETERS & MOLDOWAN (1993), KILLOPS & KILLOPS (1993) and WAPLES & MACHIHARA 
(1991).  
The class of isoprenoids (terpenoids) encompasses a wide variety of compounds with diverse 
structures and biological functions. Yet, all isoprenoids are based on one fundamental struc-
tural building block, the eponymous C5 isoprene unit (Fig. 5 and Fig. 6, I). A C5 isoprene unit 
is composed of a four-membered carbon chain with a fifth carbon atom branching off at the 
C-2 position. The C-1 position represents the “head” and the C-4 position the “tail” of a C5 
isoprene unit.  
 

 
 
Fig. 5:  The C5 isoprene unit is the fundamental structural building block of all isoprenoids. The linkage of C5 

isoprene units via their “head” (C-1 carbon position) and/or “tail” (C-4 carbon position) sections, both 
to acyclic chains and to cyclic structures, leads to the formation of acyclic and cyclic isoprenoids (ter-
penoids). 

 
The great diversity of isoprenoid structures results from: (i) the absence or presence of cycli-
sation in the molecule, (ii) the number of contained C5 isoprene units (1, 2, 3, 4, 5, 6, 8, ≥ 9), 
(iii) the linkage mode(s) of the head and tail portions of these units in the molecule (head-to-
tail, head-to-head, tail-to-tail) and (iv) the loss or addition of one or more carbon atom(s) 
and/or a structural rearrangement in the molecule during biosynthesis and/or dia-/catagenesis.  
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Based on the first of these criteria, a principle structural differentiation can be made: isopre-
noids composed of linearly arranged isoprene units, i.e. without cyclic structures, constitute 
the group of acyclic isoprenoids (terpenoids), whereas isoprenoids with cyclic arrangements 
of isoprene units form the group of cyclic isoprenoids (terpenoids). The number of contained 
C5 isoprene units allows for a differentiation of the class of isoprenoids (terpenoids) into 8 
families: 
 

Name of Isoprenoid           
(Terpenoid) Group Number of C5 Isoprene Units Carbon Number 

Hemiterpenoids 1 5 

Monoterpenoids 2 10 

Sesquiterpenoids 3 15 

Diterpenoids 4 20 

Sesterterpenoids 5 25 

Triterpenoids 6 30 

Tetraterpenoids 8 40 

Polyterpenoids ≥ 9 40 + X 

 
2.3.1. Acyclic isoprenoids and archaeal GDGTs 
 
With regard to acyclic isoprenoids, the constituting C5 isoprene building blocks can be linked 
in three principal ways: head-to-tail, head-to-head, tail-to-tail. Compounds assembled solely 
from head-to-tail linked C5 isoprene units constitute the group of regular isoprenoids, whereas 
those containing head-to-head or tail-to-tail linkages of C5 isoprene units represent the group 
of irregular isoprenoids. The head-to-tail linkage of e.g. three C5 isoprene units produces a 
regular acyclic isoprenoid with fifteen carbon atoms and thus a sesquiterpane. The saturated 
equivalent of this C15 isoprenoid is 2,6,10-trimethyldodecane (C15H32), also referred to as far-
nesane (Fa) (Fig. 6, VI). The saturated regular acyclic isoprenoid 2,6,10,14-
tetramethylhexadecane, commonly named phytane (Ph) (Fig. 6, II), is often one of the most 
abundant acyclic isoprenoids in sedimentary rocks. Constructed from the head-to-tail linkage 
of four C5 isoprene units, phytane represents a diterpane and contains twenty carbon atoms 
(C20H42). The saturated regular acyclic isoprenoid 2,6,10,14,18-pentamethylicosane (Fig. 6, 
VII), which is composed of five head-to-tail linked C5 isoprene units (C25H52), is a sesterter-
pane.  
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Fig. 6:  The C5 isoprene unit (I) is the basic chemical building block in all isoprenoids. The structures of satu-

rated regular and irregular acyclic isoprenoids are illustrated by thirteen examples. Compounds II to VI 
are common constituents of the saturated hydrocarbon fractions investigated in this study. 
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The irregular isoprenoid crocetane, 2,6,11,15-tetramethylhexadecane (C20H42), is constructed 
of two regular C10 isoprenyl subunits (each one consisting of two head-to-tail linked C5 iso-
prene units), which are linked together in the tail-to-tail mode (Fig. 6, VIII). Hence, crocetane 
represents the irregular counterpart to the regular C20 isoprenoid phytane (2,6,10,14-
tetramethylhexadecane, C20H42; Fig. 6, II). Likewise, the acyclic isoprenoid 2,6,10,15,19-
pentamethylicosane (PMI, C25H52; Fig. 6, IX) represents the irregular equivalent of the regular 
acyclic C25 isoprenoid 2,6,10,14,18-pentamethylicosane (C25H52; Fig. 6, VII). PMI is con-
structed from the tail-to-tail-linkage of a regular C15 and a regular C10 isoprenyl unit.  
Acyclic isoprenoids with more than twenty-five carbon atoms are usually generated through 
enzymatically driven condensation reactions between e.g. two C15 or two C20 isoprenyl units, 
respectively. Head-to-head or tail-to-tail linkage modes of these isoprenyl units are common. 
Hence, many of the resulting C30 or C40 compounds are irregular acyclic isoprenoids. The 
saturated C30 acyclic isoprenoid squalane (C30H62) consists of two tail-to-tail linked C15 iso-
prenyl subunits (Fig. 6, X). Condensation of two C20 isoprenyl units yields a C40 acyclic iso-
prenoid. However, the two C20 subunits can be linked together in the regular head-to-tail 
mode as well as in the irregular head-to-head and tail-to-tail modes. Thus, three isomeric 
forms of the C40 acyclic isoprenoid (C40H82) exist: (i) the regular head-to-tail isomer, (ii) the 
irregular head-to-head isomer bis-phytane, and (ii) the irregular tail-to-tail isomer lycopane 
(Fig. 6, XI, XII, XIII, respectively). Terpenoids with more than forty carbon atoms are com-
posed of nine or more C5 isoprene units and are called polyterpenoids (e.g. natural rubber).  
All above described compounds posses exact multiples of five carbon atoms as a result of 
their assembly from C5 isoprene units. However, the loss or addition of one or more carbon 
atom(s) or a structural rearrangement in the molecule during biosynthesis and/or dia-
/catagenesis can take place, which contributes to the structural diversity of terpenoids. Such a 
carbon loss or addition reduces or increases, respectively, the carbon number of the initially 
synthesized terpenoid. As a consequence, dia-/catagenesis and/or biosynthesis can bring about 
various isoprenoids (both acyclic and cyclic) with carbon numbers deviating from exact mul-
tiples of five. Examples of such compounds, which are also relevant for this study, are the 
acyclic isoprenoids pristane (Pr, C19H40), norpristane (NPr, C18H38), and 2,6,10-
trimethyltridecane (i-C16, C16H34) (Fig. 6, III, IV and V, respectively).  
The two saturated regular acyclic isoprenoids phytane (Ph) and pristane (Pr) (Fig. 6, II, III) 
are almost ubiquitous constituents of saturated hydrocarbon fractions in sediments, sedimen-
tary rocks and oils. Both isoprenoids can be derived from multiple biologic sources. It is 
widely accepted that the (bacterio)chlorophyll derived acyclic isoprenoidal alcohol phytol 
(C20H40O; Fig. 7) represents one of the most important potential biologic sources for both Ph 
and Pr. Phytol is bound to the tetrapyrrole nuclei of (i) chlorophyll types a, b and d and (ii) 
bacteriochlorophyll types a and b (e.g. BAKER & LOUDA 1986, KILLOPS & KILLOPS 1993) by 
an ester bond. It thereby forms phytyl (i.e. C20 isoprenyl) side chains in these chlorophylls and 
bacteriochlorophylls.  
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Fig. 7:  The structure of the acyclic C20 isoprenoid alcohol phytol (C20H40O), which is bound to the tetrapyrrole 

nuclei of chlorophylls a, b and c and bacteriochlorophylls a and b by an ester bond, thereby forming the 
phytyl side chain of these (bacterio)chlorophylls.  

 
The phytyl side chain is substituted by a single hydrogen atom in chlorophyll c and by a far-
nesyl (C15 isoprenyl) side chain in bacteriochlorophylls c, d and e (e.g. BAKER & LOUDA 
1986, KILLOPS & KILLOPS 1993). Chlorophylls (types a, b, c, d) occur in all plants, algae and 
cyanobacteria, whereas bacteriochlorophylls (types a, b, c, d, e) are limited to photosynthetic 
bacteria (e.g. purple and green sulfur bacteria). Fig. 8 illustrates the ester bond linkage of the 
phytyl side chain in the chlorophyll a molecule. 
 

 
 
Fig. 8:  Illustration of the ester bond linkage of the phytyl side chain to the tetrapyrrole nucleus in chlorophyll a. 

Phytyl side chains also occur in chlorophylls b and d and in bacteriochlorophylls a and b.  

 
In view of the molecular diagenesis of chlorophylls and bacteriochlorophylls, their decompo-
sition is already initiated during senescence and zooplankton predation within the water col-
umn and continues during diagenesis within the sediment. The initial stages of chlorophyll 
decomposition involve the loss of the chelated magnesium atom and the phytyl (or farnesyl) 
side chain (e.g. BAKER & LOUDA 1986, PETERS & MOLDOWAN 1993). It is thought, that de-
pending on the degree of oxygenation during the subsequent diagenetic transformations of the 
phytyl side chain either phytane or pristane is formed (Fig. 9) as the final diagenetic product 
(DIDYK et al. 1978). Under anaerobic conditions, diagenesis of phytyl proceeds via reduction 
and dehydration reactions and finally results in the formation of the C20 isoprenoid phytane 
(Ph, C20H42) (Fig. 9). Thus, the carbon skeleton of the original phytyl chain and its carbon 
isotopic composition are not affected and therefore preserved in the final product phytane. 
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Under aerobic conditions, however, phytyl diagenesis leads to the C19 isoprenoid pristane (Pr, 
C19H40). Here, the sequence of diagenetic transformations involves, among other reactions, a 
decarboxylation, which results in the loss of one carbon atom from the original C20 phytyl 
chain (Fig. 9). Based on these differing diagenetic fates of the phytyl side chain of (bacte-
rio)chlorophylls under anaerobic versus aerobic conditions, as suggested by DIDYK et al. 
(1978), the Pr/Ph-ratio is widely used as a molecular redox indicator in organic geochemical 
studies of sediments, sedimentary rocks and oils. Meanwhile, however, it has become clear 
that factors other than the degree of oxygenation can potentially influence the Pr/Ph-ratio as 
well (e.g. further biologic sources for Pr and Ph and other paleoenvironmental parameters). 
Thus, for a sound determination of sedimentary redox conditions, Pr/Ph-ratios should princi-
pally be used in conjunction with further redox indicators (e.g. GOOSSENS et al. 1984, VOLK-

MAN & MAXWELL 1986, TEN HAVEN et al. 1987, PETERS & MOLDOWAN 1993).   
 

 
 
Fig. 9: The diagenetic pathway of chlorophyll-a in an aquatic environment. The tetrapyrrole nucleus of the chlo-

rophyll molecule ultimately becomes preserved in the sediment as a porphyrin. The phytyl side is sub-
ject to a number of diagenetic reactions finally resulting in either pristane or phytane, depending on the 
presence or absence of oxygen.  
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Apart from the phytyl side chain of chlorophylls, diether and tetraether lipids contained in the 
membranes of archaea represent another potentially important source for acyclic isoprenoids. 
Phytane, pristane and other regular or irregular acyclic isoprenoids can be formed in the 
course of the dia-/catagenesis of these archaeal di- and tetraether lipids.  
The archaeal diether membrane lipids comprise the compound group of archaeols. They con-
sist of two regular acyclic C20 or C25 isoprenoid chains, i.e. phytane (Ph) or 2,6,10,14,18-
pentamethylicosane units, which are linked to a glycerol moiety by ether bonds in the ar-
chaea-specific sn-2,3-configuration. The two isoprenoid units (C20, C25) can be combined in 
three ways in archaeols (DE ROSA et al. 1986) (Fig. 10, I to IV):  
  

Regular Acyclic Isoprenoid Units bound to Glycerol Group Type of Archaeol 

2 × C20 (Ph) units C20-C20-Archaeol 

2 × C25 (2,6,10,14,18-pentamethylicosane) units C25-C25-Archaeol 

1 × C25 unit & 1 × C20 unit C25-C20-Archaeol 

 
The C20-C20-archaeol (2,3-di-O-diphytanyl-sn-glycerol, C43H88O3; Fig. 10, I) represents by far 
the most common archaeal diether lipid (e.g. KOGA et al. 1993) and is therefore often just 
referred to as archaeol, despite the occurrence of C25-containing analogues (Fig. 10, II, III).  
 

 
 
Fig. 10:  Molecular structures of some biogeochemically important archaeols. The C20 or/and C25 isoprenoid 

units are bound to the glycerol group by ether bonds in the sn-2,3-configuration. The C20-C20-archaeol 
(I) is by far more abundant in archaea than the C25-containing analogues (II, III, IV). 

 
A few further archaeols exist, e.g. sn-2- and sn-3-hydroxyarchaeol (e.g. SPROTT et al. 1997, 
KOGA et al. 1998) or macrocyclic archaeols. In the latter, the distal carbon atom (relative to 
the glycerol moiety) of each C20 isoprenoid unit is connected by a C-C-bond, thus forming a 
glycerol-C20-C20-macrocycle (e.g. COMITA & GAGOSIAN 1983, DE ROSA et al. 1986, SPROTT 
et al. 1991).  
Archaeols have so far been identified in halophilic, thermophilic and methanogenic archaea. 
(e.g. DE ROSA et al. 1986, SPROTT et al. 1991, SPROTT et al. 1997, KOGA et al. 1998, and 
SPROTT et al. 1999). Besides, the occurrence of extremely 13C depleted archaeol and hy-
droxyarchaeol in a number of locations (e.g. in the eastern Mediterranean Sea or the Gulf of 
Mexico) strongly indicates (i) the process of anaerobic methane oxidation in these sediments 
and (ii) the conduction of this process by methane oxidizing archaea, which thus are very 
likely to represent a further biologic source for archaeols (e.g. ELVERT et al. 1999, HINRICHS 
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et al. 1999, THIEL et al. 1999, PANCOST et al. 2000, ELVERT et al. 2000, THIEL et al. 2001, 
WERNE et al. 2002, ZHANG et al. 2003, WERNE & SINNINGHE DAMSTÉ 2005).  
Archaeols can potentially represent a source for acyclic isoprenoids, such as Ph, Pr and 
2,6,10,14,18-pentamethylicosane, since during diagenesis and particularly in the course of 
thermal maturation (catagenesis) breakage of the two ether bonds leads to the liberation of the 
two glycerol-bound C20 or C25 isoprenoid units. Phytane (C20H42) or 2,6,10,14,18-
pentamethylicosane (C25H52) may thus result from this process as the long-term stable end 
product (e.g. ROWLAND 1990, NAVALE 1992, NAVALE 1994, KOOPMANS et al. 1999, PEASE et 
al. 1998) (Fig. 13).  
Archaeal tetraether membrane lipids, i.e. isoprenoid glycerol dialkyl glycerol tetraethers 
(GDGTs), represent dimers of the above described diether lipids (archaeols). They are com-
posed of two acyclic and/or cyclic (i.e. cyclo-alkane-containing) biphytane chains, which 
form a double bridge between two bordering glycerol moieties. The linkage between the two 
biphytane chains and the two glycerol moieties consists of four ether (C-O-C) bonds in the 
characteristic archaeal sn-2,3-configuration (Fig. 11, I; Fig. 12, I-XII). The studies of 
GRÄTHER & ARIGONI (1995) and SINNINGHE DAMSTÉ et al. (2002a) demonstrated, that 
GDGTs exist in two regioisomeric forms in a racemic (1:1) mixture (Fig. 11, I). Fig. 11, II (A 
- G) illustrates the structures of the acyclic and cyclic biphytanes occurring in the GDGT-
structures (compiled from HOEFS et al. 1997, SCHOUTEN et al. 1998, KING et al. 1998, and 
SINNINGHE DAMSTÉ et al. 2002a). The acyclic biphytane (Fig. 11, II, A) is represented by the 
irregular C40 isoprenoid bis-phytane (C40H82), which consists of two head-to-head-linked phy-
tane (C20) units (see also Fig. 6, XIII). The GDGT containing two of these acyclic C40 bis-
phytane chains is called caldarchaeol (2,3,2’,3’-tetra-O-dibiphytanyl-di-sn-glycerol, 
C86H172O6; Fig. 11, III, Fig. 12, I). The cyclic biphytanes represent structural variants of the 
irregular acyclic C40 isoprenoid and contain one, two, three, or four cyclo-pentane rings (Fig. 
11, II, C, D, F, G, respectively) and in one case two cyclo-pentane rings plus one cyclo-
hexane ring (Fig. 11, II, E). Fig. 11, III summarizes all currently known and confirmed 
GDGTs and their respective biphytane compositions and Fig. 12 (I to XII) illustrates the mo-
lecular structures of each of these GDGTs (compiled from DE ROSA et al. 1986, SCHOUTEN et 
al. 2000, and SCHOUTEN et al. 2003).  
One of the GDGTs with cyclic biphytane units is particularly noteworthy. The GDGT indi-
cated as type 2-3’ in Fig. 11, III and illustrated in Fig. 12, VIII possess a dicyclic biphytane 
and the above mentioned unique tricyclic biphytane with two cyclo-pentane rings and a cyclo-
hexane ring, instead of the “usual” tricyclic biphytane with three cyclo-pentane rings (Fig. 11, 
II, E and F, respectively). This specific GDGT is named crenarchaeol (C86H162O6), since it is 
solely derived from nonextremophilic (i.e. non-halophilic and non-(hyper)thermophilic) 
planktonic types of the archaeal kingdom crenarchaeota (e.g. SCHOUTEN et al. 2000, SIN-

NINGHE DAMSTÉ et al. 2002a,b, SCHOUTEN et al. 2002, POWERS et al. 2004, WERNE et al. 
2005). Therefore, crenarchaeol as well as its unique cyclo-hexane-containing tricyclic biphy-
tane constituent represent highly diagnostic biomarkers for these nonextremophilic planktonic 
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types of crenarchaeota, which were meanwhile identified not only in the marine realm (cf. 
citations immediately above) but also in freshwater settings (POWERS et al. 2004, PEARSON et 
al. 2004) and which are thought to fix dissolved bicarbonate (HCO3

-) chemoautotrophically 
(PEARSON et al. 2001, KUYPERS et al. 2001, WUCHTER et al. 2003, PEARSON et al. 2004). The 
existence of nonextremophilic planktonic archaea was discovered only about 14 years ago 
(FUHRMAN et al. 1992, DELONG et al. 1992). Meanwhile it is known, (1) that four major 
groups of planktonic marine archaea exist, with group I belonging to the kingdom crenar-
chaeota and groups II, III, and IV belonging to the kingdom euryarchaeota and (2) that ar-
chaea of these four groups constitute significant fractions of the global marine plankton (e.g. 
FUHRMAN et al. 1992, DELONG et al. 1992, FUHRMAN et al. 1993, DELONG et al. 1994, 
DELONG 2003). This finding is emphasized by the results and calculations of KARNER et al. 
(2001), which suggest (1) “… that the world ocean contains approximately 1.3 × 1028 archaeal 
cells, and 3.1 × 1028 bacterial cells” and (2) that 20 % of the global marine picoplankton is 
composed of pelagic crenarchaeota (i.e. marine archaea group I).    
 

 
 
Fig. 11:  (I) Schematic representation of the molecular structures of the two regioisomeric forms of archaeal 

tetraether lipids, i.e. GDGTs, with X and Y representing the biphytane units bound to the two bordering 
glycerol moieties by ether bonds. (II) Structures of the acyclic and cyclic biphytane units in GDGTs. 
(III) Table of all currently known GDGTs and the respective combinations of biphytane units (X, Y) in 
their structures.    
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Fig. 12:  Molecular structures of all currently known archaeal tetraether lipids, i.e. GDGTs.  
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All GDGTs and their irregular acyclic or cyclic biphytane constituents are exclusively derived 
from archaea and thus represent superb biomarkers for this taxonomic division. However, the 
above described GDGT crenarchaeol and its unique cyclo-hexane-containing tricyclic biphy-
tane are the only archaeal biomarkers, which are source-specific enough to be unequivocally 
diagnostic for one specific group within the archaea, the planktonic nonextremophilic types of 
the archaeal kingdom crenarchaeota. All other GDGTs can be derived from multiple archaeal 
sources. Caldarchaeol, which is structurally the simplest GDGT (both biphytane units are 
acyclic), is apparently very widespread among archaea. It can be derived from (1) the above 
discussed nonthermophilic planktonic archaea, (2) methanogenic archaea, (3) anaerobic meth-
ane oxidizing archaea (based on the combination of molecular and isotopic data), and (4) 
some thermophilic archaea (e.g. DE ROSA et al. 1986, PANCOST et al. 2001, THIEL et al. 2001, 
SCHOUTEN et al. 2003, WAKEHAM et al. 2003, WAKEHAM et al. 2004, WERNE & SINNINGHE 

DAMSTÉ 2005). The same archaeal sources are valid for GDGTs with one to four cyclo-
pentane rings, however, with (hyper)thermophilic archaea now representing a significant po-
tential source (cf. citations immediately above). GDGTs with five to eight cyclo-pentane 
rings, i.e. those containing combinations of biphytanes D, F and G in Fig. 11, II, are limited to 
(hyper)thermophilic archaea (e.g. DE ROSA et al. 1986, HOPMANS et al. 2000, SCHOUTEN et al. 
2003). Hence, the biologic sources of GDGTs (tetraether lipids) and their irregular acyclic or 
cyclic biphytane constituents cover the entire spectrum of archaea (extremophilic and non-
extremophilic planktonic), whereas archaeols (diether lipids) are apparently restricted to ex-
tremophilic archaea and to anaerobic methane oxidizing archaea.  
Although a huge number of studies exist on the molecular and isotopic biogeochemistry of 
archaea, investigations of the fate of archaeal ether lipids during diagenesis and catagenesis 
(thermal maturation) seem to have centered around the above described diether lipids (i.e. 
archaeols) so far (e.g. ROWLAND 1990, NAVALE 1992, NAVALE 1994, PEASE et al. 1998). 
However, in view of a potential derivation of phytane and pristane from the biphytane units of 
archaeal tetraether lipids, the following considerations emphasize the need for a sound inves-
tigation of the dia- and catagenetic fate of GDGTs and particularly of their biphytane con-
stituents. (1) The two acyclic isoprenoids phytane and pristane occur almost ubiquitously and 
commonly in rather high abundances in the hydrocarbon fractions of sedimentary rocks. Thus, 
phytane and pristane play a major role in countless biogeochemical studies of ancient envi-
ronments, including this Late Paleozoic study. (2) GDGTs represent significant molecular 
constituents in the membranes of many archaea, including the nonextremophilic planktonic 
marine archaeal groups. These planktonic archaea account for a significant portion of the 
planktonic biomass in some parts of today’s oceans (see references above) and are thus also of 
interest for studies of ancient marine sediments, since they might potentially have contributed 
notably to the contained organic matter and biomarker assemblages. Indeed, the studies of 
SCHOUTEN et al. (1998) and SCHOUTEN et al. (2004) investigated and discussed the decompo-
sition and disappearance of GDGTs and their biphytane (i-C40) constituents during thermal 
maturation. However, these authors did not present any information about the compounds, 
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which might have formed as products of the thermal degradation of these biphytanes, i.e. 
regular and/or irregular acyclic isoprenoids with carbon numbers below forty. Even the com-
prehensive study of KOOPMANS et al. (1999) on the precursor compounds of sedimentary pris-
tane and phytane did not regard biphytanes from archaeal tetraether lipids as a source for pris-
tane and phytane in their samples, despite the presence of GDGTs with acyclic to tricyclic 
biphytanes in at least one of the investigated rock formations and the release of these biphy-
tane constituents upon artificially induced degradation. Instead, archaeal diether lipids (i.e. 
archaeols) were postulated as the precursor compounds of some of the contained pristane and 
phytane. This interpretation is therefore in line with the results of the above mentioned and 
other studies, which also regarded diether lipids, but not tetraether lipids, as the (major) ar-
chaeal source for phytane and pristane. Nonetheless, it seems reasonable to assume that these 
(and other) acyclic isoprenoids could also result from the dia-/catagenetic decomposition of 
the biphytane units of archaeal tetraether lipids (GDGTs), particularly from the acyclic and 
monocyclic biphytane units. If this assumption is correct, GDGTs 0-0 (caldarchaeol), 0-0’ and 
0-1 (Fig. 12, I, II, III, respectively) should represent the most likely archaeal tetraether sources 
for phytane and pristane (Fig. 13). 
Other archaeal biomarkers include the irregular acyclic isoprenoids (i) crocetane (2,6,11,15-
tetramethylhexadecane, C20H42), (ii) 2,6,10,15,19-pentamethylicosane (PMI, C25H52) and, to 
some extent, (iii) squalane (C30H62) (Fig. 6, VIII, IX and X, respectively). PMI has been 
shown to be derived from both methanogenic and methanotrophic archaea, whereas crocetane 
seems to be particularly diagnostic for methanotrophic archaea conducting anaerobic methane 
oxidation (e.g. HOLZER et al. 1979, BRASSELL et al. 1981, SCHOUTEN et al. 1997, SINNINGHE 

DAMSTÉ et al. 1998, ELVERT et al. 1999, HINRICHS et al. 1999, THIEL et al. 1999, ELVERT et 
al. 2000, PANCOST et al 2000, THIEL et al. 2001, PANCOST et al 2001, PANCOST et al 2003, 
BROCKS & SUMMONS 2003, BLUMENBERG et al. 2004, WERNE & SINNINGHE DAMSTÉ 2005). 
The results of GREENWOOD & SUMMONS (2003) on the occurrences of PMI and crocetane 
throughout the geologic record are highly interesting for biogeochemical studies of ancient 
marine environments and sediments. Their investigations strongly suggest that PMI is absent 
in sediments of Triassic and older age, which implies that archaea did not start to biosynthe-
size PMI before approximately the mid-Mesozoic. This is consistent with the oldest reported 
finding of PMI in mid-Cretaceous (Albian) shales (KUYPERS et al. 2001, 2002). Crocetane, on 
the other hand, could unequivocally be traced back in earth’s history at least to the Devonian 
and was tentatively identified even in rocks from the mid-Proterozoic (ca. 1640 Ma; GREEN-

WOOD & SUMMONS 2003).   
Phytane can also occur in a bound form in the kerogen-fraction of sedimentary organic matter. 
In this case, the phytane is linked to the kerogen by C-S- and/or C-O-bonds. Thermal matura-
tion (catagenesis) of the sedimentary organic matter induces the breakage of such C-S- and C-
O-bonds (which are weaker than C-C bonds) and the release of bound compounds from the 
kerogen. With regard to kerogen-bound phytane, this process was shown to yield (i) free phy-
tane and pristane and (ii) organic sulfur compounds with a phytane carbon skeleton, i.e. alkyl-
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thiophenes (e.g. KREIN & AIZENSHTAT 1994, SCHOUTEN et al. 1994, TANG & STAUFFER 1995, 
KOOPMANS et al. 1996a, PUTSCHEW et al. 1998, KOOPMANS et al. 1999).  
Further sources specifically for pristane include (i) tocopherols (i.e. E vitamins) from higher 
plants, algae and cyanobacteria (GOOSSENS et al. 1984), (ii) digestive conversion of ingested 
phytol (from the phytyl side chain of (bacterio)chlorophylls) to pristane and its release into 
the environment via fecal excretion by pelagic zooplankton and benthic invertebrates (AVI-

GAN & BLUMER 1968, PRAHL et al. 1984), and (iii) mono-, di- and trimethyl-chromans, which 
are the products of a diagenetic condensation reaction between (bacterio)chlorophyll-derived 
phytol and alkylphenols (LI et al. 1995). Fig. 13 provides a graphical summary of all potential 
sources for phytane and pristane, as discussed above. 
In analogy to phytane and pristane, the regular C15 isoprenoid farnesane (Fa, C15H32; Fig. 6, 
VI) can also be derived from multiple sources. One potential source is the farnesyl (C15 iso-
prenyl) side chain of bacteriochlorophylls c, d and e (e.g. BROOKS et al. 1977, GRICE et al. 
1996, HUANG et al. 2000). Alternatively, farnesane can be formed through the dia-/catagenetic 
loss of methyl groups from longer-chain regular acyclic isoprenoids such as phytane, pristane, 
norpristane, and 2,6,10-trimethyltridecane (i-C16) (e.g. BROOKS et al. 1977). Moreover, it is 
even conceivable that farnesane may be derived to some extent from the dia-/catagenetic de-
composition of archaeal compounds, such as the C20 or C25 isoprenoid units of archaeols, bi-
phytane units from GDGTs, PMI or squalane, although this has so far not been established 
with any certainty.    
Finally, the irregular acyclic C40 isoprenoid lycopane (C40H82; Fig. 6, XII) should be men-
tioned. The structure of lycopane consists of two regular C20 isoprenyl units that are linked in 
the tail-to-tail mode. Based on this specific linkage mode lycopane can be distinguished on 
structural grounds from the above described irregular acyclic C40 isoprenoid biphytane in ar-
chaeal tetraether lipids. Lycopane, which was identified in organic matter and sediments from 
recent and ancient environments (marine and freshwater), is now widely accepted to be of 
photoautotrophic algal origin (e.g. WAKEHAM et al. 1993, FREEMAN et al. 1994, SINNINGHE 

DAMSTÉ et al. 2003).  
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Fig. 13:  Illustration of the potential biologic sources for the two common acyclic isoprenoids Phytane (Ph) and 
pristane (Pr) in sediments, sedimentary rocks and oils.  
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2.3.2 Cyclic isoprenoids  
 
Terpenoids also include a great diversity of cyclic isoprenoids, all of which are of significant 
biogeochemical importance, e.g. the steranes, hopanes, lupanes, oleananes, ursanes, and the 
compound gammacerane. All of these terpenoids (Fig. 14, III to VIII) are biosynthesized 
through the cyclization of the highly unsaturated acyclic isoprenoid squalene (C30H50; Fig. 14, 
I) or, in some cases, of 2,3-oxidosqualene (C30H50O; Fig. 14, II). Squalene also represents the 
precursor molecule for the saturated acyclic isoprenoid squalane (C30H62; Fig. 6, VIII) men-
tioned in chapter 2.3.1.  
 

 
 
Fig. 14:  Cyclic isoprenoids of the triterpenoid group are formed through cyclization of the highly unsaturated 

acyclic isoprenoid squalene (I) or 2,3-oxidosqualene (II). The structures of the common cyclic isopre-
noids, i.e. steranes, hopanes, lupane, oleanane, ursane and gammacerane, are illustrated in structures III 
to VIII. Capital letters identify the four or five rings in steranes and hopanes, respectively. 
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2.3.2.1 Steranes   
 
Steranes represent saturated terpenoids with four rings (A, B, C, D; Fig. 15). The A-, B- and 
C-rings of steranes contain six carbon atoms and the D-ring is made up of five carbon atoms. 
Fig. 15 shows that certain n-alkyl-groups can be attached to three carbon positions in the ster-
ane structure: the C-4, the C-23 and C-24-positions. Carbon positions C-4 and C-23 can carry 
one methyl-group, although in the vast majority of steranes these positions are non-alkylated. 
Carbon position C-24 can accommodate a methyl-, ethyl- or n-propyl-group. Steranes with 
27, 28, 29 and 30 carbon atoms represent the most common and biogeochemically most im-
portant steroids in the saturated hydrocarbon fractions of sedimentary rocks: cholestane (no n-
alkyl-group at position C-24; C27), ergostane (24-methylcholestane; C28), stigmastane (24-
ethylcholestane; C29) and 24-n-propylcholestane (C30). The following carbon positions in ster-
ane molecules are of relevance in terms of stereochemistry, since the hydrogen atoms or 
methyl-groups attached to these positions possess α-, β-, R- or S-configurations : C-5 (H: 
α,β), C-8 (H: α,β), C-9 (H: α,β), C-10 (CH3: α,β), C-13 (CH3: α,β), C-14 (H: α,β), C-17 (H: 
α,β) and C-20 (chiral carbon atom: R,S). In organic geochemistry, however, only the α- or β-
configurations of the hydrogen atoms at positions C-14 and C-17 and the R- or S-
configuration of the groups bound to position C-20 are of actual relevance (e.g. ααR, ββS).  

 

 
 
Fig. 15:  Illustration of the general structure of steranes, including the potential substituents at carbon positions 

C-4, C-23 and C-24. The positions of the individual carbon atoms are indicated by numbers according 
to the internationally accepted numbering sequence and capital letters (A to D) identify the four rings. 

 
 

                                                 
*  α: indicates that a H-atom or a functional group attached to a C-atom points downward relative to the plain of the molecule. 
 β: indicates that a H-atom or a functional group attached to a C-atom points upward relative to the plain of the molecule. 
 R or S: indicates the configuration of a tetrahedral stereocenter, i.e. an asymmetric / chiral C-atom. Each of the four substituents 

bound to a chiral C-atom possesses a different atomic number (e.g. H, CH3, n-C3H7, n-C4H9) i.e. a different priority. The higher 
the atomic number the higher the priority of the substituent. The R- or S-configuration of a chiral C-atom can be determined, 
when it is viewed with the lowest priority substituents (e.g. the H-atom) pointing away from the observer. The configuration of the 
chiral C-atom is R, when the three remaining substituents are arranged clockwise from highest to lowest priority, it is S, when the 
three remaining substituents are arranged counter clockwise from highest to lowest priority. R and S derive from the Latin words 
“rectus” for right and “sinister” for left.  
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Steranes are diagnostic biomarkers for the domain Eukarya, but with regard to the most com-
mon and abundant steranes, the regular C27-, C28-, and C29-steranes, their source-specificity is 
comparatively limited. Regular steranes can be derived from virtually all types of eukaryotic 
organisms, both photoautotrophic and heterotrophic, both aquatic and terrestrial. Accordingly, 
they can originate from marine algae, marine zooplankton, higher marine animals, and even 
from terrestrial plant detritus. Regular C27-, C28-, and C29-sterane isomers in marine sedimen-
tary rocks thus normally derive from multiple eukaryotic sources. In the case of most ancient 
sediments, it is therefore unrealistic to attribute a specific regular C27-, C28-, or C29-sterane to 
one particular eukaryotic organism group, e.g. to marine algae, marine zooplankton, or terres-
trial plants. In contrast to regular C27-, C28-, or C29-steranes, C30-steranes (24-n-
propylcholestanes) exhibit a somewhat higher source-specificity. They are widely accepted as 
being solely derived from marine eukaryotes, i.e. from marine algae and zooplank-
ton/invertebrates. The highest source-specificity among steranes is attributed to the group of 
4-methylsteranes, i.e. steranes with a methyl-group attached to carbon position C-4. Their 
biologic origin is thought to be essentially restricted to marine algae, such as dinoflagellates. 
The most noteworthy and source-specific compound within the group of 4-methylsteranes is 
dinosterane (4α,23,24-trimethylcholestane), a 4-methylsterane with thirty carbon atoms and 
the unique presence of an additional methyl group at carbon position C-23 (Fig. 16). Dinos-
terane was found to be derived from the C30-sterol 4α,23,24-trimethyl-5α(H)-cholest-22-en-
3β-ol (dinosterol), which is biosynthesized solely by dinoflagellates. Dinosterane is therefore 
regarded as a highly diagnostic biomarker for this group of algae.  
 

 
 
Fig. 16:  The structure of dinosterane (4α,23,24-trimethylcholestane; C30H54) illustrates its unique methylation 

pattern, which makes this biomarker highly diagnostic for dinoflagellates.  

 
2.3.2.2 Hopanes  
 
Hopanes comprise an extensive group of pentacyclic terpenoids. Their basic structure consists 
of five rings (A, B, C, D, E), with rings A, B, C and D being six-membered and ring E being 
five-membered (Fig. 14, IV, Fig. 17). The hopane structure exhibits three carbon positions, to 
which n-alkyl-groups can be attached. Positions C-2 and C-3 can bind a methyl-group and 
position C-29 can accept a methyl-, ethyl-, n-propyl-, n-butyl or n-pentyl-group (Fig. 17).  
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Fig. 17:  Illustration of the general structure of hopanes, including the potential substituents at carbon positions 

C-2, C-3 and C-29. The positions of the individual carbon atoms are indicated by numbers according to 
the internationally accepted numbering sequence and capital letters (A to E) identify the five rings. 

 
With regard to biogeochemistry, the stereochemical configurations (α,β) of the hydrogen at-
oms bound to carbon positions C-17, C-18 and C-21 are of relevance. But the configurations 
of positions C-17 and C-21 are of particular significance, since they give rise to three stereoi-
someric series of hopanes: (i) 17β(H),21β(H)-hopanes, (ii) 17α(H),21β(H)-hopanes and (iii) 
17β(H),21α(H)-hopanes. Fig. 18 (I-III) illustrates these three stereoisomeric series for the 
structure of the common and basic C30-hopane (C30H52). The ββ-configuration represents the 
initial biological stereochemistry, which is however thermally rather unstable and can only be 
preserved in exceptionally immature samples. Hence, very early during diagenesis and during 
thermal maturation the ββ-configuration gives way to the αβ- and βα-configurations, with the 
αβ-configuration being particularly stable during dia- and catagenesis. Hopanes with the βα-
configuration are commonly called moretanes. 
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Fig. 18:  The three major stereoisomeric series of hopanes, shown for the C30-hopane (C30H52):                          

(I) 17β(H),21β(H), (II) 17α(H),21β(H) and (III) 17β(H),21α(H). Filled circles represent the β-
configuration, unfilled circles the α-configuration. 

 
In addition to positions C-17 and C-21, position C-22 can also be of stereochemical relevance 
in the hopanoid structure. This is the case in all C31-, C32-, C33-, C34- and C35-hopanoids, 
which are commonly also called homohopanes and which possess a CH3, C2H5, C3H7, C4H9 or 
C5H11 n-alkyl-group, respectively, at position C-29. Accordingly, carbon atom C-22 is asym-
metrical, i.e. chiral, in all C31- to C35-(homo)hopanes and -moretanes and can be configured 
either as R- or S-epimers (22R, 22S) (Fig. 19, I-VIII).  
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Fig. 19:  The structures and stereochemical configurations of the C31- hopanes and -moretanes (structures I to IV) 

and the C35-hopanes and -moretanes (structures V to VIII) (filled circles = β-configuration, unfilled cir-
cles = α-configuration). The structures of the C32-, C33- and C34-(homo)hopanes and –moretanes can be 
easily deduced from these illustrations. 

 
The biological, i.e. primary, configuration corresponds to the 22R-epimerization. With ad-
vancing diagenesis and thermal maturation, the 22R-configuration in hopanes and moretanes 
is progressively converted to the 22S-configuration until an equilibrium mixture of both 
epimers is reached at conditions approximately representing the lower threshold of the oil 
window. This is the case, when the value of the ratio 22S / [22S + 22R] is about 0.6.  
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It is widely accepted, that hopanes are derived from bacteriohopanepolyols (BHP; Fig. 20) 
through defunctionalization and stereochemical modification. Bacteriohopanepolyols serve as 
structurally reinforcing and regulating compounds in the membranes of bacteria and hence 
can be viewed as biochemical equivalents to sterols, which fulfil this function in eukaryotes. 
Therefore, hopanes are diagnostic compounds for the domain Bacteria (prokaryotes).  
 

 
 
Fig. 20:  The structure of bacteriohopanepolyols (BHP) as biological precursors of hopanes. Capital letters (A to 

E) identify the five rings of this pentacyclic terpenoid.  

 
The following hopanes are frequently present in the saturated hydrocarbon fractions of sedi-
mentary rocks and are therefore of particular geochemical relevance:  
 
a)  the 17α(Η),21β(Η)- and 17β(Η),21α(Η)-isomers of the C30-hopane and -moretane (Fig. 

18, II, III; C30H52) and the 22R- and 22S-epimers of the C31- to C35-(homo)hopanes and          
-moretanes (Fig. 19, I-VIII; C31H54 to C35H62),  

 
b)  the 17α(H),21β(H)-30-norhopane and the 17β(H),21α(H)-30-norhopane, i.e. the norho-

pane and normoretane, two C29-hopanoids (Fig. 21, I, II; C29H50),  
 
c)  the 17α(H)-22,29,30-trisnorhopane (Tm) and 18α(H)-22,29,30-trisnorneohopane (Ts), 

two slightly differing C27-hopanes (Fig. 21, III, IV; C27H46).  
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Fig. 21:  The structures of four common hopanes with less than thirty carbon atoms: norhopane (I), normoretane 

(II), Tm (III) and Ts (IV) (filled circles = β-configuration, unfilled circles = α-configuration). 

 
Norhopane (C29H50), 17α(H)-22,29,30-trisnorhopane (Tm, C27H46) and 18α(H)-22,29,30-
trisnorneohopane (Ts, C27H46) are formed from the C30-hopane (C30H52) through a dealkyla-
tion-induced loss of one or three carbons atoms, respectively (loss of the carbon atom at posi-
tion C-30: norhopane [Fig. 21, I]; loss of the three carbon atoms at positions C-30, C-29 and 
C-22: Tm [Fig. 21, III]; loss of the three carbon atoms at positions C-30, C-29 and C-22 and 
shifting of the CH3-group from position C-18 to position C-17: Ts [Fig. 21, IV]). The nor-
moretane (C29H50) is generated from the C30-moretane through the loss of the carbon atom at 
position C-30 (Fig. 21, II). The syllable “nor” indicates the dealkylation-induced absence of 
one or several carbon atoms with respect to an initial, biosynthetic compound, in the case of 
hopanes to the 17α(H),21β(H)-C30 hopane. If no prefix is added to the syllable “nor”, the re-
spective molecule contains one carbon atom less than the reference compound. The prefixes 
“bis” or “tris” state, that dealkylation lead to the removal of two or three carbon atoms, re-
spectively. The numbers in front of these notations (e.g. 22,29,30) indicate the numbers of the 
carbon atom positions, which were lost from the molecule through dealkylation.    
Two other hopanes, which are also the product of dealkylation, may also be detectable in geo-
logic sample material: the 28,30-bisnorhopane (loss of two carbon atoms: positions C-28 and 
C-30), a C28-hopane (Fig. 22, I; C28H48) and (b) 25,28,30-trisnorhopane, another C27-hopane 
(loss of three carbon atoms: positions C-25, C-28 and C-30) (Fig. 22, II; C27H46). Fig 22 
shows, that both compounds possess 17α(H),18α(H),21β(H)-configurations.   
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Fig. 22:  The structures of 28,30-bisnorhopane (I), and 25,28,30-trisnorhopane (II) (filled circles = β-
configuration, unfilled circles = α-configuration). 

 
As a result of the above described stereochemical transformations of hopanes in response to 
progressive diagenesis and increasing burial depth and temperature of the host sediment/rock 
(ββ- to αβ- and βα-configurations, 22R- to 22S-epimerization), certain ratios of hopane iso-
mers/epimers are commonly employed in petroleum geochemistry and biogeochemistry to 
determine the stage of diagenesis and thermal maturity of samples: (i) the ratio of the 
17β(Η), 21α(Η)- to the 17α(Η), 21β(Η)-configuration of the C30- and C29-hopanoids (i.e. the 
ratios C30-moretane/C30-hopane and C29-moretane/C29-hopane) and (ii) the ratio of the S- and 
R-epimers at carbon position C22 in the 17α(Η), 21β(Η) C31- to C35-hopanes (most commonly 
in the C31- and C32-hopanes).  
In sedimentary rocks, the above-described “regular” hopanes are derived from undefinable 
mixtures of heterotrophic and (photo)autotrophic bacteria. Accordingly, they are not source-
specific for particular bacterial/prokaryotic organisms and “only” represent biomarkers for the 
domain Bacteria. However, two specific hopanes exist, which are highly diagnostic for two 
important bacterial groups: (1) 2α-methylhopanes (2α(CH3)-hopanes), which are methylated 
at carbon position C-2 (Fig. 23, I), are highly specific compounds for cyanobacteria. (2) 3β-
methylhopanes (3β(CH3)-hopanes), which are methylated at carbon position C-3 (Fig. 23, II), 
are derive from a variety of methanotrophic, methylotrophic and acetic acid bacteria (SUM-

MONS et al. 1996, SUMMONS et al. 1999, SUMMONS & JAHNKE 1992, COLLISTER et al. 1992).  
 

 
 
Fig. 23:  Examples for the structures of 2α-methylhopanes and 3β-methylhopanes: 2α(CH3),17α(H),21β(H),22R 

homohopane (I), and 2α(CH3),17α(H),21β(H),22R homohopane (II) (unfilled bond at position C-2 = α-
configuration of methyl-group, filled bond at position C-3 = β-configuration of methyl-group). 
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2.3.2.3 Gammacerane 
 
Gammacerane belongs to the group of pentacyclic terpenoids. As a major difference to the 
hopane structure, the five rings in gammacerane are all six-membered (Fig. 24, II). Gammac-
erane is derived diagenetically from the biological precursor tetrahymanol (Fig. 24, I) through 
defunctionalization at carbon position C-3, i.e. through removal of the hydroxyl-group. Tetra-
hymanol has been found in a number of different organisms: (1) marine and freshwater bac-
terivorous ciliates of the Tetrahymena-taxus (eponym of the compound name) living at the 
oxic-anoxic interface (e.g. MALLORY et al. 1963, HOLZ & CONNER 1973, TEN HAVEN et al. 
1989, HARVEY & MCMANUS 1991), (2) the photosynthetic purple nonsulfur bacterium 
Rhodopseudomonas palustris (KLEEMANN et al. 1990), (3) the nitrogen-fixing symbiotic root-
nodule forming bacterium Bradyrhizobium japonicum (BRAVO et al. 2001), (4) the fern 
Oleandra wallichii (ZANDER et al. 1969) and (5) the rumen fungus Piromonas communis 
(KEMP et al. 1984). It is however widely accepted, that bacterivorous ciliates (particularly of 
the Tetrahymena-taxus) at the chemocline represent the most significant and likely source for 
gammacerane in marine sediments (e.g. HARVEY & MCMANUS 1991, SINNINGHE DAMSTÉ et 
al. 1995). It is noteworthy, that tetrahymanol is biosynthesized by these ciliates only when 
their food source is entirely prokaryotic and thus free of sterols (e.g. HARVEY & MCMANUS 
1991, SINNINGHE DAMSTÉ et al. 1995). The use of tetrahymanol as a biomarker for bacterivo-
rous ciliates is based on this finding.  
 

 
 
Fig. 24:  The structures of tetrahymanol (I; C30H52O) and gammacerane (II; C30H52). Gammacerane is formed 

during diagenesis from its biological precursor tetrahymanol through removal of the hydroxyl-group at 
position C-3, i.e. through defunctionalization. Capital letters (A to E) identify the five six-membered 
rings of these pentacyclic terpenoids.  

 
2.3.2.4 Lupanes, oleananes, ursanes  
 
Lupanes, oleananes and ursanes are also part of the pentacyclic Terpenoids. Their A-, B-, C- 
and D-rings are generally six-membered (Fig. 25, I, II, III). However, the fifth (E-) ring is 
five-membered in lupanes (Fig. 25, I), but six-membered in oleananes and ursanes (Fig. 25, II, 
III). Lupanes, oleananes and ursanes are biomarkers for higher terrestrial plants (angio-
sperms). 
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Fig. 25:  The structures of lupane (I; C30H52), oleanane (II; C30H52) and ursane (III; C30H52).  
 
2.3.2.5 Cheilanthanes  
 
Cheilanthanes (13-methyl, 14-alkylpodocarpanes) represent the most common group of tri-
cyclic terpenoids (isoprenoids) found in bitumens and oils. The structural core of cheilan-
thanes consists of nineteen carbon atoms, which form three saturated, six-membered rings 
with two methyl groups attached to position C-4 and one methyl group, respectively, to posi-
tions C-8, C-10 and C-13. Besides, an isoprenyl side chain of variable length (CnH2n+1; n ≥ 0) 
can be attached to position C-14 as a substituent, instead of a hydrogen atom (Fig. 26).  
 

 
 
Fig. 26:  Generalized structure of cheilanthanes. One hydrogen atom at carbon position C-14 can be substituted 

by an isoprenyl side chain with up to 35 carbon atoms.  
 
Structurally, this isoprenyl side chain is based on head-to-tail linked C5 isoprene units. Ac-
cording to the studies of DE GRANDE et al. (1993), MOLDOWAN et al. (1983), AQUINO NETO et 
al. (1982) and others, which found cheilanthanes with carbon numbers from nineteen up to 
fifty four, the isoprenyl substituent can consist of up to seven C5 isoprene units and hence of 
up to 35 carbon atoms. However, the actual carbon number of the isoprenyl substituent is not 
necessarily an exact multiple of five (i.e. 5, 10, 15, 20, 25, 30, 35), since one or several carbon 
atoms can be lost from the C5 isoprene unit(s) during dia-/catagenesis and/or biosynthesis. 
Therefore, the isoprenyl substituent at position C-14 can possess any carbon number from one 
(-CH3) to thirty five (C35H71) (Fig. 27, I-IV).  
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Fig. 27:  Examples of cheilanthanes with different isoprenyl substituents at carbon position C-14: (I) C20-

cheilanthane (-CH3 substituent), (II) C24-cheilanthane (-C5H11 isoprenyl substituent), (III) C30-
cheilanthane (-C11H23 isoprenyl substituent) and (IV) C54-cheilanthane (-C35H71 isoprenyl substituent).  

 
BROCKS & SUMMONS (2003) described cheilanthanes as “orphan biomarkers” since their bio-
logical source(s) are still largely unknown. According to OURISSON et al. (1982), AQUINO 

NETO et al. (1982) and others, cheilanthanes could be derived from a membrane constituent of 
prokaryotes. However, as a result of more recent research, two lines of evidence suggest that 
the prasinophyte alga Tasmanites (phylum Chlorophyta) might represent a significant biologic 
source for cheilanthanes (e.g. AQUINO NETO et al. 1992, GREENWOOD et al. 2000): (1) Several 
deposits with abundant Tasmanites microfossils (i.e. fossil cysts consisting of a macromolecu-
lar biopolymer, a so called algaenan), such as the Late Carboniferous to Early Permian tas-
manite oil shale of Tasmania (Australia), Late Jurassic to Early Cretaceous rocks from the 
Brooks Range in Alaska (U.S.A.), Late Devonian strata from the Amazon Basin in Brazil or 
Late Ordovician to Early Silurian deposits in the Sahara, are particularly rich in cheilanthanes 
(AQUINO NETO et al. 1992). (2) The pyrolysis GC-MS study of the tasmanite oil shale (Tas-
mania) of GREENWOOD et al. (2000) showed that the pyrolysates of both the bulk oil shale and 
of individual fossil Tasmanites cysts (algaenans) exhibit very similar distributions of satu-
rated, unsaturated and aromatized cheilanthanes. Based on this result, GREENWOOD et al. 
(2000) concluded that cheilanthanes are “fundamental building blocks” of the macromolecu-
lar biopolymer (algaenan) of Tasmanites cysts and that hence Tasmanites-algae represent the 
biological source of the cheilanthanes in the hydrocarbon fraction of the tasmanite oil shale.  
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Table 2 summarizes the biogeochemically most important subdivisions and compound groups 
of saturated hydrocarbons and their biologic source(s), as described in this chapter.  
 

Subdivisions of the class of saturated hydrocarbons  
and the geologically most important representatives Example(s)  Biological Source(s) 

n-alkanes n-C14 … > n-C40

 
• n-C15 – n-C20 , with odd over even 

predominance of carbon numbers: al-
gae, cyanobacteria  

• n-C14 – n-C22, particularly with even 
carbon numbers: photosynthetic & non-
photosynthetic bacteria   

• n-C21 – n-C25, particularly with odd 
carbon numbers: aquatic macrophytes 
(submerged & floating):   

• n-C23 – n-C35, with odd over even 
predominance of carbon numbers 
(most notably n-C27, n-C29, n-C31,   n-
C33): terrestrial plants  

• n-C23 – n-C40: microbial sources in 
marine, hypersaline environments   

• > n-C40: degradation products of    
aliphatic macromolecules: algaenans 
(marine/lacustrine algae), cutan & 
suberan (terrestrial plants) 

 

A
lip

ha
tic

 A
lk

an
es

 

Acyclic Isoprenoids / Terpenoids 
phytane (Ph)  

 
pristane (Pr) 

Ph & Pr: algae, cyanobacteria, photosyn-
thetic bacteria, terrestrial plants, archaea 

Pr: also from zooplankton, vitamin E 

3 Rings 
(A - C)  Cheilanthanes 13α(H),14α(H)  

C23-cheilanthane 
largely unknown, possibly tasmanite 

algae (prasinophyceae), bacteria 

4 Rings 
(A – D) Steranes 5α(H),14α(H),17α(H) 

cholestane 22R 
eukaryotes: algae, zooplankton, aquatic 

& terrestrial higher plants & animals 

5-membered 
E-ring 

Hopanes/ 
Moretanes 

17α(H),21β(H)  
C30-hopane prokaryotes: bacteria, cyanobacteria 

C
yc
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ne

s 

Is
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re
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s 
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id
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op
re

no
id

s 
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s 

5 Rings 
(A – E) 6-membered 

E-ring 

Gammacerane, 
Lupanes, Olea-
nanes, Ursanes 

gammacerane (Ga) 
oleanane (Ol) 

 
• Ga: bacterivorous ciliates at redox-

boundary  
•  Ol: angiosperm plants 

 
Table 2:  Summary of the subdivisions and compound groups of the class of saturated hydrocarbons and their 

biological source(s) (compiled from PETERS & MOLDOWAN 1993 and BROCKS & SUMMONS 2003).  
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3 Methods 
 
3
 

.1 Bulk parameters 

For a general characterization of the sample material several bulk geochemical and isotopic 
parameters were determined.  
Contents of total carbon (TC) and total nitrogen (TN) were measured with a Carlo Erba 
Instruments EA 1110 CHN elemental analyser. Abundances of total inorganic carbon (TIC) 
were determined coulometrically with a UIC 5130 Carbonate Carbon Acidification module 
coupled to a UIC 5011 CO2 coulometer. Concentrations of total organic carbon (TOC) were 
then calculated for each sample from the difference between TC and TIC.  
Carbon isotope analysis of total organic matter (δ13Corg) were conducted with an EA-IRMS 
system consisting of a Carlo Erba Instruments EA 1110 CHN elemental analyser coupled to a 
Finnigan Delta Plus isotope-ratio-monitoring mass spectrometer. Samples were decalcified 
with HCl (16%) at 50°C and, depending on the TOC content of the sample, ca. 1 to 10 mg of 
decalcified material were weighed into tin capsules. The sample-bearing tin capsules were 
then combusted in the elemental analyser. Carbon isotopic compositions are reported in the δ-
notation relative to the Vienna Peedee Belemnite (V-PDB) standard:    
 
δ13C = [(13C/12CSample – 13C/12CPDB Standard) /  13C/12CPDB Standard] × 1000. 
 
The analytical accuracy was checked by replicate measurements of the graphite standard 
USGS 24 (δ13C = -15.99‰ vs. PDB) and laboratory standards. The analytical reproducibility 
was ± 0.1‰ (1σ). 
 
3
 

.2 Extraction of soluble organic matter (Bitumen) 

Extractable organic matter (EOM) was obtained by sonic extraction of the ground sample 
material after a method developed by BLIGH & DYER (1959). Depending on the approximate 
total organic carbon (TOC) content of the sample, 8 to 20 g of material were used (TOC ≤ 2 
wt.%: ca. 20 g; TOC 2 - 5 wt.%: ca. 14 – 18 g; TOC > 5 wt.%: ca. 8 – 12 g). The extraction 
proceeded in three steps by sequential addition of the following solvents or solvent mixtures: 
(1) methanol (MET), (2) a 1:1-mixture of methanol and dichloromethane (1:1-MET/DCM), 
and (3) dichloromethane (DCM). The amount of solvent or solvent mixture for each 
extraction step was adjusted to the amount of utilized sample material: 2.5 ml were used per 
gram of material. After each solvent-addition the sediment was stirred carefully to obtain a 
sediment-solvent suspension, sonicated for 15 minutes, and finally centrifuged for 5 minutes 
at 3000 rpm. The MET-, 1:1-MET/DCM, and DCM-extracts of each sample were collected 
and combined in a separatory funnel. An aqueous KCl-solution (0.88%; 3.5 ml/g of sample) 
was added and thoroughly mixed with the combined extracts by agitation of the separatory 
funnel. Due to polarity differences between DCM and MET a sharp phase segregation occurs 
soon thereafter: a DCM-phase accumulates as a bottom layer below a MET-phase. The 
aqueous KCl-solution in turn has readily combined with the MET-phase due to the small 
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polarity gradient between these two phases. Addition of the KCl-solution and generation of 
the phase segregation was carried out to exclude the presence of salts and polar phospholipids 
in the extract. These compounds can represent natural constituents of the sample and might 
impair the later analysis of the EOM and its organic fractions. Salts and phospholipids are 
exclusively soluble in the MET/KCl-phase, whereas all other compounds of the EOM are 
soluble in the DCM. Thus, only the DCM-phase was relevant for the further steps of EOM-
preparation. Accordingly, the DCM-phase was drained from the separatory funnel into a flask. 
This was done by using a glass funnel, which was filled with anhydrous Na2SO4, to remove 
residual water and sporadic sediment particles from the DCM-phase. To avoid accidental 
drainage of a portion of the MET/KCl-phase into the flask, it was necessary to leave behind a 
small amount of the DCM-phase in the separatory funnel. However, to ensure the complete 
recovery of the EOM a further step was introduced at this point. An additional amount of 
DCM (1 ml/g of sample) was added to the separatory funnel and admixed with the remaining 
DCM- and MET/KCl-phases by agitation. As soon as a good phase separation was attained, 
the DCM-phase was drained into the flask as described above and thereby combined with the 
first DCM-phase. The residual MET/KCl-phase was discarded. The volume of the DCM-
extract was then reduced to about 2 ml with a rotary evaporator (T = 40°C) and transferred 
into a 4 ml vial.  Finally, the extract was blown down to dryness with N2 at 26°C. The amount 
of EOM in mg per gram of sample material was determined from the difference between the 
weight of the 4 ml vial with the extract and its empty weight. Extracts were stored in a 
refrigerator at -20°C.  
 
3.3 Separation of individual organic fractions  
 
Column chromatography (modified after PELTZER et al. 1984) was applied to partition the 
extract (EOM) into four organic fractions. For this procedure, only one-half of the total 
extract was utilized. Per column 7.0 g of silica gel, which were dried for 2 hours at 180°C, 
preconditioned with 350 µl of deionized and DCM-extracted water, and rinsed twice with n-
hexane, were employed as stationary phase. In a first step, asphaltenes were precipitated from 
the total extract. In contrast to all other compound classes contained in the extract, asphaltenes 
are only dissolvable in DCM, but insoluble in n-hexane. Isolation of asphaltenes from the 
total extract was thus achieved by the following procedure. The extract was dissolved in 1 ml 
of DCM, and 15 ml of n-Hexane were added. The volume of this solution was then reduced to 
ca. 2 ml with a rotary evaporator (T = 40°C), by decreasing the evaporators internal pressure 
from 790 mbar to 290 mbar, thereby removing all of the DCM and most of the n-hexane. In 
the course of this process, the asphaltenes accumulate as a precipitate on the bottom of the 
flask due to their insolubility in n-Hexane. The n-hexane-soluble extract, including the 
precipitated asphaltenes, was then pipetted onto the silica gel column, and partitioned into 
four organic fractions (compound classes) by the sequential addition of selected solvents and 
solvent-mixtures, as summarized in Table 3.  
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Fraction Compound Class(es) Solvent or Solvent-Mixture Solvent Amount

1 saturated hydrocarbons n-hexane 20 ml 

n-hexane 10 ml 
2 aromatic hydrocarbons 

toluene / n-hexane (1:3) 20 ml 

3 porphyrins, ketones,    
alcohols, sterols ethylacetate 20 ml 

methanol 30 ml 
4 highly polar compounds      

(e.g. fatty acids), asphaltenes
dichloromethane 30 ml 

Table 3: Summary of the column chromatographic separation of four organic fractions from the total extract and 
of the solvents employed for their elution.  

 
The volume of each fraction was reduced to approximately 1 ml with a rotary evaporator (T = 
40°C) and transferred into an autosampler vial. The fractions were then blown down to 
dryness with N2 at 26°C, quantified (in mg/g sample material) by means of the difference 
between the weight of the vial with the fraction and its empty weight, and stored at -20°C in a 
refrigerator. 
 
3.4 Separation of n-alkanes and isoprenoids by urea adduction 
 
Coelution between certain n-alkanes and isoprenoids is problematic for compound-specific 
carbon isotope analyses of the saturated hydrocarbon fraction (fraction 1 in Table 3). It is 
therefore advantageous to partition further this compound group into two subfractions, (1) n-
alkanes and (2) acyclic and cyclic isoprenoids. This was achieved by a slightly modified 
version of the urea adduction method described in WAKEHAM & PEASE (1992). Urea 
adduction is based on the following principle: urea (CH4N2O), which crystallizes from a 
solution, selectively incorporates n-alkanes into the crystal structure (adduction of n-alkanes 
into the crystal). It thus removes n-alkanes (adducts) from the solution through 
coprecipitation, but leaves all acyclic and cyclic isoprenoids (non-adducts) dissolved.  
The saturates fraction was dissolved with ca. 1 ml of DCM, transferred into a 4 ml vial, and 
blown down to dryness with N2 at 26°C. The fraction was redissolved in 200 µl of a saturated 
urea/methanol solution. Addition of 200 µl of acetone and 200 µl of n-hexane to this solution 
induces crystallization of the urea from the solution and formation of a white precipitate at the 
bottom of the vial, which includes the coprecipitated n-alkanes. The vial was closed with a 
teflon-lined cap, agitated carefully, and placed in a refrigerator at -20°C for 30 minutes. Then 
all solvents were blown down to dryness with N2 at 26°C, and the urea precipitate was 
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washed thrice with 500 µl of n-hexane. In this step, the n-hexane selectively redissolves the 
isoprenoids (i.e. the non-adducts), while the n-alkanes remain caged in the crystals of the urea 
precipitate. The three isoprenoid-bearing n-hexane lavages were pipetted into a 4 ml vial, 
which was prepared to accommodate the non-adducts subfraction (annotation: a small 
quantity of non-adducts will almost inevitably escape the pipette and remain in the vial after 
this step). Then the n-alkane-containing urea precipitate was redissolved with 500 µl of 
methanol and 500 µl of deionized and DCM-extracted water. In the following the n-alkanes 
were extracted from this methanol/water-solution by the addition of 1 ml of n-hexane and 
thorough agitation. For the complete recovery of the n-alkanes, this step was performed 
thrice. The n-alkane-bearing n-hexane extracts were collected and combined in a 4 ml vial, 
which was prepared to accommodate the adducts subfraction. In order to obtain an (almost) 
pure n-alkane subfraction (see annotation above) the adduction process was repeated two 
more times. The final non-adducts and adducts subfractions were blown down to dryness with 
N2 at 26°C and stored in a refrigerator at -20°C. 
 
3.5 Gas Chromatography - Mass Spectrometry (GCMS) 
 
To identify individual n-alkanes and isoprenoids in the saturates fraction, and to determine 
relative compound abundances by peak areas, a Hewlett Packard GCMS-system, consisting of 
an HP 6890 gas chromatograph (GC) coupled to an HP 5973 mass selective detector (MSD), 
with autosampler, was employed. The GC was equipped with a Hewlett Packard Ultra 2 
column (50 m length, 0.2 mm inner diameter, 0.12 µm film thickness, 5 % phenyl - 95 % 
methylpolysiloxane phase). The injector was operated at 340°C in pulsed splittless mode. The 
helium flow was kept constant at 1.4 ml/min. The temperature program of the GC-oven 
included two ramps and was programmed as follows:  
 
50°C (1 min holdtime) → 150°C @ 15°C/min → 320°C @ 3°C/min (10.7 min holdtime). 
 
Prior to analysis each sample was dissolved in 100 µl of a DCM-based injection standard, 
which contained two fatty acid methyl esters, (1) methyl nonadecanoate (19:0) (10 ng/µl) and 
(2) methyl octacosanoate (28:0) (10 ng/µl), as standard substances. No coelution occurs 
between these standards and n-alkanes or isoprenoids. The methyl nonadecanoate (19:0) peak 
occurs between n-C22 and n-C23, and the peak of methyl octacosanoate (28:0) occurs between 
n-C31 and n-C32. All samples were measured in selective ion monitoring (SIM) mode 
(fragment ions m/z = 74, 85, 191, 217). In addition, many samples were also measured in full 
scan mode (fragment ions m/z = 50 - 550) to verify and confirm the compound identifications. 
 
3.6 Gas Chromatography - Isotope Ratio Mass Spectrometry (GC-IRMS) 
 
Compound-specific carbon isotope compositions of n-alkanes (adducts) and isoprenoids (non-
adducts) were measured by Gas Chromatography - Isotope Ratio Mass Spectrometry (GC-
IRMS). These analyses were conducted in the stable isotope laboratory of the Department of 
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Geosciences of the Pennsylvania State University (State College, PA, U.S.A.) in four batches 
(January/February 2001, September/October 2001, May 2002, October 2002). The instrument 
consists of a Varian 3400 gas chromatograph (GC), equipped with a Jade SPI-injection port 
and a DB-1 column (60 m length, 0.25 mm inner diameter, 0.25 µm film thickness, 100% 
dimethylpolysiloxane phase), which was coupled to a Finnigan MAT 252 isotope-ratio-
monitoring mass spectrometer (IRMS) by a combustion oven and a Nafion water trap. A 
helium/oxygen-mixture served as carrier gas. After gas chromatographic separation of the 
injected fraction (adducts, non-adducts), compounds entered the combustion oven, where they 
were converted to CO2 gas by combustion at 1000°C, facilitated by the oxygen component of 
the carrier gas.  
In order to optimize the chromatographic separation of individual compounds, different GC-
oven programs were tested and compared for the adducts- and non-adducts-subfractions, 
respectively. Table 4 lists the GC-oven programs and injection port parameters, which were 
chosen for the measurements of adducts- and non-adducts-subfractions based on the results of 
these tests.  

Compound 
Group GC-Oven Program Injection 

Port Remark 

Adducts    
(= n-alkanes) 

60°C (1 min holdtime)   
→ 320°C @ 4°C/min    

(20 min holdtime) 
as GC-oven employed for all measurements

50°C (1 min holdtime)   
→ 150°C @ 10°C/min   
→ 187°C @ 3°C/min    
→ 320°C @ 20°C/min   

(20 min holdtime) 

employed for measurements    
in Jan/Feb 2001 

 

Non-Adducts  
(= acyclic        
& cyclic 

isoprenoids) 50°C (1 min holdtime)   
→ 150°C @ 10°C/min   
→ 190°C @ 3°C/min    
→ 320°C @ 5°C/min    

(20 min holdtime) 

constant      
@ 320°C 

employed for measurements    
in Sep/Oct 2001, May 2002     

& Oct 2002 

Table 4:  GC-oven programs and injection port settings used for the compound-specific carbon isotope analyses 
of adducts- and non-adducts-subfraction. 

 
Carbon isotopic compositions of organic compounds are reported in the δ-notation relative to 
the Peedee Belemnite (PDB) standard and were calculated by comparison against a CO2 
reference gas, which was calibrated to the PDB standard (δ13CCO2 reference gas = -10,050 ‰ vs. 
V-PDB):    
 
δ13C = [(13C/12CSample – 13C/12CPDB Standard) /  13C/12CPDB Standard] × 1000. 



3 Methods 66

 
In order to check the analytical accuracy, a laboratory standard containing the two n-alkanes 
n-C38 (δ13C = -30.1‰ vs. PDB, 83 ppm) and n-C41 (δ13C = -31.4 ‰ vs. PDB, 81 ppm) was 
analysed after every sixth to eighth sample run. These analysis show, that the analytical 
accuracy (1σ) is ± 0.2 ‰ (n = 75). Besides, the two fatty acid methyl esters (methyl 
nonadecanoate, methyl octacosanoate), which originally served as an injection standard for 
the GCMS analysis (see chapter 3.5), proved to be useful as internal standards for the GC-
IRMS measurements of the n-alkane subfractions: (i) they amalgamate completely with the 
adductable compounds (i.e. the n-alkanes) during the urea adduction procedure (see chapter 
3.4) and (2) they do not coelute with n-alkane peaks. Besides, the presence of these two 
internal standards in all n-alkane fractions allowed for a rapid and reliable identification of all 
n-alkane peaks in the GC-IRMS-chromatograms: the methyl nonadecanoate peak occurs 
between n-C22 and n-C23, the methyl octacosanoate peak occurs between n-C31 and n-C32. For 
methyl nonadecanoate an average δ13C of -27.4 ‰ was found and for methyl octacosanoate 
the average δ13C is -25.6 ‰ (n = 55). The reproducibility (1σ) found for both compounds is    
± 0.2 ‰ (n = 55), thus confirming the reproducibility of the δ13C-values of the n-C38/n-C41-
laboratory standard. All carbon isotopic compositions of organic compounds reported in this 
study represent average values of replicate measurements: triplicate or quadruplicate 
measurements for all non-adducts-subfractions (i.e. isoprenoids) and duplicate measurements 
for the adducts-subfractions (i.e. n-alkanes). The reproducibility of δ13C-values of individual 
compounds in replicate measurements of samples was generally ≤ ± 0.5 ‰.  
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4  Principles of the reconstruction of the photosynthetic carbon isotope 
fractionation (εp) of phytoplankton in ancient marine sediments 

 
As explained in chapter 1, the carbon isotope fractionation associated with phytoplankton 
photosynthesis (εp) can be described numerically as the difference between the carbon isotope 
compositions of dissolved aqueous CO2 (δd) and phytoplankton (i.e. primary) biomass (δp). 
Numerically, εp is thus the carbon isotopic difference between the inorganic carbon substrate 
for this biochemical process and its organic product. Of course, neither dissolved aqueous 
CO2 nor phytoplankton biomass is preserved in the original state in ancient marine sediments. 
It is therefore impossible to directly measure their carbon isotope compositions in geologic 
sample materials, such as the sedimentary rocks investigated in this study. There is, however, 
an indirect way to determine δd and δp in ancient sediments, since favourable conditions 
during and after deposition, dia-/catagenesis and burial can lead to the preservation of specific 
carbon-bearing species or compounds in the sedimentary record, which are directly derived 
from the dissolved aqueous CO2 and phytoplankton biomass, respectively.  
The carbon isotope composition of dissolved aqueous CO2 (δd) can be determined from the 
δ13C of well-preserved biogenic carbonate, i.e. of the carbonate shells of fossil marine 
invertebrates such as e.g. brachiopods, belemnites, and foraminifers. These organisms utilize 
the seawater bicarbonate (HCO3

-) for their biogenic carbonate shell production. Isotopically, 
these biogenic carbonate shells are enriched in 13C by a fixed and temperature-independent 
magnitude of 1 ‰ relative to bicarbonate (ROMANEK et al. 1992). Bicarbonate, in turn is 
enriched in 13C relative to dissolved CO2 due to an equilibrium isotope fractionation between 
these two dissolved carbonate species. The magnitude of this fractionation is temperature-
dependent and decreases with increasing (sea surface) water temperature (ROMANEK et al. 
1992). An increase of 1°C of the water temperature translates into a decrease of 0.12 ‰ of the 
carbon isotope fractionation between bicarbonate and dissolved aqueous CO2 (εBicarbonate–CO2) 
(ROMANEK et al. 1992). Accordingly, a change in water temperature of 5°C only causes a 
change in εBicarbonate–CO2 of 0.6 ‰. The temperature dependence of εBicarbonate–CO2 is thus 
relatively weak. The determination of the carbon isotopic composition of dissolved aqueous 
CO2 (δd) requires knowledge of (i) the δ13C of well-preserved calcite (CaCO3) shells (e.g. 
fossil brachiopods) and (ii) the (sea surface) water temperature. According to ROMANEK et al. 
(1992), the overall carbon isotopic fractionation between CaCO3 and CO2(aq) (εCaCO3–CO2) can 
be calculated by the following equation: εCaCO3–CO2 = 11.98 (±0.13) – 0.12 (±0.01) × T (with T 
= sea surface water temperature in °C). In the case of this study, published datasets of the 
carbon isotope compositions of well-preserved brachiopod shells from the Devonian to 
Permian time interval (JOACHIMSKI et al. 2004, VAN GELDERN et al. 2006, MII et al. 1997, MII 
et al. 1999) were used for the determination of δd for each investigated time slice. Additional 
information and advice about the evolution of the carbon isotopic composition of brachiopod 
calcite from the US-Midcontinent Basin during the Late Carboniferous to Early Permian time 
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interval were gained from personal communications with Professor Ethan L. Grossman 
(Department of Geology & Geophysics, Texas A&M University, College Station, TX, 
U.S.A.). The above described approach to determine δd is illustrated in the right half of Fig. 
28. The sea surface temperatures, which were adopted in the εCaCO3–CO2-calculations, are 
calculated from oxygen isotope values of brachiopod calcite taken from the literature 
(JOACHIMSKI et al. 2004, VAN GELDERN et al. 2006, MII et al. 1997, MII et al. 1999). The 
δ18O-derived sea surface paleotemperatures range from 15 to 30°C for the investigated 
Devonian to Permian time slices.  
The carbon isotope composition of phytoplankton (i.e. primary) biomass (δp) in ancient 
marine sediments can be backcalculated from the carbon isotope composition of 
phytoplankton-derived organic compounds (biomarkers) preserved in the extractable organic 
matter (EOM). Suitable compounds for this purpose include e.g. porphyrins, alkenons, 
phytane, certain steranes (e.g. dinosterane) and, specifically for cyanobacteria, 2α-
methylhopanes. In this study, the acyclic isoprenoid phytane was chosen as the compound for 
the backcalculation of δp. Phytane is almost ubiquitous in the saturated hydrocarbon fractions 
of marine sedimentary rocks and its compound-specific carbon isotope composition can be 
determined without significant difficulties by means of GC-IRMS. δ13C-values of phytane 
represent a suitable parameter to determine δp for subsequent calculations of basin-scale and 
supra-regionally representative εp-data, if it can be demonstrated that the phytyl side chain of 
phytoplanktonic chlorophylls represents either the sole or at least the by far most significant 
biologic source for phytane (see chapter 2.3.1). In these cases, phytane derives from virtually 
all members of the phytoplankton community (algae, cyanobacteria, and other photosynthetic 
bacteria) and its δ13C thus constitutes an integrated carbon isotope signal representative for 
the entire phytoplankton association. Carbon isotope data for taxonomically more specific 
phytoplanktonic biomarkers, such as e.g. dinosterane or 2α-methylhopanes, might be very 
useful and informative in studies, which focus on specific members of a phytoplankton 
community, e.g. dinoflagellates or cyanobacteria. However, in view of the taxonomic 
diversity of most phytoplankton communities, the reconstruction of mid- and long-term δp- 
and εp-records, which are representative for phytoplankton communities on a large or global 
scale (such as in this study), should not solely rely on δ13C-data for such taxon-specific 
biomarkers. Due to these arguments and considerations, this study employed phytane δ13C-
data for the determination of δp and the reconstruction of a Devonian to Permian εp-record. 
The determination of δp from δ13C-data of phytane is based on the finding that 
polyisoprenoids, such as phytane, are depleted in 13C on average by 4 ‰ relative to the 
biomass from which they derived (e.g. HAYES et al. 1990, HAYES 2001). The carbon isotope 
composition of phytoplankton (primary) biomass (δp) was thus backcalculated according to 
the following equation: δp = δ13CPh + 4 ‰ (Fig. 28)  
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With the knowledge of δd and δp, it is then possible to calculate the carbon isotope 
fractionation associated with phytoplankton photosynthesis (εp) according to the following 
equation (FREEMAN & HAYES 1992):   
 

εp ≡ [(δd + 1000) / (δp + 1000) -1] × 1000. 
 
 

 
 

Fig. 28:  Schematic illustration of the carbon isotopic relationships between phytane (δPh), phytoplankton-

biomass (δp), dissolved aqueous CO2 (δd), and biogenic calcite (δCaCO3), and the approach to determine 

δd, δp, and εp in this study.   
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5 Sample material and geologic time scale 
 
5.1 General information and characteristics 
 
The study material for this work comprises 55 samples: 21 from the Devonian, 25 from the 
Carboniferous, and 9 from the Permian. The samples were chosen carefully to ensure their 
suitability for the establishment of a marine paleo-εp-record, which is based on compound-
specific carbon isotope analysis of selected organic molecules. Therefore, sampling was 
restricted to sediments, which (i) were exposed to (very) low degrees of thermal alteration 
(see chapter 6.2.3.2, (ii) were deposited under marine conditions, and (iii) contain at least a 
minimum content of organic matter (TOC ≥ 0.2 wt.%).  
The STG 2002 geologic time scale by the GERMAN STRATIGRAPHIC COMMISSION (2002) 
served as the basis for assigning absolute ages to geologic periods and stages in the Devonian 
to Permian time interval and to the sample material of this study (Fig. 29). The names, 
durations and chronology of Devonian conodont zones follow the “Devon-
Korrelationstabellen” of WEDDIGE (1996).    
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
___________________________________________________________________________ 
Following page (68): 
Fig. 29:  Illustration of the Devonian to Permian time scale used in this study (after STG 2002, GERMAN 

STRATIGRAPHIC COMMISSION 2002). Devonian conodont zones after WEDDIGE (1996).    
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5.2 Late Eifelian to early Famennian sample material 
 
5.2.1 Late Eifelian: Lower Keg River Member (northeastern Alberta, Canada) 
 
The Lower Keg River Member, which encompasses the lower part of the Upper Elk Point 
Subgroup, was deposited as a 13 to 40 m thick succession of shallow-marine carbonate ramp 
sediments in the La Crete Sub-Basin (northeastern Alberta, Canada) of the Elk Point Basin 
during the latest Eifelian (CHOW et al. 1995). The sample material utilized in this study comes 
from the distal parts of an approximately 1 m thick anaerobically deposited bituminous 
laminite, the “bituminous marker” of CHOW et al. (1995), and is part of the sample set 
described and studied in the comprehensive organic geochemical study of CLEGG et al. 
(1997). 5 Samples were collected from 4 cores and comprise finely laminated, bituminous, 
darkgray to darkbrown, shaly wackestones and graywackes with carbonate peloids (CLEGG et 
al. 1997). According to CHOW et al. (1995) the “bituminous marker” unit of the Lower Keg 
River Member was deposited under anoxic bottom waters in water depths of approximately 
20 m (proximal portions) to 40 m (distal portions). These findings are supported by results of 
the organic geochemical analysis of CLEGG at al. (1997), which showed that most samples 
yielded significant quantities of 1,2,3,4-tetramethylbenzene, a pyrolysis product that is 
commonly assumed to be derived from isorenieratene, a biomarker for the anaerobic 
photosynthetic green sulfur bacteria (Chlorobiaceae). CHOW et al. (1995) interpreted the high 
concentrations of organic carbon in the bituminous laminites of the Lower Keg River Member 
to be primarily the result of high planktonic productivity and algal blooms. 
 
5.2.2 Late Eifelian to earliest Givetian: Union Springs and Oatka Creek Formations 

(western New York State, U.S.A.) 
 
The organic-rich lithologies of the Union Springs Formation and Oatka Creek Formation in 
western New York State, U.S.A. belong to the Marcellus Subgroup of the Hamilton Group 
and are part of the Devonian-Mississippian black shale sequence of the Appalachian Basin 
(eastern U.S.A.). During Middle Devonian through Middle Mississippian time the 
Appalachian Basin acted as the foreland basin of the Acadian orogen, which rimmed the basin 
to the northeast, east, and southeast (e.g. ETTENSOHN 1987, ETTENSOHN 1998).  
The three samples from the Marcellus Subgroup investigated in this study were taken from a 
core, which was drilled by Akzo Nobel Salt, Inc. a few miles south of Geneseo, Livingston 
Co., NY, U.S.A.:  
(1) The oldest, investigated sample derives from the lower part of the Bakoven Shale Member 
of the Union Springs Formation (Marcellus Subgroup). The Bakoven Shale represents a 
pelagic, brownish black, organic-rich, slightly calcareous claystone with abundant styliolinids, 
which was deposited under dysaerobic to anaerobic bottom waters. Biostratigraphically, 
KLAPPER (1981) assigns the Bakoven Shale Member to the Late Eifelian australis conodont 
Zone.  
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(2) Another sample was taken from the contact between the Bakoven Shale Member (Union 
Springs Formation) and the Cherry Valley Limestone (Oatka Creek Formation). This sample 
comprises the uppermost two centimeters of the Bakoven Shale Member and the lowermost 
few centimeters of the Cherry Valley Limestone, and therefore includes the boundary between 
both units. Here, the Cherry Valley Limestone is a brownish-black grain- to packstone with 
styliolinids and occasional brachiopods. The Cherry Valley Limestone is assigned to the 
kockelianus conodont Zone and is thus of latest Eifelian age (KLAPPER 1981, HOUSE 1978 and 
1981). 
(3) The youngest investigated sample comes from the middle part of the Oatka Creek Shale 
Member of the Oatka Creek Formation (Marcellus Subgroup). The Oatka Creek Shale 
represents a pelagic, non-calcareous, non-fossiliferous, pyritic black shale, which was 
deposited in deeper and anoxic bottom waters. The Oatka Creek Shale Member is of earliest 
Givetian age (BRETT & BAIRD 1997, OVER pers. comm.) and is thus thought to have been 
deposited during the hemiansatus conodont Zone. 
 
5.2.3 Middle Givetian: Wanakah Shale (western New York State, U.S.A.) 
 
Stratigraphically, the Wanakah Shale belongs to the Middle Givetian Ludlowville Formation 
of the Hamilton Group and is assigned to the early varcus conodont Zone (KIRCHGASSER et 
al. 1997, OVER pers. comm.). The Wanaka Shale represents a medium gray shale with a 
number of carbonate beds and layers with calcareous concretions and with abundant 
macrofossils (e.g. brachiopods, bryozoans, trilobites, ammonoids, echinoderms, corals). The 
lithofacies indicates an aerobic to occasional dysaerobic depositional environment. Both 
Wanakah Shale samples analysed in this study were taken in outcrops near Hamburg, Erie 
Co., NY, U.S.A. One sample comes from the fossiliferous medium gray shales, which 
constitute the major lithology of the Wanakah Shale. The other sample was taken from one of 
the medium gray carbonate beds, which are intercalated with the gray shales and are also 
fossiliferous (e.g. brachiopods).  
 
5.2.4 Late Frasnian and early Famennian: Hanover Shale and Dunkirk Shale (western 

New York State, U.S.A.) 
 
Several outcrops in western New York State, U.S.A. expose the Frasnian-Famennian 
boundary horizon, i.e. the Upper Kellwasser event, very well. In western New York State, the 
Frasnian-Famennian boundary is positioned in the upper part of the Hanover Shale Member 
of the Java Formation (West Falls Group). Biostratigraphically, the Hanover Shale ranges 
from approximately the base of the Late rhenana conodont Zone (Late Frasian) into the 
Middle triangularis conodont Zone (earliest Famennian) (OVER 1997). In western New York 
State the major lithology of the Hanover Shale is represented by fossiliferous, green to gray, 
silty shales that were subject to intensive bioturbation. These green to gray shales are 
interbedded with (i) more than a dozen black shale beds with thicknesses ranging from several 
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centimeters to approximately 1 m, (ii) calcareous, frequently fossiliferous, nodules with a 
large range of sizes, and (iii) a number of carbonate beds. The Hanover Shale is overlain by 
the Early Famennian Dunkirk Shale of the Perrysburg Formation (Canadaway Group). The 
Dunkirk Shale, which comprises part of the Middle and Late triangularis conodont Zones, is 
composed of black shales that are interbedded with medium to dark gray, partly bioturbated 
shales. For this study, one sample was taken from the late Frasnian Hanover Shale (ca. 4.8 m 
above its base, within late rhenana Zone) at Beaver Meadow Creek, Java, Wyoming Co., NY, 
U.S.A. A second sample was taken from the early Famennian Dunkirk Shale (ca. 5.0 m above 
its base, within upper part of Middle or lower part of Late triangularis Zone) at Irish Gulf, 
North Boston, Erie Co., NY, U.S.A. 
 
5.2.5 Late Frasnian and early Famennian: Büdesheimer Goniatitenschiefer and Neu-

Oos Cypridinenschiefer (Rheinland-Pfalz, Germany)  
 
The Büdesheimer Goniatiten Schiefer and the Neu-Oos Cypridinenschiefer were deposited in 
an epicontinental basin on the northwestern margin of the Rhenohercynian Basin (western 
Germany), i.e. on the south-eastern Laurussian shelf, and represent a continuous Frasnian-
Famennian sedimentary succession. For easier reference, the Büdesheimer Goniatiten 
Schiefer and the Neu-Oos Cypridinenschiefer will henceforth be termed as Büdesheim 
Formation and Neu-Oos Formation, respectively.  
The Büdesheim Formation is of late Frasnian age and commences at the base of the Late 
rhenana conodont Zone and terminates at the top of the linguliformis Zone, i.e. at the 
Frasnian-Famennian boundary (PIECHA 1994). The top of the Büdesheim Formation is 
marked by black to darkgray shales and bituminous limestones, which represent the Upper 
Kellwasser Horizon (PIECHA 1994, MEYER 1994). The Neu Oos Formation is of early 
Famennian age and extends at least into the latest triangularis conodont Zone (JOACHIMSKI et 
al. 2002). The precise biostratigraphic position of the upper boundary of the Neu-Oos 
Formation is however not yet determined. Both units comprise fossiliferous, light gray to 
black, in parts greenish to bluish gray, marly shales with occasional carbonate beds or lenses 
(PIECHA 1994).  
This Frasnian-Famennian succession was deposited in a basin with dysaerobic to anoxic 
bottom waters. However, the fossil content (e.g. cephalopods, ostracods, brachiopods, 
conodonts, clams, snails; MEYER 1994) clearly indicates that dysoxic and/or anoxic 
conditions did not occur permanently and did not extend into the oxygenated surface waters. 
4 samples from the Büdesheim Formation and 3 samples from the Neu-Oos Formation were 
taken from the core “Büdesheimer Bach”, which was drilled approximately 2 km northeast of 
the village Büdesheim in the Eifel Mountains (Rheinland-Pfalz, Germany). 
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5.3 Late Famennian to early Mississippian 
 
5.3.1 Latest Famennian to earliest Tournaisian: Cleveland Member of Ohio Shale and 

Sunbury Shale (central and south-central Ohio, U.S.A.) 
 
The Cleveland Member of the Ohio Shale and the Sunbury Shale belong to the Devonian-
Mississippian black shale sequence of the central Appalachian Basin (eastern U.S.A.) (see 
also chapter 5.2.2). The Cleveland Member and the Sunbury Shale represent transgressive 
black shales, deposited during the initial stages of two successive compressional tectonic 
events of the Acadian Orogeny, i.e. during intervals of rapid basin subsidence and relative sea 
level rise (e.g. ETTENSOHN 1987, ETTENSOHN et al. 1988, ETTENSOHN 1998). As a 
consequence of the rapid subsidence of the basin floor during these intervals, deposition of 
both shales occurred under the conditions of a starved basin, a stratified water column, and 
anoxic bottom waters. This interpretation is supported by sedimentological, (bio)geochemical, 
and sulfur isotope data of several studies (e.g. ROBL & BARRON 1988, JAMINSKI 1997, KUHN 
1999), high TOC-contents (approximately 4-16 wt.%), and the unbioturbated, finely 
laminated character of both shale units. There is, however, no indication that anaerobic 
conditions extended into the photic zone.  
The Cleveland Member is the youngest and uppermost member of the Ohio Shale, and 
conodont biostratigraphy indicates that it was deposited within the lower part of the late 
Famennian expansa conodont Zone (WOODROW et al. 1988, ZIEGLER & SANDBERG 1990). 
The Sunbury Shale comprises the lower part of the earliest Tournaisian sulcata conodont 
Zone (WOODROW et al. 1988). On the basis of the conodont studies of OLIVER et al. (1967) 
and DEWITT (1970), the ammonoid study of HOUSE et al. (1986) and several palynological 
investigations (WINSLOW 1962, EAMES 1974, MOLYNEAUX et al. 1984, COLEMAN & 

CLAYTON 1987), it was inferred, that the Devonian - Mississippian boundary is positioned 
directly at the base of the Sunbury Shale.  
The samples from the Cleveland Member (2 samples) and Sunbury Shale (3 samples) were 
taken from two cores, which were drilled by the Ohio Geological Survey in Delaware Co., 
central Ohio, and Ross Co., southcentral Ohio. Both drilling sites are positioned along the 
eastern flank of the Cincinnati Arch, thus sampling the most distal (i.e. most western) parts of 
the Devonian-Mississippian sedimentary sequence of the central Appalachian Basin. Studies 
by POTTER et al. (1979) and MAYNARD (1981) showed, that the Cincinnati Arch did not 
emerge sufficiently from the sea during this time to enable colonization by land plants, and 
that terrestrial organic matter was exclusively supplied to the Appalachian Basin from the 
Acadian land areas situated in the northeast and east (MAYNARD 1981). These findings and 
the distal character of the sediments in the two cores suggest that organic matter is primarily 
of marine origin.  
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5.3.2  Middle to late Tournaisian: Zareby Beds (Holy Cross Mountains, Poland) 
 
Drowning of the Middle Devonian carbonate platform of the Holy Cross Mountains 
(southeastern Poland) began in the Frasnian, continued throughout the Late Devonian and 
earliest Mississippian, and finally culminated in the Viséan. The Zareby Beds were deposited 
during the terminal stage of drowning in deep waters under starved basin conditions 
(SZULCZEWSKI et al. 1996). They represent flaky to thinly plated, laminated, and organic-rich 
black shales, which lack a benthic fauna and erosional features. These characteristics indicate 
deposition in a deep-water environment with anoxic bottom waters. There is, however, no 
evidence for the occurrence of photic zone anoxia. The onset of the black shale facies is 
diachronous in the Holy Cross Mountains and ranges from the Middle Tournaisian crenulata 
Zone to the earliest Viséan texanus Zone (RACKI et al. 1993, SZULCZEWSKI et al. 1996). 
Deposition of the Zareby Beds ceased within the bilineatus Zone in the late Viséan 
(SZULCZEWSKI et al. 1996). According to RACKI et al. (1993), the Zareby Beds can be 
correlated with the Lower Alum Shale (Hercynian Mountains, Germany), which reflects a 
globally significant anoxic event. The 3 samples from the Zareby Beds were collected in a 
trench excavated in close proximity to the quarry of the village of Kowala.  
 
5.4 Late Pennsylvanian - Early Permian: core shales of Permocarboniferous cyclothems 

(Kansas, Missouri, Oklahoma, U.S.A) 
 
During the Late Carboniferous (Pennsylvanian) and Early Permian a continuous series of 
transgressive-regressive sedimentary cyclothems were deposited in the US-Midcontinent 
Basin, which was located on the western shelf of Laurussia at 5° to 10° northern latitude (e.g. 
HECKEL 1977, SCOTESE 1994). Today the Late Paleozoic strata of the US-Midcontinent Basin 
underlie the entire state of Kansas, and parts of Nebraska, Iowa, Missouri, Oklahoma, 
Arkansas, and Colorado (U.S.A.). The transgressive-regressive sedimentary cyclothems in the 
Midcontinent Basin developed during the Permocarboniferous icehouse time as a result of 
glacial-eustatic sea level fluctuations, in principle comparable to those associated with the 
periodic changes between the glacial and interglacial stages during the Quarternary icehouse 
time, and typically exhibit the following four lithologic members from base to top: (i) a 
relatively thin (0.3 - 0.9 m), transgressive, marine limestone, (ii) an offshore, deep water, 
marine, phosphatic black and/or gray “core” shale (0.1 – 0.9 m thickness), (iii) a rather thick 
(1.5 – 9 m), regressive, marine limestone, and (iv) a nonmarine and/or nearshore “outside” 
shale (e.g. HECKEL 1986, HECKEL 1994) (Fig. 30).  
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Fig. 30:  Schematic illustration of the four lithologic members (left and center parts of figure) of a typical 

transgressive-regressive (right part of figure) glacial-eustatic cyclothem from the Late Carboniferous 
(Pennsylvanian) to earliest Permian sedimentary record of the US-Midcontinent Basin (from HECKEL 
1986).   

 
HECKEL (1986; pp. 330-331) classified the marine cyclothems of the US-Midcontinent Basin 
into three categories:  

(i) major cycles: “… record inundations far enough onto the shelf to form a conodont-rich 
shale to the northern limit of outcrop in Iowa and slow enough to develop enough of the 
other facies to be considered cyclothems.”,  

(ii) intermediate cycles: “… extend into Iowa and carry conodont-rich zones on the lower 
shelf but generally are not recognized as complete cyclothems.”, and  

(iii) minor cycles: “… typically lack conodont-rich zones and extend across only the lower 
shelf, or represent minor reversals within more major cycles.”.  

 
Heckel (1986) estimated the duration of the major cyclothems to range from approximately 
235 - 400 × 103 years and of the minor cyclothems to range from about 40 - 120 × 103 years. 
The 21 investigated samples from the US-Midcontinent Basin comprise material of the gray 
and black core shales of seven cyclothems from eastern, southeastern, and east-central 
Kansas, western Missouri, and northeastern Oklahoma. These shales range in age from the 
late Desmoinesian (Late Pennsylvanian) to the middle Asselian (earliest Permian). The gray 
to black, offshore core shales constitute the condensed highstand, deep water deposits of the 
transgressive-regressive cyclothems (e.g. HECKEL 1994 and 1999). Deposition of the gray and 
black core shales occurred below the photic zone (e.g. MALINKY & HECKEL 1998). The 
presence of diverse benthic invertebrate faunas in the gray lithologies of the core shales 
testifies to oxic to dysoxic depositional conditions. The black lithologies of the core shales 
were deposited under anoxic or even euxinic conditions. They are generally rich in organic 
carbon (TOC ca. 3 - 30 wt.%) and lack benthic organisms. The oxygen-deficiency of the core 
shale facies, particularly of the black shale lithologies, was due to the development of strong 
pycno- and/or thermoclines and the inhibition of vertical water mixing and bottom water 
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oxygenation (e.g. HOFFMAN et al. 1998, HECKEL 1999, ALGEO & MAYNARD 2004, ALGEO et 
al. 2004). However, “perturbation of the thermocline by wind stress in the tropical trade wind 
belt led to quasi-estuarine circulation and episodic upwelling, which eventually resulted in 
deposition of non-skeletal phosphorite” (HECKEL 1999, p. 78).  The occurrence of upwelling 
and upwelling-induced high bioproductivities in the US-Midcontinent Basin as the primary 
cause for the formation of the extraordinarily Corg-rich black shales of the core shale facies, as 
postulated by HECKEL (1977), has meanwhile been (partly) questioned by several authors (e.g. 
PARRISH 1982, HOFFMAN et al. 1998, SOREGHAN & SOREGHAN 2002, ALGEO & MAYNARD 
2004, ALGEO et al. 2004). The results of e.g. HOFFMAN et al. (1998), ALGEO & MAYNARD 
(2004), and ALGEO et al. (2004) suggest that deposition of the black core shale facies during 
the transgressive and highstand phases of cyclothems was accompanied by strongly anoxic to 
euxinic bottom water conditions below a strong pycnocline, resulting from the presence of 
low salinity surface water layer fed by intensive runoff of freshwater/precipitation from the 
continent, and slow sedimentation rates (~1 cm / 103 years; WATNEY et al. 1989). These authors 
postulate that elevated levels of primary productivity (e.g. due to upwelling) are unlikely to 
have existed during the depositional episodes of the black core shales and were thus not 
responsible for their high Corg-contents. Instead, the high Corg-contents were mainly the result 
of the combination of (i) slow sedimentation rates, (ii) strongly anoxic to euxinic bottom 
water conditions, which existed over extensive areas of the US-Midcontinent shelf during the 
episodes of core black shale deposition and lead to an enhanced organic matter accumulation 
and preservation, and (iii) a terrestrial origin of a significant portion of the organic matter.  
 
5.5 Middle to Late Permian: Ravnefjeld Formation (East Greenland)  
 
The Ravnefjeld Formation belongs to the Late Permian Foldvik Creek Group of the East 
Greenland Basin and correlates to the late Wordian to early Capitanian of North America and 
to the Zechstein 1 of northwestern Europe (RASMUSSEN et al. 1990, SCHOLLE et al. 1991, 
PIASECKI & STEMMERIK 1991, PIASECKI pers. comm.). The sediments of the Ravnefjeld 
Formation represent basinal shales that were deposited during a major transgressive interval 
(sea level rise) in the East Greenland Basin. The depth of the basin exceeded 175 meters 
during the sea level highstand, i.e. during most of the time covered by the Ravnefjeld 
Formation (SURLYK et al. 1986, HURST et al. 1989). The Ravnefjeld Formation comprises two 
laminated, bituminous, partly silty mud- to clayshales (ca. 9 m and 3.5 m thick, respectively), 
which are sandwiched between three gray, bioturbated siltstone intervals (e.g. PIASECKI & 

STEMMERIK 1991). The lack of benthic fossils indicates anaerobic conditions at the basin floor 
and possibly anoxic to dysoxic bottom waters during these intervals. Towards the basin 
margins, the Ravnefjeld Formation interfingers with “the time equivalent platform carbonates 
of the Wegener Halvø Formation” (PIASECKI & STEMMERIK 1991, p. 276). In this study, only 
samples from the laminated intervals of the Ravnefjeld Formation were analysed. Five 
samples were collected in an outcrop at Kap Stosch, and two were taken from a core drilled 
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near Schuchert Dal, Jameson Land. The drill site of the core from Jameson Land is located in 
the southernmost portion of the East Greenland Basin, approximately 300 km south of the 
Kap Stosch outcrop. All samples were provided by the Geologic Survey of Denmark and 
Greenland (GEUS). 
Table 5 provides a summary of some general information about the sampled rock units, 
sampling locations, and number of samples from each unit. 
 

Age & Biostratigraphic Zone or 
Cyclothem 

Name of Rock Unit Lithology Locality 
Number of 
Samples 

Sample 
taken from 

Wordian - 
Capitanian  - Ravnefjeld Formation  dark-grey Claystone to 

clayey Siltstone 
Kap Stosch & Jameson Land,  

eastern Greenland  7 Core & 
Outcrop 

Middle  
Asselian 

Grenola 
Cycle 

Neva Limestone  
(core shale facies) dark-grey Claystone 1 

P 
E 

R
 M

 I 
A

 N
 

Earliest  
Asselian 

Red Eagle 
Cycle Bennett Shale dark-grey Claystone 1 

Latest  
Virgilian Foraker Cycle Hughes Creek Shale dark-grey Claystone 

Stanton Co.,  
southwestern Kansas,  

U.S.A 

2 

Core 

Earliest   
Virgilian 

Oread         
Cycle Heebner Shale black & middle-grey 

Claystone 

Douglas Co.,  
eastern Kansas,  

U.S.A. 
7 Core 

Early    
Missourian 

Swope     
Cycle Hushpuckney Shale black & medium-grey 

Claystone 

Jackson Co.,  
western Missouri,  

U.S.A. 
5 Outcrop 

Earliest 
Missourian Hertha  Cycle Mound City Shale black Claystone 

Nowata Co.,  
northeastern Oklahoma, 

U.S.A. 
1 Outcrop 

Late     
Desmoinesian 

Pawnee 
Cycle Anna Shale black & dark-grey 

Claystone 

Leavenworth Co.  
& Crawford Co.,  

eastern Kansas, U.S.A. 
4 Core & 

Outcrop 

Middle to Late 
Tournaisian 

crenulata - 
bilineatus Zareby Beds black Claystone Kowala, Holy Cross 

Mountains, Poland 3 Outcrop 

C
 A

 R
 B

 O
 N

 I 
F 

E 
R

 O
 U

 S
 

Earliest 
Tournaisian 

earliest 
sulcata Sunbury Shale black Claystone 

Delaware Co. & Ross Co.,     
central & southern Ohio, 

U.S.A. 
3 

Latest   
Famennian early expansa Cleveland Member         

(Ohio Shale) black Claystone 
Ross Co.,  

southern Ohio,  
U.S.A. 

2 

Core 

Neu-Oos Formation light- to dark-grey, marly 
Claystone 

Rheinland-Pfalz,  
Germany 3 Core 

Early    
Famennian 

late 
triangularis 

Dunkirk Shale black Claystone 
Erie Co.,  

western New York,  
USA 

1 Outcrop 

Büdesheim Formation light- to dark-grey, marly 
Claystone 

Rheinland-Pfalz,  
Germany 4 Core 

Late  
Frasnian 

late  
rhenana 

Hanover Shale black Claystone 
Wyoming Co.,  

western New York,  
U.S.A. 

1 Outcrop 

Middle    
Givetian 

early  
varcus 

Wanakah Shale           
(Ludlowville Fm.)  

medium- to dark-grey, 
fossiliferous Claystone  

& Mudstone 

Erie Co.,  
western New York,  

U.S.A. 
2 Outcrop 

Earliest  
Givetian 

early 
hemiansatus 

Oatka Creek Shale         
(Oatka Creek Fm.) black Claystone 1 

(late) 
kockelianus 

Transition Bakoven Shale 
Mbr. / Cherry Valley 

Limestone (Union Springs 
Fm / Oatka Creek Fm.) 

brownish-black Claystone 
to brownish-black Grain- 

to Packstone 
1 

australis & 
kockelianus 

Bakoven Shale Mbr.        
(Union Springs Fm.) 

brownish-black  
Claystone 

Livingston Co.,              
western New York,  

U.S.A. 

1 

Core 

D
 E

 V
 O

 N
 I 

A
 N

 

Late  
Eifelian 

kockelianus Lower Keg River Mbr.      
(Upper Elk Point Group) 

Dark-grey to brown or 
black Carbonate 

northeastern Alberta,  
Canada 5 Core 

 
Table 5: Summary of some general information about the investigated sample material.  
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6 Results 
 
6.1 Bulk rock geochemical parameters 
 
6.1.1 Total, inorganic, and organic carbon (TC, TIC, TOC) 
 
Determination of the contents of total carbon and the respective amounts of organically and 
inorganically bound carbon is one of the first and most basic analytical steps in studies 
concerned with carbon isotope biogeochemistry. When combined with information about 
lithology, fossil content, and facies, data for total carbon (TC), total inorganic carbon (TIC), 
and total organic carbon (TOC) allow making a first and general characterization of the 
sample material. Hence, these information and parameters serve as the basis for the initial 
procedure of selecting potentially suitable sample material for the subsequent and more 
labour-intensive methods of isotope biogeochemistry. The sample material utilized in this 
study exhibits a broad range of TC-, TIC-, and TOC-contents, as it represents various 
lithology types and reflects deposition under diverse paleoenvironmental conditions, such as 
differing water depths or degrees of oxygenation.  
Contents of TC vary from 1.0 to 21.9 wt.% (n = 54), with approximately half of the data 
(53.7%) ranging from 1 to 6 wt.% (Fig. 31.a). TIC-contents were found to vary between 0 and 
11.7 wt.% (n = 52), but more than 80 % of the samples possess contents between 0 and 4 
wt.% (Fig. 31.b). TOC-contents range from 0.05 to 20.8 wt.% (n = 52), with approximately 
75 % of the samples exhibiting contents ≤ 8 wt.% (Fig. 31.c). TOC accounts for 1.4 to 100 % 
of TC: in about half of the samples (51.9%), TOC constitutes 70 to 100 % of TC, in the 
remaining samples (48.1 %), TOC accounts for 1.4 to 70 % of TC.  
 
6.1.2 Extractable organic matter (EOM) 
 
EOM-contents vary from 0.1 to 12.8 mg per g of sample, which is equivalent to a range from 
0.01 to 1.28 wt.% (n = 55). Fig. 32 shows that almost half of the samples (45.5%) yielded 
EOM contents from 0.1 to 2 mg/g of sample (0.01 to 0.2 wt.%). These comparatively low 
values for EOM correspond quite well to the relatively low TOC contents (0.05 and 4 wt.%) 
of these samples. 
The share of EOM in TOC, expressed in percentages and calculated as (EOM / TOC) × 100, 
varies from 1.1 to 22.4 % (n = 52). Fig. 33 illustrates that in more than 80 % of the samples 
(82.7 %) EOM constitutes 1.1 to 10 % of TOC.  
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Fig. 31:  Histograms of (a) TC-, (b) TIC-, and (c) TOC-contents. The frequencies of data for defined classes (i.e. 
ranges) of weight percentages is expressed as actual numbers (n) and as percentages of the total number 
of analysed samples.  
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Fig. 32:  Histogram of EOM-contents. The frequencies of data for defined classes (i.e. ranges) of weight 

percentages is expressed as actual numbers (n) and as percentages of the total number of analysed 
samples.  

 

0

5

10

15

20

 0-2  2-4  4-6  6-8  8-10  10-12  12-14  14-16  16-18  18-20  20-22  22-24 >24

EOM / TOC [%]

Fr
eq

ue
nc

y 
[n

]

0

5

10

15

20

25

30

35

Fr
eq

ue
nc

y 
[%

]

n = 52 = 100 %

 
 
Fig. 33:  Histogram of the share of EOM in TOC ([EOM / TOC] × 100). The frequencies of data for defined 

classes (i.e. ranges) of weight percentages is expressed as actual numbers (n) and as percentages of the 
total number of analysed samples.  
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6.1.3 Carbon isotopic composition of total organic carbon (δ13Corg) 
 
δ13Corg-values range from -21.1 to -29.5 ‰ (n = 52). Fig. 34 shows that the majority (84.6 %) 
of data vary between -25 and -30 ‰ and that in almost 60 % of the samples δ13Corg even falls 
into the narrow range between -26 and -29 ‰.  
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Fig. 34:  Histogram of δ13Corg-data. The frequency of data falling into defined classes (i.e. ranges) of δ13Corg is 

expressed as percentages of the total number of analysed samples (n = 52 = 100 %) . 

 
In Fig. 35, δ13Corg is plotted against time. In the late Eifelian and earliest Givetian samples (La 
Crete Basin, western Canada; Appalachian Basin, western New York State), δ13Corg ranges 
from -28.9 to -26.5 ‰. The two middle Givetian samples (Appalachian Basin, western New 
York State) exhibit δ13Corg-values of -25.7 and -25.1 ‰. In the late Frasnian and early 
Famennian samples (Rhenohercynian Basin, western Germany; Appalachian Basin, western 
New York State) δ13Corg ranges from -29.5 to -25.5 ‰ and -29.3 to -28.3 ‰, respectively. In 
the latest Famennian and earliest Tournaisian samples (Appalachian Basin, Ohio), i.e. at the 
transition from the Devonian to the Carboniferous, δ13Corg varies from -28.6 to -27.6 ‰. The 
middle to late Tournaisian samples from the Holy Cross Mountains (Poland) gave values from 
-27.0 to -26.4 ‰. Analyses of the late Carboniferous and earliest Permian (i.e. Permo-
Carboniferous) samples from the US-Midcontinent Basin (Kansas, Missouri, Oklahoma) 
reveal a pronounced negative excursion: δ13Corg shows a decrease from values between -25.9 
and -23.1 ‰ in the late Desmoinesian (latest Moscovian) to values between -28.9 and -25.9 
‰ in the earliest Virgilian (earliest Gzhelian), followed by an increase back to values between 
-24.9 and -21.1 ‰ at the Carboniferous-Permian transition (latest Virgilian/Asselian). This 
carbon isotope shift is significant and spans approximately 4 to 5 ‰. The youngest samples in 
this study are from the late Wordian and Capitanian (East Greenland Basin, Greenland) and 
show δ13Corg-values between -27.8 and -26.7 ‰.  
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Fig. 35:  Carbon isotopic composition of total organic carbon in the Devonian to Permian samples (n = 52). The 

analytical reproducibility (1σ) of δ13Corg-measurements was ± 0.1‰  
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6.2 Organic geochemistry 
 
Organic compounds from the fractions of saturated hydrocarbons represented the targets of 
the analytical work in this study. Here, the investigations focused on the carbon isotope 
biogeochemistry of n-alkanes and acyclic isoprenoids. The main application of the analyses of 
hopanoid occurrences and distributions was to determine the degree of thermal maturity of the 
studied samples (see chapter 4.1). The presence and distributions of steranes and tricyclic 
terpenoids (cheilanthanes) was recorded. However, due to the reasons discussed in chapters 
2.3.2.1 (steranes) and chapter 5.2.3.4 (cheilanthanes; in the following), these compounds were 
not further investigated and employed in this study. 
Analyses of the GCMS chromatograms showed that n-alkanes, acyclic isoprenoids, steranes, 
hopanoids and tricyclic terpenoids (cheilanthanes) are omnipresent constituents of the 
saturated hydrocarbon fractions in the entire Devonian to Permian sample set. However, the 
abundances and distribution patterns of many of these compounds exhibit a considerable and 
apparently age-independent variability within the sample set. Steranes and - to a somewhat 
lesser extent - hopanoids and acyclic isoprenoids are good examples for this observation. 
These general observations are illustrated exemplarily in Fig. 36.a-g, which shows (1) the 
GCMS chromatograms and (2) fragmentograms for (i) m/z = 74 (the two fatty acid methyl 
ester (FAME) internal standards),  (ii) m/z = 85 (n-alkanes and acyclic isoprenoids), (iii) m/z 
= 191 (tricyclic terpenoids) and (iv) m/z = 217 (steranes) of seven selected samples from the 
Middle Devonian to Late Permian. These samples are representative for the entire Late 
Paleozoic sample set of this study. 
 
 
 
 
 
___________________________________________________________________________ 
Following pages (83 to 89): 
Fig. 36:  GCMS-chromatograms (total ion current = TIC) and fragmentograms for (i) m/z = 74, (ii) m/z = 85, 

(iii) m/z = 191, and (iv) m/z = 217 of the saturated hydrocarbon fraction of seven selected Middle 
Devonian to Late Permian samples: (a) E 42955, Lower Keg River Member, Alberta (Canada), Late 
Eifelian (Middle Devonian), (b) BB-BF 1, Büdesheim Formation, Rheinland-Pfalz (Germany), Late 
Frasnian (Late Devonian), (c) OHRS-5/55, Sunbury Shale, Ohio (U.S.A.), earliest Tournaisian (earliest 
Carboniferous), (d) ED 16, Anna Shale, Missouri (U.S.A.), Late Desmoinesian (Late Carboniferous), 
(e) LK 4, Hughes Creek Shale, Kansas (U.S.A.), Late Virgilian (latest Carboniferous), (f) LK 1, Bennett 
Shale, Kansas (U.S.A.), earliest Asselian (earliest Permian), and (g) 327 627, Ravnefjeld Formation, 
Kap Stosch (Greenland). Abbreviations used in the figures: numbers from 13 to 37 = n-alkane 
homologues; Fa = farnesane; i-C16 = C16 acyclic isoprenoid; NPr = norpristane; Pr = pristane; Ph = 
phytane; Squ = squalane (→ internal standard); 19:0 FAME = methyl nonadecanoate (→ fatty acid 
methyl ester (FAME) internal standard); 28:0 FAME = methyl octacosanoate (→ fatty acid methyl ester 
(FAME) internal standard).  
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6.2.1 n-alkanes  
 
The homologues series of n-alkanes in the studied samples was found to range continuously 
from n-C13, n-C14 or n-C15 to n-C42 or n-C43. It is almost certain that the series of n-alkanes 
continues downward to homologues with carbon numbers of less than thirteen. However, in 
all conducted GCMS-analyses, the detection start of the GCMS-detector was timed to eight or 
ten minutes after injection, to completely gate out the dichloromethane (DCM) solvent peak 
from the measurements. As a consequence, n-alkanes with less than thirteen to fifteen carbon 
atoms were not recorded by the GCMS-measurements, despite their presumed presence in the 
samples. Long-chained n-alkanes with more than thirty-six carbon atoms are detectable in all 
samples, but their abundances are diminutive throughout. The minute peaks of these n-alkane 
homologues are thus not labelled in the selected chromatograms in Fig. 36.a-g.  
Two different n-alkane envelope types were found in the samples. The first and by far most 
common type is characterized by a single n-alkane abundance maximum, which occurs in the 
range of the short-chained homologues n-C14/n-C15 to n-C19/n-C20. This maximum is followed 
by a progressive and rather smooth decrease in abundance towards the long-chained n-alkanes 
(Fig. 37 and examples in Fig. 36.a, b, c, and g). The second n-alkane envelope type, which is 
developed in only twelve samples (Table 6) of the fifty-five samples in this study, exhibits a 
weakly to moderately expressed bimodal abundance pattern. Here, the first maximum also 
occurs between n-C14/n-C15 and n-C19/n-C20. The second abundance maximum is centred 
within the long-chained n-alkanes, either at (i) n-C23/n-C24, or at (ii) n-C25/n-C26, or at n-C27 to 
n-C29 (Fig. 38.a - l). 
 

Sample Rock Unit Age 

OHRS-5 42 

OHRS-5 49 

Cleveland Member,  
Ohio Shale 

Late Famennian, Latest Devonian 

OHDW-1 29 Sunbury Shale Earliest Tournaisian, Earliest Carboniferous

ED 16 Anna Shale Late Desmoinesian, Late Carboniferous 

A2-HpSh-100 

A2-HpSh-133 
Hushpuckney Shale Early Missourian, Late Carboniferous 

CL 1 Heebner Shale Earliest Virgilian, Latest Carboniferous 

LK 3 

LK 4 
Hughes Creek Shale Latest Virgilian, Latest Carboniferous 

LK 1 Bennett Shale Earliest Asselian, Earliest Permian 

LK 2 Neva Limestone Middle Asselian, Early Permian 

303102-225 Ravnefjeld Formation Wordian-Capitanian, Late Permian 
 
Table 6: List of the samples exhibiting a bimodal n-alkane profile type.  



6 Results 95

 
 
Fig. 37:  Patterns of the relative abundances of n-alkanes (n-C13, n-C14, or n-C15 to n-C33) in (a) the Devonian to 

Early Carboniferous, (b) the Late Carboniferous to Early Permian, and (c) the Late Permian samples. 
The abundance of n-C17 is set to a value of 1. Each line corresponds to the pattern of an individual 
sample. The relative abundances are calculated from the peak areas obtained from the m/z = 85 
fragmentograms of the GCMS-analyses.  
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Fig. 38 (continues on next page) 
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Fig. 38 (continued from previous page):   
Profiles of the abundances of n-alkanes (n-C13, n-C14, or n-C15 to n-C34) in the twelve samples [(a) - (l)] 
exhibiting a bimodal n-alkane envelop type. The abundances shown in (a) to (l) represent peak areas 
obtained from the m/z = 85 fragmentograms of the GCMS-analyses.  

 
In samples OHRS-5 42 and OHRS-5 49 (Cleveland Member, Ohio Shale), OHDW-1 29 
(Sunbury Shale), ED 16 (Anna Shale), CL 1 (Heebner Shale), LK 3 and LK 4 (Hughes Creek 
Shale), LK 1 (Bennett Shale), LK 2 (Neva Limestone), and 303102-225 (Ravnefjeld 
Formation), the abundance maximum within the range of the short-chained n-alkanes is 
clearly higher than the one centered at the long-chained homologues (Fig. 38.a-d and g-l). In 
sample A2-HpSh-100 (Hushpuckney Shale), both n-alkane maxima are almost equally 
prominent (Fig. 38.e). A2-HpSh-133 (Hushpuckney Shale) is the only sample in this study, in 
which the long-chained n-alkane maximum (n-C25 to n-C31) is markedly higher than the 
maximum within the short-chained homologues (Fig. 38.f). 
These differences in the dominance of the short-chained or the long-chained n-alkanes 
relative to each other in the samples with a bimodal n-alkane profile (n-alkane envelop type 2; 
see above) and the dominance of the short-chained n-alkanes in the samples with a single 
abundance maximum (n-alkane envelop type 1; see above) are also demonstrated by the ratio 
∑n-C15-19/∑n-C27-31, which is shown in Fig. 39 for the complete sample set.  
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Fig. 39:  Abundances of the short-chained n-alkanes with carbon numbers from 15 to 19 relative to abundances 

of long-chained n-alkanes with carbon numbers from 27 to 31 (n = 55), expressed as the ratio ∑n-C15-
C19 / ∑n-C27-31 (modified after parameter “LHCPI” in LITTKE et al. 1998). A ∑n-C15-C19 / ∑n-C27-31 
ratio of 1.0 (dashed line) corresponds to equal quantities of [n-C15-19]- and [n-C27-31]- alkanes. A ratio > 
1.0 indicates a [n-C15-19]-dominance over [n-C27-31], and vice versa. 

 
If the samples exhibit a predominance of the odd-numbered short- and long-chained n-alkanes 
relative to the even-numbered, short- and long-chained homologues (see below), the ∑n-C15-

19/∑n-C27-31-ratio can be used to assess the quantitative importance of the short-chained, algal 
and/or cyanobacterial n-alkanes relative to the long-chained, land plant derived n-alkanes: (i) 
a value, which is significantly higher than 1, is indicative for a clear predominance of algal 
and/or cyanobacterial n-alkane assemblages, (ii) a value close to 1 suggests (approximately) 
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equal quantities of algae-/cyanobacteria-derived and land-plant derived n-alkanes, with the 
latter already accounting for a significant proportion of the total n-alkane assemblage, and (iii) 
a value, which is lower than 1, testifies to a land plant dominated n-alkane assemblage. Fig. 
39 illustrates that vast majority of the samples possess ∑n-C15-19/∑n-C27-31-ratios between 2 
and 8, with a few samples even exhibiting ratios up to approximately 12. Only three samples 
are characterized by n-alkane assemblages with ∑n-C15-19/∑n-C27-31-ratios below 2: ED 16 
(Anna Shale) and A2-HpSh-100 (Hushpuckney Shale) have ratios between 1 and 2 (1.7 and 
1.1, respectively); A2-HpSh-133 (Hushpuckney Shale) has a ratio of 0.5 and thus clearly 
below 1. These findings correlate well with the above described and presented results on the 
two, distinct n-alkane envelop types in the sample material.   
As mentioned above and in chapter 2.2, a predominance of odd carbon numbers relative to 
even carbon numbers among short-chained n-alkanes (n-C15 to n-C19) is widely accepted to be 
indicative of an algal and/or cyanobacterial origin of these n-alkane homologues. A 
predominance of odd carbon numbers relative to even carbon numbers among long-chained n-
alkanes, particularly within the range n-C27 to n-C33, strongly suggests a land plant origin 
(epicuticular leaf waxes) of the long-chained n-alkane homologues. It is therefore of great 
interest to investigate the presence (or absence) and degree of such an odd-over-even 
predominance (OEP) among the short- and long-chained homologues of a sedimentary n-
alkane assemblage. In this respect, the investigated samples are rather heterogeneous. This 
finding is illustrated in Fig. 40, which depicts the OEP-patterns for the n-alkane assemblages 
(n-C15/n-C16 to n-C32) of all Devonian to Permian samples. OEP for each individual n-alkane 
homologue (n-Ci) was calculated using the following equation (SCALAN & SMITH 1970): 
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Many samples only exhibit a very weakly to moderately expressed OEP, both among the 
short-chained and the long-chained n-alkanes. This applies particularly to the Devonian to 
Early Carboniferous samples, whose n-alkanes are characterized throughout the entire 
assemblages (i.e. short-, mid-, and long-chained n-alkane ranges) by rather low OEP-values 
between approximately 0.8 and 1.4 (with one exception in sample BB-BF 2; see below). A 
number of samples from the Late Carboniferous to Early Permian and all samples from the 
Late Permian also exhibit very low OEP-values among the short-chained n-alkanes. However, 
in contrast to the Devonian to Early Carboniferous samples, the majority of the Late 
Carboniferous to Late Permian n-alkane assemblages is characterized by moderately high to 
elevated OEP-values for the long-chained n-alkanes. The samples with the highest OEP-
values of long-chained n-alkanes in this study include samples from the Anna Shale (late 
Desmoinesian), Hushpuckney Shale (Early Missourian), Heebner Shale (Earliest Virgilian), 
and Ravnefjeld Formation (Wordian-Capitanian). Besides, the short-chained homologues of 
many n-alkane assemblages from the Late Carboniferous to Early Permian samples show 
higher OEP-values than in the Devonian to Early Carboniferous samples.   
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Fig. 40:  Odd-over-even predominance (OEP) patterns of the n-alkane assemblages (n-C15/n-C16 to n-C32) of (a) 

the Devonian to Early Carboniferous, (b) the Late Carboniferous to Early Permian, and (c) the Late 
Permian samples. OEP-values > 1 indicate samples with an odd-over-even predominance. Samples with 
an even-over-odd predominance have OEP-values  < 1.  
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Fig. 41:  Odd-over-even predominance of the short-chained n-alkanes n-C17 and n-C19 relative to n-C18 (OEPn-

C17-n-C19) in the Devonian to Permian samples (n = 55). The dashed line at a value of 1.0 marks the 
boundary between samples with a predominance of n-C17 and n-C19 (OEPn-C17-n-C19 > 1) and samples 
with a predominance of n-C18 (OEPn-C17-n-C19 < 1).  

 

These results are fully confirmed and further demonstrated by means of two additional OEP-
parameters, (i) OEPn-C17-n-C19 and (ii) carbon preference index (CPI), which are presented in 
figures 41 and 42, respectively. OEPn-C17-n-C19 is a measure for the quantitative importance 
of the two odd-numbered n-alkanes n-C17 and n-C19 relative to their common, even-numbered 
neighbour-homologue n-C18. OEPn-C17-n-C19 was calculated using the equation given in 
PANCOST et al. (1998): 

OEP n-C17 - n-C19 = 
18

19

2
17

nC
nCnC

×
+  . 

An OEPn-C17-n-C19 value of 1.0 marks the boundary between samples with a predominance 
of n-C17 and n-C19 (OEPn-C17-n-C19 > 1) and samples with a predominance of n-C18 (OEPn-
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C17-n-C19 < 1). Carbon preference index (CPI) is an OEP-parameter, which specifically 
pertains to the long-chained n-alkanes. It relates the cumulative quantities of the odd-
numbered, long-chained homologues from n-C25 to n-C33 to the cumulative quantities of the 
even-numbered homologues from n-C24 to n-C34. CPI was calculated using the following 
equation (BRAY & EVANS 1961): 
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The dashed line at a value of 1.0 separates samples with a predominance of the odd-
numbered, long-chained n-alkanes (CPI > 1) from samples with a predominance of the even-
numbered, long-chained n-alkanes (CPI < 1).  
 

 
 
Fig. 42:  Illustration of the carbon preference index (CPI) as a parameter for the odd-over-even predominance of 

long-chained n-alkanes in the Devonian to Permian samples (n = 55). The dashed line at a value of 1.0 
separates samples with a predominance of the odd-numbered, long-chained n-alkanes (CPI > 1) from 
samples with a predominance of the even-numbered, long-chained n-alkanes (CPI < 1).  
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The following individual samples or sample groups deserve a special mention, due to the 
occurrence of an unusually high abundance of particular n-alkane homologues within their 
respective n-alkane spectra:  
 
(1) E 42927, E 43016, E 43021, Lower Keg River Member (Late Eifelian, Middle Devonian):  
The n-alkane spectra of these three samples (Fig. 43.a-c) exhibit strikingly high quantities of 
n-C20. In sample E 42927 n-C20 is even the most abundant n-alkane (Fig. 43.a). These high 
abundances of the even-numbered homologue n-C20 are particularly noteworthy, since the 
short-chained n-alkanes in the range from n-C15 to n-C19 actually show a moderate, but yet 
noticeable odd-over-even predominance in all three samples (and the two other samples from 
the Lower Keg River Member as well). This conspicuous n-C20 prominence thus appears to be 
genuine and seems to record the occurrence of an n-alkane with a specific biologic origin, 
which is different from that of the short-chained homologues from n-C15 to n-C19.  
 
(2) BB-BF 2, Büdesheim Formation (Late Frasnian, Late Devonian):  
Here, the abundance of n-C21 is markedly higher than that of any other n-alkane homologue ≥ 
n-C18 (Fig. 43.d). The mass spectrum obtained for the n-C21 peak by GCMS provides no 
evidence for the existence of a second compound contributing to this peak through coelution. 
Accordingly, the unusually high abundance of n-C21 in this sample has to be assumed to be 
genuine. None of the other three samples from the Büdesheim Formation show such an n-C21 
prominence.      
 
(3) Ko 11, Zareby Beds (Middle - Late Tournaisian; Early Carboniferous):  
In this sample, n-C20 is the most abundant n-alkane, with.n-C19 and n-C21 being almost as 
abundant (Fig. 43.e). As in the above described samples from the Lower Keg River Member, 
this could represent a primary biologic signature. However, in case of sample Ko 11, it cannot 
be ruled out that the decreasing abundances of n-alkanes from n-C19 downward to n-C14, 
which appear to cause the observed n-C20 prominence here, are not an original feature of the 
sample. Rather, it is possible that part of the quantities of the short-chained homologues ≤ n-
C19 were accidentally lost in the course some of the organic geochemical preparation steps 
(e.g. reduction of the volume of the organic extract by means of N2-blowing and/or 
rotoevaporation) as a consequence of their relatively high volatility. The following findings 
argue for the latter possibility: (1) there is no odd-over-even predominance (i.e. primary 
biologic signature) within the short-chained homologues < n-C20 in this sample, (2) the 
observed n-C20 prominence is not found in the two other samples from the Zareby Beds, (3) 
the other two samples from the Zareby Beds both contain higher quantities of short-chained n-
alkanes than sample Ko 11 and exhibit a noticeable n-C17 predominance. 
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Fig. 43:  n-alkane spectra of the samples exhibiting unusual abundances of specific n-alkane homologues. The 

abundances shown in (a) to (h) represent peak areas obtained from the m/z = 85 fragmentograms of the 
GCMS-analyses.  
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(4) 327 631, Ravnefjeld Formation (Wordian-Capitanian, Late Permian):  
Here, n-C33 is the second-most abundant n-alkane, after n-C17 (Fig. 43.f). In fact, the 
abundances of n-C27 and n-C29, which often represent the most abundant odd-numbered long-
chained n-alkanes (beyond n-C25), are also comparatively high and exhibit a notable 
predominance over their even-numbered, neighbouring homologues n-C26, n-C28, n-C30 in this 
sample. However, even their quantities stay clearly below the abundance of n-C33. The mass 
spectrum of the n-C33 peak obtained by GCMS is inconspicuous and provides no clear 
indication for the presence of a second, coeluting compound, which could explain the 
unusually large peak at the retention time of n-C33. Nonetheless, the latter possibility cannot 
be ruled out completely. In view of the suspiciously high abundance represented by the 
putative n-C33 peak, it seems to be plausible to seriously take the presence of a second 
compound, which coelutes with n-C33, into consideration. However, the identity of this 
presumed compound, if actually existent, remains open.  
 
(5) 303102-225 & 303102-222, Ravnefjeld Formation (Wordian-Capitanian, Late Permian): 
In these two samples, n-C14 and n-C16 are by far the two most abundant n-alkanes (Fig. 43.g 
and h). As a consequence, the range of the short-chained n-alkanes is characterized by a 
strongly expressed even-over-odd predominance. The mass spectra obtained for both n-alkane 
peaks by GCMS provide no indication for the existence of additional compounds contributing 
to the n-C14 and n-C16 peaks through coelution. Therefore, these two peaks have to be 
assumed with a rather high degree of certainty to actually represent n-C14 and n-C16, 
respectively. 
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6.2.2 Acyclic isoprenoids  
 
The saturated hydrocarbon fractions of the investigated Devonian to Permian samples 
invariably contain the four regular acyclic isoprenoids i-C16, norpristane (NPr), pristane (Pr) 
and phytane (Ph). Besides, the regular acyclic C15 isoprenoid farnesane (Fa) was identified in 
thirty-three of fifty-five samples. In the remaining twenty-two samples, which represent the 
first batch of samples analysed by GCMS in this study, the presence of farnesane could not be 
verified. This was due to the rather late detection start of the GCMS-detector ten minutes after 
injection, which proved to be slightly too late for low-molecular-weight compounds, such as 
farnesane and n-alkanes with fourteen and less carbon atoms, in the case of the applied 
GCMS-method. Retardation of the detection start is a routine measure to gate out the solvent 
peak (here dichloromethane) from the measurement. As a consequence, the timing of the 
GCMS detection start for the second batch of samples was decreased to eight minutes, which 
resulted in the broadening of the range of detected compounds, which now also included 
farnesane and n-alkanes down to n-C13. Luckily, the compound-specific carbon isotope 
analyses of the isoprenoid-bearing non-adducts-subfractions (see chapter 3) by GC-IRMS 
allowed confirming the presence of farnesane even in several of the above mentioned samples 
of the first batch with a late GCMS detection start. This was possible because of two reasons. 
(1) The retention time of farnesane in the GC-IRMS-chromatograms was known and 
established from the GC-IRMS-analyses of the saturated hydrocarbon fractions with GCMS-
confirmed farnesane contents. (2) The GC-IRMS-analyses of the acyclic isoprenoids were 
conducted on urea-adducted saturated hydrocarbon fractions. As a consequence, these 
fractions were free of compounds, which could have potentially interfered with the peaks of 
acyclic isoprenoids, such as e.g. short-chain n-alkanes. The samples, in which farnesane was 
identified by this way, comprise (i) the late Eifelian to early Givetian Union Springs and 
Oatka Creek Formations, (ii) the late Frasnian Hanover Shale and Büdesheim Formation, and 
(iii) the early Famennian Dunkirk Shale and Neu-Oos-Formation.  
The abundances of the acyclic isoprenoids relative to each other are quite variable throughout 
the sample set. In several samples, the quantity of i-C16 is close to that of pristane and 
phytane. In a number of samples, i-C16 is even the most abundant acyclic isoprenoid. In other 
cases, pristane and/or phytane are more abundant than i-C16. Norpristane and farnesane are 
often present in similar quantities as pristane and phytane, but hardly ever exceed the 
abundances of the latter significantly. The abundance of pristane versus that of phytane is 
rather variable throughout the set of samples. In sixty percent of the samples pristane is more 
abundant than phytane, in thirty-three percent of the samples the quantities of phytane exceed 
those of pristane and in the remaining seven percent both compounds are present in equal 
abundances. These patterns of the abundances of pristane versus phytane and of all five 
acyclic isoprenoids relative to each other are illustrated in figures 36.a-g, 44 and 45.  
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Fig. 44:  Comparison of the abundances of pristane and phytane in the Devonian to Permian samples. 
Abundances represent the peak areas obtained from m/z = 85 fragmentograms of the GCMS-analyses.  
 

The studied samples neither contain any irregular acyclic isoprenoids nor any acyclic 
isoprenoids with carbon numbers higher than twenty. The absence of the irregular acyclic C20 
isoprenoid crocetane was verified in the GCMS-chromatograms by the lack of a 
diagnostically enhanced m/z = 169 fragment ion abundance in the total ion current (TIC) trace 
at the expected retention time of crocetane, which is almost identical to that of phytane (e.g. 
BARBER et al. 2001, GREENWOOD & SUMMONS 2003).  
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Fig. 45:  Patterns of the relative abundances of the regular acyclic isoprenoids in (a) the Devonian to Early 
Carboniferous, (b) the Late Carboniferous to Early Permian, and (c) the Late Permian samples. Phytane 
abundances are set to a value of 1. Each line corresponds to the pattern of an individual sample. The 
relative abundances are calculated from the peak areas obtained from the m/z = 85 fragmentograms of 
the GCMS-analyses.  
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6.2.3 Cyclic Isoprenoids 
 
6.2.3.1 Steranes  
 
The four isomers ααR, ααS, ββR and ββS of the regular C27, C28 and C29 steranes, i.e. of 
cholestanes, 24-methylcholestanes and 24-ethylcholestanes, were identified in all but a few 
samples by investigation of the mass spectra of their peaks in the GCMS chromatograms. In 
the few exceptions, the overall abundances of the regular steranes were too small for reliable 
peak assignments and mass spectral analyses. The overall abundance of steranes relative to 
the overall quantities of the coexisting saturated compound groups (e.g. n-alkanes, acyclic 
isoprenoids, tricyclic terpanes, and hopanoids) are rather variable throughout the sample set. 
This observation is illustrated exemplarily in the GCMS-fragmentograms (m/z = 85, 191, and 
217) of seven selected samples shown in Fig. 36, a-g. Among the three regular steranes, the 
C27 and C29 isomers were found to always be significantly more abundant than the coexisting 
C28 isomers. In a number of samples, isomers of the regular C30 sterane (24-n-
propylcholestane) could also be identified. However, their abundances are generally much 
lower as those of the C27, C28 and C29 steranes. The mass spectral analyses of the GCMS 
measurements also revealed the presence of S and R isomers of C27, C28 and C29 diasteranes. 
This was verified by the co-occurrence of prominent peaks for fragment ions m/z = 217 and 
m/z = 259, together with peaks at m/z = 372 (i.e. the ionized and unfragmented molecule M+ 
of C27 (dia)sterane isomers), or m/z = 386 (i.e. M+ of C28 (dia)sterane isomers), or m/z = 400 
(i.e. M+ of C29 (dia)sterane isomers) in the mass spectra. The occurrence of m/z = 253 peaks 
in the mass spectra of certain sterane peaks in a number of samples testify to the presence of 
monoaromatic steranes in those samples.  
Compound-specific carbon isotope analyses of the regular C27-, C28- and C29-steranes proved 
to be severely hampered in this study by limitations associated with the employed organic 
geochemical preparation techniques (column chromatography, urea adduction) and the GC-
IRMS-measurements. These limitations gave rise to partial and/or complete coelution of (i) 
several steranes and hopanes and (ii) certain sterane isomers in the GC-IRMS-analyses. Due 
to these shortcomings, reliable and scientifically sound GC-IRMS-analyses of regular steranes 
eventually proved to be infeasible in the samples of this study and compound-specific carbon 
isotope data for steranes were not determined.  
The occurrence of 4-methylsteranes (e.g. dinosterane) in the investigated samples could 
neither be confirmed nor excluded in any of the samples, since (i) the characteristic m/z = 231 
fragment ion was not prominent and unambiguous enough in the mass spectra of any sterane 
peak in the investigated samples and (ii) GCMSMS-analyses, which are the method of choice 
for an unequivocal identification of 4-methylsteranes, were not conducted in this study. 
Undoubtedly, compound-specific carbon isotope analyses of dinosterane, i.e. of a good 
biomarker for the potentially important phytoplankton group of dinoflagellates, would have 
been of great interest in the context of this study. However, as a consequence of the above 
described shortcomings, steranes will not be included in the later discussions in this study. 
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6.2.3.2 Hopanoids  
 
Hopanoids, i.e. hopanes [17α(Η), 21β(Η)-configuration] and moretanes [17β(Η), 21α(Η)-
configuration], were found as a significant compound group in all samples. The suite of 
identified hopanoids, which was identical in the entire sample set, is specified in table 7. Fig. 
46 exemplifies the type of hopanoid distribution pattern frequently found in the samples of 
this study. The overall abundance of hopanoids relative to the overall abundances of the 
coexisting saturated compound groups, i.e. n-alkanes, acyclic isoprenoids, steranes, and 
tricyclic terpanes, vary notably throughout the set of samples. This finding is illustrated 
exemplarily in the GCMS-chromatograms and -fragmentograms (m/z = 85, 191, and 217) of 
the samples shown in Fig. 36.a-g. 
 

Short Compound Name Full Compound Name Chemical Formula 

Ts 18α(H)-22,29,30-trisnorneohopane 

Tm 17α(H)-22,29,30-trisnorhopane 
C27H46

C29-hopane (norhopane) 17α(H),21β(H)-30-norhopane 

C29-moretane (normoretane) 17β(H),21α(H)-30-normoretane 
C29H50

C30-hopane 17α(H),21β(H) hopane 

C30-moretane 17β(H),21α(H) moretane 
C30H52

22S C31-hopane 17α(H),21β(H),22S C31-hopane 

22R C31-hopane 17α(H),21β(H),22R C31-hopane 

22S C31-moretane 17β(H),21α(H), 22S C31-moretane 

22R C31-moretane 17β(H),21α(H), 22R C31-moretane 

C31H54

22S C32-hopane 17α(H),21β(H),22S C32-hopane 

22R C32-hopane 17α(H),21β(H),22R C32-hopane 

22S C32-moretane 17β(H),21α(H), 22S C32-moretane 

22R C32-moretane 17β(H),21α(H), 22R C32-moretane 

C32H54

22S C33-hopane 17α(H),21β(H),22S C33-hopane 

22R C33-hopane 17α(H),21β(H),22R C33-hopane 

22S C33-moretane 17β(H),21α(H), 22S C33-moretane 

22R C33-moretane 17β(H),21α(H), 22R C33-moretane 

C33H54

22S C34-hopane 17α(H),21β(H),22S C34-hopane 

22R C34-hopane 17α(H),21β(H),22R C34-hopane 

22S C34-moretane 17β(H),21α(H), 22S C34-moretane 

22R C34-moretane 17β(H),21α(H), 22R C34-moretane 

C34H54

22S C35-hopane 17α(H),21β(H),22S C35-hopane 

22R C35-hopane 17α(H),21β(H),22R C35-hopane 

22S C35-moretane 17β(H),21α(H), 22S C35-moretane 

22R C35-moretane 17β(H),21α(H), 22R C35-moretane 

C35H54

 
Table 7: Summary of all identified hopanoids, i.e. hopanes and moretanes, in the studied samples.  
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Fig. 46: The patterns of the relative abundances of hopanoids encountered in the samples of this study are 

exemplified rather well by the hopanoid distribution shown in the partial m/z = 191 fragmentogram of 
the saturated hydrocarbon fraction of sample CL 1, Heebner Shale (Early Virgilian, Late Carboniferous; 
US-Midcontinent Basin).  

 
Fig. 47 compares the ratios of the relative abundances (peak areas) of two specific pairs of 
hopanoid isomers, which are frequently employed in organic geochemical studies to asses the 
degree of thermal maturity of sedimentary rocks:  
 
(i) βα / (αβ + βα) C30-hopanoids, i.e. the ratio of the peak area of the C30-moretane to that of 

the C30-hopane,  
 
(ii)  22S / (22S + 22R) C32-hopanes, i.e. the ratio of the peak area of the 22S C32-hopane to 

that of the 22R C32-hopane. 
 
As stated in chapter 4.1, a low degree of thermal maturation served as an important criterion 
for the selection of the sample material in this study. This requirement is of particular 
relevance with regard to n-alkanes, since increasing thermal maturation can affect the 
preservation of their primary source characteristics, such as their abundance distribution 
patterns and their carbon isotopic compositions. The two above presented hopanoid ratios are 
frequently used to determine the extent of thermal alteration of sedimentary rocks and have a 
high specificity in the range from immature to marginally mature conditions (PETERS & 

MOLDOWAN 1993, WAPLES & MACHIHARA 1991). Therefore, these two ratios were also used 
in this study to assess the thermal maturity of the sample material. The results for both of 
them clearly testify to the (very) low degree of thermal alteration of the investigated sample 
set (Fig. 47). The vast majority of samples are thermally immature, i.e. the temperature 
threshold for oil generation (ca. 60°C, Ro ≈ 0.6%) was never reached or exceeded during their 
burial history. However, Fig. 47 also shows that the sample set includes a few samples, which 
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have experienced a thermal stress equivalent to the threshold immature/oil generation or to the 
very early stage of oil generation (ca. 60°C to 70°C). Those samples can therefore be 
characterized as marginally mature.  
 

 
 
Fig. 47:  The comparison of the two hopanoid ratios and maturity parameters (i) βα / (αβ + βα) C30-hopanoids 

and (ii) 22S / (22S + 22R) C32αβ-hopanes clearly demonstrates the immature to marginally mature 
character of the samples investigated in this study. The correlation between both parameters and their 
calibration to the vitrinite reflectance value of R0 ≈ 0,6, i.e. to the lower boundary of the oil window, is 
based on PETERS & MOLDOWAN (1993). 
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Hopanoids with the initial biological 17β(H),21α(H)-stereochemical configuration do not 
occur in the samples of this study. This is due to the instability of this isomeric form after the 
death of the source organism. The ββ-configuration is therefore commonly transformed into 
the more durable αβ- and βα-configurations rather early during diagenesis - with the αβ-form 
being particularly stable, even during catagenesis. 
The GCMS-analyses provided no evidence or indication for the presence of 2α- and/or 3β-
methylhopanes in any of the samples. However, for an unequivocal identification of 
methylhopanes, GCMSMS-analyses are usually necessary, which were not conducted in this 
study. The presence of methylhopanes in at least some samples can therefore not be excluded 
entirely. Obviously, organic geochemical investigations and particularly compound-specific 
carbon isotope analyses of 2α-methylhopanes as biomarkers for cyanobacteria, i.e. 
photoautotrophs and globally common members of phytoplankton communities, would be of 
great interest for this study. But even if present in some of the investigated samples, the 
abundance of 2α-methylhopanes would be significantly lower as those of the “regular” 
hopanoids, since all prominent hopanoid peaks in the GCMS-chromatograms were verified to 
exclusively represent ordinary hopanoids. Thus, the abundance of any potentially present 
methylhopane would be far too low for successful GC-IRMS analyses. Besides, published 
GC-chromatograms of natural saturated hydrocarbon fractions, for which the presence of 2α- 
(and 3β-) methylhopanes was verified by GCMSMS (e.g. PANCOST et al. 1998), show that 
peaks of methylhopanes often partially coelute with neighbouring peaks of ordinary hopane 
isomers. This observation indicates that the achievement of sufficient baseline separation 
between peaks of 2α- (and 3β-) methylhopanes and regular hopanes by means of gas 
chromatography is more than challenging and by no means a matter of course. Such a lack of 
baseline separation can be tackled in (i) GCMS-analyses by selecting specific fragment ions 
(e.g. m/z = 191, 205) to be displayed in the chromatogram and in (ii) GCMSMS-analyses by 
monitoring the induced transition from a parent ion (e.g. 2α-methylhomohopane, m/z = 440) 
to a selected and characteristic daughter fragment ion (e.g. m/z = 205). However, in the 
context of compound-specific isotope analyses by GC-IRMS, such a lack of sufficient 
baseline separation between peaks of methylhopanes and regular hopanes is highly 
problematic and makes reliable GC-IRMS-measurements for the respective peaks virtually 
impossible in many cases.  
In summary, the application of hopanes in this study was limited to the determination of the 
degree of diagenesis and thermal alteration of the investigated sample material. This decision 
was based on the following considerations. (1) the GCMS-analyses and compound-specific 
carbon isotope measurements (GC-IRMS) showed, that it was not feasible to obtain 
meaningful and trustworthy compound-specific carbon isotope data for hopanes in the 
saturated hydrocarbon fractions of the sample material of this study, despite careful execution 
of rather sophisticated preparation and separation techniques (silica gel column 
chromatography, urea adduction, optimization of GC-oven temperature program): (i) several 
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hopanes, including the rather abundant α,β C30-hopane, coelute partially or fully with certain 
sterane-isomers, i.e. with compounds of completely different biologic origins, (ii) the 
abundances of those hopanes, which are not affected by coelution, the C31- to C35-hopanes, 
were not high enough to generate peaks with sufficient amplitudes (> ca. 200 mV) in the GC-
IRMS-analyses and thus to yield reliable hopane δ13C-data. (2) As biomarkers for the entire 
domain Bacteria, the vast majority of hopanes in sediments and sedimentary rocks are derived 
from undefinable mixtures of heterotrophic and (photo)autotrophic bacterial sources. 
However, for the reconstruction of εp of Late Paleozoic marine phytoplankton, only the 
photosynthetic groups within the domain Bacteria, especially the cyanobacteria, are of 
immediate relevance and interest. Thus, the lack of specificity of ordinary hopanes for such 
photosynthetic bacterial sources principally and severely limits the value of hopane-specific 
carbon isotope analyses for the goal of this study, even in absence of sample-, preparation- 
and method-related problems as mentioned above. (3) 2α-methylhopanes, which represent a 
highly specific biomarker for cyanobacteria (see chapter 2.3.2.2), would have been a target of 
great interest in this study. However, an unequivocal identification of this biomarker in the 
samples was not achieved due to the lack of GCMSMS-analyses.  
 
6.2.3.3 Gammacerane  
 
Gammacerane was identified in the GCMS-chromatograms of the saturated hydrocarbon 
fractions of thirteen samples, all of which belong to the Late Carboniferous set of samples 
from the US-Midcontinent Basin. In the present study, the identification of gammacerane was 
based on the combination of four criteria: (1) the typical elution time of gammacerane shortly 
after that of the 22R-epimer of the C31αβ-hopane, (2) the characteristically high abundance of 
the m/z = 191 fragment ion, (3) the presence of fragment ions with m/z = 397 and m/z = 412, 
and (4) the absence (or negligible presence) of fragment ion m/z = 369 (Fig. 48). The 
abundance of gammacerane was however always too low for a successful determination of its 
compound-specific carbon isotopic composition.  
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Fig. 48:  The presence of gammacerane in a number of samples is illustrated exemplarily in sample CL 1, 

Heebner Shale (Early Virgilian, Late Carboniferous; US-Midcontinent Basin). (a) Partial m/z = 191 
fragmentogram of the saturated hydrocarbon fraction. Gammacerane and all identified hopanoids are 
labelled. (b) Mass spectrum of the gammacerane peak in (a) (retention time = 51.701 min). 

 
6.2.3.4 Tricyclic terpanes (cheilanthanes) 
 
Some tricyclic terpanes (cheilanthanes) could be identified by GCMS in all analysed saturated 
hydrocarbon fractions by the combination of (1) their characteristic m/z = 191 fragment ion, 
(2) their shorter retention times compared to those of the hopanoid (whose most characteristic 
fragment ion is also m/z = 191), and (3) published mass spectra. The overall abundance of 
cheilanthanes relative to the overall quantities of the coexisting saturated compound groups 
(e.g. n-alkanes, acyclic isoprenoids, steranes, and hopanoids) are quite variable throughout the 
sample set. The GCMS-fragmentograms (m/z = 85, 191, and 217) of the seven selected 
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samples shown in Fig. 36.a-g illustrate this finding. However, cheilanthanes were not 
investigated in greater detail in this study and were thus excluded from later discussions. This 
is due to their still rather vaguely known biologic source(s) and their comparatively low 
abundances in the investigated sample material, which greatly reduces the chance to obtain 
meaningful biogeochemical information and carbon isotopic data for these compounds. 
  
6.3 Carbon isotopic compositions of individual compounds 
 
6.3.1 n-alkanes 
 
The compound-specific carbon isotope analyses of n-alkanes focussed on the homologues 
from n-C15 to n-C34. In the majority of samples, however, it was not possible to determine 
isotope values for the short-chained homologues n-C15 and n-C16. This curtailment was caused 
by the method, which was employed to increase the concentrations of the analytes in the n-
alkane-bearing adducts-fractions for the GC-IRMS analyses. This method involved the 
removal of a certain amount of the solvent (n-hexane) from the vials by means of a gentle 
nitrogen gas (N2) stream. As a negative side effect of this method, the N2-stream also caused 
the partial removal of short-chained, low-molecular-weight n-alkanes such as n-C15 and n-C16, 
and in some cases even of n-C17 and n-C18. Such a partial loss of compounds can be expected 
to be accompanied by alterations of their initial isotopic compositions. Mid- and long-chained 
n-alkanes (> n-C20), however, were apparently unaffected by these effects, since these 
homologues virtually showed the same abundance patterns found in the GCMS analyses, 
which were conducted prior to the urea adduction and N2-treatments. Nonetheless, the 
application of the above described solvent-removal procedure was inevitable in the case of 
most samples in order to obtain n-alkane concentrations in the adducts-fractions, which are 
sufficiently high for reliable GC-IRMS analyses. Hence, the reported isotopic compositions of 
n-alkanes for individual samples start at different carbon numbers within the range C15 to C19, 
depending on the first homologue that is unaffected by the above described N2-treatment. In a 
few samples, the abundances of the homologues beyond n-C33, n-C32 or n-C31 were not high 
enough for reliable GC-IRMS analyses. In these samples, the sequence of carbon isotope data 
for the n-alkane homologues therefore terminates at n-C33, n-C32 or n-C31, respectively.   
The n-alkane homologues from n-C15…19 to n-C31…34 have δ13C-values between 
approximately -23 and -33 ‰ in all but three samples (Fig. 49). In the latter, one specific n-
alkane homologue, respectively, has a δ13C lower than -33 ‰: (1) E 43021, Lower Keg River 
Member (Late Eifelian, Middle Devonian): δ13Cn-C34 = -37.2 ‰, (2) 327 631, Ravnefjeld 
Formation (Wordian-Capitanian, Late Permian): δ13Cn-C33 = -34.3 ‰, and (3) 303102-222, 
Ravnefjeld Formation (Wordian-Capitanian, Late Permian): δ13Cn-C18 = -34.8 ‰.  
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Fig. 49:  Carbon isotopic compositions of all n-alkane homologues from n-C15…19 to n-C31…34 in (a) the Devonian 

to Early Carboniferous, (b) the Late Carboniferous to Early Permian, and (c) the Late Permian samples. 
Each line corresponds to the δ13C-pattern of the n-alkane assemblage of an individual sample. The 
analytical reproducibility of replicate measurements was ≤ ± 0.5 ‰.   
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Fig. 49 (a, b, c) also shows that the variability of δ13C within the n-alkane assemblages from 
individual samples is often relatively low in the Devonian to Early Carboniferous samples, 
but tends to be larger in the Late Carboniferous and Permian samples. This observation is 
particularly noticeable in the series of long-chained n-alkanes (n-C25 to n-C34) in most Late 
Carboniferous and Permian samples, which exhibit a moderately to clearly expressed δ13C-
alternation from odd- to even-numbered homologues in the manner of a zigzag-pattern (Fig. 
49.b and c). In these samples, the differences between the δ13C-values of neighbouring odd- 
and even-numbered long-chained n-alkanes is often in the range between 1 and almost 3 ‰ 
(in sample A2-HpSh-80 from the Hushpuckney Shale, Late Carboniferous, the difference 
between n-C26 and n-C27 is even 4.4 ‰). Such an odd-/even-alternation of δ13C-values is less 
pronounced or even absent among the long-chained n-alkanes from the Devonian to Early 
Carboniferous samples (Fig. 49.a). In the case of the short-chained homologues (n-C15 to n-
C20), clear and persistent δ13C-alternations from odd- to even-numbered homologues are rare 
throughout the entire sample set (Fig. 49.a, b, c). Moreover the overall spread in δ13C among 
the short-chained n-alkanes from n-C15 to n-C20 (i.e. the isotopic difference between the short-
chained homologues with the highest and lowest δ13C-values, respectively) is generally 
smaller compared to the overall spread among the long-chained n-alkanes from n-C25 to n-
C33. The δ13C-spread among the short-chained n-alkanes ranges from 0.1 to 1.9 ‰ and 
averages 0.7 ‰, with the exception of the following five samples, each of which contains an 
n-alkane homologue with an unusually high or low δ13C: (i) E 43021 and (ii) E 43054 (Lower 
Keg River Member; Late Eifelian, Middle Devonian), (iii) Ko 14 (Zareby Beds; Middle to 
Late Tournaisian, Early Carboniferous), (iv) A2(II) (Hushpuckney Shale; Early Missourian, 
Late Carboniferous), and (v) 303102-222 (Ravnefjeld Formation; Wordian-Capitanian, Late 
Permian). In the case of the long-chained n-alkanes, this δ13C-spread ranges from 0.5 to 2.8 
‰ and averages 1.5 ‰, except for the following six samples, which show an unusually broad 
spread of 3.5 to 5.9 ‰: (i) A2-HpSh-80 (Hushpuckney Shale; Early Missourian, Late 
Carboniferous) and (ii) 327 626, (iii) 327 627, (iv) 327 630, (v) 327 631, and (vi) 303102-225 
(Ravnefjeld Formation; Wordian-Capitanian, Late Permian).  
The carbon isotopic compositions of short- and long-chained n-alkanes exhibit largely parallel 
and concurrent, mid- and long-term shifts of several permil in the course of the Middle 
Devonian to Late Permian time interval. These temporal changes are illustrated in figures 50 
and 51 for the odd-numbered short-chained homologues n-C15, n-C17, and n-C19, and for the 
odd-numbered long-chained homologues n-C27, n-C29, and n-C31, respectively.  
In the Late Eifelian and Givetian (Middle Devonian) samples, the carbon isotopic 
compositions of short- and long-chained n-alkanes fall into a relatively broad span between 
about -28 and -33 ‰, but the majority of the data only range from ca. -28 to -31 ‰. No 
significant changes in δ13C occur towards the Late Frasnian and Early Famennian. The overall 
span of δ13C covers the range between approximately -27 and -31.5 ‰, with the main data-
cluster varying from about -29 to -31 ‰. In the latest Famennian and earliest Tournaisian 
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samples, the span of δ13C-values of short-and long-chained n-alkanes, approximately -29 to 
31.5 ‰, is narrower than in the samples from the previous (older) time windows, but still 
corresponds well to the main data-clusters found for the Late Frasnian and Early Famennian 
samples. The Mid- to Late Tournaisian samples exhibit δ13C-values, which range between -30 
and -32 ‰. Overall, the data of these samples thus show a weak trend towards slightly more 
13C-depleted isotopic compositions compared to the previous samples.  
After a gap with no results, which spans from the later part of the Early Carboniferous to the 
middle part of the Late Carboniferous, the dataset restarts in the late Moskovian. n-alkanes in 
the late Moskovian samples are notably enriched in 13C compared to those of the Early 
Carboniferous: short-chained n-alkanes vary from -27 to -28.5 ‰ and long-chained n-alkanes 
range between -26 to -28 ‰. From the late Moskovian to the early Gzhelian, the δ13C-values 
of both short- and long-chained n-alkanes decrease by up to ca. 3 ‰ to values between -28 
and -31 ‰, and -27 and -30 ‰, respectively. This δ13C-decrease is followed by an increase 
back towards higher values across the Carboniferous-Permian-boundary and into the Early 
Permian (Asselian), with carbon isotopic compositions of both n-alkane subgroups varying 
between about -27 and -28.5 ‰.  
After another gap with no data between the late Asselian and early Wordian, the dataset sets 
in again in the Late Permian with the Wordian to Capitanian samples from the Ravnefjeld 
Formation. With one noteworthy exception (see below), these samples exhibit carbon isotopic 
compositions of approximately -28 to -31 ‰ for short-chained n-alkanes and about -26.5 to -
31.5 ‰ for long-chained n-alkanes homologues. One sample, however, contains strikingly 
13C-rich n-alkanes compared to all other investigated samples from the Ravnefjeld Formation. 
In this sample, δ13C of n-C19 is approximately -26 ‰ and δ13C of odd-numbered long-chained 
n-alkanes range from -23 to -24 ‰ (see also Fig. 49.c). Overall, the short- and long-chained 
n-alkanes in the majority of the investigated Late Permian samples are slightly more 13C-
depleted than those in the latest Carboniferous and Early Permian samples.  
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Fig. 50:  Carbon isotopic compositions of the odd-numbered, short-chained n-alkanes n-C15, n-C17 and n-C19. The 
analytical reproducibility of replicate measurements was ≤ ± 0.5 ‰.   
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Fig. 51:  Carbon isotopic compositions of the odd-numbered, long-chained n-alkanes n-C27, n-C29 and n-C31. The 
analytical reproducibility of replicate measurements was ≤ ± 0.5 ‰. 
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The results shown in figures 50 and 51 also reveal that the ranges of δ13C of short-chained and 
long-chained n-alkanes do not coincide throughout the entire Devonian to Permian sample set 
and that small but yet noteworthy carbon isotopic differences exist between the homologues 
of these two n-alkane sub-groups in certain time windows. This observation is illustrated in 
two further figures: (1) Fig. 52 compares the temporal evolution of the carbon isotopic 
composition of n-C19 (representing the short-chained n-alkanes) with the mean weighted 
average δ13C of the odd-numbered long-chained homologues n-C27, n-C29, and n-C31 in the 
Middle Devonian to Late Permian time interval. (2) Fig. 53 depicts the temporal development 
of the carbon isotopic difference between (i) the weighted mean average value of n-C27, n-C29, 
and n-C31 and (ii) n-C19, i.e. Δ13Cwma-n-C27+29+31 – n-C19, in the course of the Middle Devonian to 

Late Permian time interval.  
These figures show that in most Middle and Late Devonian samples, the δ13C-values of short- 
and long-chained n-alkanes do not deviate significantly (± 0.5 ‰) and systematically from 
each other. However, some Late Eifelian and Late Frasnian samples contain long-chained n-
alkanes, which are up to about 2 ‰ lighter than coexisting n-C19. In the Early Carboniferous, 
the long-chained n-alkanes tend to become slightly but consistently enriched in 13C by 0 to 
approximately 1.5 ‰ compared to short-chained homologues. This shift to a moderate 13C-
enrichment of long-chained n-alkanes relative to the short-chained homologues has been 
found to persist throughout the remaining Late Carboniferous and Permian set of samples. In 
these samples, the values of Δ13Cwma-n-C27+29+31 – n-C19 even vary between 0 and +2.5 ‰ (with 

one exception at ca. -1.2 ‰).  
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Fig. 52:  Comparison of the carbon isotopic composition of n-C19 (representing the odd-numbered, short-chained 
n-alkanes) with the weighted mean average δ13C-values of the odd-numbered, long-chained n-alkanes 
n-C27, n-C29 and n-C31. The analytical reproducibility of replicate measurements was ≤ ± 0.5 ‰. 
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Fig. 53:  Temporal development of the carbon isotopic difference between (i) the weighted mean average value 
of n-C27, n-C29, and n-C31 and (ii) n-C19 (Δ13Cwma-n-C27+29+31 – n-C19) during the Devonian to Permian time 

interval.  
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6.3.2 Acyclic isoprenoids 
 
The carbon isotopic compositions of all five acyclic isoprenoids contained in the Devonian to 
Permian samples, i.e. phytane (Ph), pristane (Pr), norpristane (NPr), i-C16, and farnesane (Fa), 
vary within an overall range from approximately -25 to -33.5 ‰ (figures 54 and 55). In the 
vast majority of samples, the five-membered series of acyclic isoprenoids exhibits a clear and 
significant δ13C-increase from Ph and Pr, to NPr, i-C16, and Fa (Fig. 54.a to c; Fig. 55.a-d). Ph 
and Pr are thus the most 13C-depleted acyclic isoprenoids in this series. The carbon isotopic 
compositions of Ph range from -25.9 to -33.3 ‰, those of Pr from -26.4 to -33.5 ‰, those of 
NPr from -25.2 to -32.0 ‰, those of i-C16 from -26.4 to -32.2 ‰, and those of Fa from -25.2 
to -30.9 ‰ (Fig. 55.a-d).  
Fig. 55.a compares the δ13C-values of Ph with those of Pr and demonstrates that the carbon 
isotopic compositions of these two acyclic isoprenoids only differ slightly within each sample 
and exhibit a significant positive correlation (r2 = 0.88) throughout the entire sample set. The 
difference between the δ13C of Ph and that of Pr (Δ13CPh-Pr) in each sample is less than 1 ‰ in 
all but four samples (NY 25 and NY 29, Wanakah Shale [Middle Givetian, Middle 
Devonian]: 1.2 and 2.0 ‰, respectively; ED 16, Anna Shale [Late Desmoinesian, Late 
Carboniferous]: 1.2 ‰; 327 627, Ravnefjeld Formation [Wordian-Capitanian, Late Permian]: 
1.2 ‰). In the majority of samples (37 out of 55), Δ13CPh-Pr is even ≤ 0.5 ‰. In view of the 
analytical reproducibility of ≤ ±0.5 ‰ for the δ13C-values of Ph and Pr (see chapter 3.6), these 
differences are either very small or even insignificant. Yet, Fig. 55.a shows that Pr is slightly 
more 13C-depleted than Ph in most samples, despite the merely small isotopic differences 
between the two compounds.  
Fig. 55.b compares the δ13C-values of Ph with those of NPr and shows that their carbon 
isotopic compositions are positively correlated (r2 = 0.81) as well. The carbon isotopic 
difference between Ph and NPr in each sample is ≤ 1.7. In most samples, NPr is 13C-enriched 
by up to 1.6 ‰ relative to Ph. However, a few samples exhibit NPr, which is depleted in 13C 
by up to 1.7 ‰ compared to Ph.   
The carbon isotopic compositions of i-C16 and Ph are also positively correlated (r2 = 0.72) 
(Fig. 55.c). In the vast majority of samples, i-C16 is isotopically heavier than Ph by up to 2.4 
‰. On average, the carbon isotopic difference between Ph and i-C16 is thus larger than that 
between Ph and NPr. In a few samples, i-C16 exhibit a small 13C-depletion of up to 0.7 ‰ 
relative to Ph.  
Based on the limited number of samples, for which δ13C-data of Fa are available, the carbon 
isotopic compositions of Ph and Fa also correlate positively, although the correlation 
coefficient (r2 = 0.60) is lower than in the case of Pr, NPr, and i-C16 (Fig. 55.d). In the 
majority of samples, δ13C of Fa is enriched in 13C by up to 4 ‰.  
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Fig. 54:  Carbon isotopic compositions of the acyclic isoprenoids farnesane, i-C16, norpristane, pristane, and 

phytane in (a) the Devonian to Early Carboniferous, (b) the Late Carboniferous to Early Permian, and 
(c) the Late Permian samples. Each line corresponds to the δ13C-pattern of an individual sample. The 
analytical reproducibility of replicate measurements was ≤ ± 0.5 ‰. 
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Fig. 55:  Comparison of the carbon isotopic compositions (δ13C) of phytane (Ph) and (a) pristane (Pr), (b) 

norpristane (NPr), (c) i-C16, and (d) farnesane (Fa). The error bars for each data point give the 
reproducibility of replicate measurements of the respective acyclic isoprenoids (≤ ± 0.5 ‰). The dashed 
lines with a slope of 1 indicate equal isotopic compositions of the respective compounds. The solid lines 
represent the regression lines through the plotted data.   

 

The mid- and long-term temporal evolutions of the carbon isotopic compositions of Ph, Pr, 
NPr, i-C16, and Fa (figures 56 and 57) are virtually parallel to those of the short-and long-
chained n-alkanes. However, the carbon isotopic shifts of the acyclic isoprenoids are more 
clearly expressed and more pronounced than those of the n-alkanes. This observation is 
evident in the latest Devonian to Early Carboniferous time window, but particularly 
prominent in the Late Carboniferous to Early Permian samples.  
In the Late Eifelian and Givetian (Middle Devonian) samples, the carbon isotopic 
compositions of Ph and Pr show a rather broad scatter between -25.9 and -32.1 ‰, although 
most samples fall into the much narrower range from about -29 to -32 ‰ (Fig. 56). Overall, 
the ranges of δ13C of Ph and Pr in the samples of individual time slices decrease notably 
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throughout the Late Devonian and into the Early Carboniferous. This is particularly due to a 
significant decrease of the upper limit of the respective δ13C-ranges from approximately -26 
‰ in the Late Eifelian to about -30.5 ‰ in the Middle to Late Tournaisian (Fig. 56). 
However, in the early Tournaisian samples, the lower limit of the δ13C-ranges is also 
somewhat lower, lying at circa -33.5 ‰ (Fig. 56). As a consequence, the carbon isotopic 
compositions of Ph and Pr exhibit an overall decline of about 2 to 4 ‰ in the samples from 
the Middle Devonian to Early Carboniferous time interval. The carbon isotopic compositions 
of NPr, i-C16, and Fa largely parallel these trends, but with δ13C-offsets according to the 
above described, isotopic differences between Ph, Pr on the one hand and NPr, i-C16, Fa on 
the other (Fig. 57).      
In the latest Moscovian (Late Carboniferous) samples, δ13C of Ph and Pr ranges from -27.6 to 
-29.0 ‰ and -28.1 to 30.2 ‰, respectively (Fig. 56) and is thus noticeable higher than in the 
Early Carboniferous samples (δ13CPh = -30.4 to -33.3 ‰; δ13CPr = -30.9 to -33.5 ‰). The 
latest Moscovian to Middle Asselian samples comprise the most remarkable feature of the 
Devonian to Permian δ13C-record of this study: a prominent, negative excursion of the carbon 
isotopic compositions of Ph and Pr with a magnitude of approximately 4 ‰ (Fig. 56). This 
excursion is also discernible in the δ13C-records of total organic carbon (δ13Corg; see chapter 
5.1.3) and n-alkanes (short- and long-chained; see chapter 6.3.1). It is, however, most clearly 
expressed and pronounced in the carbon isotope datasets of the acyclic isoprenoids (figures 56 
and 57), especially in those of Ph and Pr. From the latest Moskovian to the earliest Gzhelian, 
δ13C of Ph decreases from values between -27.6 and -29.0 ‰ to values between -30.8 and        
-32.4 ‰ and δ13C of Pr decreases from values between -28.1 and 30.2 ‰ to values between     
-30.7 to 31.8 ‰. These decreases are followed by increases back to δ13C-values between        
-27.9 and -30.1 ‰ (Ph) and -28.4 and 30.0 ‰ (Pr) during the latest Gzhelian (Late 
Carboniferous) to middle Asselian (Early Permian) time interval. As mentioned, the δ13C-
values of NPr, i-C16, and Fa follow these excursions with a similar magnitude, but with an 
offset towards slightly more 13C-enriched isotopic compositions (Fig. 57).      
In the Wordian to Capitanian (Late Permian) samples, the carbon isotopic compositions of Ph 
and Pr range from -29.5 to -31.0 ‰ and -29.5 to -31.7 ‰, respectively (Fig. 56). Accordingly, 
these δ13C-values are on average lower by about 1 to 2 ‰ than those from the samples in the 
latest Carboniferous and Early Permian. δ13C-data of Fa are not available for this time 
window.  
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Fig. 56:  Carbon isotopic compositions of phytane (Ph) and pristane (Pr). The analytical reproducibility of 

replicate measurements was ≤ ± 0.5 ‰.   
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Fig. 57:  Carbon isotopic compositions of norpristane (NPr), i-C16, and farnesane (Fa). The analytical 

reproducibility of replicate measurements was ≤ ± 0.5 ‰. 
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A comparison of the δ13C-values of acyclic isoprenoids with those of n-alkanes reveals that 
during the Middle to Late Devonian time interval the carbon isotopic compositions of Ph and 
short- and long-chained n-alkanes vary within the same overall δ13C-ranges and are thus not 
systematically different from each other (Figs. 58 and 59). With regard to the short-chained n-
alkanes (e.g. n-C19), this observation also applies to the Early Carboniferous and Late Permian 
samples (with one exception in the latter). In most Late Carboniferous to Early Permian 
samples, however, short-chained n-alkanes (e.g. n-C19) are slightly but systematically 
enriched in 13C by about 1 to 2 ‰ (on average) relative to Ph (Fig. 58).  In the post-Devonian 
time windows, long-chained n-alkanes also exhibit a δ13C-offset relative to Ph. This 
differentiation between δ13C of long-chained n-alkanes and Ph is heralded already in the latest 
Devonian and Early Carboniferous samples. This finding can be discerned in Fig. 59 by the 
slightly steeper trend of the weighted mean average δ13C of n-C27, n-C29, and n-C31 relative to 
the overall δ13C-trend of Ph in the Late Devonian and Early Carboniferous samples. In the 
Late Carboniferous and Early Permian samples, the carbon isotopic difference between Ph 
and long-chained n-alkanes is most pronounced and averages approximately 3 ‰ (± 1 ‰) in 
the majority of these samples (Fig. 59). In the Late Permian samples, long-chained n-alkanes 
(n-C27, n-C29, n-C31) are also enriched in 13C compared to Ph, between about 0 and 3 ‰. It is 
worth mentioning that in one sample (303102-225, Ravnefjeld Formation [Wordian-
Capitanian, Late Permian]) an unusually large carbon isotopic difference of 6 ‰ was found 
between long-chained n-alkanes and Ph. The same sample also exhibits a rather large isotopic 
difference of 3.6 ‰ between n-C19 and Ph. In view of these two findings, the carbon isotopic 
compositions of n-alkanes in this specific sample are quite conspicuous. This is particularly 
remarkable, since the carbon isotopic compositions of both Ph and Pr do not differ at all from 
those of the remaining samples from the Ravnefjeld Formation.  
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Fig. 58:  Comparison of the carbon isotopic compositions of the acyclic isoprenoid Ph with those of the short-
chained n-alkane n-C19. The analytical reproducibility of replicate measurements was ≤ ± 0.5 ‰. 
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Fig. 59:  Comparison of the carbon isotopic compositions of the acyclic isoprenoid Ph with the weighted mean 
average carbon isotopic compositions of the long-chained n-alkanes n-C27, n-C29, and n-C31. The 
analytical reproducibility of replicate measurements was ≤ ± 0.5 ‰. 
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6.4  Carbon isotopic compositions of dissolved aqueous CO2 (δd) and phytoplankton 
biomass (δp)  

 
The carbon isotopic compositions of dissolved aqueous CO2 (δd) and of phytoplankton (i.e. 
primary) biomass (δp) were derived from (i) published δ13C-data of well-preserved 
brachiopod shells and (ii) the δ13C-data of phytane measured in this study (see chapter 4).  
Over the long-term, the carbon isotopic compositions of brachiopod calcite (δCaCO3) and thus 
also of dissolved aqueous CO2 (δd) exhibit an increase of almost 5 ‰ from the Middle 
Devonian (circa 1 to 3 ‰) to the Late Permian (circa 5 to 7 ‰) (Fig. 60). Superimposed on 
this long-term trend are mid- and short-term δ13C-variations and -excursions, such as the 
Kacak-otomari event just below the Eifelian/Givetian boundary (Middle Devonian), the 
Frasnian-Famennian event in the Late Devonian, or significant δ13C-excursions in the later 
part of the Tournaisian (Early Carboniferous) and in the Wordian-Capitanian (Late Permian).  
The determination of the carbon isotopic composition of phytoplankton (i.e. primary) biomass 
(δp) from the carbon isotopic composition of phytane (δPh) was based on the mean carbon 
isotope fractionation of 4 ‰ between these two carbon pools (see chapter 4). As a 
consequence, δp exhibits the same overall ranges in individual time windows and the same 
temporal trends during the Middle Devonian to Late Permian time interval as δPh (see 
description and figures in chapter 6.3.2), but generally shifted by 4 ‰ towards more 13C-
enriched carbon isotopic compositions (Fig. 60). The Middle Devonian to Late Permian δp-
values range from -21.9 to -29.3 ‰.  
Fig. 60 shows the Middle Devonian to Late Permian records of the carbon isotopic 
compositions of brachiopod shell calcite (δCaCO3; data compiled from the literature: 
JOACHIMSKI et al. 2004, VAN GELDERN et al. 2006, MII et al. 1997, MII et al. 1999, ETHAN L. 
GROSSMAN pers. comm.) and phytane (δPh; data from this study) and the calculated carbon 
isotopic compositions of dissolved aqueous CO2 (δd) and phytoplankton biomass (δp). 
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Fig. 60:  Middle Devonian to Late Permian records of the carbon isotopic compositions of brachiopod shell 
calcite (δCaCO3; data compiled from the literature: JOACHIMSKI et al. 2004, VAN GELDERN et al. 2006, 
MII et al. 1997, MII et al. 1999, ETHAN L. GROSSMAN pers. comm.) and phytane (δPh; data from this 
study) and the calculated carbon isotopic compositions of dissolved aqueous CO2 (δd) and 

phytoplankton biomass (δp). εp is approximately equal to the difference between δd and δp and can be 
calculated from the equation given in the upper part of the diagram.  

 
6.5  Photosynthetic carbon isotope fractionation (εp)  
 
εp was found to exhibit noticeable mid- and long-term shifts during the Middle Devonian to 
Late Permian and to vary within an overall range from 14.5 to 23.7 ‰ (Fig. 61). This range 
includes two samples from the Devonian, which were characterized by εp-values of 14.5 ‰: 
(i) sample E 43054, Lower Keg River Member (late Eifelian, Middle Devonian) and (ii) 
sample NY 11, Hanover Shale (late Frasnian, Late Devonian). The εp-magnitudes of these 
two samples are significantly lower than those of the remainder of the samples (17.9 to 23.7 
‰) and thus represent noteworthy exceptions. They are primarily the result of the 13C-
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enriched carbon isotopic compositions of phytane in samples E 43054 (-25.9 ‰) and NY 11 
(-26.9 ‰).  
Based on the Middle Devonian to Early Carboniferous samples, the average magnitude of εp 
exhibits an increase from values between approximately 14.5 and 20.5 ‰ in the Late Eifelian 
and Givetian to values between about 20 and 23.5 ‰ in the Tournaisian. This rise in the 
photosynthetic carbon isotope fractionation is revealed particularly by a circa 3 ‰-increase of 
the upper boundary of the εp-envelope (Fig. 61). 
After a gap with no results, which spans from the later part of the Early Carboniferous to the 
middle part of the Late Carboniferous, the εp-record is continued by a set of twenty data, 
which cover the relatively narrow Permocarboniferous time window from the latest 
Moskovian (Late Carboniferous) to the middle Asselian (Early Permian). These data show 
that εp exhibits a significant positive excursion during the Permocarboniferous with an 
average magnitude of 4 ‰ (Fig. 61). This positive excursion is due to the derivation of εp 
from the difference between (i) the carbon isotopic composition of brachiopod shell calcite, 
which stays almost constant during the Permocarboniferous time interval (Fig. 60, right side) 
and (ii) the carbon isotopic composition of phytane, which shows a negative excursion of 
circa 4 ‰ in the Late Carboniferous to Early Permian samples (Fig. 60, left side). As a result 
of the temporal trends of these two carbon pools (inorganic and organic) the resulting εp-data 
first shift to larger values and then back to lower values. The magnitude of εp increases from 
values between 18.5 and 19.9 ‰ in the latest Moskovian (Late Carboniferous) to values 
between 22 and 23.7 ‰ in the earliest Gzhelian (latest Carboniferous). This rise is followed 
by a decrease back to values between 19.6 and 21.7 ‰ at the Carboniferous-Permian-
boundary and in the Asselian (Early Permian) (Fig. 61).      
After another gap with no data between the late Asselian and early Wordian, the εp-record 
continues in the Late Permian with the Wordian to Capitanian samples from the Ravnefjeld 
Formation. In these samples, εp varies between 22.5 and 23.4 ‰ (Fig. 61). These εp-data are 
thus in the same range as those in the earliest Gzhelian (latest Carboniferous) and in the 
middle to late Tournaisian (Early Carboniferous) samples.   
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Fig. 61:  Middle Devonian to Late Permian record of the carbon isotopic fractionation (εp) of marine 

phytoplankton (n = 54). The error bars reflect the uncertainty ranges, which are associated with the 
parameters involved in the determination of the carbon isotopic compositions of dissolved aqueous CO2 
(δd), i.e. δ13C of brachiopod shell calcite and sea surface temperatures (data from the literature; see 
references cited in chapter 4). The lower/upper limits of the error bars represent minimal/maximal 
values for εp calculated form (i) the minimal/maximal δ13C-values of brachiopod shell calcite and (ii) 
Δ13CCaCO3-CO2aq at the minimal/maximal seawater temperature (SST) for the time slice of the respective 
sample. Values for the reproducibility of carbon isotopic replicate measurements of phytane, which are 
≤ 0.5 ‰, are not included in the error bars, since these isotopic uncertainties are mostly of subordinate 
importance compared to those associated with the determination of δd.    
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7 Discussion 
 
7.1 Biologic sources of acyclic isoprenoids and n-alkanes 
 
The primary goal of this study was to develop a record of the photosynthetic carbon isotope 
fractionation (εp) of marine phytoplankton for the Late Paleozoic time interval by employing a 
compound-specific carbon isotope approach. In accordance with the procedure of εp-
determination described in chapter 4, the carbon isotopic composition of the acyclic 
isoprenoid phytane was used for the determination of the carbon isotopic composition of 
phytoplankton biomass. This choice was based on the widely accepted perception that 
phytane is commonly and largely derived from the phytyl side chain of phytoplanktonic 
chlorophylls in marine, sedimentary rocks (see chapter 2.3.1). Nonetheless, it is essential to 
verify and demonstrate the phytoplanktonic origin of phytane in a biogeochemical study like 
this one. Thus, the biologic origin(s) of phytane and the coexisting acyclic isoprenoids 
pristane, norpristane, i-C16, and farnesane will be discussed below. Besides, a comparison of 
the carbon isotopic compositions of short- and long-chained n-alkanes with those of acyclic 
isoprenoids can give further information about the biologic origins of these compounds. 
Accordingly, the sources of n-alkanes will be addressed as well. 
 
7.1.1 Acyclic isoprenoids 
 
As described in chapter 2.3.1, acyclic isoprenoids can be derived from a rather large variety of 
biologic sources. The group of acyclic isoprenoids detected in the samples of this study 
consists of homologues with carbon numbers ≤ 20 and includes phytane (Ph), pristane (Pr), 
norpristane (NPr), i-C16, and in many samples also farnesane (Fa) (see chapter 6.2.2). 
Commonly, the quantitatively most important source for Ph and Pr in marine sedimentary 
rocks is the phytyl side chain of phytoplanktonic chlorophyll molecules. A significant 
contribution of Ph from chlorophylls of land plants can be excluded in marine sediments, 
which were deposited distally from the paleo-shorelines of the respective basin. Di- and/or 
tetraether membrane lipids of archaebacteria can represent an additional source for Ph. 
Archaeal ether lipids may to some extent also be a source for Pr, especially in the course of 
thermal maturation of the sedimentary rocks. Further sources for Pr include (i) tocopherols 
from phytoplankton and plants and (ii) chromans. A comparison of the carbon isotopic 
compositions of Ph and Pr and of the degree of their correlation (Fig. 62; see also chapter 
6.3.2) provides important information on the biologic origin(s) of these compounds and thus 
on the suitability of δ13CPh as the parameter for the calculations of the carbon isotopic 
composition of phytoplankton biomass (δp) and eventually of εp (see chapter 4).  
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Fig. 62:  Correlation plot of the carbon isotopic compositions of pristane (Pr) and phytane (Ph) of the entire 

sample set. The error bars give the reproducibility of replicate measurements (≤ ± 0.5 ‰). The dashed 
line with a slope of 1 indicates equal isotopic compositions. The solid line represents the regression line 
through the plotted data.   

 

The minimal or insignificant differences between the δ13C-values of Ph and Pr (≤ 1 ‰) and 
the significant correlation of these data (r2 = 0.88) clearly indicates, that Ph and Pr (largely) 
share a common biologic source(s). The overall range of their carbon isotopic compositions is 
generally consistent with those of marine phytoplankton derived polyisoprenoids and also 
agrees well with the δ13C-results for Ph and Pr from other studies of Paleozoic sediments, 
which have assigned a (largely) photoplanktonic origin to them (e.g. PANCOST et al. 1998 & 
1999: Middle Ordovician; MURPHY et al. 2000: Middle to early Late Devonian; GRICE et al. 
1996 & 1997: Late Permian). Moreover, the carbon isotopic compositions of Ph and Pr 
correlate reasonably well with those of the odd-numbered short-chained n-alkanes n-C17 and 
n-C19, which are also mostly derived from phytoplanktonic organisms (see discussion below 
in chapter 7.1.2). These observations strongly suggest that Ph and Pr in the samples of this 
study are largely derived from the phytyl side chain of phytoplanktonic (i.e. algal and 
cyanobacterial) chlorophylls. A potential archaebacterial contribution to Ph and Pr (chapter 
2.3.1) seems unlikely due to the absence of characteristic archaebacterial biomarkers, such as 
crocetane, 2,6,10,15,19-pentamethylicosane (PMI), acyclic and/or cyclic biphytanes, in the 
saturated hydrocarbon fractions of the samples. Archaea were thus apparently not a significant 
group of organisms in the investigated settings. The slight differences in the carbon isotopic 
compositions of Ph and Pr can be explained as follows: (1) Small quantities of Pr are derived 
from other sources, whose δ13C might be similar but not identical to phytol derived Pr, e.g. 
tocopherols or chromans. (2) The sequence of reactions involved in the diagenetic 
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transformation of the phytyl side chains of chlorophylls to Pr includes a decarboxylation step 
(chapter 2.3.1, Fig. 9). This results in the cleavage of one carbon atom from the chlorophyll 
derived phytol. It is conceivable that this reaction step is accompanied by a small carbon 
isotope fractionation. In contrast, the diagenetic transformation of phytol to Ph does not 
include such a step and loss of carbon (chapter 2.3.1, Fig. 9). Accordingly, the original carbon 
skeleton and isotopic composition of the chlorophyll derived phytol is preserved in Ph and the 
slight carbon isotopic offset between Ph and Pr in most samples might arise from the 
described difference between the reactions involved in their formation. Besides, the carbon 
isotopic composition of Ph constitutes an integrated carbon isotope signal representative for 
the entire phytoplankton association (algae, cyanobacteria and potentially other phototrophic 
bacteria). In conclusion, the above discussed findings strongly suggest, that in this study δ13C-
data of Ph are well suited for the determination of the carbon isotopic composition of 
phytoplankton biomass (δp) and thus for the calculation of εp-values, which are representative 
for the entire phytoplankton association in the respective samples.   
It is widely accepted that norpristane (NPr) and i-C16 are formed as products of the dia- and 
catagenetic degradation of Ph and Pr and thus ultimately are derived from the same biologic 
sources as the latter. This view is supported by the carbon isotopic compositions of NPr and  
i-C16, which are well correlated with the δ13C-values of Ph (Fig. 63.a, b). The small overall 
isotopic shifts of (i) NPr relative to Ph (≤ ~ +1.5 ‰) and (ii) i-C16 relative to Ph (≤ ~ +2.5 ‰), 
are most likely the result of the loss of one to three carbon atoms in the course of the 
diagenetic degradation reactions leading from Ph (i-C20) or Pr (i-C19) to NPr (i-C18) and i-C16. 
It is therefore most likely that phytoplankton derived chlorophylls represent the ultimate 
source of NPr and i-C16 in the investigated samples.  
 

 
 
Fig. 63:  Correlation plots of the carbon isotopic compositions of (a) phytane (Ph) and norpristane (NPr) and (b)  

phytane (Ph) and i-C16. The error bars give the reproducibility of replicate measurements (≤ ± 0.5 ‰). 
The dashed lines with a slope of 1 indicate equal isotopic compositions of the respective compounds. 
The solid lines represent the regression lines through the plotted data. 
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Farnesane (Fa; i-C15) may also be a product of Ph- and Pr-dia/catagenesis. Fa can however 
have an additional and direct biologic origin as well, the farnesyl side chains of 
bacteriochlorophylls c, d, and e. The latter have been shown to be highly restricted with 
regard to their taxonomic occurrences and only occur in two groups of phototrophic bacteria: 
(i) Chlorobiaceae, i.e. green sulfur bacteria, contain either certain combinations of 
bacteriochlorophylls c, d, and e or, one of them alone (smaller amounts of bacteriochlorophyll 
a are also present in green sulfur bacteria); (ii) some members of the family Chloroflexaceae 
(green non-sulfur bacteria) also utilize bacteriochlorophylls c and (to a lesser extent) d as light 
harvesting pigments (e.g. IMHOFF 1992, BLANKENSHIP & MATSUURA 2003, OVERMANN & 

GARCIA-PICHEL 2003). Accordingly, Fa may be derived from the esterified farnesol contained 
in the bacteriochlorophylls of the phototrophic bacteria of the groups Chlorobiaceae (green 
sulfur bacteria) and/or Chloroflexaceae (green non-sulfur bacteria), either solely or in addition 
to its diagenetic derivation from higher-molecular-weight isoprenoids such as Ph and Pr. 
These two sources may potentially be identified and - in case of certain mixed source-
situations - distinguished from each other by (i) a comparison of the absolute δ13C-values of 
Fa and Ph in each sample and (ii) an examination of the degree of their correlation in the 
sample set. This is due to the specific photosynthetic pathway used by the green sulfur 
bacteria (Chlorobiaceae). In contrast to algae and cyanobacteria, these obligate anaerobes 
perform an anoxygenic type of photosynthesis, in which CO2 is not fixed via the Calvin cycle, 
but through the reductive (i.e. reverse) tricarboxylic acid (TCA) cycle (e.g. SIREVAG et al. 
1977, IMHOFF 1992). Compared to the widespread Calvin cycle, which is used by algae and 
cyanobacteria, this specific photosynthetic pathway is associated with a fundamentally and 
significantly lower carbon isotopic fractionation, ca. 2.5 to 13 ‰, due to the involvement of 
different enzymes (e.g. QUANDT et al. 1977, PREUß et al. 1989, HAYES 2001; GLAESER & 

OVERMANN 2003). Thus, the biomass and lipids of green sulfur bacteria exhibit a considerable 
13C-enrichment of about 10 to 18 ‰ relative to those of algae and cyanobacteria, i.e. oxygenic 
phototrophs. As a result, the δ13C-values of unequivocal or potential biomarkers of 
Chlorobiaceae, e.g. isorenieratene, isorenieratane, and farnesane (Fa), range between -10 and 
-19 ‰ in marine sediments and sedimentary rocks (e.g. KOOPMANS et al. 1996b & 1996c, 
HUANG et al. 2000, JOACHIMSKI et al. 2001, GLAESER & OVERMANN 2003, KENIG et al. 2004). 
Accordingly, an exclusive origin or significant contribution of Fa from the farnesyl side chain 
of bacteriochlorophylls of green sulfur bacteria is revealed by δ13CFa-values, which are 
markedly higher than the δ13C-values of algal and cyanobacterial biomass and lipids, e.g. of 
Ph or Pr.  
In the majority of Fa-bearing samples of this study, the carbon isotopic compositions of Fa (i) 
are only moderately well correlated with those of Ph and (ii) are offset towards more positive 
δ13C-values by approximately 1 to 4 ‰ relative to those of Ph (Fig. 64).  
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Fig. 64:  Correlation plot of the carbon isotopic compositions of farnesane (Fa) and phytane (Ph) of the entire 

sample set. The error bars give the reproducibility of replicate measurements (≤ ± 0.5 ‰). The dashed 
line with a slope of 1 indicates equal isotopic compositions. The solid line represents the regression line 
through the plotted data.   

 
The rather small magnitudes of these 13C-enrichments in Fa do however not provide evidence 
for a noteworthy Fa-contribution from the bacteriochlorophylls of green sulfur bacteria. δ13C-
values of Fa in the range between circa -25 and -31 ‰ (Fig. 64) are definitely not consistent 
with a significant derivation from Chlorobiaceae. Rather, these carbon isotope data clearly 
argue for a derivation of Fa from isoprenoid precursor compounds of algal and cyanobacterial 
origin, i.e. from higher-molecular-weight acyclic isoprenoids like Ph and Pr. The 13C-
enrichment of Fa relative to Ph is presumably due to the loss of carbon atoms in the course of 
the transformations involved in the (potentially stepwise) diagenetic degradation of these 
higher-molecular-weight isoprenoids to Fa (Ph, Pr → Fa). Nonetheless, it can not entirely be 
excluded that in some samples, particularly in those exhibiting δ13C-values of Fa around -25 
to -26 ‰, minor amounts of Fa were derived from the 13C-enriched bacteriochlorophylls of 
green sulfur bacteria.  
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7.1.2 n-alkanes 
 
It is widely accepted that sedimentary short-chained and long-chained n-alkanes with at least 
a moderately expressed odd-over-even predominance (OEP) are (largely) derived from 
phytoplankton (algae and/or cyanobacteria; e.g. CLARK & BLUMER 1967, GELPI et al. 1970, 
CRANWELL et al. 1987, PETERS & MOLDOWAN 1993) and terrestrial plants (epicuticular leaf 
waxes; e.g. EGLINTON & HAMILTON 1967, RIELEY et al. 1991, LOCKHEART et al. 1997, 
FICKEN et al. 2000), respectively (see chapter 2.2). n-alkanes with medium chain lengths (n-
C21 to n-C25), which exhibit an odd-over-even predominance are potentially derived from 
floating and submerged macrophytes (FICKEN et al. 2000) or also from land plants. 
In all likelihood, the short-chained n-alkanes in the samples from this study are largely 
derived from phytoplanktonic sources and possibly to some extent also from bacteria. This 
view is supported by the presence of a weakly to moderately expressed odd-over-even 
predominance in the range from n-C15 to n-C20, often with n-C15 or n-C17 being the most 
abundant homologue (chapter 6.2.1). The absence of a more strongly pronounced odd-over-
even predominance among the short-chained n-alkanes, which would be expected from purely 
phytoplanktonic sources, could be due to a contribution of bacterially derived homologues. 
According to GRIMALT & ALBAIGÉS (1987), the latter are commonly characterized by a 
predominance of homologues with even carbon numbers. Depending on their quantitative 
importance in the respective series of short-chained n-alkanes, their presence could weaken or 
even mask the odd-over-even predominance pattern of the phytoplankton derived 
homologues. A quantitatively limited contribution of bacterially derived short-chained n-
alkanes to many samples of this study is potentially supported by the carbon isotope data of 
short-chained homologues like n-C17, n-C18, n-C19, and n-C20. Overall, their δ13C-values 
exhibit a positive correlation with the carbon isotopic compositions of phytane, which was 
shown to be largely derived from phytoplanktonic organisms (algae, cyanobacteria; see 
chapter 7.1.1). However, the statistic significance of the correlations between δ13C of Ph and 
(i) n-C17 (r2 = 0.38), (ii) n-C18 (r2 = 0.32), (iii) n-C19 (r2 = 0.46), and (iv) n-C20 (r2 = 0.38) is 
much lower than that of the correlation between δ13C of Ph and Pr (r2 = 0.88) (Fig. 65.a-e). In 
view of (i) moderate abundance maxima of n-C15, n-C17, and to a somewhat lesser extent of n-
C19 in the majority of the samples and (ii) at least similar and broadly correlated carbon 
isotopic compositions of both short-chained n-alkanes and phytoplankton derived phytane, it 
is nonetheless reasonable to assume a mostly phytoplanktonic origin of the short-chained n-
alkanes, particularly of the odd-numbered homologues (e.g. n-C17 and n-C19). However, the 
organic geochemical and isotopic datasets, which are available for the samples, do not provide 
enough information for an unambiguous identification and differentiation of all biologic 
sources, which have potentially contributed to the short-chained n-alkanes. Therefore, the 
suggested contribution of bacterially derived n-alkane homologues can finally not be proven, 
although it is certainly a realistic hypothesis.  
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It was mentioned in chapter 6.3.2 that in the vast majority of Late Carboniferous to Early 
Permian samples the carbon isotopic compositions of odd-numbered, short-chained n-alkanes, 
such as n-C19, exhibit a small but systematic 13C-enrichment of about 1 to 2 ‰ relative to 
phytane (and pristane). Interestingly, the odd-numbered, short-chained n-alkanes from the 
Middle Devonian to Early Carboniferous and Late Permian samples do not show such a 
systematic carbon isotopic offset. The contribution of an additional, isotopically lighter source 
to the phytoplankton derived Ph in the Permocarboniferous samples would represent one 
possible explanation for the observed carbon isotopic segregation between Ph and odd-
numbered, short-chained n-alkanes. There is however no evidence for this scenario. 
Alternatively, the offset in δ13C could also be due to a noteworthy contribution of odd-
numbered, short-chained n-alkanes from an additional, 13C-enriched source to the 
phytoplankton derived homologues. However, the available data do not provide any 
information, which would indicate such a contribution specifically to the Permocarboniferous 
samples, but not to the remaining ones.  
In fact, the short-chained n-alkanes in the Permocarboniferous samples also exhibit 
moderately to clearly expressed abundance maxima at n-C15, n-C17, and n-C19, as is the case in 
the Devonian, Early Carboniferous and Late Permian samples. Thus, there is no obvious 
reason to assume a significantly different source situation for the short-chained n-alkanes in 
the Late Carboniferous to Early Permian samples compared to those from the other 
investigated time intervals. The results still indicate a mostly phytoplanktonic origin, 
particularly for the odd-numbered homologues n-C15, n-C17, and n-C19, with a potential 
contribution of (mainly even-numbered) homologues from an additional and presumably 
bacterial source (see discussion above).  
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Fig. 65:  Comparison of (a) the significant positive correlation between δ13C of phytane (Ph) and pristane (Pr)  

(r2 = 0.88), with the positive but statistically much less significant covariance of δ13C of phytane (Ph) 
and (b) n-C17 (r2 = 0.38), (c) n-C18 (r2 = 0.32), (d) n-C19 (r2 = 0.46), and (e) n-C20 (r2 = 0.38). The dashed 
lines with a slope of 1 indicate equal isotopic compositions of the respective compounds. The solid lines 
represent the regression lines through the plotted data. 
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Another possible explanation for (i) the lack of a pronounced odd-over-even predominance 
among the short-chained n-alkanes in the samples of this study and (ii) the carbon isotope 
offset between phytane and odd-numbered, short-chained n-alkane homologues in the 
Permocarboniferous samples invokes the catagenetically induced thermal break-down of 
long-chained n-alkanes to both odd- and even-numbered fragments with chain-lengths in the 
range of the short-chained n-alkanes. The addition of such fragments during late diagenesis 
and catagenesis of the sediments can very well modify or even obliterate initially existing 
abundance patterns and isotopic signatures of short-chained n-alkane sequences. A 
contribution of short-chained n-alkanes from thermally fragmented long-chained homologues 
could theoretically also explain the small but systematic 13C-enrichment of about 1 to 2 ‰ of 
odd-numbered, short-chained n-alkanes relative to phytane in the Permocarboniferous 
samples. In principle, this is a conceivable explanation, since (i) the long-chained n-alkanes in 
most of the Permocarboniferous samples were found to be largely derived from land plants, 
i.e. from a biologic source with a carbon isotopic signature distinct from phytoplankton (see 
discussion below) and (ii) the δ13C-values of n-C27, n-C29, and n-C31 are on average enriched 
in 13C by approximately 3 ‰ relative to phytane. However, in view of the immature to 
marginally mature character of all samples (see chapter 6.2.3.2), this scenario is unlikely. This 
also implies that the original abundances and biologic distribution patterns of the n-alkane 
homologues are mostly preserved in the series of n-alkanes in the entire set of samples. 
Finally, it has to be stated that the observed carbon isotopic offset between Ph and odd-
numbered, short-chained n-alkanes in the Permocarboniferous samples remains unexplained.  
With regard to the biologic origin(s) of the long-chained n-alkanes, the sample material of this 
study has turned out to fall into (i) a Middle Devonian to Early Carboniferous and (ii) a 
Permocarboniferous and Late Permian cluster. This distinction is due to a significant 
difference between these two clusters concerning the absence or presence of noteworthy odd-
over-even predominances among the long-chained homologues. The long-chained n-alkanes 
in the Middle Devonian to Early Carboniferous cluster exhibit virtually no predominances of 
odd-numbered homologues, such as n-C27, n-C29, and n-C31. This observation is demonstrated 
by the results for the patterns of the relative n-alkane abundances, OEP, and CPI, which are 
described and illustrated in chapter 6.2.1 (see figures 37, 40, and 42, respectively). In contrast, 
the vast majority of Permocarboniferous and Late Permian samples show moderately to 
clearly-expressed odd-over-even predominances among their long-chained n-alkanes. These 
odd-over-even predominance patterns are also clearly traceable in the carbon isotopic 
compositions of the long-chained n-alkanes in most Permocarboniferous and Late Permian 
samples. Here, the δ13C-values of the odd-numbered homologues n-C27, n-C29, and n-C31 are 
enriched in 13C by up to approximately 2 ‰ compared to their even-numbered neighbours 
(chapter 6.2.1; Fig. 49) and by about 2 to 4 ‰ compared to the phytoplankton derived Ph 
(chapter 6.2.1; Fig. 59). This clearly indicates that these odd-numbered long-chained n-alkane 
homologues originated from a distinct and non-phytoplanktonic biologic source.  
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A contribution of n-C31 and n-C33 from diagenetically converted C31 and C33 n-alkenes from 
haptophyte algae (e.g. VOLKMAN et al. 1980, FREEMAN et al. 1994, CONTE et al. 1994) to the 
long-chained n-alkanes in the samples of this study can be excluded with great certainty due 
to the following reasoning. Today, the phylum haptophyta comprises both calcifying 
(coccolithophores) and non-calcifying members. The first unequivocal evidence in the 
sedimentary record for the existence and spread of haptophyte algae is found in late Triassic 
sediments of the Northern Calcareous Alps. These sediments (Kössener Schichten, Zlambach 
Schichten) are of latest Norian (Sevatian) age (Rhabdoceras suessi ammonite zone) and 
contain the first genuine fossil coccoliths (i.e. the calcareous platelets covering the 
coccolithophore cell as an exoskeleton): Archaeozygodiscus koessenensis and Crucirhabdus 
minutus (MOSHKOVITZ 1982, JAFAR 1983, BOWN 1985 & 1987). However, this Late Triassic 
date pertains specifically to the group of coccolithophores, whose coccoliths represent 
geologically preservable and micropaleontologically identifiable remnants. In contrast, the 
non-calcifying haptophytes principally lack this preservation potential and could have existed 
already before the Late Triassic. Their evolution is however assessable by methods of 
molecular phylogeny, i.e. molecular clock calculations. Indeed, this molecular approach 
strongly suggests that the haptophyta evolved as non-calcifying algae sometime during the 
latest Permian to earliest Triassic, i.e. approximately 50 Ma before to the emergence of the 
calcifying coccolithophores (MEDLIN et al. 1997). Accordingly, all sedimentary rocks 
investigated in this study were formed prior to the first appearance of haptophyte algae. At the 
current state of our knowledge, there is thus no reason to assume a contribution of n-C31 and 
n-C33 from haptophyte algae to the long-chained n-alkanes in the here investigated samples.   
In combination, these results and considerations provide strong evidence that in the 
Permocarboniferous and Late Permian samples of this study the long-chained n-alkanes, 
particularly the odd-numbered homologues, are largely derived from the leaf waxes of 
vascular land plants. The δ13C-values of n-C27, n-C29, and n-C31 thus constitute proxies for the 
carbon isotopic composition of the terrestrial vegetation in the time windows represented by 
the respective samples.  
In contrast to the Permocarboniferous and Late Permian samples, the long-chained n-alkane 
sequences from the Middle Devonian to Early Carboniferous cluster show virtually no odd-
over-even predominance (OEP) (see chapter 6.2.1). The values for OEP and the Carbon 
Preference Index (CPI) of the long-chained n-alkane homologues in the Middle Devonian to 
Early Carboniferous samples are generally very low (range of OEPn-C25 to OEPn-C32: ca. 0.8 to 
1.3; see Fig. 40; range of CPI: ca. 0.9 to 1.2; Fig. 42). Also in contrast to the 
Permocarboniferous and Late Permian cluster, but consistent with a lack in OEP, δ13C of the 
long-chained n-alkanes in the Middle Devonian to Early Carboniferous samples do not exhibit 
clearly expressed and systematic alternating patterns between odd- and even-numbered 
homologues (Fig. 49). Moreover, the δ13C-values of (i) phytane, (ii) short-chained n-alkanes 
(e.g. n-C19), and (iii) long-chained n-alkanes (n-C27, n-C29, n-C31) in the samples from the 



7 Discussion 149

Middle Devonian to Early Carboniferous time interval vary within the same ranges and are 
thus essentially identical (figures 58 and 59). In combination, these findings do not support a 
land plant origin of the long-chained n-alkanes in the Middle Devonian to Early 
Carboniferous samples. Rather, the good agreement between the carbon isotopic compositions 
of phytane, short-chained n-alkanes, and long-chained n-alkanes seems to imply a common 
origin for all of these compounds in the Middle Devonian to Early Carboniferous samples: 
phytoplankton and probably to some extent bacteria.  
The apparent lack of noteworthy quantities of land plant derived long-chained n-alkanes in the 
Middle Devonian to Early Carboniferous samples is presumably due to a combination of two 
reasons. (1) All of these samples were taken from sedimentary rock units of clearly marine 
nature, mostly deposited in distal positions relative to the paleo-shorelines of the respective 
basins (cf. chapter 5). The organic matter preserved in these sediments is thus expected to be 
largely of marine origin, with only minor or negligible amounts of terrestrial provenance. (2) 
The evolution of terrestrial vascular plants was still in its first stages during the Devonian. 
Land plants were thus not yet as abundant and widespread on the continents and substantial 
with regard to their biomass during the Devonian than in the Carboniferous and Permian 
periods (e.g. ALGEO et al. 1995, ALGEO & SCHECKLER 1998). This could represent an 
additional reason for a generally lower contribution of terrestrial plant matter to marine 
sediments in the Devonian time interval. It is however questionable, whether the latter reason 
alone represents a satisfactory explanation for the observed lack of noteworthy quantities of 
land plant derived n-alkanes in the Devonian and Early Carboniferous samples. No samples 
from more proximal positions relative to the paleo-shorelines of the basins were investigated 
in this study. Such samples could potentially contain higher amounts of terrestrial plant 
derived compounds, including long-chained n-alkanes with a more clearly pronounced 
predominance of odd-numbered homologues. Without analyses of such samples, the above 
described, second explanation can finally neither be verified nor discounted. Taking all results 
and considerations into account, it seems however quite plausible that the absence of land-
plant derived n-alkanes in the Devonian and Early Carboniferous samples is due to a 
combination of both explanations, with the first one (clear marine nature of the sampled 
sedimentary rocks) probably being more important.    
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7.2 Evolution of the photosynthetic carbon isotope fractionation (εp) during the Late 
Paleozoic  
 
A comparison of the overall Late Paleozoic dataset of marine phytoplankton εp of this study 
with the reported magnitudes of εp in modern oceans (see chapter 1.3 and Fig. 3) reveals two 
interesting observations:  
(1) The magnitudes of εp in the Devonian to Permian samples of this study range between 
approximately 18 and 24 ‰, with only two exceptions in the Devonian (14.5 ‰) (Fig. 67). In 
contrast, the vast majority of εp-magnitudes in today’s oceans fall into the range between 
about 10 and 16 ‰ (the entire range of εp in today’s oceans is however rather large and varies 
from circa 2 to 22 ‰; see chapter 1.3 and Fig. 3) (FRANCOIS et al. 1993, LAWS et al. 1995, 
BIDIGARE et al. 1997, PANCOST et al. 1997, PANCOST et al. 1999, EEK et al. 1999, POPP et al. 
1999a, POPP et al. 1999b, LAWS et al. 2001, BENTHIEN et al. 2002). Overall, the photosynthetic 
13C/12C-fractionation of marine phytoplankton was thus higher in the Late Paleozoic than 
today. In comparison to the present day situation, this observation most likely reflects the 
differing levels of CO2 and/or the differing compositions of the phytoplankton assemblages.  
(2) The magnitudes of εp during the Devonian to Permian, although mostly higher than 
presently, never exceeded the εp-maximum of eukaryotic phytoplankton, which varies 
between approximately 25 and 27‰ (Fig. 66, black filled circles) (e.g. GOERICKE et al. 1994, 
BIDIGARE et al. 1997, POPP et al. 1998, BURKHARDT et al. 1999, PAGANI et al. 1999, HAYES 
2001). This finding was expected and lends strong support to the general validity of this 
fractionation maximum, also in the Paleozoic era and thus in the older geologic past.  
It was possible to extend the Middle to Late Devonian εp-record of this study by determining 
thirty-six additional εp-data, according to the method described in chapter 4, by using (i) the 
δ13C-data of phytane from the studies of MURPHY (2000) and JOACHIMSKI et al. (2001) and 
(ii) δ13C-values of well-preserved brachiopod calcite shells from JOACHIMSKI et al. (2004) and 
VAN GELDERN et al. (2006). MURPHY (2000) reported carbon isotopic compositions of 
(largely) phytoplankton-derived phytane (n = 11) for three Middle Givetian to earliest 
Frasnian sedimentary rock units from the Appalachian Basin, sampled in cores from two 
locations in western New York State: (i) one gray mudstone sample from the uppermost part 
of the Windom Shale Member of the upper Moscow Formation (Middle Givetian, middle part 
of middle varcus zone), (ii) six black shale samples and one marlstone sample from the 
Geneseo Formation (latest Givetian, late disparilis zone to norrisi zone), and (iii) one black 
shale and two grey mudstone samples from the lowermost part of the Penn Yan Formation 
(earliest Frasnian, lower to (?) middle part of MN 1/earliest falsiovalis zone). 
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Fig. 66:  Middle Devonian to Late Permian record of the carbon isotopic fractionation (εp) of marine 

phytoplankton. The grey area marks the general, upper limit of phytoplanktonic εp, which falls into the 
narrow range between approximately 25 and 27 ‰. Black, filled circles = εp calculated from δ13CPh-data 
of this study (n = 54); unfilled boxes = εp calculated from δ13CPh-data of MURPHY (2000) (n = 11); 
unfilled circles = εp calculated from δ13CPh-data of JOACHIMSKI et al. (2001) (n = 25); see text for more 
information on the latter two datasets.   
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The study of JOACHIMSKI et al. (2001) provided carbon isotopic compositions of (largely) 
phytoplankton-derived phytane (n = 25) for a thermally immature, complete Late Frasnian to 
Early Famennian section from the Chêciny-Zbrza Basin (Holy Cross Mountains, Poland), 
composed of black marls with intercalated, fine-grained, biodetrital limestones (rock units H-
2, H-3, and H-4). The εp-data determined for the Middle Givetian to earliest Frasnian samples 
of MURPHY (2000) vary from about 17.5 to 20.5 ‰ and those for the Late Frasnian to Early 
Famennian samples of JOACHIMSKI et al. (2001) range between circa 18 to 21.5 ‰ (Fig. 66, 
unfilled boxes and circles, respectively). These εp-magnitudes fall into the same overall 
ranges as those determined for the Middle and Late Devonian samples of this study (Fig. 66, 
black, filled circles) and thereby fully corroborate the validity and plausibility of the latter.  
The compiled Late Paleozoic εp-record can be divided into a Middle Devonian to earliest 
Carboniferous (earliest Tournaisian) and an Early Carboniferous (Middle Tournaisian) to Late 
Permian part, respectively, based on the predominant εp-controlling factor(s) effective during 
these two time intervals. The εp-results for these two time intervals are thus discussed 
separately.  
 
7.2.1 Middle Devonian to earliest Carboniferous (earliest Tournaisian)  
 
Different paleo-pCO2-approaches, e.g. stomata index (i.e. leave stomatal density), carbon 
isotopic compositions of terrestrial carbonates, and numerical modelling, unanimously 
indicate that the concentration of CO2 in the ocean-atmosphere-system was very high 
throughout the entire Devonian period and constituted a multiple of the present day level. 
According to the studies of FRANCOIS et al. (1993), BERNER & KOTHAVALA (2001), CROWLEY 

& BERNER (2001), GODDÉRIS et al. (2001), and ROYER et al. (2004), the concentration of CO2 
in the ocean-atmosphere-system ranged between approximately 1500 and 4000 ppmV in the 
Early, Middle, and early Late Devonian (Fig. 67.c, dark line). In the course of the Late 
Devonian and Early Carboniferous, CO2-concentrations decreased markedly to values 
between about 600 to 1500 ppmV (Fig. 67.c, dark line). Despite significant uncertainties 
associated with these pCO2-estimates (Fig. 67.c, grey area enclosing the dark line), there is 
broad consensus in the geoscientific community about the general validity of this temporal 
pCO2-evolution. This assumption is supported by e.g. the complete absence of glacial ice 
during the Early, Middle and most of the Late Devonian. The first proven glaciation in the 
Devonian to Permian time interval was a rather short-termed event, which occurred in latest 
Famennian (latest Devonian) to earliest Tournaisian (earliest Carboniferous) times (e.g. 
ISAACSON & HLADIN 2003, STREEL et al. 2000, GARZANTI & SCIUNNACH 1997).   
In view of (i) the significant influence of the CO2-concentration on phytoplankton εp 
(pCO2 |  → εp | ; see chapters 1.2 and 1.3) and (ii) the above described, extraordinarily 
high pCO2-levels in the ocean-atmosphere-system during the Devonian, it was a logical 
working hypothesis at the beginning of this study to assume εp-values close to or at the 
maximum value (i.e. approximately 22 to 25-27‰) for all Devonian samples. Surprisingly 
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however, the magnitudes of εp of the Middle Devonian to earliest Carboniferous samples are 
only moderately high and vary between 14.5 and 21.8 ‰, thus remaining (well) below the 
expected range. This observation seems to imply that the high Devonian CO2-concentrations 
did not represent the dominant controlling factor for εp during Middle Devonian to earliest 
Carboniferous times and that instead one or several other factors were determining. The 
following discussion will develop a reasonable explanation for the discrepancy between the 
measured and expected εp-magnitudes.  
The Middle Devonian to earliest Carboniferous samples, for which εp-values were 
determined, comprise different lithologies: (i) silty or marly, black or grey claystones and (ii) 
black or grey carbonates (see chapter 5, table 5). These sedimentary rocks thus represent 
different paleoenvironmental and depositional conditions: anoxic to (seasonally) euxinic, 
dysoxic to oxic. These differing lithologies and depositional environments may well have 
been associated with differing bioproductivities and thus growth rates (µ) of the primary 
producers. In accordance with the productivity model for organic matter (OM) preservation, 
this scenario would most likely imply deposition of the black and OM-rich sediments in 
nutrient-rich (eutrophic) areas with high primary production rates, anoxic sediments, and 
possibly oxygen-depleted or anoxic bottom waters, e.g. in upwelling zones (e.g. CALVERT 

1987, PEDERSEN & CALVERT 1990, CALVERT & PEDERSEN 1992). The grey and OM-leaner 
sediments, on the other hand, would then be interpreted to be derived from oligo- to 
mesotrophic depositional settings, which were characterized by lower bioproductivities and 
growth rates and by dysoxic to oxic conditions. If this scenario were applicable to the Middle 
Devonian to earliest Carboniferous samples of this study, the magnitudes of εp of the OM-
rich, black lithologies on the one hand and of the OM-leaner, grey lithologies on the other 
hand should fall into two noticeably different ranges due to the significant influence of cell-
specific phytoplankton growth rates (µ) on phytoplankton εp (µ |  → εp | ): εp-values of the 
OM-rich, black sediments associated with high phytoplankton growth rates should then be 
noticeably lower (µ  → εp ) than those of the OM-lean, grey sediments with low(er) growth 
rates (µ  → εp ).  
It should be possible to test the applicability of this scenario for the samples of this study by 
comparing the εp-magnitudes of marine sediments, which were deposited in the same time 
slice, but at paleogeographically different locations, and which represent differing 
depositional environments (and thus lithologies). With regard to the sample material of this 
study, two time windows are particularly suitable for such a test: the Late Frasnian (late 
rhenana zone) and the Early Famennian (late triangularis zone). For each of these two time 
windows, εp-values for sedimentary rock units from three paleogeographically distinct 
settings were determined: (i) Büdesheim Formation and Neu-Oos Formation: light- to dark-
grey, marly shales from the epicontinental sea of the Rhenohercynian oceanic basin 
(Germany), i.e. oxic to dysoxic depositional conditions (this study), (ii) Hanover Shale and 
Dunkirk Shale: black shales from the Appalachian Basin (U.S.A.), i.e. anoxic to (seasonally) 
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euxinic conditions (this study), and (iii) rock units H-2 and H-4: intercalated grey, fine-
grained, biodetrital limestones and black marls from the Chêciny-Zbrza Basin (Poland), i.e. 
anoxic to euxinic conditions (JOACHIMSKI et al. 2001). The ranges of εp for these Late 
Frasnian and Early Famennian sediments are remarkably narrow and consistent in the three 
depositional settings, despite the large distances that lay between these locations in the Late 
Devonian and despite differing lithologies and environmental and depositional conditions. In 
the Late Frasnian (late rhenana zone), the values of εp for all three locations vary between 
18.3 and 20.8 ‰ (with one exception: 14.5 ‰, see discussion below and figures 66 and 67.b) 
and hence exhibit a range of 2.5 ‰. In the Early Famennian (late triangularis zone), the 
magnitudes of εp for all three locations vary between 18.8 and 20.9 ‰ (figures 66 and 67.b) 
i.e. within a range of 2.1 ‰. These εp-ranges are thus almost identical and the magnitudes of 
εp for these paleogeographically and paleoenvironmentally rather differing samples of Late 
Frasnian and Early Famennian age prove to be (largely) independent of the respective 
lithofacies and hence conditions during OM-biosynthesis, -preservation, and -deposition.  
The results and conclusions of OSTERTAG-HENNING & BUGGISCH (2001), who collaboratively 
used the Devonian to Permian samples of the here presented and further Late Paleozoic 
sedimentary rock units (total number of samples = 212) for their investigations of the nitrogen 
isotopic compositions (δ15N) of Late Paleozoic sedimentary rocks, contribute crucial 
information for the interpretation of the above described uniformity in εp among the Late 
Frasnian and Early Famennian samples. The nitrogen content of sedimentary rocks is widely 
accepted to be mostly derived from organically-bound nitrogen, i.e. from nitrogen bound in 
kerogen and biomarkers (e.g. porphyrins, chlorines, amino acids, etc.). Nitrogen isotopic 
analyses of bulk samples should thus largely reflect the nitrogen isotopic composition of the 
preserved organic matter. According to the results of OSTERTAG-HENNING & BUGGISCH 

(2001), the Middle Devonian to earliest Carboniferous samples (comprising the entire sample 
set investigated in this dissertation [see chapter 5 and Table 5] and further time-equivalent 
sedimentary rocks) unanimously exhibit strikingly low δ15N-values between approximately -2 
and +3 ‰, independent of the various investigated lithologies. In contrast, the δ15N-values of 
the Late Carboniferous and Permian samples are notably higher and range between +5 and 
+15 ‰. Recently, OSTERTAG-HENNING & SUCHI (personal communication) were able to 
confirm the low δ15N-values of around 0 ‰ during the Devonian to earliest Carboniferous 
interval and the shift towards significantly heavier δ15N-values in the Carboniferous and 
Permian periods by nitrogen isotope analyses of the porphyrin fractions of selected samples. 
Nitrogen isotopic compositions around 0 ‰ in modern marine sediments and in sedimentary 
rocks are thought to represent a good indicator for the significant occurrence of microbial 
fixation of atmospheric N2 (δ15Natm = 0 ‰) (e.g. CARPENTER et al. 1997, CAPONE et al. 1997, 
MULHOLLAND & CAPONE 2000, MONTOYA et al. 2002, MCCLELLAND et al. 2003, KUYPERS 
2001, KUYPERS et al. 2004). The marine N2-fixing organisms consist of photoautotrophic and 
heterotrophic bacteria. The photoautotrophic, i.e. phytoplanktonic, N2-fixers are represented 
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by a number of cyanobacteria (and several anaerobic sulfur bacteria), which are capable of 
N2-fixation under the conditions of a limited availability of nitrate as an essential nutrient. 
This capability is commonly referred to as diazotrophy. In many tropical and subtropical parts 
of the present day Atlantic Ocean, Pacific Ocean, Indian Ocean, and Caribbean Sea, which are 
characterized by low concentrations of dissolved nitrate, N2-fixing cyanobacteria represent a 
significant fraction of the phytoplankton communities (e.g. CARPENTER et al. 2004, CAPONE et 
al. 1997). There, the nitrogen isotopic composition of the biomass of diazotrophic 
cyanobacteria and particulate organic nitrogen (PON) is very close to that of atmospheric N2 
(0 ‰) and shows characteristic values between circa -2 and +1 ‰ (e.g. CARPENTER et al. 
1997, CAPONE et al. 1997, MINAGAWA & WADA 1986, MACKO et al. 1984). This δ15N-range is 
essentially identical to that found in the Middle Devonian to earliest Carboniferous samples 
by OSTERTAG-HENNING & BUGGISCH (2001). Based on the above mentioned nitrogen isotopic 
results, organic geochemical information, and considerations of the nitrogen cycling in 
present and ancient marine settings, OSTERTAG-HENNING & BUGGISCH (2001) came to the 
intriguing conclusion that the Middle Devonian to earliest Carboniferous phytoplankton 
communities were apparently composed to a significant extent of N2-fixing (diazotrophic) 
cyanobacteria. In a similar manner, KUYPERS (2001) and KUYPERS et al. (2004) demonstrated 
that N2-fixing cyanobacteria represented a major fraction of the primary producers in the 
black shales of the Early Aptian and Late Cenomanian (Cretaceous) oceanic anoxic events 
(OAE1a, OAE2).  
A predominance of diazotrophic cyanobacteria among the Middle Devonian to earliest 
Carboniferous phytoplankton communities, as implied by the results of OSTERTAG-HENNING 

& BUGGISCH (2001), suggests that the oceanic surface waters during this time interval were 
throughout characterized by nitrogen-limited conditions. As a result, non-diazotrophic 
primary producers, which most likely represented only a minor portion of the total primary 
biomass, can be assumed to have exhibited low cell-specific growth rates (µ). These non-
diazotrophic primary producers presumably consisted primarily of non-diazotrophic 
cyanobacteria, green (micro)algae, dinoflagellates, and - in the presence of photic zone anoxia 
- also of photosynthetic anaerobic bacteria, such as green and purple sulfur bacteria. It is well 
conceivable that further (micro)algal groups, even so far unidentified and extinct groups, have 
contributed to a more or less significant extent to the Paleozoic phytoplankton communities. 
However, based on our current knowledge of Paleozoic phytoplankton, unequivocal evidence 
only exists for the above discussed groups.  
A predominance of diazotrophic cyanobacteria among the Middle Devonian to earliest 
Carboniferous phytoplankton communities is consistent with the magnitudes of εp determined 
for the samples of this time interval. The latter fall exactly into the range of the kinetic 
13C/12C-fractionation magnitudes (i.e. ε2 in the conceptual fractionation scheme in Fig. 2, 
chapter 1.3) of cyanobacterial RubisCO enzymes (form Ia and Ib), which range from 
approximately 17 to 22 ‰ (see chapter 1.3 for a detailed explanation and references). As the 
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magnitude of the photosynthetic carbon isotope fractionation can generally not exceed the 
magnitude of the kinetic fractionation factor ε2 of the respective primary producer (εp ≤ ε2), 
the 17-22 ‰ range for cyanobacterial ε2 thus corresponds to the εp-maximum of 
cyanobacteria. As explained in chapter 1.3, the εp-maximum of cyanobacteria is therefore 
significantly lower (by several permil units) than that of almost all algae (25 to 27 ‰), with 
the notable exception of peridinin-containing dinoflagellates, which utilize RubisCO form II 
(ε2 = ~ 18 to 23 ‰) and whose εp-maximum is almost identical to that of cyanobacteria. In 
combination, the findings of this study and of OSTERTAG-HENNING & BUGGISCH (2001) 
strongly imply that the Middle Devonian to earliest Carboniferous εp-values largely represent 
a cyanobacterial signal and that in nearly all samples (except for the two above mentioned 
samples with εp = 14.5 ‰, see explanation below), the photosynthetic carbon isotope 

fractionation always attained magnitudes that lay within the εp-maximum of cyanobacteria. 
The contribution of other, non-diazotrophic taxonomic groups of primary producers, e.g. 
dinoflagellates and green algae, to the Middle Devonian to earliest Carboniferous 
phytoplankton communities and their impact on εp was most likely relatively small, since the 
strikingly low δ15N-values between -2 and +3 ‰ found in all Middle Devonian to earliest 
Carboniferous samples (OSTERTAG-HENNING & BUGGISCH 2001) represent a clear signal for 
diazotrophy. Such a minor contribution of non-diazotrophic algal primary producers (e.g. 
green algae) was then only able to modify the cyanobacterial εp-signal by a small amount. 
This conclusion is consistent with the finding that all Middle Devonian to earliest 
Carboniferous εp-values remain well within the range of the cyanobacterial εp-maximum. 
Besides, a potential contribution of peridinin-containing dinoflagellates to the phytoplankton 
associations of the Middle Devonian to earliest Carboniferous would not have entailed a 
significant alteration of the observed, cyanobacteria-dominated εp-values, since this group of 
dinoflagellates utilizes a form II RubisCO, whose range of kinetic carbon isotope 
fractionation (ε2 = ~ 18 to 23 ‰) is virtually identical to that of cyanobacteria (ε2 = ~ 17 to 22 
‰). It should be noted that a contribution of peredinin-containing dinoflagellates (which 
represent an important share of the dinoflagellates in the modern oceans) is so far only a 
hypothetical possibility, as their existence in the Paleozoic is not (yet) proven. However, the 
presence of dinoflagellates in general since at least the Early Cambrian was demonstrated by 
the occurrence of the diagnostic steroid biomarkers 4α-methyl-24-ethylcholestane and 
dinosterane in palynomorphs (acritarchs) extracted from sedimentary rocks of this age (e.g. 
MOLDOWAN & TALYZINA 1998). It is therefore well conceivable that species of the group of 
peridinin-containing dinoflagellates also existed already during the Paleozoic era and were 
present in Devonian to Permian phytoplankton communities. 
The cell-specific growth rate (µ), which represents a potentially significant controlling 
parameter for the photosynthetic carbon isotope fractionation, was apparently not the primary 
control for the magnitudes of Middle Devonian to earliest Carboniferous εp. Rather the extra- 
and intracellular availability of CO2 for photosynthesis was presumably always sufficiently 
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high, so that the magnitudes of εp were independent of the rates of CO2-fixation and cell 
growth (µ). This was presumably due to the combination of the following two main reasons: 
(1) The large cell surface area (S) of cyanobacterial cells compared to their cell volume (V), 
i.e. their low V/S-ratio (e.g. Popp et al. 1997: Synechococcus sp.: V = 1,0 µm3, S = 5,8 µm2), 
represents an auspicious cell geometry as it facilitates a rather efficient diffusional supply of 
ambient, dissolved CO2 into the entire cell. (2) The concentration of CO2 in the ocean-
atmosphere-system was very high throughout the entire (Middle) Devonian to earliest 
Carboniferous time interval, even though pCO2 began to drop significantly in the course of 
the Late Devonian. Moreover, the combined effects of these two factors were probably able to 
easily compensate the rather low CO2/O2-substrate specifity (Ω) of cyanobacterial RubisCOs 
(see chapter 1.3 and table 1) and enabled cyanobacteria to maintain maximal εp-magnitudes 
throughout the entire Middle Devonian to earliest Carboniferous time interval, independent of 
potentially existing temporal and/or spatial differences and changes in µ of the dominating 
diazotrophic cyanobacteria and/or the non-diazotrophic, nitrogen-limited primary producers.  
The cyanobacteria-dominated Middle Devonian to earliest Carboniferous εp-values, which lie 
within the known range of kinetic 13C/12C-fractionation factors of cyanobacterial RubisCO-
enzymes, definitely speak against the occurrence of active DIC-uptake and the utilization of 
CCMs and instead strongly indicate passive CO2-uptake. This conclusion is entirely 
consistent with the following two arguments: (1) The high levels of pCO2 throughout the 
(Middle) Devonian to earliest Carboniferous time interval (see chapter 1.1 and figures 1.b and 
67.c) suggest that the intracellular CO2-concentrations were always sufficiently high to 
(largely) satisfy the inorganic carbon demand, even in the presence of elevated growth rates. 
(2) RAVEN 1997a, BADGER et al. 2002, and BADGER & PRICE 2003 postulated that the ability 
of active DIC-uptake was first and independently developed by both cyanobacteria and algae 
sometime during the Carboniferous to Permian (see chapter 1.3), when the concentration and 
availability of CO2 in the ocean-atmosphere-system for the first time in Earth’s history 
reached exceptionally low levels. Therefore, it seems highly unlikely that Devonian 
phytoplankton already possessed the ability to actively take up DIC and utilize CCMs. Rather 
passive uptake of dissolved CO2 was likely the sole mode of DIC-acquisition at least until 
latest Devonian to earliest Carboniferous times.    
Finally, the dataset of this study includes two εp-values, whose magnitudes of 14.5 ‰ are 
noticeably lower than all other values of the dataset (also lower than the εp-values calculated 
from the results of MURPHY 2000 and JOACHIMSKI et al. 2001; see chapter 7.2). These two εp-
values, which were determined for one of the five samples of the Late Eifelian Lower Keg 
River Member (sample E43054) and for the one sample of the Late Frasnian Hanover Shale 
(sample NY 11) require a discussion of their own. The magnitudes of εp of these two samples 
are only intermediately large, not only in comparison to those of all other samples of this 
study, but also with regard to the ranges of the kinetic 13C/12C-fractionations (ε2) of both 
cyanobacterial and algal RubisCOs (~ 17 - 22 ‰ and ~ 25 - 27 ‰, respectively). This finding 
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indicates that one, several or even all taxonomic groups of the phytoplankton associations 
represented by these two samples experienced a lower availability of intracellular CO2 
compared to the remainder of the samples. This situation could have been caused by the 
following two scenarios:  
 

(1)  One, several or all taxonomic groups of the phytoplankton communities exhibited a 
(noticeably) higher cell-specific growth rate (µ). An elevated growth rate is commonly 
the result of an increased availability of nutrients, such as P, N, Fe, etc., and/or the 
presence of optimal light conditions (quantitatively and qualitatively), and/or a 
decrease in competing primary producers.  

 
(2)  The taxonomic composition of the phytoplankton associations was different and 

comprised one group or several groups with (i) a higher V/S-ratio and thus less 
favourable cell geometry in terms of diffusional CO2-supply to the intracellular space, 
and/or (ii) a lower permeability of the cell membrane, and/or (iii) a lower CO2/O2-
substrate specifity (Ω) of the utilized RubisCO enzyme(s).  

 
Regardless of the underlying cause(s), a lower availability of intracellular CO2 always results 
in an increased use of the isotopically heavy 13CO2-molecule for the RubisCO-driven fixation 
reaction, which results in a decreased magnitude of εp.  
The existence of phytoplankton associations in samples E43054 and NY 11, whose taxonomic 
compositions were different from those of the remaining Middle Devonian to earliest 
Carboniferous samples (above scenario 2), can not be deduced from the available data. 
Rather, both samples show the same low, diazotrophy-like nitrogen isotopic compositions of 
around 0 ‰ as all other samples. As discussed already for the bulk of the sample set of this 
study, this indicates that in the two samples (i) the phytoplankton communities were also 
dominated by diazotrophic cyanobacteria, (ii) other groups of primary producers (e.g. green 
algae, dinoflagellates) also represented only minorities, and (iii) the values of εp also largely 
represents a cyanobacterial signal. The possibility of a post-depositional alteration of the 
geochemical (inorganic and organic) and/or isotopic parameters specifically of these two 
samples through thermal maturation can be excluded. The results of the biomarker maturity 
parameters (see chapter 6.2.3.2) clearly demonstrate that all samples investigated in this study 
are either thermally immature or, at most, have reached the threshold to the oil window. 
Therefore, the comparatively low εp-values and the diazotrophy-like nitrogen isotopic 
compositions, as well as all other geochemical parameters, of samples E43054 and NY 11 
have to be regarded as original. In view of these findings and considerations, the first scenario 
described above seems to represent the most likely explanation for the striking εp-values in 
these two samples. According to this scenario, the cell-specific growth rates of the N2-fixing 
cyanobacteria, which presumably also dominated the phytoplankton communities of these 
samples, were noticeably enhanced compared to the other Middle Devonian to earliest 
Carboniferous samples. A larger availability of nitrate in the depositional environments 
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represented by samples E43054 and NY 11 can not be invoked to explain the suggested larger 
growth rates, since this had most likely resulted in phytoplankton associations with a much 
larger proportion of non-diazotrophic and algal primary producers in these samples. However, 
the nitrogen isotopic results for samples E43054 and NY 11 are entirely consistent with a 
predominance of diazotrophic cyanobacteria. It is however possible that the nitrogen-limited 
depositional environments of samples E43054 and NY 11 were characterized by larger 
availabilities of other nutrients like e.g. phosphate and/or dissolved Fe, compared to those of 
the remaining Middle Devonian to earliest Carboniferous samples. This could have facilitated 
elevated growth rates among the dominating diazotrophic cyanobacteria without being 
beneficial for the remainder of the primary producers, which were non-diazotrophic and thus 
remained nitrogen-limited. Theoretically, it is even conceivable that the proposed elevated 
growth rates of the N2-fixing cyanobacteria in samples E43054 and NY 11 were due to the 
availability of a higher quantity and/or quality of light within the surface waters. This could 
have been the result of e.g. lower amounts of suspended particles (inorganic and organic) 
within the photic zone and/or a more shallow depth of the zone of cyanobacterial growth.  
Unfortunately, these latter explanations remain hypothetical, since they cannot be 
substantiated by data. However, if the timing for the development of CCMs among 
cyanobacteria and algae sometime during the Carboniferous or Permian, as postulated by 
RAVEN (1997a), BADGER et al. (2002), and BADGER & PRICE (2003), is accepted, the 
comparatively low εp-magnitudes of 14.5 ‰ for samples E43054 and NY 11 were not caused 
by the contribution of active DIC-uptake mechanisms to the carbon acquisition of the 
involved primary producers. In principle, such intermediate εp-magnitudes are thoroughly 
consistent with primary producers that have to rely on passive (i.e. diffusive) CO2-uptake, but 
that experience a mild to moderate CO2-limitation, e.g. due to a higher cell-specific growth 
rate, an unfavourable cell geometry, a reduced cell membrane permeability, and/or a low 
CO2-affinity (Ω) of their RubisCO enzymes. In view of the lower kinetic carbon isotope 
fractionation factors (ε2) of cyanobacterial RubisCOs (17 - 22 ‰), cyanobacterial εp-values of 
14.5 ‰ should actually only represent a small to moderately expressed CO2-limitation. This 
can be demonstrated by applying the equation of the conceptual fractionation model of 
BURKHARDT et al. (1999) (see chapter 1.3) to these parameters (i.e. εp = 14.5 ‰, ε1 = 0.7 ‰, 
minimal ε2 = 17 ‰, maximal ε2 = 22 ‰): 
 

εp = a (ε3 + ε4) + (1 - a) ε1 + (ε2 – ε-1) (F-1 / F1 + F4), 
 
If DIC-acquisition is achieved solely by passive (i.e. diffusive) CO2-uptake, this equation can 
be simplified as follows (see chapter 1.3):  
 

εp = ε1 + (ε2 – ε-1) (F-1 / F1).   
 
F-1 is the fraction of intracellular CO2 that is lost again from the cell by diffusive leakage. F1 is 
the fraction of ambient CO2 that enters the cell, in this case through passive/diffusive uptake. 
The difference between F1 and F-1 thus represents the fraction of intracellular CO2 that is used 
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for the RubisCO-driven carbon fixation (F2). The ratio F-1 / F1, which therefore is a measure 
of the extent of the CO2-limitation and the demand for intracellular CO2 of a primary 
producer, can be determined after the following rearrangement of the above given equation of 
BURKHARDT et al. (1999): 
 

εp  =  ε1 + (ε2 – ε-1) (F-1 / F1)   | - ε1

               εp - ε1  =  (ε2 – ε-1) (F-1 / F1)  | : (ε2 – ε-1) 
          (εp - ε1) / (ε2 – ε-1)  =  (F-1 / F1)  

 (F-1 / F1)  =  εp / ε2 . 
 

This equation can be employed to assess the degree of CO2-limitation that was experienced by 
the phytoplankton communities of samples E43054 and NY 11 and whether factors other than 
the ambient CO2-concentration, e.g. growth rate (µ), cell geometry (V/S), cell membrane 
permeability, and/or RubisCO CO2-affinity (Ω), had a significant influence on the magnitude 
of εp. Due to the existence of a range for the kinetic carbon isotope fractionation of 
cyanobacterial RubisCOs (ε2 cyano) from approximately 17 to 22 ‰, the following two 
calculations are necessary to determine the thereof resulting range of F-1 / F1:  
 
Calculation 1: ε1 = 0.7 ‰, ε2 cyano = minimum = 17 ‰, and εp = 14.5 ‰ 
 

   (F-1 / F1) = 14.5 ‰ / 17 ‰   
   (F-1 / F1) = 0.85 . 

 
According to this calculation, 85 % of the passively uptaken, intracellular CO2 is lost again 
from the cell and only the remaining 15 % are converted into primary biomass by the 
RubisCO-driven fixation reaction. This is definitely not representative of CO2-limited 
conditions for the primary producer. The induction of active DIC-uptake mechanisms and 
CCMs (which always demands a notable metabolic cost from the primary producer) is 
unlikely here, even if the primary producer posses the ability to do so. In the situation 
described by calculation 1, the primary producer is well able to satisfy its CO2-demand by 
pure passive/diffusive CO2-uptake and the influence of factors, such as growth rate (µ), cell 
geometry (V/S), cell membrane permeability, and/or RubisCO CO2-affinity (Ω), on the 
magnitude of εp is very small. Here, the sum of these factors was only able to result in an εp-
value 2.5 ‰ lower than the applied kinetic 13C/12C-fractiotion factor, i.e. εp-maximum (here 
17 ‰). Hence in this case, the concentration of CO2 clearly represented the primary 
controlling factor for the magnitude of εp. 
 
Calculation 2: ε1 = 0.7 ‰, ε2 cyano = maximum = 22 ‰, and εp = 14.5 ‰: 
 

   (F-1 / F1) = 14.5 ‰ / 22 ‰ 
   (F-1 / F1) = 0.66 . 

 
In this scenario, 66 % of the passively uptaken, intracellular CO2 is lost again from the cell 
and 34 % are used for the production of primary biomass by the RubisCO-driven fixation 
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reaction. Even in this scenario, the respective primary producer only experiences a very 
moderately expressed CO2-limitation. Therefore, a primary producer that is not able to induce 
active DIC-uptake and CCMs would still be able to satisfy its CO2-demand solely by 
passive/diffusive CO2-uptake without running into a severe CO2-limitation. However, the 
organism would be forced to utilize an elevated proportion of isotopically heavy CO2 (i.e. 
13CO2) for photosynthesis, compared to the situation described by calculation 1. Hence in this 
case, the influence of factors, such as growth rate (µ), cell geometry (V/S), cell membrane 
permeability, and/or RubisCO CO2-affinity (Ω), on the magnitude of εp would be more 
pronounced but still of moderate extent. The integrated effect of these factors entailed an εp-
value 7.5 ‰ lower than the applied kinetic 13C/12C-fractiotion factor, i.e. εp-maximum (here 
22 ‰). In the situation described by calculation 2, the magnitude of εp was thus controlled by 
a combination of the CO2 concentration and one or several additional factors.  
With regard to samples E43054 and NY 11 and in comparison to all remaining samples of the 
sample set of this study, the results of the above given calculations suggest that (i) the 
presumably cyanobacterially dominated phytoplankton communities did not experience a 
strong CO2-limitation, (ii) the concentrations of CO2 represented at least an important, if not 
the primary, controlling factor for the magnitudes of εp, and (iii) factors other than CO2-
concentration (e.g. growth rate, cell geometry, cell membrane permeability, RubisCO CO2-
affinity) exerted an additional, but only minor to moderate, i.e. secondary, influence on the 
magnitudes of εp. Moreover, εp-magnitudes of 14.5 ‰ in cyanobacterially dominated 
Devonian phytoplankton associations do not necessarily imply the utilization of active modes 
of carbon-acquisition and can hence not be taken as evidence for a pre-Carboniferous 
evolution of active DIC-uptake mechanisms and CCMs. The results of this study thus do not 
contradict the implications of the studies of RAVEN (1997a), BADGER et al. (2002), and 
BADGER & PRICE (2003), which suggest a Carboniferous or Permian timing for the evolution 
of these mechanisms, driven by the particularly low CO2-concentrations in the ocean-
atmosphere-system during this time interval. However, a more comprehensive interpretation 
of the εp-values of samples E43054 and NY 11 can not be offered, as the knowledge about the 
exact taxonomic compositions of their phytoplankton associations and the environmental and 
ecological conditions in their depositional settings is incomplete.  
In conclusion, the previous discussion was able to develop an explanation for the observed 
discrepancy between the measured and the expected εp-magnitudes for the Middle Devonian 
to earliest Carboniferous samples. At the beginning of this study, it seemed to be fair to 
assume that the high Devonian to earliest Carboniferous CO2-concentrations in the ocean-
atmosphere-system had entailed εp-magnitudes close to or at the εp-maximum of algae (25-
27‰). The detection of only moderately high εp-values between 17.9 and 21.8 ‰ (and two 
even lower values of 14.5‰) throughout the entire sample set of this time interval was 
therefore rather surprising and seemed to question an important aspect of the working 
hypothesis of this study (see chapter 1). It was however striking to note that all Devonian to 
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earliest Carboniferous εp-values (including those determined from the data of MURPHY 2000 
and JOACHIMSKI et al. 2001) fall exactly into the known range of the kinetic carbon isotope 
fractionation of cyanobacterial RubisCO enzymes (~ 17-22 ‰) and thus into the range of the 
cyanobacterial εp-maximum. This observation therefore led to the hypothesis that a significant 
proportion of the Middle Devonian to earliest Carboniferous phytoplankton communities 
consisted of cyanobacteria and that the magnitudes of εp of the samples of this time interval 
hence represent a largely cyanobacterial signal. The intriguing results of the bulk nitrogen 
isotopic analyses of the entire Devonian to Permian sample set by OSTERTAG-HENNING & 

BUGGISCH (2001) and of porphyrin fractions of selected samples (OSTERTAG-HENNING & 

SUCHI, pers. comm.) support this hypothesis by providing strong evidence for a predominance 
of diazotrophic cyanobacteria in the Devonian to earliest Carboniferous phytoplankton 
communities. According to the postulations of RAVEN (1997a), BADGER et al. (2002), and 
BADGER & PRICE (2003), Devonian to earliest Carboniferous cyanobacteria (and algae) were 
not yet able to actively acquire and concentrate DIC for photosynthesis. Besides, 
photosynthetic carbon isotope fractionations close to or at the εp-maximum, such as the 
cyanobacterially dominated εp-values of the Devonian to earliest Carboniferous samples, are 
inconsistent with active DIC uptake mechanisms and CCMs. The utilization of such 
mechanisms is principally accompanied by decreased or even minimal εp-magnitudes, as (i) 
the majority or even all of the actively uptaken DIC is utilized for the RubisCO-driven 
generation of primary biomass, (ii) leakage of intracellular CO2 back to the external 
environment is minimized or even eliminated, and (iii) the carbon isotope fractionation 
between substrate (CO2aq and/or HCO3

-) and primary biomass is noticeably reduced or even 
approaches zero. The maximal εp-values of the Devonian to earliest Carboniferous samples 
can then only be the result of very high concentrations of ambient CO2, possibly accompanied 
by low or moderate growth rates (µ), favourable cell geometries (i.e. small V/S-ratio), and/or 
high cell membrane permeabilities. After all, these considerations show that actually the very 
high Devonian to earliest Carboniferous concentrations of CO2 in the ocean-atmosphere-
system are directly reflected in the magnitudes of εp of this time period and that the 
concentration of CO2 did represented the primary control for the photosynthetic carbon 
isotope fractionation of Devonian to earliest Carboniferous phytoplankton (with the possible 
exception of samples E43054 and NY 11; εp = 14.5 ‰). These conclusions eventually also 
lead to a rehabilitation of the main aspect of the initial working hypothesis of this study, 
according to which the magnitudes of Devonian to earliest Carboniferous εp should be close 
to or at the εp-maximum due to the very high pCO2-levels of this time interval. Yet, one 
aspect of this working hypothesis proved to be incorrect: the Middle Devonian to earliest 
Carboniferous phytoplankton communities were not dominated by algae (i.e. eukaryotes), as 
initially assumed, but by (diazotrophic) cyanobacteria (i.e. prokaryotes), whose RubisCO-
enzymes have significantly smaller kinetic 13C/12C-fractionation factors and thus a much 
lower εp-maximum.  
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Fig. 67:  Illustration of (a) the occurrences and relative intensities of continental glaciation (compiled after 

FRAKES et al. 1992, GARZANTI & SCIUNNACH 1997, STREEL et al. 2000, ISAACSON & HLADIN 2003), (b) 
the record of the photosynthetic carbon isotope fractionation (εp) of marine phytoplankton (this study 
[black, filled circles; n = 54], MURPHY 2000 [unfilled, white boxes;  n = 11], JOACHIMSKI et al. 2001 
[unfilled, white circles; n = 25]), and (c) the development of pCO2 (from Geocarb III, BERNER & 

KOTHAVALA 2002; the grey-shaded area indicates the model’s uncertainty range) during the Middle 
Devonian to Late Permian time interval and the striking temporal correlation of the evolutions of these 
parameters among each other. Note that the moderate, positive pCO2-excursion during the latest 
Moskovian to earliest Asselian time interval, tentatively indicated in (c) by a grey, dashed line with 
question mark, is not part of the Geocarb III model of BERNER & KOTHAVALA (2002) but suggested by 
the results of this study and discussed in chapter 7.2.2. 
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7.2.2 Early Carboniferous (Middle Tournaisian) to Late Permian 
 
According to the Geocarb III model of BERNER & KOTHAVALA (2001), the significant 
decrease in pCO2 of the ocean-atmosphere-system since the Late Devonian and during the 
Early Carboniferous eventually led to very low CO2-concentrations of about 300 to 400 ppmV 
during the entire late Early Carboniferous (Late Viséan) to late Early Permian (Artinskian) 
time interval. Commencing in the latest Early Permian, CO2-concentrations increased again 
markedly towards values between at least 1000 and 2000 ppmV during the Late Permian 

(BERNER & KOTHAVALA 2001). This pCO2-development is illustrated in Fig. 67.c (solid line 
and shaded area). The late Early Carboniferous to late Early Permian pCO2-minimum was 
accompanied by the Permo-Carboniferous glaciation of vast areas of Gondwana, i.e. by an 
icehouse time, which began sometime in the Viséan (middle Early Carboniferous), ended 
during the Guadelupian (early Late Permian), and thus lasted approximately 80 Ma.   
The evolution of pCO2 during the Carboniferous and Permian, as indicated by the Geocarb III 
model of BERNER & KOTHAVALA (2001), lead to the working hypothesis that the profound 
changes in the CO2-concentration of the ocean-atmosphere-system and the accompanying 
shifts between climatic greenhouse and icehouse times during this time interval have 
significantly influenced the Carboniferous to Permian evolution of εp of marine 
phytoplankton. According to this working hypothesis, Early Carboniferous to Late Permian εp 
was primarily driven by pCO2 and is expected (i) to have decreased noticeably until about the 
middle part of the Carboniferous, (ii) to have been only moderately high (similar to the vast 
majority of modern marine εp, see chapter 1.3) during the Late Carboniferous and Early 
Permian (i.e. the Permocarboniferous glaciation), and (iii) to have increased again 
significantly since the Middle Permian.  
A comparison of the Early Carboniferous (Middle Tournaisian) to Late Permian εp-dataset of 
this study with the above described expected temporal evolution, however, reveals only 
partial agreement. As expected, the magnitudes of εp were in deed very high (around 23 ‰; 
see chapter 6.5) and thus close to the εp-maximum of algae (~ 25 to 27 ‰) in the Early 
Carboniferous (Middle to Late Tournaisian) and in the Late Permian (Wordian to Capitanian), 
i.e. before and after the Permocarboniferous glaciation, when pCO2 was still or again rather 
high. Besides, the magnitudes of εp were actually noticeably lower at least in parts of the Late 
Carboniferous and Early Permian, i.e. during certain intervals of the Permocarboniferous 
glaciation, when pCO2 was very low. Remarkably and surprisingly however, the 
Carboniferous to Permian εp-record exhibits a positive excursion, which ranges from the latest 
Moskovian (Late Carboniferous) to the middle Asselian (earliest Permian) and hence crosses 
the Carboniferous-Permian-boundary. It commences with εp-values between 18.5 and 19.9 ‰ 
in the latest Moskovian, rises to magnitudes between 22.0 and 23.7 ‰ until the earliest 
Gzhelian, and decreases back to a value of 19.6 ‰ in the middle Asselian. On average, the 
amplitude of this εp-excursion is about 4 ‰ and thus significant. The earliest Gzhelian εp-
magnitudes of 22.0 to 23.7 ‰, which seem to represent the approximate vertex of the 
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excursion, again lie in close proximity to the algal εp-maximum of 25 to 27 ‰, as do the Early 
Carboniferous and Late Permian εp-values.  
FRAKES et al. (1992) compiled a record of the frequency of glacial and ice-rafted deposits 
over the entire period of the Permocarboniferous glaciation, which provides crucial 
information for the understanding and interpretation of the above described latest Moskovian 
to middle Asselian εp-excursion. The frequency of glacial and ice-rafted deposits and its 
change through time represents a semi-quantitative measure for the intensity of a glaciation 
and its temporal variations. The record of glacial and ice-rafted deposits of FRAKES et al. 
(1992) shows that the intensity of the glaciation during the Permocarboniferous icehouse time 
has undergone major changes and that in fact two glaciation maxima existed, which occurred 
during the middle part of the Late Carboniferous (Bashkirian and Moskovian) and the early 
and middle part of the Early Permian (Late Asselian and Sakmarian), respectively. The 
occurrence of an approximately 50 % decrease in the frequency of glacial and ice-rafted 
deposits during the Kasimovian and Gzhelian reveals that the two glaciation maxima were 
separated from each other by an intermittent stage of markedly decreased glaciation during 
the latest part of the Late Carboniferous. This bimodal pattern of the Permocarboniferous 
glaciation is illustrated in Fig. 67.a. A comparison of the Late Carboniferous to Early Permian 
εp-data with the compilation of FRAKES et al. (1992) reveals that the observed εp excursion 
coincides precisely with the less intensively glaciated Kasimovian-Gzhelian stage of the 
Permocarboniferous icehouse time, which separates the two glaciation maxima (figures 67.a 
& b). It is highly plausible and likely that this intermittent stage corresponded to an episode of 
warmer climate (further discussed below) and therefore higher CO2-concentrations in the 
ocean-atmosphere-system, compared to the time intervals of the two adjacent glaciation 
maxima. If true, this implies a noticeable increase in pCO2 from the Late Moskovian into the 
Kasimovian and Gzhelian and a return back to lower values across the Carboniferous-
Permian-boundary and during the Asselian (see dashed line in Fig. 67.c). The effects of such a 
geologically mid-termed pCO2- and climate-shift are in deed principally consistent with the 
occurrence of a positive excursion of εp: pCO2  /\   εp  /\ . Moreover, it is well 
conceivable that analyses of suitable samples from (i) the Bashkirian and Moskovian and (ii) 
the Late Asselian and Sakmarian would reveal that the latest Moskovian to middle Asselian 
εp-excursion actually commenced slightly earlier during the Late Moskovian and terminated 
slightly later in the Late Asselian or Early Sakmarian (see discussion below). This possibility 
is indicated by the shaded area in Fig. 67.b, which tentatively proposes a speculative 
continuous εp-trend for the Middle Devonian to Late Permian time interval and thus tries to 
bridge the periods, for which unfortunately no suitable samples were obtained and analysed in 
this study. The absence of the above suggested Kasimovian-Gzhelian pCO2-shift from the 
pCO2-curve of the Geocarb III model of BERNER & KOTHAVALA (2001; see solid line in Fig. 
67.c) might be explained by e.g. the model’s temporal resolution of 10 Ma and/or by a 
(partially) limited validity and applicability of certain employed model input-parameter 
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datasets (e.g. the isotopic input data, etc.) specifically for the here investigated 
Permocarboniferous US-Midcontinent Basin. Variations in the CO2-concentration, which 
occur within an interval of ≤ 10 Ma, such as the one postulated for the Kasimovian-Gzhelian 
time interval, can therefore be expected to be significantly smoothed out by the model and to 
thus not show up noticeably in the resulting pCO2-curve.  
The occurrence of (i) high εp-magnitudes during times of elevated (Early Carboniferous, Late 
Permian) or presumably elevated (Kasimovian-Gzhelian) pCO2-levels and (ii) lower εp-
magnitudes during times with low pCO2-levels (latest Moskovian, Middle Asselian) is 
therefore generally consistent with the above stated working hypothesis, according to which 
pCO2 represented the primary factor controlling and driving Early Carboniferous to Late 
Permian marine phytoplankton εp (see above). The following considerations will provide 
further support for this postulation.  
The Permocarboniferous icehouse phase (middle Early Carboniferous to early Late Permian), 
was most likely the first time interval in Earth’s history, during which the CO2-concentrations 
in the ocean-atmosphere-system were so low that (i) ambient pCO2 and the availability of 
intracellular CO2 generally represented a major controlling factor for marine primary 
production and thus for phytoplankton εp and (ii) the magnitudes of εp generally lay below the 
εp-maximum (25-27 ‰), even  at low growth rates (cf. εp in modern oceans; see chapter 1.3). 
This suggests that the Permocarboniferous icehouse phase was also the first time interval in 
Earth’s history, during which εp was able to actually trace temporal shifts in pCO2 and/or 
other εp-relevant factors by concurrent shifts in its magnitude. This view is consistent with the 
Early Carboniferous to Late Permian εp-magnitudes and -fluctuations presented in this study. 
Based on their investigations, RAVEN (1997a), BADGER et al. (2002), and BADGER & PRICE 
(2003) postulated that the global onset of a long-termed CO2-limitation for aquatic 
photosynthesis during the approximately 80 Ma interval of the Permocarboniferous glaciation 
presumably triggered the successive evolutionary development of several active DIC-uptake 
mechanisms and CCMs by both cyanobacteria and algae during this time interval. This 
implies that since Permocarboniferous times the utilization of active modes of DIC-
acquisition in addition to, or instead of, passive-diffusive CO2-uptake by primary producers 
and its effect on the magnitudes of εp can no longer be excluded. This applies particularly to 
phytoplankton communities, which comprise groups with elevated or high growth rates (µ), 
unfavourable cell geometries (high V/S-ratio), low cell membrane permeabilities, and/or low 
CO2-substrate affinities (Ω) of their RubisCOs. In this respect, it is interesting to note that the 
εp-magnitudes of the Middle to Late Tournaisian (early Carboniferous), earliest Gzhelian 
(latest Carboniferous), and Wordian to Capitanian (Late Permian) samples, which vary 
between about 22 and 24 ‰, are very large and rather close to the algal εp-maximum. These 
εp-values are therefore clearly inconsistent with a noteworthy utilization of active DIC-uptake 
mechanisms by the respective phytoplankton communities. However, it is possible that 
members of the phytoplankton associations represented by the samples of latest Moskovian, 
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Early Kasimovian, latest Gzhelian, and Asselian age, which exhibit somewhat lower εp-
magnitudes between about 18.5 and 21.5 ‰, satisfied their inorganic carbon demand at least 
partially by active uptake and intracellular concentration of DIC-species. Even if so, this 
would not impair but support the central aspect of the working hypothesis, that the CO2-
concentrations in the ocean-atmosphere-system represented the primary factor controlling and 
driving the magnitudes and changes of phytoplankton εp during the Early Carboniferous to 
Late Permian time interval: in times, during which pCO2 represents the primary control for 
the magnitude of εp, a decrease in pCO2 entails a decrease in εp, whether DIC was taken up 
solely by passive diffusion or by a combination of passive and active transport. However, a 
combination of passive and active transport tends to result in a more pronounced decrease in 
εp compared to passive-diffusive uptake alone, particularly if active DIC-uptake represented a 
major pathway of total DIC-acquisition (cf. chapter 1.3 for a detailed account of these 
relationships). Moreover, in view of the highly comparable pCO2-levels during (i) the 
Bashkirian-Moskovian and Late Asselian-Sakmarian glaciation maxima of the 
Permocarboniferous ice house phase (approximately 200 to 400 ppmV; BERNER & 

KOTHAVALA 2001, Fig. 67.c) and (ii) the modern (interglacial) ocean-atmosphere-system of 
the current Quaternary ice house phase (in November 2006 ca. 382 ppmV at Mauna Loa 
observatory, Hawaii, http://www.cmdl.noaa.gov/ccgg/trends/), it is reasonable to speculate 
that the Bashkirian-Moskovian and Late Asselian-Sakmarian magnitudes of phytoplankton εp 
could have been in the same range as those of the majority of present day primary producers, 
i.e. about 10 - 16 ‰ (see chapter 1.3). In this scenario, the observed latest Moskovian to 
middle Asselian excursion of εp might have actually started slightly earlier (maybe one or two 
cyclothems below the here studied Pawnee cycle; see Table 5 in chapter 5) during the latest 
Moskovian with somewhat lower magnitudes between about 10 to 16 ‰ and had returned to 
similarly low magnitudes during the Late Asselian or Early Sakmarian (see tentative, shaded 
band in Fig. 67.b). Provided that the Bashkirian-Moskovian and Late Asselian-Sakmarian 
glaciation maxima were indeed characterized by such comparatively low to moderate εp-
magnitudes, the latter would be principally consistent with at least a moderate utilization of 
active DIC-uptake mechanisms and CCMs by the phytoplankton communities of these time 
intervals, in addition to passive-diffusive CO2-uptake. However, it has to be emphasized that 
(i) the existing data are insufficient to provide unequivocal evidence for the actual utilization 
of active DIC-uptake mechanisms and CCMs by the Permocarboniferous phytoplankton 
communities, (ii) a quantitative assessment of a potential contribution of active DIC-uptake to 
total DIC-acquisition is impossible, and (iii) the observed Early Carboniferous to Late 
Permian εp-magnitudes and -shifts are at least in principle consistent with entirely passive-
diffusive CO2-uptake as well.  
An important line of evidence for the occurrence of a global increase in pCO2 (see dashed line 
in Fig. 67.c) and an accompanying climate shift coeval to the significantly less glaciated 
Kasimovian-Gzhelian stage of the Permocarboniferous icehouse time and the observed 
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increase in εp from the latest Moskovian into the Kasimovian and earliest Gzhelian comes 
from the terrestrial plant record. In paleobotany and palynology, it is well-known that the 
Westphalian-Stephanian (i.e. Moskovian-Kasimovian) boundary was supra-regionally 
associated with a major change in the composition of the terrestrial floras, including the 
tropical wetland vegetation of the extensive Late Carboniferous coal swamps of Euramerica 
and other regions (e.g. PHILLIPS et al. 1985, VLIEX et al. 1994, DIMICHELE & PHILLIPS 1996, 
EDWARDS 1998, DIMICHELE et al. 2001, CLEAL & THOMAS 2005). With regard to the tropical 
wetland vegetation, the shift in plant communities at the Westphalian-Stephanian boundary 
was most notably characterized by a major extinction of arborescent lycopsids, which until 
then dominated the Euramerican coal swamps, and their replacement by marattialean tree 
ferns (e.g. PHILLIPS et al. 1985, EDWARDS 1998, DIMICHELE et al. 2001). This profound 
change in the composition of the tropical wetland vegetation across the Westphalian-
Stephanian boundary is interpreted to represent a shift from a cooler and wet climate during 
the Westphalian to a warmer and seasonally dry climate during the Stephanian in the tropical 
zone (e.g. PHILLIPS et al. 1985, VLIEX et al. 1994, EDWARDS 1998, DIMICHELE et al. 2001). 
This climate shift in the tropics was most likely caused by a pulse of global warming 
associated with an increase in the concentration of CO2 in the ocean-atmosphere-system (e.g. 
FRAKES et al. 1992, BRUCKSCHEN et al. 1999, GROSSMAN et al. 2002, CLEAL & THOMAS 
2005). The study of MII & GROSSMAN (1994) provides further evidence for a seasonally dry 
climate in the US-Midcontinent region during the Missourian (i.e. lower part of the 
Stephanian). These authors were able to show that variations in δ18O and Mg-, Na-, and S-
concentrations across the growth bands of a well-preserved brachiopod shell from the 
transgressive Captain Creek Limestone of the Stanton cyclothem of Late Missourian age 
reflect seasonal temperature shifts of 5 to 6°C in the US-Midcontinent Basin and thus testify 
to a significant climatic seasonality in the area of this tropical epicontinental sea. In 
combination, these findings strongly support the working hypothesis that pCO2 and its 
temporal evolution represented the primary factor controlling and driving the magnitudes and 
changes of phytoplankton εp during the Permocarboniferous ice house time.  
With regard to the above discussed floral change at the Westphalian-Stephanian boundary, the 
carbon isotopic compositions of the odd-numbered, long-chained n-alkanes (n-C27, n-C29, n-
C31) in the latest Moskovian to Middle Asselian samples from the US-Midcontinent Basin 
yielded noteworthy results. The weighted mean average δ13C of these n-alkanes, which were 
shown to have been (largely) derived from epicuticular leaf waxes of terrestrial plants (see 
chapters 6.2.1 and 7.1.2), exhibits a negative excursion with a comparatively small amplitude 
of approximately 1.5 ‰ during this time interval. Fig. 68 illustrates that this negative δ13C-
shift coincides with the negative, approximately 4 ‰ δ13C-excursion of the (largely) 
phytoplankton-derived (see chapter 7.1.1) acyclic isoprenoid phytane (and pristane, but not 
shown).  
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Fig. 68:  Illustration of the coeval occurrence of negative δ13C-excursions of (i) the phytoplankton derived 

acyclic isoprenoid phytane (black, filled circles) and (ii) the land plant derived, odd-numbered, long-

chained n-alkanes n-C27, n-C29, n-C31 - shown here as the weighted mean average δ13C of these three n-

alkane homologues (filled, grey triangles) - in the latest Moskovian to Middle Asselian samples 

obtained from the seven investigated cyclothems of the US-Midcontinent Basin. The respective core 

shale units, from which these samples were taken, are indicated on the right side of the figure. The 

difference in amplitudes between these two excursions (phytane: ca. 4‰; land plant n-alkanes: ca. 1.5 

‰) is discernible.  

 

It is fair to assume that the coincidence of negative carbon isotope excursions of compounds 
derived from both marine phytoplankton (Ph, Pr) and terrestrial plants (n-C27, n-C29, n-C31) 
during the latest Moskovian to middle Asselian is the result of either a common underlying 
cause or at least closely interrelated factors. In view of the importance of CO2 as the inorganic 
carbon substrate for both aquatic and terrestrial photosynthesis, it is tempting to ascribe the 
concurrent δ13C-excursions in the biomasses of marine and terrestrial primary producers to 
the above discussed shift in the CO2-concentration in the ocean-atmosphere-system. However, 
according to the results of e.g. ARENS et al. (2000), the effect of atmospheric CO2-
concentrations and -shifts on the carbon isotopic composition of (modern) C3 vascular land 
plants is minimal. In a regression of atmospherically corrected plant δ13C-values onto pCO2, 
ARENS et al. (2000) observed only a very small negative slope of -0.0008, i.e. a very weak 
dependence of plant biomass δ13C on pCO2. If this finding is actually applicable to ancient C3 
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plants, such as those of Permocarboniferous time, the postulated increased pCO2-levels during 
the latest Moskovian to Middle Asselian are unlikely to have been the cause for the negative 
δ13C-shift of land plant n-alkanes during this time interval. The negative δ13C-excursion of 
land plant n-alkanes was thus most likely triggered by (i) changes in other environmental 
factors, which accompanied the Westphalian-Stephanian shift in climate (e.g. water stress, 
atmospheric O2/CO2-ratio, the plant-regulated ratio of pCO2 in the substomatal cavity and the 
atmosphere, respectively (pi/pa), δ13C of the utilized CO2-substrate) and (ii) the above 
described change in the taxonomic composition of the tropical wetland plant communities 
bordering the US-Midcontinent Basin. The observed temporal coincidence between the δ13C-
shifts of marine and terrestrial primary biomass was thus in deed caused by closely 
interrelated factors, which accompanied and/or induced the Westphalian-Stephanian climate 
shift, but not directly by a common controlling factor. Therefore and due to the lack of a 
significant correlation between pCO2 and land plant δ13C, the Permocarboniferous δ13C-data 
of land plant derived n-alkanes can not be employed to verify (or reject) the postulation, that 
the invoked positive pCO2-excursion during latest Moskovian to Middle Asselian time 
interval represented the primary control for the coeval εp-excursion.  
Prior to a concluding statement about the primary Permocarboniferous εp-control, the possible 
influence of alternative potential factors on εp have to be assessed and discussed. Such factors 
especially include the primary producer’s (i) growth rates (µ) and thus primary productivities, 
(ii) cell geometries (V/S-ratio), and (iii) RubisCO-specific CO2-substrate affinities (Ω).  
In a scenario, in which the cell-specific growth rate (µ) is assumed to have been the primary 
factor controlling εp during the Early Carboniferous to Late Permian time interval, the rather 
high Middle and Late Tournaisian, earliest Gzhelian, and Wordian-Capitanian εp-values 
would correspond to lower growth rates (and thus primary production rates) than the 
somewhat lower latest Moskovian, earliest Kasimovian, latest Gzhelian, and Asselian εp-
values (in accordance with the inverse relationship between µ and ep; see chapter 1.3). In this 
scenario, the positive Permocarboniferous εp-excursion would consequently have been 
primarily the result of a negative excursion of phytoplankton growth rates, i.e. a decrease of µ 
from the latest Moskovian into the Kasimovian and the earliest Gzhelian and a subsequent 
increase back to higher growth rates across the Carboniferous-Permian boundary into the 
Asselian (µ  /\   εp  /\ ). The occurrence of reduced phytoplankton growth rates and 
hence bioproductivities during deposition of the core shale facies in the Kasimovian to 
Gzhelian time interval in the US-Midcontinent Basin, e.g. due to a noticeable change in the 
nutrient-availability in the photic zone induced by the Stephanian climate shift, can not be 
entirely excluded due to the lack of an unequivocal paleo-productivity parameter. However, 
the available data and information do not provide any concrete indications for this scenario. 
All investigated latest Moskovian to middle Asselian samples are derived from the core shales 
of the Permocarboniferous cyclothems deposited in the US-Midcontinent Basin (see chapter 
5.4). For most of the investigated cyclothems within this time interval, εp-values were 



7 Discussion 171

determined for both the black and the grey shales of the core shale facies. The observed range 
of εp within the core shale facies, i.e. the black and the grey shale lithologies, of each studied 
cyclothem is ≤ 2.2 ‰ and hence relatively small. Moreover, the εp-values of the black and the 
grey shale lithologies, respectively, of each investigated cyclothem do not show clearly 
discernible lithology-related differences. The differences in the contents of organic carbon 
(Corg) and extractable organic matter (EOM) between these black and grey shale lithologies, 
which could at least potentially be due to differences in primary productivity and thus 
phytoplankton growth rates, are therefore not accompanied by differences in εp. Hence, these 
parameters provide no indication for phytoplankton productivity and growth rates having been 
the primary control for the magnitude of εp in the black and grey shale lithologies of the 
investigated cyclothems. Moreover, the negative Permo-Carboniferous εp-excursion is not 
paralleled by concurrent negative excursions in the Corg- and/or EOM-contents in the latest 
Moskovian to middle Asselian samples, the latter of which could theoretically reflect a 
temporary decrease in phytoplankton productivity and growth rates (alternatively in Corg-
burial). Based on the available information, a primary control of this εp-excursion by a coeval 
negative excursion in µ is therefore at least not evident. These thoughts apply to the entire 
Early Carboniferous to Late Permian interval.  
Alternatively, the occurrence of a temporary shift in the composition of the phytoplankton 
community in the US-Midcontinent Basin during the latest Moskovian to Middle Asselian 
time interval could potentially have lead to an accompanying shift in εp as well. Such a shift 
in the composition of the phytoplankton community, which might have been induced by a 
change in one or several environmental parameters (e.g. surface water temperature, pH, 
salinity, nutrients) in response to the Westphalian-Stephanian climate shift, could have 
entailed variations in εp-relevant factors such as the cell geometries (V/S-ratio), cell 
membrane permeabilities, and/or RubisCO-specific CO2-substrate affinities (Ω) of the 
dominant primary producers. Although such a shift in the composition of the latest 
Moskovian to middle Asselian phytoplankton associations in the US-Midcontinent Basin 
cannot be ruled out with absolute certainty, the available information do not provide specific 
evidence for such an assumption. According to the results of OSTERTAG-HENNING & 

BUGGISCH (2001), the Early Carboniferous to Late Permian δ15N-values range from 
approximately +5 to +15 ‰ and are therefore noticeably higher than those in the Middle 
Devonian to earliest Carboniferous (~ -2 to +3 ‰). Hence, the Early Carboniferous to Late 
Permian nitrogen isotopic compositions agree well with those of modern marine sediments, 
which are not associated with nitrogen limited conditions. This finding at least allows 
concluding that - in contrast to the Middle Devonian to earliest Carboniferous time interval - 
the supply of nitrate as an essential nutrient (others include P and Fe) was apparently not 
(significantly) limiting for the primary producers of the investigated Early Carboniferous to 
Late Permian samples and that diazotrophic cyanobacteria therefore most likely did not 
represent a noticeable member of these phytoplankton communities. The observed δ15N-range 
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from +5 to +15 ‰ is in principle consistent with non-diazotrophic cyanobacteria, eukaryotic 
algae, and also with diazotrophic cyanobacteria that temporarily do not employ N2-fixation. 
Accordingly, Early Carboniferous to Late Permian phytoplankton most likely consisted of a 
mixture of both algae (→ presence of abundant but not further quantified sterane biomarkers 
and εp-values, which are often higher than the fractionation-maximum of cyanobacteria and 
thus characteristic only for algae) and cyanobacteria (→ presence of abundant hopane 
biomarkers). However, in view of the limited available data, the quantitative importance of 
these two main phytoplankton groups relative to each other can not be further specified.  
Taking into account 
 
(i)  the striking and consistent correlation between phytoplankton εp and pCO2 during the 

entire Early Carboniferous to Late Permian time interval, 
(ii) the lack of evidence for a noticeable shift in the composition of the phytoplankton 

communities and/or significantly decreased phytoplankton growth rates in the US-
Midcontinent Basin during the less-glaciated Kasimovian-Gzhelian stage of the 
Permocarboniferous glaciation, and  

(iii)  the existing data and knowledge about the climatic and floral shifts during the 
Permocarboniferous icehouse time, 

 
it is suggested that the concentration of CO2 in the ocean-atmosphere-system represented the 
primary controlling factor for phytoplankton εp during the Early Carboniferous to Late 
Permian time interval.  
The results of this study thus indicate that phytoplankton εp represents a suitable qualitative, 
but not quantitative, paleo-pCO2-proxy for the Late Paleozoic time interval. The applicability 
of Late Paleozoic phytoplankton εp as a quantitative paleo-pCO2-barometer is in particular 
prevented by: 
 
 (i)  the lack of sufficient information about the exact taxonomic compositions of the Late 

Paleozoic phytoplankton communities and thus about the cell geometries, cell 
membrane permeabilities, and RubisCO-specific CO2-substrate affinities of the involved 
primary producers, and  

(ii)  the impossibility to determine cell-specific growth rates of Late Paleozoic primary 
producers. 

 
Yet, the inferred suitability of phytoplankton εp as a qualitative paleo-pCO2-proxy for the Late 
Paleozoic time interval and the utility of the here presented phytoplankton εp-record for future 
numerical models of the Late Paleozoic carbon cycle and pCO2-evolution clearly demonstrate 
the value of phytoplankton εp-data for the study and understanding of past climates and 
ancient marine environments.  
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8 Conclusions 
 
This study provides the first comprehensive record of marine phytoplankton εp for the Middle 
Devonian to Permian time interval, which has been determined by means of compound-
specific carbon isotope analysis. Phytoplankton εp exhibited noticeable changes in the course 
of this geologically, evolutionarily, and climatically significant time interval in Earth’s 
history. It is suggested that the CO2-concentration in the ocean-atmosphere-system 
represented the primary controlling factor for phytoplankton εp during the entire investigated 
Middle Devonian to Late Permian time interval.  
In combination, the Middle Devonian to earliest Carboniferous (earliest Tournaisian) εp-data 
of this study and the δ15N-results of OSTERTAG-HENNING & BUGGISCH (2001) provide strong 
evidence that the phytoplankton communities were most likely dominated by nitrogen-fixing 
cyanobacteria (i.e. prokaryotes) during this time interval. It is hence suggested that the 
moderately high and rather uniform Middle Devonian to earliest Carboniferous εp-magnitudes 
between 17.9 and 21.8 ‰ (not including two exceptional values of 14.5 ‰) represent a 
largely cyanobacterial signal, lie at the cyanobacterial εp-maximum of about 17 to 22 ‰, and 
directly reflect the very high pCO2-levels during this time interval. In contrast to the Middle 
Devonian to earliest Carboniferous time window, the results do not indicate a predominance 
of cyanobacteria (prokaryotes) in the Early Carboniferous (middle Tournaisian) to Late 
Permian phytoplankton communities. Early Carboniferous to Late Permian Phytoplankton εp 
is therefore though to be largely derived from eukaryotic algae. This conclusion is supported 
by the repeated occurrence of εp-magnitudes above the εp-maximum of cyanobacteria and 
close to that of eukaryotic algae. These findings and conclusions clearly demonstrate the 
importance of taking into account phytoplankton community composition, when interpreting 
phytoplankton εp-data, which like in this study are based on carbon isotopic compositions of 
organic compounds (e.g. phytane) that are not specific for certain taxonomic phytoplankton 
groups (e.g. for dinoflagellates, haptophytes, etc.).  
It is suggested that marine phytoplankton εp was primarily controlled and driven by pCO2 
during Early Carboniferous to Late Permian time and hence represents a suitable qualitative 
paleo-pCO2-proxy for this time interval. This interpretation is based on (i) a good and 
consistent correlation between phytoplankton εp and the evolution of pCO2 (and global 
climate) during the entire Early Carboniferous to Late Permian time interval, (ii) the lack of 
concrete evidence for noticeable shifts in potentially important alternative εp-controls (e.g. 
cell-specific growth rate, phytoplankton community composition), and (iii) the existing data 
and knowledge about the climatic and floral shifts during the Permocarboniferous icehouse 
time. However, it is necessary to point out that the existing knowledge about the taxonomic 
compositions of the Late Paleozoic phytoplankton communities and thus about further 
potential εp-controls, like cell geometries (V/S-ratios), cell membrane permeabilities, 
RubisCO-specific CO2-substrate affinities (Ω), and cell-specific growth rates (µ) of the 
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involved primary producers, is so far insufficient for an unchallengeable and more 
comprehensive interpretation of the Late Paleozoic εp-data of this study. This lack of 
information is clearly unsatisfactory and makes it (so far) impossible to use Late Paleozoic 
phytoplankton εp as a quantitative paleo-pCO2-barometer. These limitations are generally 
characteristic for the pre-Mesozoic time in Earth’s history. In contrast, the knowledge about 
the taxonomic compositions of the phytoplankton communities during the younger Mesozoic 
and Cenozoic eras is significantly better. In difference to pre-Mesozoic times, the Mesozoic 
and particularly the Cenozoic phytoplankton communities increasingly comprised taxonomic 
groups and species, which are still extant or even widespread in the present day oceans and 
whose physiological, biochemical, and ecological characteristics are thus well-investigated. 
These phytoplankton groups include e.g. the haptophytes, the diatoms, and the modern forms 
of dinoflagellates or chlorophytes, and others. Several of these algae can be identified and 
studied organic geochemically and isotopically in the fossil- and biomarker-records in 
sedimentary rocks, as (i) their cells are surrounded by fossilizable walls of calcium carbonate, 
silica, or organic macromolecules (i.e. biopolymers, algaenans) and (ii) they biosynthesize 
organic molecules, which can become preserved in the sedimentary record over geological 
time-scales as highly specific and diagnostic biomarkers (e.g. C37:2-alkenon: haptophytes, 
dinosterane: dinoflagellates). Therefore and due to the detailed investigation of the present 
day forms of these algal groups in the modern oceans, the knowledge about the occurrence, 
cell geometries, physiology, biochemistry, ecology, and evolutions of these primary producers 
since the Mesozoic and/or Cenozoic is very substantial and sufficient to employ e.g. C37:2-
alkenone-based εp-datasets for the reconstruction of absolute pCO2-levels. Accordingly, the 
profound interpretations and rather accurate quantitative pCO2-reconstructions provided by 
several studies of Mesozoic and Cenozoic phytoplankton εp (e.g. FREEMAN & HAYES 1992: 
Late Jurassic to Pleistocene, PAGANI et al. 1999; Late Oligocene to Late Miocene, JASPER et 
al. 1994: Late Pleistocene and Holocene) can principally never be achieved by studies of pre-
Mesozoic phytoplankton εp, such as the here presented work. Future research will certainly 
continue to extend our knowledge also about the ancient, pre-Mesozoic stages of Earth’s 
history. Yet, it seems very questionable, whether these clearly worth-while and important 
future research activities are finally going to yield the necessary data and information to make 
phytoplankton εp a reliable quantitative paleo-pCO2-barometer for pre-Mesozoic time 
intervals. Another limitation for studies of phytoplankton εp in pre-Mesozoic time intervals 
(i.e. before the opening of the present day oceans) arises from the restriction to sample 
material derived from sediments of epicontinental seas. This is brought about by the plate 
tectonic closure and destruction of any Paleozoic and older oceanic basins and sediments in 
the course of the Late Paleozoic assembly of the supercontinent Pangea and earlier continent-
continent collisions. As a consequence, the spatially largest parts of pre-Mesozoic 
phytoplankton habitats, the water columns of the open oceans, were irretrievably lost from the 
sedimentary record. It therefore remains open, how well the entirety of primary producers of a 
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pre-Mesozoic time interval is represented by the phytoplankton communities preserved in the 
investigated epicontinental sea sediments of that time.  
In conclusion, this study instructively points out the value and geoscientific relevance as well 
as the clear limitations of investigating phytoplankton εp in pre-Mesozoic time intervals. The 
results of this study represent a good but only first step towards a comprehensive, continuous, 
and sound Paleozoic phytoplankton εp-record, which has the potential to contribute 
significantly to our understanding of Paleozoic pCO2, climate, and carbon biogeochemistry. It 
is therefore hoped that the findings and conclusions of this study encourage further research 
on Paleozoic phytoplankton communities, ecology, environmental conditions, and 
phytoplankton εp. 
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Table A-1:  Bulk geochemical and isotopic parameters   
Assigned 
Absolute 
Age [Ma] 

Stratigraphic Age 
Sample 
Name 

TC  
[wt.%] 

TIC  
[wt.%] 

TOC 
 [wt.%] 

EOM 
[mg/g] 

EOM/TOC 
[%] 

δ13Corg         

 [‰ vs. V-PDB; 
Reproducibility 

≤ 0.1 ‰] 

262,50 303102-222 4,0 n.d. n.d. 1,3 n.d. n.d. 

263,20 303102-225 1,5 n.d. n.d. 0,4 n.d. n.d. 

262,50 327 631 5,7 4,3 1,4 2,1 14,5 -27,0 

263,00 327 630 10,9 4,7 6,2 3,3 5,3 -26,7 

264,00 327 627 5,6 2,7 2,9 1,4 4,8 -27,1 

265,00 327 626 6,2 3,0 3,2 3,2 10,0 -27,8 

266,00 

La
te

 P
er

m
ia

n 

Wordian to 
Capitanian 

327 625 8,2 2,4 5,8 2,6 4,5 -27,2 

293,00 middle Asselian LK 2 6,4 5,0 1,4 0,5 3,6 -24,9 

296,00 

P 
 E

  R
  M

  I
  A

  N
 

Ea
rly

 
Pe

rm
- 

ia
n 

early Asselian LK 1 2,8 2,6 0,2 0,1 4,2 -21,1 

296,50 LK 4 3,8 3,1 0,7 0,1 1,5 -22,9 

296,60 
latest Virgilian 

LK 3 4,2 3,5 0,7 0,2 2,9 -22,9 

301,25 WL 5 9,4 0,4 9,0 12,0 13,4 -26,7 

301,35 WL 3 16,8 0,2 16,6 10,7 6,4 -28,7 

301,45 WL 1 17,2 0,4 16,8 7,3 4,4 -27,7 

301,20 CL 6 3,5 0,0 3,5 1,0 2,8 -25,9 

301,30 CL 5 17,8 0,0 17,8 8,2 4,6 -26,6 

301,40 CL 3 15,2 0,5 14,7 8,9 6,0 -28,9 

301,50 

earliest Virgilian 

CL 1 n.d. n.d. n.d. 7,5 n.d. -26,5 

303,95 A2-HpSh-133 3,5 3,4 0,0 0,1 20,0 n.d. 

304,00 A2-HpSh-100 2,3 1,7 0,7 0,3 4,5 -23,7 

304,05 A2-HpSh-80 2,9 0,6 2,3 1,4 6,0 -24,9 

304,10 A2(II) 12,3 0,6 11,7 7,2 6,2 -26,6 

304,20 

early Missourian 

A2(III) 17,9 0,9 17,0 11,7 6,9 -26,9 

304,80 earliest Missourian B8 MCSh 7,2 1,2 6,0 4,4 7,3 -25,4 

306,35 B2 21,9 1,1 20,8 5,4 2,6 -25,9 

306,30 ED 16 4,3 3,3 1,0 0,4 4,0 -23,1 

306,40 ED 12 18,3 0,8 17,5 8,1 4,6 -25,1 

306,50 

Pe
nn

sy
lv

an
ia

n 

late Desmoinesian 

ED 15 18,2 1,5 16,8 8,6 5,1 -24,2 

348,00 Ko 19 1,9 0,0 1,9 0,5 2,6 -26,7 

349,00 Ko 14 3,1 0,0 3,1 0,9 2,9 -27,0 

350,00 

middle to late 
Tournaisian 

Ko 11 2,6 0,0 2,6 0,3 1,1 -26,4 

357,90 OHDW-1/40 7,1 0,0 7,1 4,0 5,6 -28,3 

357,95 OHDW-1/29 4,1 0,0 4,1 2,6 6,4 -28,6 

358,00 

C
  A

  R
  B

  O
  N

  I
  F

  E
  R

  O
  U

  S
 

M
is

si
ss

ip
pi

an
 

earliest Tournaisian 

OHRS-5/55 6,6 0,0 6,6 2,9 4,4 -28,6 

361,20 OHRS-5/49 12,9 0,0 12,8 5,3 4,1 -27,8 

361,70 
late Famennian 

OHRS-5/42 5,8 0,0 5,8 2,9 5,0 -27,6 

371,80 BB-NOF 3 2,7 1,4 1,3 1,1 8,2 -29,3 

371,90 BB-NOF 2 2,5 1,2 1,3 1,2 9,2 -28,8 

372,00 BB-NOF 1 3,0 1,5 1,5 1,2 8,1 -29,3 

372,00 

early Famennian 

NY 22 3,3 0,0 3,3 4,8 14,6 -28,3 

374,30 BB-BF 4 2,5 1,5 0,9 0,4 4,2 -29,4 

374,39 BB-BF 3 3,9 2,4 1,5 0,7 4,7 -29,4 

374,45 BB-BF 2 3,2 2,1 1,1 0,5 4,6 -29,5 

374,50 BB-BF 1 4,1 2,6 1,5 0,9 5,9 -29,1 

374,50 

La
te

 D
ev

on
ia

n 

late Frasnian 

NY 11 2,3 0,2 2,1 3,0 14,6 -25,5 

384,40 NY 29 8,6 7,9 0,7 0,2 2,9 -25,1 

384,50 
middle Givetian 

NY 25 1,0 0,4 0,6 0,2 3,3 -25,7 

386,90 earliest Givetian NY-9453-21 9,2 0,3 8,9 8,8 9,9 -28,9 

387,70 NY-9453-23 5,1 1,1 4,0 9,0 22,4 -28,4 

389,00 NY-9453-24 5,2 1,9 3,4 6,7 20,0 -28,4 

388,60 E 43054 13,3 11,7 1,6 1,1 6,9 -26,5 

388,65 E 43021 13,9 10,7 3,2 5,1 16,1 -27,0 

388,70 E 43016 18,0 5,0 13,1 12,8 9,8 -27,2 

388,75 E 42955 14,1 6,8 7,3 6,8 9,3 -28,6 

388,80 

D
  E

  V
  O

  N
  I

  A
  N

 

M
id

dl
e 

D
ev

on
ia

n 

late Eifelian 

E 42927 14,7 9,4 5,3 7,7 14,6 -28,6 
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Table A-2:  Organic Geochemistry - n-Alkane Peakareas   
Peakarea [m/z = 85] Assigned 

Absolute 
Age [Ma] 

Stratigraphic Age 
Sample 
Name 

n-C13 n-C14 n-C15 n-C16 n-C17 n-C18 n-C19 

262,50 303102-222 n.d. 288606026 77531430 141331260 75566640 67497319 48647153 

263,20 303102-225 41869396 172467412 45567989 167833609 38130172 41526455 13444880 

262,50 327 631 n.d. 21670462 29308651 35450925 49855303 40578404 40463458 

263,00 327 630 n.d. 14004546 15752955 15902360 16781656 12585830 12348131 

264,00 327 627 n.d. 18737921 26436655 28711912 32905033 30042380 28308620 

265,00 327 626 n.d. 22918502 28588262 33034345 33497660 28903497 26653686 

266,00 

La
te

 P
er

m
ia

n 

Wordian to 
Capitanian 

327 625 n.d. 31585886 39858582 44351675 46680174 38545803 36129115 

293,00 middle Asselian LK 2 56222849 105130505 100338172 46671148 43504683 31015113 26905353 

296,00 

P 
 E

  R
  M

  I
  A

  N
 

Ea
rly

 
Pe

rm
- 

ia
n 

early Asselian LK 1 5380861 31984214 96151784 123812547 76017959 39353002 16246350 

296,50 LK 4 28138888 53277058 71272121 45367964 36742267 23360074 14556410 

296,60 
latest Virgilian 

LK 3 53744947 88384268 91473714 44961714 33770387 23033707 18403267 

301,25 WL 5 n.d. 22484901 24659760 23926243 27329915 20633014 20316413 

301,35 WL 3 n.d. 17395212 21672845 20425699 18566989 17531006 16691834 

301,45 WL 1 n.d. 26772147 31228536 29807160 39822291 29585316 27415937 

301,20 CL 6 2893203 7698751 16666734 17764309 33549775 24236365 17369029 

301,30 CL 5 n.d. 30747320 31815273 34898353 37093486 29191389 29046980 

301,40 CL 3 n.d. 17707873 22852155 21111936 25042968 19299327 16864128 

301,50 

earliest Virgilian 

CL 1 13265513 16164010 18390827 13506716 17909986 13439856 10714591 

303,95 A2-HpSh-133 7765448 11233368 13016218 13147430 10580248 9441174 8830133 

304,00 A2-HpSh-100 7636717 8602806 10414367 9713051 9433083 8152946 8699460 

304,05 A2-HpSh-80 22164225 26672350 24472281 20934879 35214178 24082961 22382860 

304,10 A2(II) n.d. 14872749 17308705 15663515 14966821 13735776 13494739 

304,20 

early Missourian 

A2(III) 12182805 16472624 14331063 13635065 19810332 15362250 11745246 

304,80 earliest Missourian B8 MCSh n.d. 23376562 25995067 23174501 23818217 21280118 22070893 

306,35 B2 n.d. 26984270 33604172 31147279 35370981 31523591 31080259 

306,30 ED 16 24144983 26717325 29971874 27909848 39049669 27365892 27098033 

306,40 ED 12 22245310 29738011 27193878 23077431 34786912 28274021 21856510 

306,50 

Pe
nn

sy
lv

an
ia

n 

late Desmoinesian 

ED 15 15957845 23246312 26365084 19032791 30980392 23018085 17552703 

348,00 Ko 19 n.d. 35226235 37702027 33443204 41676969 33445860 34198563 

349,00 Ko 14 n.d. 46982496 43159904 48092191 54607463 38382427 36047369 

350,00 

middle to late 
Tournaisian 

Ko 11 n.d. 3382030 5650543 12657481 19044209 22755358 26172218 

357,90 OHDW-1/40 27096107 29278744 29003784 21954022 29341417 18795062 16842970 

357,95 OHDW-1/29 19123354 19976415 24289990 16036338 18767085 12371150 12284315 

358,00 

C
  A

  R
  B

  O
  N

  I
  F

  E
  R

  O
  U

  S
 

M
is

si
ss

ip
pi

an
 

earliest 
Tournaisian 

OHRS-5/55 13393645 18951331 19388647 16553146 19435721 13506404 11227200 

361,20 OHRS-5/49 37370781 38242531 32290190 24299086 26697559 18017346 16028480 

361,70 
late Famennian 

OHRS-5/42 25918043 26777434 29215814 18378108 18962124 13048244 11071276 

371,80 BB-NOF 3 n.d. n.d. 24762361 19393503 17403306 11600628 10768002 

371,90 BB-NOF 2 n.d. n.d. 21743439 16408202 14748927 10049633 9537135 

372,00 BB-NOF 1 n.d. n.d. 19952074 15095209 14261343 10110331 9548670 

372,00 

early Famennian 

NY 22 n.d. n.d. 15226794 19121276 19686321 17336684 15344299 

374,30 BB-BF 4 29524708 31885176 35055866 28714216 31888920 22754137 17342868 

374,39 BB-BF 3 n.d. n.d. 23345641 19507708 22830838 17693588 15269020 

374,45 BB-BF 2 n.d. n.d. 21305307 15565694 14482370 11096692 10821111 

374,50 BB-BF 1 n.d. n.d. 26430234 20161807 21023602 15248788 14202261 

374,50 

La
te

 D
ev

on
ia

n 

late Frasnian 

NY 11 n.d. n.d. 35306706 31381029 32366982 26650342 24227828 

384,40 NY 29 33046484 44890913 40089988 38136222 36862941 31476590 29625268 

384,50 
middle Givetian 

NY 25 19351065 25607187 28789564 22869408 21449845 18796593 16934136 

386,90 earliest Givetian NY-9453-21 n.d. n.d. 24882871 20086911 17667788 14607568 12378398 

387,70 NY-9453-23 n.d. n.d. 49787868 45724181 46902026 40313764 36683346 

389,00 NY-9453-24 n.d. n.d. 34813122 30470943 29820523 24290007 21699396 

388,60 E 43054 n.d. 7174996 10346719 12765544 15754373 13296843 11823384 

388,65 E 43021 n.d. 23410012 28417035 23415882 26792595 26283440 26866422 

388,70 E 43016 n.d. 34353096 37569051 33886421 37683334 32459984 34991157 

388,75 E 42955 n.d. 22935787 27362502 25061099 33605538 25560610 25621434 

388,80 

D
  E

  V
  O

  N
  I

  A
  N

 

M
id

dl
e 

D
ev

on
ia

n 

late Eifelian 

E 42927 n.d. 15710642 24605204 23107088 26792511 24938084 30320058 



Appendix 196

Peakarea [m/z = 85] Assigned 
Absolute 
Age [Ma] 

Stratigraphic Age 
Sample 
Name 

n-C20 n-C21 n-C22 n-C23 n-C24 n-C25 n-C26 

262,50 303102-222 36808202 32320739 27712608 25768924 24584593 23916816 20292781 

263,20 303102-225 12467332 9859828 9241652 9672433 9806049 11651042 11556553 

262,50 327 631 33963920 32447719 29577136 30039452 28002969 28128665 24879332 

263,00 327 630 10152207 8850237 7718635 6964486 6430652 5651576 4549674 

264,00 327 627 22503469 20215601 18030611 17191494 16636805 15883041 12906661 

265,00 327 626 24155102 19965223 18879401 17109363 15379867 15593706 13059982 

266,00 

La
te

 P
er

m
ia

n 

Wordian to 
Capitanian 

327 625 31061128 28222537 26284260 24625366 23919933 22637264 20070551 

293,00 middle Asselian LK 2 22647209 17700281 13444615 10964295 11713833 12019983 11857424 

296,00 

P 
 E

  R
  M

  I
  A

  N
 

Ea
rly

 
Pe

rm
- 

ia
n 

early Asselian LK 1 7013442 4851550 5215337 7236909 10793525 14549738 18777807 

296,50 LK 4 10046469 7855168 7092735 7393701 9106303 10591801 11710437 

296,60 
latest Virgilian 

LK 3 16140871 14005991 12341837 12118880 14723555 17940422 18550126 

301,25 WL 5 18529185 17329823 15696881 13033427 11894077 11509385 7995702 

301,35 WL 3 14294878 12534286 11479383 9537914 9084612 8701088 5961853 

301,45 WL 1 27084597 22965524 18995817 15158036 13092304 11710345 7835854 

301,20 CL 6 16523843 15418694 13821569 12116007 11130605 10910268 9247655 

301,30 CL 5 24809592 22314263 19018961 14860024 13171950 13199682 8860734 

301,40 CL 3 12956806 11438758 9637550 7588733 6996399 7993519 5541900 

301,50 

earliest Virgilian 

CL 1 10798574 9536510 8401697 7822291 8710298 9479210 8807881 

303,95 A2-HpSh-133 8626321 10568228 10569431 14501962 16966551 22789897 27536703 

304,00 A2-HpSh-100 8177563 9394134 7069789 8028735 7960043 9689549 9763239 

304,05 A2-HpSh-80 23819144 20735246 17318355 16542968 14797444 14009968 11495643 

304,10 A2(II) 12341710 10246279 8777279 7312754 6310304 7237234 4685983 

304,20 

early Missourian 

A2(III) 10784071 8989462 7790311 6695993 5979145 7184980 4784290 

304,80 earliest Missourian B8 MCSh 20448851 17267077 14348887 12273013 10851903 10761179 7149565 

306,35 B2 27208536 21369197 16657880 12593115 10325141 9427930 6084417 

306,30 ED 16 26397525 29004565 22785712 21504808 19118716 21477294 20823007 

306,40 ED 12 21835402 18245458 15780763 13000453 11136338 13213818 8747185 

306,50 

Pe
nn

sy
lv

an
ia

n 

late Desmoinesian 

ED 15 17607339 14913097 12961524 11178846 9514143 12309221 7539258 

348,00 Ko 19 30082524 27934687 23375711 20936057 17756790 17705264 15613952 

349,00 Ko 14 34970140 32221850 26596437 23188222 19055546 20131188 16506985 

350,00 

middle to late 
Tournaisian 

Ko 11 26977470 25241954 20994464 17934640 15144735 15584608 14778082 

357,90 OHDW-1/40 13868995 13338946 12189790 12304635 10036978 10599000 8524558 

357,95 OHDW-1/29 9763631 9629530 9825912 11200048 9191131 8230269 7247374 

358,00 

C
  A

  R
  B

  O
  N

  I
  F

  E
  R

  O
  U

  S
 

M
is

si
ss

ip
pi

an
 

earliest 
Tournaisian 

OHRS-5/55 8580607 7767161 7142451 5830300 4533546 4455024 3614317 

361,20 OHRS-5/49 13355408 12740096 14446430 17908373 15558807 13364105 10787065 

361,70 
late Famennian 

OHRS-5/42 9310591 8309237 8791697 11122999 11454967 11228320 9893950 

371,80 BB-NOF 3 9306873 9532668 8395209 7636961 6130220 6200188 4764288 

371,90 BB-NOF 2 8263521 8582541 7278862 6767755 5556067 5482235 4308277 

372,00 BB-NOF 1 8390711 8477086 7068655 6554358 5352239 5432582 4217177 

372,00 

early Famennian 

NY 22 13397313 11526971 9662836 8000491 6476332 5503743 4568874 

374,30 BB-BF 4 15017513 13165074 9847571 8208873 7427984 6834414 5858846 

374,39 BB-BF 3 12181261 10336842 7910443 6475807 5467893 5129840 4148528 

374,45 BB-BF 2 9519611 15044671 8309223 8405371 6459315 6257873 4791280 

374,50 BB-BF 1 12148501 12387954 9334051 8223041 6557018 6237593 4748359 

374,50 

La
te

 D
ev

on
ia

n 

late Frasnian 

NY 11 22106854 19969618 17004474 14527258 12508849 10772563 8692600 

384,40 NY 29 27850369 26672057 24628863 22963743 21563983 21086653 18077910 

384,50 
middle Givetian 

NY 25 15391421 14263713 12868114 12109761 11718593 11380673 10545429 

386,90 earliest Givetian NY-9453-21 11384642 10130907 8186927 6483961 5071126 4266962 3229158 

387,70 NY-9453-23 34427488 30933713 26334024 22491843 19356363 17877396 14569609 

389,00 NY-9453-24 20083155 18108609 15531616 13467841 11650022 11052360 9267478 

388,60 E 43054 13876282 14158919 10257021 7373982 6446801 7891016 6066295 

388,65 E 43021 28070971 24446391 21104042 16728381 16158332 14265519 14061696 

388,70 E 43016 37622312 31310631 23709129 16816813 14841994 11458666 11065815 

388,75 E 42955 21906753 20049784 17998855 15225251 13959124 13044625 13174404 

388,80 

D
  E

  V
  O

  N
  I

  A
  N

 

M
id

dl
e 

D
ev

on
ia

n 

late Eifelian 

E 42927 44376103 35356931 22784752 15804978 14072842 12681078 13561505 
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Peakarea [m/z = 85] Assigned 
Absolute 
Age [Ma] 

Stratigraphic Age 
Sample 
Name 

n-C27 n-C28 n-C29 n-C30 n-C31 n-C32 n-C33 

262,50 303102-222 22862811 16921502 18989977 12175178 11352918 5929315 7620060 

263,20 303102-225 16055028 10504740 17285660 6676663 8571072 3056693 6698575 

262,50 327 631 29885758 17591731 21903904 14902670 13469451 6557969 41103636 

263,00 327 630 4514619 2806190 2536889 1549278 1158620 659421 744392 

264,00 327 627 12771599 10304832 12386505 5815656 6181753 3332888 5139211 

265,00 327 626 11462996 11113515 10743716 6706665 6762729 6085065 6075287 

266,00 

La
te

 P
er

m
ia

n 

Wordian to 
Capitanian 

327 625 16692013 15494041 15177263 10157593 9200239 6617958 8686627 

293,00 middle Asselian LK 2 9819751 7374206 6398300 4574504 3563191 2111383 1798018 

296,00 

P 
 E

  R
  M

  I
  A

  N
 

Ea
rly

 
Pe

rm
- 

ia
n 

early Asselian LK 1 16797440 13060172 10842019 7155495 5048001 3062919 2222106 

296,50 LK 4 10274028 8008906 7327369 4756271 3664742 2074211 1940551 

296,60 
latest Virgilian 

LK 3 18235141 14425402 14083319 9168198 7275940 4208171 3924453 

301,25 WL 5 6242678 4552064 5789309 1824616 2607052 1223808 1432038 

301,35 WL 3 4377850 3187013 4378250 1834030 2064926 1175865 1160439 

301,45 WL 1 6950522 4755196 7420333 2383788 2671187 1015594 1528894 

301,20 CL 6 8086813 6645810 8674350 3913330 5124579 2246151 2026273 

301,30 CL 5 6978525 4911396 6773279 2629503 2894324 1379634 1471892 

301,40 CL 3 3618578 2573230 3037936 1316292 1187367 587238 995951 

301,50 

earliest Virgilian 

CL 1 7871545 6175979 6584115 3454465 3561152 1739324 1794935 

303,95 A2-HpSh-133 27826493 20164167 28062349 11658873 13296675 5253425 5645809 

304,00 A2-HpSh-100 10919877 7584389 12929671 4416159 6378861 2014194 2675149 

304,05 A2-HpSh-80 12077456 8661216 15850113 5594210 9846597 3357827 4938125 

304,10 A2(II) 3274746 2535648 3043048 1508018 1451763 877987 725537 

304,20 

early Missourian 

A2(III) 3492537 3017928 3338385 1924122 2401766 1255753 1322637 

304,80 earliest Missourian B8 MCSh 5804483 4043732 5186679 2809326 2762673 1215925 1403643 

306,35 B2 4380301 3053010 2775202 1682218 1457285 694266 469520 

306,30 ED 16 21567338 16216683 26974271 10699268 14849851 5500543 7722723 

306,40 ED 12 7275610 5687904 6491681 4149450 4903634 2757410 2623678 

306,50 

Pe
nn

sy
lv

an
ia

n 

late Desmoinesian 

ED 15 5907172 4790631 5678709 3658949 4025118 2256857 2232238 

348,00 Ko 19 13571547 11129336 11232599 6575563 5144835 2968354 2461986 

349,00 Ko 14 12986204 10180798 10000123 5932829 4561686 2125215 2108665 

350,00 

middle to late 
Tournaisian 

Ko 11 12516246 9351506 9138780 5503925 3915195 1862162 1784311 

357,90 OHDW-1/40 6721385 5343233 4160911 2709080 2305907 1223110 951644 

357,95 OHDW-1/29 5388197 4488246 3192966 2223334 1856579 1041263 862525 

358,00 

C
  A

  R
  B

  O
  N

  I
  F

  E
  R

  O
  U

  S
 

M
is

si
ss

ip
pi

an
 

earliest 
Tournaisian 

OHRS-5/55 2699241 2380766 1904305 1359339 1109900 683092 483952 

361,20 OHRS-5/49 8806016 6652386 5634509 3747950 3084956 1728949 1156122 

361,70 
late Famennian 

OHRS-5/42 7875059 6414033 5204091 3462026 2768536 1463655 954090 

371,80 BB-NOF 3 4089898 3489774 3092426 2155128 2243650 1220855 1097748 

371,90 BB-NOF 2 3559683 2990837 2633919 1848685 1964284 1134147 1016427 

372,00 BB-NOF 1 3429103 2878819 2433202 1673581 1643885 913917 836692 

372,00 

early Famennian 

NY 22 3559927 2742419 2048843 1441158 1112258 714349 424456 

374,30 BB-BF 4 5178004 4149169 3673911 2898051 2466027 1426199 1302864 

374,39 BB-BF 3 3651110 2906632 2531605 1716495 1392069 760108 581890 

374,45 BB-BF 2 4344440 3510145 3178183 2170006 1899188 1075130 883878 

374,50 BB-BF 1 4224541 3431821 3157671 1958498 1800700 896796 757037 

374,50 

La
te

 D
ev

on
ia

n 

late Frasnian 

NY 11 6809880 5327882 4274983 3012214 2454173 1654963 1251416 

384,40 NY 29 16574487 14277309 12618419 9420890 7653972 5202658 3855430 

384,50 
middle Givetian 

NY 25 9265782 7578498 6449670 4222929 3352933 2153511 1526937 

386,90 earliest Givetian NY-9453-21 2620367 2143381 1817780 1300007 1018773 621432 428143 

387,70 NY-9453-23 11992727 10904524 8851904 6520220 5274733 3686290 2676664 

389,00 NY-9453-24 7673711 6818642 5788071 4435304 3566161 2561625 1960539 

388,60 E 43054 5414769 3827997 3161872 1878962 1210905 571020 585997 

388,65 E 43021 9298388 9224625 6779131 5234761 3917545 2197515 1696757 

388,70 E 43016 6860796 6317646 4307735 3071117 2081330 1034495 779271 

388,75 E 42955 8746704 8530116 6859988 4870192 4295791 2467161 1862827 

388,80 

D
  E

  V
  O

  N
  I

  A
  N

 

M
id

dl
e 

D
ev

on
ia

n 

late Eifelian 

E 42927 9380857 9731145 7946595 5489215 4563191 2889870 1874016 

 



Appendix 198

Peakarea [m/z = 85] Assigned 
Absolute 
Age [Ma] 

Stratigraphic Age 
Sample 
Name 

n-C34 n-C35 n-C36 n-C37 n-C38 n-C39 n-C40 

262,50 303102-222 5354019 4100129 n.d. n.d. n.d. n.d. n.d. 

263,20 303102-225 2316222 3289760 815186 n.d. n.d. n.d. n.d. 

262,50 327 631 7123497 6535471 3819062 2285521 5309655 1214480 1128051 

263,00 327 630 593784 380313 227820 182264 262602 103043 202570 

264,00 327 627 5027359 4352387 1745736 803485 1264916 504981 764598 

265,00 327 626 9544813 5279333 1715917 1166122 3216714 918821 1344322 

266,00 

La
te

 P
er

m
ia

n 

Wordian to 
Capitanian 

327 625 6117147 5841710 3775889 3142407 6385703 1188458 1619077 

293,00 middle Asselian LK 2 1755956 n.d. n.d. n.d. n.d. n.d. n.d. 

296,00 

P 
 E

  R
  M

  I
  A

  N
 

Ea
rly

 
Pe

rm
- 

ia
n 

early Asselian LK 1 1994970 2922036 10366164 n.d. n.d. n.d. n.d. 

296,50 LK 4 1874571 n.d. n.d. n.d. n.d. n.d. n.d. 

296,60 
latest Virgilian 

LK 3 3260003 n.d. n.d. n.d. n.d. n.d. n.d. 

301,25 WL 5 1468610 n.d. n.d. n.d. n.d. n.d. n.d. 

301,35 WL 3 1044786 n.d. n.d. n.d. n.d. n.d. n.d. 

301,45 WL 1 1255726 n.d. n.d. n.d. n.d. n.d. n.d. 

301,20 CL 6 1654557 n.d. n.d. n.d. n.d. n.d. n.d. 

301,30 CL 5 1162191 n.d. n.d. n.d. n.d. n.d. n.d. 

301,40 CL 3 684100 n.d. n.d. n.d. n.d. n.d. n.d. 

301,50 

earliest Virgilian 

CL 1 1418105 n.d. n.d. n.d. n.d. n.d. n.d. 

303,95 A2-HpSh-133 3864299 5680843 24844977 n.d. n.d. n.d. n.d. 

304,00 A2-HpSh-100 1604320 n.d. n.d. n.d. n.d. n.d. n.d. 

304,05 A2-HpSh-80 2644862 3895694 n.d. n.d. n.d. n.d. n.d. 

304,10 A2(II) 790885 n.d. n.d. n.d. n.d. n.d. n.d. 

304,20 

early Missourian 

A2(III) 1270494 n.d. n.d. n.d. n.d. n.d. n.d. 

304,80 earliest Missourian B8 MCSh 1521876 n.d. n.d. n.d. n.d. n.d. n.d. 

306,35 B2 424289 n.d. n.d. n.d. n.d. n.d. n.d. 

306,30 ED 16 4197001 8871745 9239172 2555108 n.d. n.d. n.d. 

306,40 ED 12 2162138 n.d. n.d. n.d. n.d. n.d. n.d. 

306,50 

Pe
nn

sy
lv

an
ia

n 

late Desmoinesian 

ED 15 1910703 n.d. n.d. n.d. n.d. n.d. n.d. 

348,00 Ko 19 1701456 n.d. n.d. n.d. n.d. n.d. n.d. 

349,00 Ko 14 1553758 n.d. n.d. n.d. n.d. n.d. n.d. 

350,00 

middle to late 
Tournaisian 

Ko 11 1332106 n.d. n.d. n.d. n.d. n.d. n.d. 

357,90 OHDW-1/40 711966 n.d. n.d. n.d. n.d. n.d. n.d. 

357,95 OHDW-1/29 613530 n.d. n.d. n.d. n.d. n.d. n.d. 

358,00 

C
  A

  R
  B

  O
  N

  I
  F

  E
  R

  O
  U

  S
 

M
is

si
ss

ip
pi

an
 

earliest 
Tournaisian 

OHRS-5/55 328456 n.d. n.d. n.d. n.d. n.d. n.d. 

361,20 OHRS-5/49 703706 n.d. n.d. n.d. n.d. n.d. n.d. 

361,70 
late Famennian 

OHRS-5/42 560839 n.d. n.d. n.d. n.d. n.d. n.d. 

371,80 BB-NOF 3 814061 n.d. n.d. n.d. n.d. n.d. n.d. 

371,90 BB-NOF 2 710192 n.d. n.d. n.d. n.d. n.d. n.d. 

372,00 BB-NOF 1 631413 n.d. n.d. n.d. n.d. n.d. n.d. 

372,00 

early Famennian 

NY 22 260285 n.d. n.d. n.d. n.d. n.d. n.d. 

374,30 BB-BF 4 1359850 1743132 7246275 n.d. n.d. n.d. n.d. 

374,39 BB-BF 3 499050 n.d. n.d. n.d. n.d. n.d. n.d. 

374,45 BB-BF 2 652377 n.d. n.d. n.d. n.d. n.d. n.d. 

374,50 BB-BF 1 508728 n.d. n.d. n.d. n.d. n.d. n.d. 

374,50 

La
te

 D
ev

on
ia

n 

late Frasnian 

NY 11 1104778 n.d. n.d. n.d. n.d. n.d. n.d. 

384,40 NY 29 3570182 n.d. n.d. n.d. n.d. n.d. n.d. 

384,50 
middle Givetian 

NY 25 1534118 n.d. n.d. n.d. n.d. n.d. n.d. 

386,90 earliest Givetian NY-9453-21 307658 n.d. n.d. n.d. n.d. n.d. n.d. 

387,70 NY-9453-23 2150128 n.d. n.d. n.d. n.d. n.d. n.d. 

389,00 NY-9453-24 1581740 n.d. n.d. n.d. n.d. n.d. n.d. 

388,60 E 43054 842025 n.d. n.d. n.d. n.d. n.d. n.d. 

388,65 E 43021 2675624 n.d. n.d. n.d. n.d. n.d. n.d. 

388,70 E 43016 850191 n.d. n.d. n.d. n.d. n.d. n.d. 

388,75 E 42955 2624077 n.d. n.d. n.d. n.d. n.d. n.d. 

388,80 

D
  E

  V
  O

  N
  I

  A
  N

 

M
id

dl
e 

D
ev

on
ia

n 

late Eifelian 

E 42927 3507039 n.d. n.d. n.d. n.d. n.d. n.d. 
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Table A-3:  Organic Geochemistry - Acyclic Isoprenoids Peakareas   
Peakarea [m/z = 85] Assigned 

Absolute 
Age [Ma] 

Stratigraphic Age 
Sample 
Name Farnesane     

(Fa, i-C15) 
i-C16 

Norpristane 
(NPr, i-C18) 

Pristane       
(Pr, i-C19) 

Phytane       
(Ph, i-C20) 

262,50 303102-222 n.d. 53373749 29856497 97425971 28012444 

263,20 303102-225 8588827 22794385 12747621 22820536 11524860 

262,50 327 631 n.d. 27643577 27876228 77413846 90879054 

263,00 327 630 n.d. 10442171 9501484 17871337 17832653 

264,00 327 627 n.d. 27764900 28077339 61699420 56139914 

265,00 327 626 n.d. 26132477 24991018 72644914 79902355 

266,00 

La
te

 P
er

m
ia

n 
Wordian to 
Capitanian 

327 625 n.d. 30571904 28081655 74988810 66394977 

293,00 middle Asselian LK 2 21388995 35829246 16173620 22885206 14148970 

296,00 

P 
 E

  R
  M

  I
  A

  N
 

Ea
rly

 
Pe

rm
- 

ia
n 

early Asselian LK 1 6847994 26943216 28688293 33030373 16572041 

296,50 LK 4 10171158 22656730 12219764 17243232 9795043 

296,60 
latest Virgilian 

LK 3 17721066 34076646 12734673 19669024 10502345 

301,25 WL 5 n.d. 39705421 30769014 77640147 123653783 

301,35 WL 3 n.d. 38061177 32137125 69707315 133016588 

301,45 WL 1 n.d. 46186472 34064112 92453600 139704543 

301,20 CL 6 4627580 13816509 16997722 46053956 65467164 

301,30 CL 5 n.d. 53559356 44699284 103713717 163575427 

301,40 CL 3 n.d. 39296530 37668859 63160057 116411850 

301,50 

earliest Virgilian 

CL 1 14506260 23268273 15808936 41363374 55263339 

303,95 A2-HpSh-133 3102524 4943096 1619558 2252303 1171517 

304,00 A2-HpSh-100 3686595 7904084 5337401 14003828 6381979 

304,05 A2-HpSh-80 14817633 27820367 22020259 52870126 39970385 

304,10 A2(II) n.d. 28688689 26972510 47029777 67247727 

304,20 

early Missourian 

A2(III) 14329832 21901874 20869854 35796550 53997534 

304,80 earliest Missourian B8 MCSh n.d. 39658794 37666352 57378711 58885715 

306,35 B2 n.d. 40683548 37353778 41283636 39099136 

306,30 ED 16 12002593 28526816 13190014 30787996 16100376 

306,40 ED 12 24963292 49071204 34305763 68758351 85617046 

306,50 

Pe
nn

sy
lv

an
ia

n 

late Desmoinesian 

ED 15 22505014 36772928 30878981 64153701 77724791 

348,00 Ko 19 n.d. 33944485 25494449 89802996 53768329 

349,00 Ko 14 n.d. 46023203 32042486 107404785 56833497 

350,00 

middle to late 
Tournaisian 

Ko 11 n.d. 3507468 8402798 27686009 21282224 

357,90 OHDW-1/40 11887327 22821311 18566889 40542641 28809790 

357,95 OHDW-1/29 7796974 15844409 11459477 23740914 16611705 

358,00 

C
  A

  R
  B

  O
  N

  I
  F

  E
  R

  O
  U

  S
 

M
is

si
ss

ip
pi

an
 

earliest Tournaisian 

OHRS-5/55 5763118 12574782 11403731 14205865 12785411 

361,20 OHRS-5/49 8068182 15645188 11037435 19606645 11750527 

361,70 
late Famennian 

OHRS-5/42 7521277 14068686 9801854 17456997 11402633 

371,80 BB-NOF 3 n.d. 13561509 11545740 27148602 14092654 

371,90 BB-NOF 2 n.d. 13464048 10613402 25381875 14129735 

372,00 BB-NOF 1 n.d. 13026109 11439220 27443916 13911878 

372,00 

early Famennian 

NY 22 n.d. 3745065 3286486 5680625 3020627 

374,30 BB-BF 4 9794983 23428852 12151064 30132015 10201509 

374,39 BB-BF 3 n.d. 19101198 10783769 26951764 9685597 

374,45 BB-BF 2 n.d. 13313715 9274497 22807141 8004733 

374,50 BB-BF 1 n.d. 18379917 12671676 31514775 12532355 

374,50 

La
te

 D
ev

on
ia

n 

late Frasnian 

NY 11 n.d. 15856395 10320855 17340180 10570174 

384,40 NY 29 4826884 12186466 6076430 9440103 6267344 

384,50 
middle Givetian 

NY 25 2140558 6758511 3335063 3942650 2576525 

386,90 earliest Givetian NY-9453-21 n.d. 11633215 7519559 6922573 5886565 

387,70 NY-9453-23 n.d. 18415476 13913769 16271562 16776877 

389,00 NY-9453-24 n.d. 13065980 9001733 9793632 9673228 

388,60 E 43054 n.d. 14907280 14930371 23200045 44141560 

388,65 E 43021 n.d. 28661000 27933130 49284146 65894962 

388,70 E 43016 n.d. 34206783 29061579 48805470 65629303 

388,75 E 42955 n.d. 29753633 24490099 51144833 62955805 

388,80 

D
  E

  V
  O

  N
  I

  A
  N

 

M
id

dl
e 

D
ev

on
ia

n 

late Eifelian 

E 42927 n.d. 32868175 29456654 67879872 110310474 
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Table A-4:  Organic Geochemistry - Hopanoids and Gammacerane Peakareas 
  

Peakarea [m/z = 191] 

Ts Tm C30-hopane C30-moretane 22S C31-
hopane 

22R C31-
hopane 

Assigned 
Absolute 
Age [Ma] 

Stratigraphic Age 
Sample 
Name 

18α(H)-22,29,30-
trisnorneohopane 

17α(H)-22,29,30-
trisnorhopane 

17α(H),21β(H) 
hopane 

17β(H),21α(H) 
moretane 

17α(H),21β(H),22S 
C31-hopane 

17α(H),21β(H),22R 
C31-hopane 

262,50 303102-222 3437143 205716 9659337 3315841 4703702 3173819 

263,20 303102-225 732585 67214 2477298 674672 1306720 941528 

262,50 327 631 3900091 1155355 14334471 3796162 4473809 5147966 

263,00 327 630 477249 160801 1436264 380325 397186 547908 

264,00 327 627 2893093 969610 8742072 2198886 2904831 3464117 

265,00 327 626 2694782 747861 9650554 2197573 3316687 3488117 

266,00 

La
te

 P
er

m
ia

n 

Wordian to 
Capitanian 

327 625 3561986 1174817 11289614 2962759 4239436 4747244 

293,00 middle Asselian LK 2 2133180 536517 3702419 1376930 1952124 1604304 

296,00 

P 
 E

  R
  M

  I
  A

  N
 

Ea
rly

 
Pe

rm
- 

ia
n 

early Asselian LK 1 177520  - 1603189 236699 935336 738261 

296,50 LK 4 3653292 486318 5449616 2829216 2882290 2138923 

296,60 
latest Virgilian 

LK 3 8029169 1016975 10919018 6221372 6267137 4577090 

301,25 WL 5 3356193 1637605 8920211 3035999 2304348 4893144 

301,35 WL 3 2186588 1137547 6022692 2259913 1555375 3157516 

301,45 WL 1 5196119 2096027 9660637 3627251 3557058 8454824 

301,20 CL 6 6718841 3809049 13225524 5084619 4226431 8697961 

301,30 CL 5 5113572 2460688 12284998 4700594 3492986 6741075 

301,40 CL 3 2153500 939944 5294884 1859782 1315584 2376344 

301,50 

earliest Virgilian 

CL 1 3833209 1415183 6944778 2669525 2870648 6314268 

303,95 A2-HpSh-133 912205 177069 3123996 743382 1661268 1404822 

304,00 A2-HpSh-100 1541654 255029 3534337 1222543 1519438 1429920 

304,05 A2-HpSh-80 5555071 968495 13415845 4194772 5767171 5701356 

304,10 A2(II) 2495786 549659 6678334 1772557 2355205 2201689 

304,20 

early Missourian 

A2(III) 3202402 760942 9211217 2491128 3380895 3560137 

304,80 earliest Missourian B8 MCSh 1792148 272096 9854685 1623215 3360367 2479094 

306,35 B2 1240710 155711 5185782 667107 1356676 1020629 

306,30 ED 16 5169475 702903 11390405 3808306 4542583 3627420 

306,40 ED 12 3559066 781910 11281314 2745336 3689498 3461480 

306,50 

Pe
nn

sy
lv

an
ia

n 

late Desmoinesian 

ED 15 5572935 1069507 17676262 4295540 6203900 5515092 

348,00 Ko 19 4072442 1148453 12546347 5510994 5624877 4029295 

349,00 Ko 14 11587672 3725745 26580126 11118824 15410255 11679506 

350,00 

middle to late 
Tournaisian 

Ko 11 11188811 4613814 25212740 9954349 16069276 11381425 

357,90 OHDW-1/40 1560118 261430 4215741 1085186 1629087 1350778 

357,95 OHDW-1/29 1098417 182071 3217735 682429 1211332 955245 

358,00 

C
  A

  R
  B

  O
  N

  I
  F

  E
  R

  O
  U

  S
 

M
is

si
ss

ip
pi

an
 

earliest 
Tournaisian 

OHRS-5/55 780884 130094 1816783 344948 524013 501908 

361,20 OHRS-5/49 1129527 195130 2739327 595463 947449 806393 

361,70 
late Famennian 

OHRS-5/42 684908 112002 1543018 322974 550323 480603 

371,80 BB-NOF 3 776562 101819 3682109 1003372 1686048 1256533 

371,90 BB-NOF 2 641604 86894 3056391 783077 1329808 1004192 

372,00 BB-NOF 1 777976 98533 3583665 922891 1613299 1208685 

372,00 

early Famennian 

NY 22  -  -  -  -  -  - 

374,30 BB-BF 4 6805935 529512 7114742 4128425 3300253 2422953 

374,39 BB-BF 3 4201159 334949 5335057 3198831 2887032 2045166 

374,45 BB-BF 2 1565958 141433 2421374 1169847 1364517 994432 

374,50 BB-BF 1 1770861 158821 3559428 1544578 2038031 1454345 

374,50 

La
te

 D
ev

on
ia

n 

late Frasnian 

NY 11  -  - 185373 25204 82902 68690 

384,40 NY 29 46850 not detectable 430941 57077 243751 205472 

384,50 
middle Givetian 

NY 25 39296 not detectable 420245 55405 237386 188287 

386,90 earliest Givetian NY-9453-21  -  -  -  -  -  - 

387,70 NY-9453-23  -  - 182813 24235 88774 98872 

389,00 NY-9453-24  -  - 116538 14562 65790 56444 

388,60 E 43054 14487617 1041408 50021417 8078232 15212933 12225902 

388,65 E 43021 3534722 181075 9620104 1451346 3986008 2623132 

388,70 E 43016 2929206 163259 6275731 943784 2374468 1603221 

388,75 E 42955 4857389 731435 6986443 2444272 3242346 3157133 

388,80 

D
  E

  V
  O

  N
  I

  A
  N

 

M
id

dl
e 

D
ev

on
ia

n 

late Eifelian 

E 42927 6413970 539518 11803741 2821306 5124086 4083883 
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Peakarea [m/z = 191] 

22S C32-
hopane 

22R C32-
hopane 

22S C33-
hopane 

22R C33-
hopane 

22S C34-
hopane 

22R C34-
hopane 

Assigned 
Absolute 
Age [Ma] 

Stratigraphic Age 
Sample 
Name 

17α(H),21β(H),22S 
C32-hopane 

17α(H),21β(H),22R 
C32-hopane 

17α(H),21β(H),22S 
C33-hopane 

17α(H),21β(H),22R 
C33-hopane 

17α(H),21β(H),22S 
C34-hopane 

17α(H),21β(H),22R 
C34-hopane 

262,50 303102-222 1777367 1165296 974370 664297 535755 320542 

263,20 303102-225 609926 449518 369113 261644 245553 157770 

262,50 327 631 2035691 2553039 2523280 3212452 1217717 1459146 

263,00 327 630 196022 232840 157560 192915 107907 125470 

264,00 327 627 1252276 1652113 1329505 1671319 964952 1146414 

265,00 327 626 1547768 1799310 2380238 2754398 1158375 1353908 

266,00 

La
te

 P
er

m
ia

n 

Wordian to 
Capitanian 

327 625 1730016 2153723 1679950 2105713 1191739 1510565 

293,00 middle Asselian LK 2 886453 810220 558788 465501 353894 283653 

296,00 

P 
 E

  R
  M

  I
  A

  N
 

Ea
rly

 
Pe

rm
- 

ia
n 

early Asselian LK 1 782346 586401 794623 527593 520182 356477 

296,50 LK 4 1278355 1047225 751695 576998 430554 314800 

296,60 
latest Virgilian 

LK 3 2458166 2023101 1226644 1027827 695466 527314 

301,25 WL 5 1750515 2026495 1443198 2944992 888511 1374685 

301,35 WL 3 1070482 1146005 986761 1848437 528961 774496 

301,45 WL 1 1680945 2785401 1001370 2266425 847918 1462332 

301,20 CL 6 2456963 3781375 1674960 3461284 1461281 2221045 

301,30 CL 5 2212940 2724960 1940489 3493445 1136356 1623294 

301,40 CL 3 1188469 958188 1149893 1809392 570878 708971 

301,50 

earliest Virgilian 

CL 1 1540845 2299759 915595 1916646 930443 1269343 

303,95 A2-HpSh-133 1110378 896822 888540 684691 624939 457440 

304,00 A2-HpSh-100 827747 871779 540602 505591 416063 357131 

304,05 A2-HpSh-80 2292997 2628559 1546702 1732392 1289133 1441255 

304,10 A2(II) 1093091 1007130 1137703 1026550 670489 711819 

304,20 

early Missourian 

A2(III) 1528575 1525781 1621581 1648851 1128958 1105902 

304,80 earliest Missourian B8 MCSh 1541277 1092838 1207620 777917 817283 582469 

306,35 B2 702296 494416 580312 328950 364381 234460 

306,30 ED 16 2567288 2271509 1521656 1325293 1124669 939679 

306,40 ED 12 2007149 1728542 1652773 1431985 1409114 1350902 

306,50 

Pe
nn

sy
lv

an
ia

n 

late Desmoinesian 

ED 15 2920431 2436312 3098333 2289968 2198236 1979214 

348,00 Ko 19 1751590 1490212 1223436 1247175 708883 668643 

349,00 Ko 14 5110866 4450802 3567118 3794941 2050290 2194804 

350,00 

middle to late 
Tournaisian 

Ko 11 5831355 4673736 4412919 4139536 2684970 2520018 

357,90 OHDW-1/40 864728 797241 742416 562787 485324 370587 

357,95 OHDW-1/29 622607 584114 545301 456088 410850 331123 

358,00 

C
  A

  R
  B

  O
  N

  I
  F

  E
  R

  O
  U

  S
 

M
is

si
ss

ip
pi

an
 

earliest 
Tournaisian 

OHRS-5/55 313895 301238 229987 212388 166830 135811 

361,20 OHRS-5/49 458029 427285 333404 272493 248370 190962 

361,70 
late Famennian 

OHRS-5/42 301636 282715 271339 210094 169096 137454 

371,80 BB-NOF 3 973685 772946 932527 690150 653031 422808 

371,90 BB-NOF 2 765074 610660 701061 525090 478948 329501 

372,00 BB-NOF 1 881895 704766 820311 597065 566678 376976 

372,00 

early Famennian 

NY 22  -  -  -  -  -  - 

374,30 BB-BF 4 1500429 1103818 821992 597000 467576 317890 

374,39 BB-BF 3 1114706 807370 588066 431249 398506 208740 

374,45 BB-BF 2 635306 484828 380236 284272 230390 155424 

374,50 BB-BF 1 892683 693706 573155 422241 416336 240698 

374,50 

La
te

 D
ev

on
ia

n 

late Frasnian 

NY 11 81059 51701 60255 45872 39746 24604 

384,40 NY 29 212756 156939 205659 136219 124410 87620 

384,50 
middle Givetian 

NY 25 203175 137541 190120 125531 120125 84637 

386,90 earliest Givetian NY-9453-21  -  -  -  -  -  - 

387,70 NY-9453-23 98821 57822 111260 43228 47729 28999 

389,00 NY-9453-24 62671 39182 70736 29658 31814 19538 

388,60 E 43054 7357943 6854052 4821105 4246086 9515831 7843835 

388,65 E 43021 2971162 2031497 2282249 1417324 1651500 861465 

388,70 E 43016 1627017 1123473 1143860 735095 748900 429704 

388,75 E 42955 1906937 2117956 1204239 1320271 1109205 1141364 

388,80 

D
  E

  V
  O

  N
  I

  A
  N

 

M
id

dl
e 

D
ev

on
ia

n 

late Eifelian 

E 42927 2903893 2590317 2010477 1854022 1723520 1360589 
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Peakarea [m/z = 191] 

22S C35-
hopane 

22R C35-
hopane Gammacerane 

Assigned 
Absolute 
Age [Ma] 

Stratigraphic Age 
Sample 
Name 

17α(H),21β(H),22S 
C35-hopane 

17α(H),21β(H),22R 
C35-hopane C30H52 

262,50 303102-222 228287 155269  - 

263,20 303102-225 155205 124090  - 

262,50 327 631 1288333 2105408  - 

263,00 327 630 96069 149150  - 

264,00 327 627 968306 1449353  - 

265,00 327 626 1473902 2066141  - 

266,00 

La
te

 P
er

m
ia

n 

Wordian to 
Capitanian 

327 625 1357848 2000498  - 

293,00 middle Asselian LK 2 280514 258347  - 

296,00 

P 
 E

  R
  M

  I
  A

  N
 

Ea
rly

 
Pe

rm
- 

ia
n 

early Asselian LK 1 603218 410947  - 

296,50 LK 4 348242 289820  - 

296,60 
latest Virgilian 

LK 3 536264 490729  - 

301,25 WL 5 574136 1362647 2935625 

301,35 WL 3 317047 846404 2637776 

301,45 WL 1 533652 1390004 2212406 

301,20 CL 6 893155 2312047 5098873 

301,30 CL 5 662024 1759381 3686548 

301,40 CL 3 331986 867788 2974394 

301,50 

earliest Virgilian 

CL 1 622860 1511854 2030449 

303,95 A2-HpSh-133 671395 493920  - 

304,00 A2-HpSh-100 320003 309316  - 

304,05 A2-HpSh-80 759477 1076194  - 

304,10 A2(II) 342421 514799 1582748 

304,20 

early Missourian 

A2(III) 602897 954243 2260752 

304,80 earliest Missourian B8 MCSh 359867 317854 1105142 

306,35 B2 132108 127437 563437 

306,30 ED 16 905699 831392  - 

306,40 ED 12 817091 969888 2899348 

306,50 

Pe
nn

sy
lv

an
ia

n 

late Desmoinesian 

ED 15 1423269 1781673 4031536 

348,00 Ko 19 370847 461388 1524718 

349,00 Ko 14 964689 1387280 2866237 

350,00 

middle to late 
Tournaisian 

Ko 11 1460110 1642670 3092695 

357,90 OHDW-1/40 239702 257008  - 

357,95 OHDW-1/29 214536 224927  - 

358,00 

C
  A

  R
  B

  O
  N

  I
  F

  E
  R

  O
  U

  S
 

M
is

si
ss

ip
pi

an
 

earliest 
Tournaisian 

OHRS-5/55 112337 122719  - 

361,20 OHRS-5/49 122221 131734  - 

361,70 
late Famennian 

OHRS-5/42 102244 104112  - 

371,80 BB-NOF 3 287681 271638  - 

371,90 BB-NOF 2 236748 209291  -  

372,00 BB-NOF 1 257947 233226  - 

372,00 

early Famennian 

NY 22  -  -  - 

374,30 BB-BF 4 355006 250132  - 

374,39 BB-BF 3 157576 153269  - 

374,45 BB-BF 2 129604 120518  - 

374,50 BB-BF 1 165413 148187  - 

374,50 

La
te

 D
ev

on
ia

n 

late Frasnian 

NY 11 26015 20865  - 

384,40 NY 29 121879 97797  - 

384,50 
middle Givetian 

NY 25 124219 88850  - 

386,90 earliest Givetian NY-9453-21  -  -  - 

387,70 NY-9453-23 30294 42576  - 

389,00 NY-9453-24 20036 32863  - 

388,60 E 43054 1951474 2492452 9878303 

388,65 E 43021 1193195 1016029 2429767 

388,70 E 43016 522050 428864 1574843 

388,75 E 42955 793402 1108443 1096034 

388,80 

D
  E

  V
  O

  N
  I

  A
  N

 

M
id

dl
e 

D
ev

on
ia

n 

late Eifelian 

E 42927 1413907 1677338 2857364 
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Table A-5:  Organic Geochemistry – Thermal Maturity Parameters calculated from Ratios of Hopanoids 
 

Assigned 
Absolute 
Age [Ma] 

Stratigraphic Age 
Sample 
Name 

Fractional 
Quantity of Ts 
[Ts/(Ts+Tm)] 

βα/(αβ+βα) 
C30-Hopanes 

22S/(22S+22R) 
C31-Hopanes 

22S/(22S+22R) 
C32-Hopanes 

22S/(22S+22R) 
C33-Hopanes 

22S/(22S+22R) 
C34-Hopanes 

22S/(22S+22R) 
C35-Hopanes 

262,50 303102-222 0,94 0,26 0,60 0,60 0,59 0,63 0,60 

263,20 303102-225 0,92 0,21 0,58 0,58 0,59 0,61 0,56 

262,50 327 631 0,77 0,21 0,46 0,44 0,44 0,45 0,38 

263,00 327 630 0,75 0,21 0,42 0,46 0,45 0,46 0,39 

264,00 327 627 0,75 0,20 0,46 0,43 0,44 0,46 0,40 

265,00 327 626 0,78 0,19 0,49 0,46 0,46 0,46 0,42 

266,00 

La
te

 P
er

m
ia

n 

Wordian to 
Capitanian 

327 625 0,75 0,21 0,47 0,45 0,44 0,44 0,40 

293,00 middle Asselian LK 2 0,80 0,27 0,55 0,52 0,55 0,56 0,52 

296,00 

P 
 E

  R
  M

  I
  A

  N
 

Ea
rly

 
Pe

rm
- 

ia
n 

early Asselian LK 1  - 0,13 0,56 0,57 0,60 0,59 0,59 

296,50 LK 4 0,88 0,34 0,57 0,55 0,57 0,58 0,55 

296,60 
latest Virgilian 

LK 3 0,89 0,36 0,58 0,55 0,54 0,57 0,52 

301,25 WL 5 0,67 0,25 0,32 0,46 0,33 0,39 0,30 

301,35 WL 3 0,66 0,27 0,33 0,48 0,35 0,41 0,27 

301,45 WL 1 0,71 0,27 0,30 0,38 0,31 0,37 0,28 

301,20 CL 6 0,64 0,28 0,33 0,39 0,33 0,40 0,28 

301,30 CL 5 0,68 0,28 0,34 0,45 0,36 0,41 0,27 

301,40 CL 3 0,70 0,26 0,36 0,55 0,39 0,45 0,28 

301,50 

earliest Virgilian 

CL 1 0,73 0,28 0,31 0,40 0,32 0,42 0,29 

303,95 A2-HpSh-
133

0,84 0,19 0,54 0,55 0,56 0,58 0,58 

304,00 A2-HpSh-
100

0,86 0,26 0,52 0,49 0,52 0,54 0,51 

304,05 A2-HpSh-
80

0,85 0,24 0,50 0,47 0,47 0,47 0,41 

304,10 A2(II) 0,82 0,21 0,52 0,52 0,53 0,49 0,40 

304,20 

early Missourian 

A2(III) 0,81 0,21 0,49 0,50 0,50 0,51 0,39 

304,80 earliest 
Missourian

B8 MCSh 0,87 0,14 0,58 0,59 0,61 0,58 0,53 

306,35 B2 0,89 0,11 0,57 0,59 0,64 0,61 0,51 

306,30 ED 16 0,88 0,25 0,56 0,53 0,53 0,54 0,52 

306,40 ED 12 0,82 0,20 0,52 0,54 0,54 0,51 0,46 

306,50 

Pe
nn

sy
lv

an
ia

n 

late 
Desmoinesian 

ED 15 0,84 0,20 0,53 0,55 0,58 0,53 0,44 

348,00 Ko 19 0,78 0,31 0,58 0,54 0,50 0,51 0,45 

349,00 Ko 14 0,76 0,29 0,57 0,53 0,48 0,48 0,41 

350,00 

middle to late 
Tournaisian 

Ko 11 0,71 0,28 0,59 0,56 0,52 0,52 0,47 

357,90 OHDW-
1/40

0,86 0,20 0,55 0,52 0,57 0,57 0,48 

357,95 OHDW-
1/29

0,86 0,17 0,56 0,52 0,54 0,55 0,49 

358,00 

C
  A

  R
  B

  O
  N

  I
  F

  E
  R

  O
  U

  S
 

M
is

si
ss

ip
pi

an
 

earliest 
Tournaisian 

OHRS-5/55 0,86 0,16 0,51 0,51 0,52 0,55 0,48 

361,20 OHRS-5/49 0,85 0,18 0,54 0,52 0,55 0,57 0,48 

361,70 
late Famennian 

OHRS-5/42 0,86 0,17 0,53 0,52 0,56 0,55 0,50 

371,80 BB-NOF 3 0,88 0,21 0,57 0,56 0,57 0,61 0,51 

371,90 BB-NOF 2 0,88 0,20 0,57 0,56 0,57 0,59 0,53 

372,00 BB-NOF 1 0,89 0,20 0,57 0,56 0,58 0,60 0,53 

372,00 

early Famennian 

NY 22  -  -  -  -  -  -  - 

374,30 BB-BF 4 0,93 0,37 0,58 0,58 0,58 0,60 0,59 

374,39 BB-BF 3 0,93 0,37 0,59 0,58 0,58 0,66 0,51 

374,45 BB-BF 2 0,92 0,33 0,58 0,57 0,57 0,60 0,52 

374,50 BB-BF 1 0,92 0,30 0,58 0,56 0,58 0,63 0,53 

374,50 

La
te

 D
ev

on
ia

n 

late Frasnian 

NY 11  - 0,12 0,55 0,61 0,57 0,62 0,55 

384,40 NY 29  - 0,12 0,54 0,58 0,60 0,59 0,55 

384,50 
middle Givetian 

NY 25  - 0,12 0,56 0,60 0,60 0,59 0,58 

386,90 earliest Givetian NY-9453-
21  -  -  -  -  -  -  - 

387,70 NY-9453-
23  - 0,12 0,47 0,63 0,72 0,62 0,42 

389,00 NY-9453-
24  - 0,11 0,54 0,62 0,70 0,62 0,38 

388,60 E 43054 0,93 0,14 0,55 0,52 0,53 0,55 0,44 

388,65 E 43021 0,95 0,13 0,60 0,59 0,62 0,66 0,54 

388,70 E 43016 0,95 0,13 0,60 0,59 0,61 0,64 0,55 

388,75 E 42955 0,87 0,26 0,51 0,47 0,48 0,49 0,42 

388,80 

D
  E

  V
  O

  N
  I

  A
  N

 

M
id

dl
e 

D
ev

on
ia

n 

late Eifelian 

E 42927 0,92 0,19 0,56 0,53 0,52 0,56 0,46 
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Table A-6:  Organic Geochemistry - Abundance of n-Alkane-Homologues relative to n-C17   
Abundance relative to n-C17    [Peakarea of n-Ci / Peakarea of n-C17; m/z = 85] Assigned 

Absolute 
Age [Ma] 

Stratigraphic Age 
Sample 
Name 

n-C13 n-C14 n-C15 n-C16 n-C17 n-C18 n-C19 

262,50 303102-222  n.d. 3,8 1,0 1,9 1,0 0,9 0,6 

263,20 303102-225 1,1 4,5 1,2 4,4 1,0 1,1 0,4 

262,50 327 631  n.d. 0,4 0,6 0,7 1,0 0,8 0,8 

263,00 327 630  n.d. 0,8 0,9 0,9 1,0 0,7 0,7 

264,00 327 627  n.d. 0,6 0,8 0,9 1,0 0,9 0,9 

265,00 327 626  n.d. 0,7 0,9 1,0 1,0 0,9 0,8 

266,00 

La
te

 P
er

m
ia

n 

Wordian to 
Capitanian 

327 625  n.d. 0,7 0,9 1,0 1,0 0,8 0,8 

293,00 middle Asselian LK 2 1,3 2,4 2,3 1,1 1,0 0,7 0,6 

296,00 

P 
 E

  R
  M

  I
  A

  N
 

Ea
rly

 
Pe

rm
- 

ia
n 

early Asselian LK 1 0,1 0,4 1,3 1,6 1,0 0,5 0,2 

296,50 LK 4 0,8 1,5 1,9 1,2 1,0 0,6 0,4 

296,60 
latest Virgilian 

LK 3 1,6 2,6 2,7 1,3 1,0 0,7 0,5 

301,25 WL 5  n.d. 0,8 0,9 0,9 1,0 0,8 0,7 

301,35 WL 3  n.d. 0,9 1,2 1,1 1,0 0,9 0,9 

301,45 WL 1  n.d. 0,7 0,8 0,7 1,0 0,7 0,7 

301,20 CL 6 0,1 0,2 0,5 0,5 1,0 0,7 0,5 

301,30 CL 5  n.d. 0,8 0,9 0,9 1,0 0,8 0,8 

301,40 CL 3  n.d. 0,7 0,9 0,8 1,0 0,8 0,7 

301,50 

earliest Virgilian 

CL 1 0,7 0,9 1,0 0,8 1,0 0,8 0,6 

303,95 A2-HpSh-133 0,7 1,1 1,2 1,2 1,0 0,9 0,8 

304,00 A2-HpSh-100 0,8 0,9 1,1 1,0 1,0 0,9 0,9 

304,05 A2-HpSh-80 0,6 0,8 0,7 0,6 1,0 0,7 0,6 

304,10 A2(II)  n.d. 1,0 1,2 1,0 1,0 0,9 0,9 

304,20 

early Missourian 

A2(III) 0,6 0,8 0,7 0,7 1,0 0,8 0,6 

304,80 earliest Missourian B8 MCSh  n.d. 1,0 1,1 1,0 1,0 0,9 0,9 

306,35 B2  n.d. 0,8 1,0 0,9 1,0 0,9 0,9 

306,30 ED 16 0,6 0,7 0,8 0,7 1,0 0,7 0,7 

306,40 ED 12 0,6 0,9 0,8 0,7 1,0 0,8 0,6 

306,50 

Pe
nn

sy
lv

an
ia

n 

late Desmoinesian 

ED 15 0,5 0,8 0,9 0,6 1,0 0,7 0,6 

348,00 Ko 19  n.d. 0,8 0,9 0,8 1,0 0,8 0,8 

349,00 Ko 14  n.d. 0,9 0,8 0,9 1,0 0,7 0,7 

350,00 

middle to late 
Tournaisian 

Ko 11  n.d. 0,2 0,3 0,7 1,0 1,2 1,4 

357,90 OHDW-1/40 0,9 1,0 1,0 0,7 1,0 0,6 0,6 

357,95 OHDW-1/29 1,0 1,1 1,3 0,9 1,0 0,7 0,7 

358,00 

C
  A

  R
  B

  O
  N

  I
  F

  E
  R

  O
  U

  S
 

M
is

si
ss

ip
pi

an
 

earliest 
Tournaisian 

OHRS-5/55 0,7 1,0 1,0 0,9 1,0 0,7 0,6 

361,20 OHRS-5/49 1,4 1,4 1,2 0,9 1,0 0,7 0,6 

361,70 
late Famennian 

OHRS-5/42 1,4 1,4 1,5 1,0 1,0 0,7 0,6 

371,80 BB-NOF 3  n.d.  n.d. 1,4 1,1 1,0 0,7 0,6 

371,90 BB-NOF 2  n.d.  n.d. 1,5 1,1 1,0 0,7 0,6 

372,00 BB-NOF 1  n.d.  n.d. 1,4 1,1 1,0 0,7 0,7 

372,00 

early Famennian 

NY 22  n.d.  n.d. 0,8 1,0 1,0 0,9 0,8 

374,30 BB-BF 4 0,9 1,0 1,1 0,9 1,0 0,7 0,5 

374,39 BB-BF 3  n.d.  n.d. 1,0 0,9 1,0 0,8 0,7 

374,45 BB-BF 2  n.d.  n.d. 1,5 1,1 1,0 0,8 0,7 

374,50 BB-BF 1  n.d.  n.d. 1,3 1,0 1,0 0,7 0,7 

374,50 

La
te

 D
ev

on
ia

n 

late Frasnian 

NY 11  n.d.  n.d. 1,1 1,0 1,0 0,8 0,7 

384,40 NY 29 0,9 1,2 1,1 1,0 1,0 0,9 0,8 

384,50 
middle Givetian 

NY 25 0,9 1,2 1,3 1,1 1,0 0,9 0,8 

386,90 earliest Givetian NY-9453-21  n.d.  n.d. 1,4 1,1 1,0 0,8 0,7 

387,70 NY-9453-23  n.d.  n.d. 1,1 1,0 1,0 0,9 0,8 

389,00 NY-9453-24  n.d.  n.d. 1,2 1,0 1,0 0,8 0,7 

388,60 E 43054  n.d. 0,5 0,7 0,8 1,0 0,8 0,8 

388,65 E 43021  n.d. 0,9 1,1 0,9 1,0 1,0 1,0 

388,70 E 43016  n.d. 0,9 1,0 0,9 1,0 0,9 0,9 

388,75 E 42955  n.d. 0,7 0,8 0,7 1,0 0,8 0,8 

388,80 

D
  E

  V
  O

  N
  I

  A
  N

 

M
id

dl
e 

D
ev

on
ia

n 

late Eifelian 

E 42927  n.d. 0,6 0,9 0,9 1,0 0,9 1,1 



Appendix 205

Abundance relative to n-C17    [Peakarea of n-Ci / Peakarea of n-C17; m/z = 85] Assigned 
Absolute 
Age [Ma] 

Stratigraphic Age 
Sample 
Name 

n-C20 n-C21 n-C22 n-C23 n-C24 n-C25 n-C26 

262,50 303102-222 0,5 0,4 0,4 0,3 0,3 0,3 0,3 

263,20 303102-225 0,3 0,3 0,2 0,3 0,3 0,3 0,3 

262,50 327 631 0,7 0,7 0,6 0,6 0,6 0,6 0,5 

263,00 327 630 0,6 0,5 0,5 0,4 0,4 0,3 0,3 

264,00 327 627 0,7 0,6 0,5 0,5 0,5 0,5 0,4 

265,00 327 626 0,7 0,6 0,6 0,5 0,5 0,5 0,4 

266,00 

La
te

 P
er

m
ia

n 

Wordian to 
Capitanian 

327 625 0,7 0,6 0,6 0,5 0,5 0,5 0,4 

293,00 middle Asselian LK 2 0,5 0,4 0,3 0,3 0,3 0,3 0,3 

296,00 

P 
 E

  R
  M

  I
  A

  N
 

Ea
rly

 
Pe

rm
- 

ia
n 

early Asselian LK 1 0,1 0,1 0,1 0,1 0,1 0,2 0,2 

296,50 LK 4 0,3 0,2 0,2 0,2 0,2 0,3 0,3 

296,60 
latest Virgilian 

LK 3 0,5 0,4 0,4 0,4 0,4 0,5 0,5 

301,25 WL 5 0,7 0,6 0,6 0,5 0,4 0,4 0,3 

301,35 WL 3 0,8 0,7 0,6 0,5 0,5 0,5 0,3 

301,45 WL 1 0,7 0,6 0,5 0,4 0,3 0,3 0,2 

301,20 CL 6 0,5 0,5 0,4 0,4 0,3 0,3 0,3 

301,30 CL 5 0,7 0,6 0,5 0,4 0,4 0,4 0,2 

301,40 CL 3 0,5 0,5 0,4 0,3 0,3 0,3 0,2 

301,50 

earliest Virgilian 

CL 1 0,6 0,5 0,5 0,4 0,5 0,5 0,5 

303,95 A2-HpSh-133 0,8 1,0 1,0 1,4 1,6 2,2 2,6 

304,00 A2-HpSh-100 0,9 1,0 0,7 0,9 0,8 1,0 1,0 

304,05 A2-HpSh-80 0,7 0,6 0,5 0,5 0,4 0,4 0,3 

304,10 A2(II) 0,8 0,7 0,6 0,5 0,4 0,5 0,3 

304,20 

early Missourian 

A2(III) 0,5 0,5 0,4 0,3 0,3 0,4 0,2 

304,80 earliest Missourian B8 MCSh 0,9 0,7 0,6 0,5 0,5 0,5 0,3 

306,35 B2 0,8 0,6 0,5 0,4 0,3 0,3 0,2 

306,30 ED 16 0,7 0,7 0,6 0,6 0,5 0,5 0,5 

306,40 ED 12 0,6 0,5 0,5 0,4 0,3 0,4 0,3 

306,50 

Pe
nn

sy
lv

an
ia

n 

late Desmoinesian 

ED 15 0,6 0,5 0,4 0,4 0,3 0,4 0,2 

348,00 Ko 19 0,7 0,7 0,6 0,5 0,4 0,4 0,4 

349,00 Ko 14 0,6 0,6 0,5 0,4 0,3 0,4 0,3 

350,00 

middle to late 
Tournaisian 

Ko 11 1,4 1,3 1,1 0,9 0,8 0,8 0,8 

357,90 OHDW-1/40 0,5 0,5 0,4 0,4 0,3 0,4 0,3 

357,95 OHDW-1/29 0,5 0,5 0,5 0,6 0,5 0,4 0,4 

358,00 

C
  A

  R
  B

  O
  N

  I
  F

  E
  R

  O
  U

  S
 

M
is

si
ss

ip
pi

an
 

earliest 
Tournaisian 

OHRS-5/55 0,4 0,4 0,4 0,3 0,2 0,2 0,2 

361,20 OHRS-5/49 0,5 0,5 0,5 0,7 0,6 0,5 0,4 

361,70 
late Famennian 

OHRS-5/42 0,5 0,4 0,5 0,6 0,6 0,6 0,5 

371,80 BB-NOF 3 0,5 0,5 0,5 0,4 0,4 0,4 0,3 

371,90 BB-NOF 2 0,6 0,6 0,5 0,5 0,4 0,4 0,3 

372,00 BB-NOF 1 0,6 0,6 0,5 0,5 0,4 0,4 0,3 

372,00 

early Famennian 

NY 22 0,7 0,6 0,5 0,4 0,3 0,3 0,2 

374,30 BB-BF 4 0,5 0,4 0,3 0,3 0,2 0,2 0,2 

374,39 BB-BF 3 0,5 0,5 0,3 0,3 0,2 0,2 0,2 

374,45 BB-BF 2 0,7 1,0 0,6 0,6 0,4 0,4 0,3 

374,50 BB-BF 1 0,6 0,6 0,4 0,4 0,3 0,3 0,2 

374,50 

La
te

 D
ev

on
ia

n 

late Frasnian 

NY 11 0,7 0,6 0,5 0,4 0,4 0,3 0,3 

384,40 NY 29 0,8 0,7 0,7 0,6 0,6 0,6 0,5 

384,50 
middle Givetian 

NY 25 0,7 0,7 0,6 0,6 0,5 0,5 0,5 

386,90 earliest Givetian NY-9453-21 0,6 0,6 0,5 0,4 0,3 0,2 0,2 

387,70 NY-9453-23 0,7 0,7 0,6 0,5 0,4 0,4 0,3 

389,00 NY-9453-24 0,7 0,6 0,5 0,5 0,4 0,4 0,3 

388,60 E 43054 0,9 0,9 0,7 0,5 0,4 0,5 0,4 

388,65 E 43021 1,0 0,9 0,8 0,6 0,6 0,5 0,5 

388,70 E 43016 1,0 0,8 0,6 0,4 0,4 0,3 0,3 

388,75 E 42955 0,7 0,6 0,5 0,5 0,4 0,4 0,4 

388,80 

D
  E

  V
  O

  N
  I

  A
  N

 

M
id

dl
e 

D
ev

on
ia

n 

late Eifelian 

E 42927 1,7 1,3 0,9 0,6 0,5 0,5 0,5 
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Abundance relative to n-C17    [Peakarea of n-Ci / Peakarea of n-C17; m/z = 85] Assigned 
Absolute 
Age [Ma] 

Stratigraphic Age 
Sample 
Name 

n-C27 n-C28 n-C29 n-C30 n-C31 n-C32 n-C33 

262,50 303102-222 0,3 0,2 0,3 0,2 0,2 0,1 0,1 

263,20 303102-225 0,4 0,3 0,5 0,2 0,2 0,1 0,2 

262,50 327 631 0,6 0,4 0,4 0,3 0,3 0,1 0,8 

263,00 327 630 0,3 0,2 0,2 0,1 0,1 0,04 0,04 

264,00 327 627 0,4 0,3 0,4 0,2 0,2 0,1 0,2 

265,00 327 626 0,3 0,3 0,3 0,2 0,2 0,2 0,2 

266,00 

La
te

 P
er

m
ia

n 

Wordian to 
Capitanian 

327 625 0,4 0,3 0,3 0,2 0,2 0,1 0,2 

293,00 middle Asselian LK 2 0,2 0,2 0,1 0,1 0,1 0,05 0,04 

296,00 

P 
 E

  R
  M

  I
  A

  N
 

Ea
rly

 
Pe

rm
- 

ia
n 

early Asselian LK 1 0,2 0,2 0,1 0,1 0,1 0,04 0,03 

296,50 LK 4 0,3 0,2 0,2 0,1 0,1 0,1 0,1 

296,60 
latest Virgilian 

LK 3 0,5 0,4 0,4 0,3 0,2 0,1 0,1 

301,25 WL 5 0,2 0,2 0,2 0,1 0,1 0,0 0,1 

301,35 WL 3 0,2 0,2 0,2 0,1 0,1 0,1 0,1 

301,45 WL 1 0,2 0,1 0,2 0,1 0,1 0,03 0,04 

301,20 CL 6 0,2 0,2 0,3 0,1 0,2 0,1 0,1 

301,30 CL 5 0,2 0,1 0,2 0,1 0,1 0,04 0,04 

301,40 CL 3 0,1 0,1 0,1 0,1 0,0 0,02 0,04 

301,50 

earliest Virgilian 

CL 1 0,4 0,3 0,4 0,2 0,2 0,1 0,1 

303,95 A2-HpSh-133 2,6 1,9 2,7 1,1 1,3 0,5 0,5 

304,00 A2-HpSh-100 1,2 0,8 1,4 0,5 0,7 0,2 0,3 

304,05 A2-HpSh-80 0,3 0,2 0,5 0,2 0,3 0,1 0,1 

304,10 A2(II) 0,2 0,2 0,2 0,1 0,1 0,1 0,05 

304,20 

early Missourian 

A2(III) 0,2 0,2 0,2 0,1 0,1 0,1 0,1 

304,80 earliest Missourian B8 MCSh 0,2 0,2 0,2 0,1 0,1 0,1 0,1 

306,35 B2 0,1 0,1 0,1 0,05 0,04 0,02 0,01 

306,30 ED 16 0,6 0,4 0,7 0,3 0,4 0,1 0,2 

306,40 ED 12 0,2 0,2 0,2 0,1 0,1 0,1 0,1 

306,50 

Pe
nn

sy
lv

an
ia

n 

late Desmoinesian 

ED 15 0,2 0,2 0,2 0,1 0,1 0,1 0,1 

348,00 Ko 19 0,3 0,3 0,3 0,2 0,1 0,1 0,1 

349,00 Ko 14 0,2 0,2 0,2 0,1 0,1 0,04 0,04 

350,00 

middle to late 
Tournaisian 

Ko 11 0,7 0,5 0,5 0,3 0,2 0,1 0,1 

357,90 OHDW-1/40 0,2 0,2 0,1 0,1 0,1 0,04 0,03 

357,95 OHDW-1/29 0,3 0,2 0,2 0,1 0,1 0,1 0,05 

358,00 

C
  A

  R
  B

  O
  N

  I
  F

  E
  R

  O
  U

  S
 

M
is

si
ss

ip
pi

an
 

earliest 
Tournaisian 

OHRS-5/55 0,1 0,1 0,1 0,1 0,1 0,04 0,02 

361,20 OHRS-5/49 0,3 0,2 0,2 0,1 0,1 0,1 0,04 

361,70 
late Famennian 

OHRS-5/42 0,4 0,3 0,3 0,2 0,1 0,1 0,1 

371,80 BB-NOF 3 0,2 0,2 0,2 0,1 0,1 0,1 0,1 

371,90 BB-NOF 2 0,2 0,2 0,2 0,1 0,1 0,1 0,1 

372,00 BB-NOF 1 0,2 0,2 0,2 0,1 0,1 0,1 0,1 

372,00 

early Famennian 

NY 22 0,2 0,1 0,1 0,1 0,1 0,04 0,02 

374,30 BB-BF 4 0,2 0,1 0,1 0,1 0,1 0,04 0,04 

374,39 BB-BF 3 0,2 0,1 0,1 0,1 0,1 0,0 0,0 

374,45 BB-BF 2 0,3 0,2 0,2 0,1 0,1 0,1 0,1 

374,50 BB-BF 1 0,2 0,2 0,2 0,1 0,1 0,0 0,0 

374,50 

La
te

 D
ev

on
ia

n 

late Frasnian 

NY 11 0,2 0,2 0,1 0,1 0,1 0,1 0,0 

384,40 NY 29 0,4 0,4 0,3 0,3 0,2 0,1 0,1 

384,50 
middle Givetian 

NY 25 0,4 0,4 0,3 0,2 0,2 0,1 0,1 

386,90 earliest Givetian NY-9453-21 0,1 0,1 0,1 0,1 0,1 0,04 0,02 

387,70 NY-9453-23 0,3 0,2 0,2 0,1 0,1 0,1 0,1 

389,00 NY-9453-24 0,3 0,2 0,2 0,1 0,1 0,1 0,1 

388,60 E 43054 0,3 0,2 0,2 0,1 0,1 0,04 0,04 

388,65 E 43021 0,3 0,3 0,3 0,2 0,1 0,1 0,1 

388,70 E 43016 0,2 0,2 0,1 0,1 0,1 0,03 0,02 

388,75 E 42955 0,3 0,3 0,2 0,1 0,1 0,1 0,1 

388,80 

D
  E

  V
  O

  N
  I

  A
  N

 

M
id

dl
e 

D
ev

on
ia

n 

late Eifelian 

E 42927 0,4 0,4 0,3 0,2 0,2 0,1 0,1 
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Abundance relative to n-C17    [Peakarea of n-Ci / Peakarea of n-C17; m/z = 85] Assigned 
Absolute 
Age [Ma] 

Stratigraphic Age 
Sample 
Name 

n-C34 n-C35 n-C36 n-C37 n-C38 n-C39 n-C40 

262,50 303102-222 0,1 0,1 n.d.   n.d.  n.d. n.d.   n.d. 

263,20 303102-225 0,1 0,1 0,02  n.d.  n.d. n.d.   n.d. 

262,50 327 631 0,1 0,1 0,1 0,05 0,1 0,02 0,02 

263,00 327 630 0,04 0,02 0,01 0,01 0,02 0,01 0,01 

264,00 327 627 0,2 0,1 0,1 0,02 0,04 0,02 0,02 

265,00 327 626 0,3 0,2 0,1 0,03 0,1 0,03 0,04 

266,00 

La
te

 P
er

m
ia

n 

Wordian to 
Capitanian 

327 625 0,1 0,1 0,1 0,1 0,1 0,03 0,03 

293,00 middle Asselian LK 2 0,04  n.d.  n.d. n.d.   n.d. n.d.   n.d. 

296,00 

P 
 E

  R
  M

  I
  A

  N
 

Ea
rly

 
Pe

rm
- 

ia
n 

early Asselian LK 1 0,03 0,04 0,1  n.d.  n.d. n.d.   n.d. 

296,50 LK 4 0,1  n.d.  n.d. n.d.   n.d. n.d.   n.d. 

296,60 
latest Virgilian 

LK 3 0,1  n.d.  n.d. n.d.   n.d. n.d.   n.d. 

301,25 WL 5 0,1  n.d.  n.d. n.d.   n.d. n.d.   n.d. 

301,35 WL 3 0,1  n.d.  n.d. n.d.   n.d. n.d.   n.d. 

301,45 WL 1 0,03  n.d.  n.d. n.d.   n.d. n.d.   n.d. 

301,20 CL 6 0,05  n.d.  n.d. n.d.   n.d. n.d.   n.d. 

301,30 CL 5 0,03  n.d.  n.d. n.d.   n.d. n.d.   n.d. 

301,40 CL 3 0,03  n.d.  n.d. n.d.   n.d. n.d.   n.d. 

301,50 

earliest Virgilian 

CL 1 0,1  n.d.  n.d. n.d.   n.d. n.d.   n.d. 

303,95 A2-HpSh-133 0,4 0,5 2,3 n.d.   n.d. n.d.   n.d. 

304,00 A2-HpSh-100 0,2  n.d.  n.d. n.d.   n.d. n.d.   n.d. 

304,05 A2-HpSh-80 0,1 0,1  n.d. n.d.   n.d. n.d.   n.d. 

304,10 A2(II) 0,1  n.d.  n.d. n.d.   n.d. n.d.   n.d. 

304,20 

early Missourian 

A2(III) 0,1  n.d.  n.d. n.d.   n.d. n.d.   n.d. 

304,80 earliest Missourian B8 MCSh 0,1  n.d.  n.d. n.d.   n.d. n.d.   n.d. 

306,35 B2 0,01  n.d.  n.d. n.d.   n.d. n.d.   n.d. 

306,30 ED 16 0,1 0,2 0,2 0,1  n.d. n.d.   n.d. 

306,40 ED 12 0,1  n.d.  n.d. n.d.   n.d. n.d.   n.d. 

306,50 

Pe
nn

sy
lv

an
ia

n 

late Desmoinesian 

ED 15 0,1  n.d.  n.d. n.d.   n.d. n.d.   n.d. 

348,00 Ko 19 0,04  n.d.  n.d. n.d.   n.d. n.d.   n.d. 

349,00 Ko 14 0,03  n.d.  n.d. n.d.   n.d. n.d.   n.d. 

350,00 

middle to late 
Tournaisian 

Ko 11 0,1  n.d.  n.d. n.d.   n.d. n.d.   n.d. 

357,90 OHDW-1/40 0,02  n.d.  n.d. n.d.   n.d. n.d.   n.d. 

357,95 OHDW-1/29 0,03  n.d.  n.d. n.d.   n.d. n.d.   n.d. 

358,00 

C
  A

  R
  B

  O
  N

  I
  F

  E
  R

  O
  U

  S
 

M
is

si
ss

ip
pi

an
 

earliest 
Tournaisian 

OHRS-5/55 0,02  n.d.  n.d. n.d.   n.d. n.d.   n.d. 

361,20 OHRS-5/49 0,03  n.d.  n.d. n.d.   n.d. n.d.   n.d. 

361,70 
late Famennian 

OHRS-5/42 0,03  n.d.  n.d. n.d.   n.d. n.d.   n.d. 

371,80 BB-NOF 3 0,05  n.d.  n.d. n.d.   n.d. n.d.   n.d. 

371,90 BB-NOF 2 0,05  n.d.  n.d. n.d.   n.d. n.d.   n.d. 

372,00 BB-NOF 1 0,04  n.d.  n.d. n.d.   n.d. n.d.   n.d. 

372,00 

early Famennian 

NY 22 0,01  n.d.  n.d. n.d.   n.d. n.d.   n.d. 

374,30 BB-BF 4 0,04 0,1 0,2 n.d.   n.d. n.d.   n.d. 

374,39 BB-BF 3 0,02  n.d.  n.d. n.d.   n.d. n.d.   n.d. 

374,45 BB-BF 2 0,05  n.d.  n.d. n.d.   n.d. n.d.   n.d. 

374,50 BB-BF 1 0,02  n.d.  n.d. n.d.   n.d. n.d.   n.d. 

374,50 

La
te

 D
ev

on
ia

n 

late Frasnian 

NY 11 0,03  n.d.  n.d. n.d.   n.d. n.d.   n.d. 

384,40 NY 29 0,1  n.d.  n.d. n.d.   n.d. n.d.   n.d. 

384,50 
middle Givetian 

NY 25 0,1  n.d.  n.d. n.d.   n.d. n.d.   n.d. 

386,90 earliest Givetian NY-9453-21 0,02  n.d.  n.d. n.d.   n.d. n.d.   n.d. 

387,70 NY-9453-23 0,05  n.d.  n.d. n.d.   n.d. n.d.   n.d. 

389,00 NY-9453-24 0,1  n.d.  n.d. n.d.   n.d. n.d.   n.d. 

388,60 E 43054 0,1  n.d.  n.d. n.d.   n.d. n.d.   n.d. 

388,65 E 43021 0,1  n.d.  n.d. n.d.   n.d. n.d.   n.d. 

388,70 E 43016 0,02  n.d.  n.d. n.d.   n.d. n.d.   n.d. 

388,75 E 42955 0,1  n.d.  n.d. n.d.   n.d. n.d.   n.d. 

388,80 

D
  E

  V
  O

  N
  I

  A
  N

 

M
id

dl
e 

D
ev

on
ia

n 

late Eifelian 

E 42927 0,1  n.d.  n.d. n.d.   n.d. n.d.   n.d. 
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Table A-7:  Organic Geochemistry - Odd-Over-Even Predominance of n-Alkane-Homologues  
Odd-Over-Even Predominance (OEP)    [calculation according to SCALAN & SMITH 1970] Assigned 

Absolute 
Age [Ma] 

Stratigraphic Age 
Sample 
Name 

n-C15 n-C16 n-C17 n-C18 n-C19 n-C20 n-C21 

262,50 303102-222 n.d.  0,51 0,69 0,85 0,96 1,02 1,04 

263,20 303102-225 0,26 0,27 0,34 0,48 0,60 0,74 0,95 

262,50 327 631  n.d. 1,15 1,21 1,15 1,09 1,06 1,04 

263,00 327 630  n.d. 1,07 1,13 1,15 1,10 1,04 1,01 

264,00 327 627  n.d. 1,07 1,07 1,06 1,06 1,06 1,03 

265,00 327 626  n.d. 0,99 1,03 1,04 1,01 0,97 0,95 

266,00 

La
te

 P
er

m
ia

n 

Wordian to 
Capitanian 

327 625  n.d. 1,03 1,07 1,08 1,05 1,02 1,00 

293,00 middle Asselian LK 2 1,16 1,38 1,25 1,10 1,04 0,99 1,00 

296,00 

P 
 E

  R
  M

  I
  A

  N
 

Ea
rly

 
Pe

rm
- 

ia
n 

early Asselian LK 1 1,06 0,85 0,87 1,01 0,96 0,97 1,08 

296,50 LK 4 1,25 1,24 1,11 1,05 0,99 0,99 1,01 

296,60 
latest Virgilian 

LK 3 1,19 1,31 1,15 1,05 1,01 0,98 1,01 

301,25 WL 5  n.d. 1,11 1,17 1,15 1,06 1,02 1,00 

301,35 WL 3  n.d. 1,02 0,99 1,01 1,03 1,02 0,98 

301,45 WL 1  n.d. 1,21 1,25 1,15 1,00 0,95 0,98 

301,20 CL 6 1,34 1,45 1,40 1,13 0,94 0,96 1,01 

301,30 CL 5  n.d. 1,02 1,11 1,13 1,08 1,04 1,01 

301,40 CL 3  n.d. 1,17 1,18 1,12 1,07 1,06 1,03 

301,50 

earliest Virgilian 

CL 1 1,19 1,31 1,27 1,09 0,95 0,94 0,99 

303,95 A2-HpSh-133 0,99 0,95 0,94 0,99 1,03 1,08 1,13 

304,00 A2-HpSh-100 1,09 1,06 1,06 1,09 1,09 1,13 1,20 

304,05 A2-HpSh-80 1,07 1,35 1,43 1,22 0,99 0,94 0,99 

304,10 A2(II) n.d.  1,05 1,03 1,03 1,02 0,98 0,97 

304,20 

early Missourian 

A2(III) 0,98 1,20 1,25 1,08 0,95 0,94 0,97 

304,80 earliest Missourian B8 MCSh  n.d. 1,08 1,07 1,07 1,04 0,99 0,99 

306,35 B2  n.d. 1,12 1,10 1,07 1,04 0,99 0,98 

306,30 ED 16 1,11 1,25 1,32 1,21 1,07 1,08 1,13 

306,40 ED 12 1,04 1,26 1,25 1,06 0,92 0,92 0,96 

306,50 

Pe
nn

sy
lv

an
ia

n 

late Desmoinesian 

ED 15 1,21 1,43 1,37 1,11 0,93 0,92 0,97 

348,00 Ko 19  n.d. 1,18 1,20 1,15 1,08 1,05 1,04 

349,00 Ko 14  n.d. 1,05 1,18 1,16 1,03 0,99 1,03 

350,00 

middle to late 
Tournaisian 

Ko 11  n.d. 0,97 1,03 1,03 1,01 1,00 1,02 

357,90 OHDW-1/40 1,12 1,30 1,36 1,24 1,10 1,06 1,05 

357,95 OHDW-1/29 1,27 1,34 1,31 1,24 1,15 1,09 1,04 

358,00 

C
  A

  R
  B

  O
  N

  I
  F

  E
  R

  O
  U

  S
 

M
is

si
ss

ip
pi

an
 

earliest 
Tournaisian 

OHRS-5/55 1,05 1,18 1,22 1,16 1,07 1,05 1,01 

361,20 OHRS-5/49 1,03 1,17 1,23 1,17 1,08 1,02 0,99 

361,70 
late Famennian 

OHRS-5/42 1,22 1,28 1,23 1,13 1,05 1,00 1,00 

371,80 BB-NOF 3  n.d.  n.d. 1,13 1,15 1,09 1,07 1,07 

371,90 BB-NOF 2  n.d.  n.d. 1,13 1,14 1,10 1,08 1,09 

372,00 BB-NOF 1  n.d.  n.d. 1,14 1,13 1,08 1,07 1,08 

372,00 

early Famennian 

NY 22  n.d. n.d.  1,02 1,03 1,00 1,00 1,00 

374,30 BB-BF 4 1,12 1,18 1,18 1,09 0,99 0,99 1,05 

374,39 BB-BF 3  n.d.  n.d. 1,18 1,11 1,04 1,04 1,04 

374,45 BB-BF 2  n.d.  n.d. 1,12 1,10 1,15 1,35 1,54 

374,50 BB-BF 1  n.d.  n.d. 1,18 1,14 1,08 1,09 1,13 

374,50 

La
te

 D
ev

on
ia

n 

late Frasnian 

NY 11  n.d. n.d.  1,09 1,06 1,01 1,00 1,01 

384,40 NY 29 0,93 1,01 1,04 1,04 1,02 1,01 1,01 

384,50 
middle Givetian 

NY 25 1,10 1,11 1,05 1,02 1,00 1,01 1,01 

386,90 earliest Givetian NY-9453-21  n.d.  n.d. 1,03 1,01 0,98 0,99 1,02 

387,70 NY-9453-23  n.d.  n.d. 1,07 1,04 1,00 0,99 1,01 

389,00 NY-9453-24  n.d.  n.d. 1,07 1,05 1,00 0,99 1,01 

388,60 E 43054  n.d. 1,08 1,12 1,04 0,93 0,97 1,08 

388,65 E 43021  n.d. 1,16 1,09 1,03 0,98 0,95 0,97 

388,70 E 43016  n.d. 1,11 1,13 1,09 1,00 0,94 0,98 

388,75 E 42955  n.d. 1,23 1,26 1,18 1,09 1,04 1,01 

388,80 

D
  E

  V
  O

  N
  I

  A
  N

 

M
id

dl
e 

D
ev

on
ia

n 

late Eifelian 

E 42927  n.d. 1,15 1,12 1,05 0,88 0,84 0,96 
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Odd-Over-Even Predominance (OEP)    [calculation according to SCALAN & SMITH 1970] Assigned 
Absolute 
Age [Ma] 

Stratigraphic Age 
Sample 
Name 

n-C22 n-C23 n-C24 n-C25 n-C26 n-C27 n-C28 

262,50 303102-222 1,02 1,01 1,02 1,07 1,15 1,21 1,25 

263,20 303102-225 1,01 1,04 1,07 1,12 1,24 1,42 1,64 

262,50 327 631 1,04 1,05 1,05 1,08 1,19 1,35 1,43 

263,00 327 630 1,01 0,99 0,99 1,03 1,11 1,20 1,23 

264,00 327 627 1,02 1,00 1,01 1,06 1,10 1,13 1,25 

265,00 327 626 0,97 1,01 1,05 1,07 1,03 0,98 1,03 

266,00 

La
te

 P
er

m
ia

n 

Wordian to 
Capitanian 

327 625 0,99 0,99 1,00 1,01 0,98 0,97 1,03 

293,00 middle Asselian LK 2 1,00 0,95 0,96 0,99 0,97 1,01 1,07 

296,00 

P 
 E

  R
  M

  I
  A

  N
 

Ea
rly

 
Pe

rm
- 

ia
n 

early Asselian LK 1 0,98 0,98 0,98 0,94 0,92 0,99 1,06 

296,50 LK 4 0,99 0,97 0,98 0,98 0,96 1,01 1,09 

296,60 
latest Virgilian 

LK 3 1,00 0,97 1,01 1,04 1,03 1,07 1,13 

301,25 WL 5 0,97 0,97 1,03 1,11 1,10 1,09 1,30 

301,35 WL 3 0,96 0,95 1,01 1,10 1,09 1,08 1,30 

301,45 WL 1 0,99 0,98 1,02 1,10 1,15 1,21 1,48 

301,20 CL 6 1,00 0,99 1,03 1,05 1,04 1,07 1,26 

301,30 CL 5 0,98 0,97 1,05 1,15 1,13 1,12 1,34 

301,40 CL 3 0,98 0,98 1,09 1,18 1,08 1,01 1,19 

301,50 

earliest Virgilian 

CL 1 0,99 0,96 1,00 1,04 1,02 1,06 1,17 

303,95 A2-HpSh-133 1,13 1,09 1,07 1,01 1,00 1,14 1,40 

304,00 A2-HpSh-100 1,19 1,12 1,10 1,09 1,11 1,27 1,60 

304,05 A2-HpSh-80 1,05 1,04 1,04 1,07 1,13 1,27 1,62 

304,10 A2(II) 0,98 1,02 1,13 1,23 1,14 1,04 1,18 

304,20 

early Missourian 

A2(III) 0,99 1,02 1,15 1,24 1,13 1,01 1,10 

304,80 earliest Missourian B8 MCSh 1,01 1,01 1,06 1,15 1,15 1,13 1,28 

306,35 B2 0,99 0,99 1,04 1,12 1,11 1,05 1,10 

306,30 ED 16 1,11 1,07 1,09 1,08 1,07 1,20 1,51 

306,40 ED 12 0,98 1,02 1,15 1,25 1,18 1,10 1,17 

306,50 

Pe
nn

sy
lv

an
ia

n 

late Desmoinesian 

ED 15 1,00 1,05 1,21 1,33 1,22 1,08 1,16 

348,00 Ko 19 1,04 1,04 1,06 1,05 1,02 1,03 1,12 

349,00 Ko 14 1,04 1,05 1,10 1,10 1,03 1,01 1,10 

350,00 

middle to late 
Tournaisian 

Ko 11 1,03 1,03 1,06 1,04 0,99 1,03 1,13 

357,90 OHDW-1/40 1,06 1,10 1,13 1,11 1,04 0,99 1,01 

357,95 OHDW-1/29 1,07 1,12 1,08 1,00 0,95 0,93 0,94 

358,00 

C
  A

  R
  B

  O
  N

  I
  F

  E
  R

  O
  U

  S
 

M
is

si
ss

ip
pi

an
 

earliest 
Tournaisian 

OHRS-5/55 0,97 1,01 1,08 1,08 1,00 0,94 0,96 

361,20 OHRS-5/49 1,06 1,11 1,05 1,01 1,02 1,03 1,06 

361,70 
late Famennian 

OHRS-5/42 1,06 1,07 1,02 1,01 0,99 0,98 1,01 

371,80 BB-NOF 3 1,04 1,06 1,11 1,12 1,08 1,02 1,03 

371,90 BB-NOF 2 1,07 1,06 1,09 1,10 1,05 1,01 1,03 

372,00 BB-NOF 1 1,07 1,07 1,10 1,11 1,06 1,00 1,01 

372,00 

early Famennian 

NY 22 1,00 1,01 1,02 1,01 0,99 0,99 1,00 

374,30 BB-BF 4 1,05 1,00 1,00 1,02 1,03 1,04 1,05 

374,39 BB-BF 3 1,03 1,02 1,03 1,06 1,06 1,05 1,06 

374,45 BB-BF 2 1,42 1,21 1,13 1,12 1,10 1,07 1,07 

374,50 BB-BF 1 1,10 1,07 1,08 1,10 1,09 1,06 1,08 

374,50 

La
te

 D
ev

on
ia

n 

late Frasnian 

NY 11 1,01 1,00 1,00 1,01 1,00 1,00 1,02 

384,40 NY 29 1,01 1,00 1,02 1,05 1,04 1,03 1,03 

384,50 
middle Givetian 

NY 25 1,01 1,00 1,00 1,01 1,00 1,01 1,04 

386,90 earliest Givetian NY-9453-21 1,01 1,01 1,03 1,05 1,04 1,01 1,02 

387,70 NY-9453-23 1,01 1,01 1,03 1,04 1,02 0,97 0,96 

389,00 NY-9453-24 1,01 1,01 1,04 1,05 1,01 0,98 0,99 

388,60 E 43054 1,05 0,99 1,11 1,20 1,14 1,10 1,11 

388,65 E 43021 0,96 0,93 0,94 0,92 0,86 0,82 0,86 

388,70 E 43016 0,99 0,93 0,91 0,89 0,84 0,82 0,86 

388,75 E 42955 0,98 0,97 0,98 0,94 0,86 0,83 0,90 

388,80 

D
  E

  V
  O

  N
  I

  A
  N

 

M
id

dl
e 

D
ev

on
ia

n 

late Eifelian 

E 42927 1,05 0,97 0,94 0,92 0,84 0,83 0,90 
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Odd-Over-Even Predominance (OEP)    [calculation according to SCALAN & SMITH 1970] Assigned 
Absolute 
Age [Ma] 

Stratigraphic Age 
Sample 
Name 

n-C29 n-C30 n-C31 n-C32 n-C33 n-C34 

262,50 303102-222 1,27 1,27 1,31 1,43 1,36 n.d.  

263,20 303102-225 1,87 1,93 1,94 2,23 2,42 2,25 

262,50 327 631 1,34 1,25 1,68 3,56 4,87 3,59 

263,00 327 630 1,20 1,16 1,16 1,25 1,20 1,01 

264,00 327 627 1,45 1,53 1,49 1,47 1,24 1,08 

265,00 327 626 1,16 1,22 1,12 0,97 0,78 0,70 

266,00 

La
te

 P
er

m
ia

n 
Wordian to 
Capitanian 

327 625 1,14 1,17 1,18 1,28 1,32 1,23 

293,00 middle Asselian LK 2 1,08 1,08 1,11 1,13  n.d.  n.d. 

296,00 

P 
 E

  R
  M

  I
  A

  N
 

Ea
rly

 
Pe

rm
- 

ia
n 

early Asselian LK 1 1,07 1,08 1,06 1,06 1,05 0,81 

296,50 LK 4 1,13 1,14 1,14 1,18  n.d.  n.d. 

296,60 
latest Virgilian 

LK 3 1,17 1,16 1,15 1,19  n.d.  n.d. 

301,25 WL 5 1,71 2,01 1,88 1,52  n.d.  n.d. 

301,35 WL 3 1,63 1,68 1,49 1,30  n.d.  n.d. 

301,45 WL 1 1,90 2,01 1,84 1,73  n.d.  n.d. 

301,20 CL 6 1,55 1,71 1,68 1,50  n.d.  n.d. 

301,30 CL 5 1,67 1,75 1,60 1,45  n.d.  n.d. 

301,40 CL 3 1,48 1,53 1,47 1,58  n.d.  n.d. 

301,50 

earliest Virgilian 

CL 1 1,32 1,42 1,43 1,40  n.d.  n.d. 

303,95 A2-HpSh-133 1,65 1,73 1,68 1,61 1,45 0,85 

304,00 A2-HpSh-100 1,98 2,14 2,09 2,00  n.d.  n.d. 

304,05 A2-HpSh-80 2,05 2,25 2,23 2,08 1,81  n.d. 

304,10 A2(II) 1,42 1,44 1,31 1,15  n.d.  n.d. 

304,20 

early Missourian 

A2(III) 1,31 1,45 1,50 1,39  n.d.  n.d. 

304,80 earliest Missourian B8 MCSh 1,45 1,44 1,44 1,43  n.d.  n.d. 

306,35 B2 1,19 1,22 1,26 1,23  n.d.  n.d. 

306,30 ED 16 1,84 1,95 1,91 1,88 1,81 1,66 

306,40 ED 12 1,30 1,37 1,39 1,32  n.d.  n.d. 

306,50 

Pe
nn

sy
lv

an
ia

n 

late Desmoinesian 

ED 15 1,30 1,34 1,35 1,31  n.d.  n.d. 

348,00 Ko 19 1,22 1,22 1,17 1,17  n.d.  n.d. 

349,00 Ko 14 1,20 1,22 1,22 1,32  n.d.  n.d. 

350,00 

middle to late 
Tournaisian 

Ko 11 1,20 1,18 1,17 1,27  n.d.  n.d. 

357,90 OHDW-1/40 1,06 1,13 1,20 1,21  n.d.  n.d. 

357,95 OHDW-1/29 0,98 1,07 1,16 1,20  n.d.  n.d. 

358,00 

C
  A

  R
  B

  O
  N

  I
  F

  E
  R

  O
  U

  S
 

M
is

si
ss

ip
pi

an
 

earliest 
Tournaisian 

OHRS-5/55 1,02 1,07 1,11 1,10  n.d.  n.d. 

361,20 OHRS-5/49 1,10 1,13 1,15 1,14  n.d.  n.d. 

361,70 
late Famennian 

OHRS-5/42 1,06 1,11 1,16 1,16  n.d.  n.d. 

371,80 BB-NOF 3 1,10 1,21 1,31 1,30  n.d.  n.d. 

371,90 BB-NOF 2 1,10 1,21 1,29 1,27  n.d.  n.d. 

372,00 BB-NOF 1 1,08 1,18 1,27 1,27  n.d.  n.d. 

372,00 

early Famennian 

NY 22 1,01 1,04 1,06 1,03  n.d.  n.d. 

374,30 BB-BF 4 1,05 1,07 1,14 1,18 1,08 0,72 

374,39 BB-BF 3 1,09 1,12 1,16 1,17  n.d.  n.d. 

374,45 BB-BF 2 1,11 1,15 1,19 1,20  n.d.  n.d. 

374,50 BB-BF 1 1,16 1,23 1,29 1,30  n.d.  n.d. 

374,50 

La
te

 D
ev

on
ia

n 

late Frasnian 

NY 11 1,05 1,07 1,08 1,06  n.d.  n.d. 

384,40 NY 29 1,05 1,07 1,07 1,04  n.d.  n.d. 

384,50 
middle Givetian 

NY 25 1,09 1,12 1,10 1,05  n.d.  n.d. 

386,90 earliest Givetian NY-9453-21 1,06 1,07 1,09 1,08  n.d.  n.d. 

387,70 NY-9453-23 1,01 1,05 1,06 1,03  n.d.  n.d. 

389,00 NY-9453-24 1,02 1,04 1,04 1,03  n.d.  n.d. 

388,60 E 43054 1,12 1,12 1,12 1,17  n.d.  n.d. 

388,65 E 43021 0,93 1,00 1,08 1,06  n.d.  n.d. 

388,70 E 43016 0,93 0,99 1,07 1,13  n.d.  n.d. 

388,75 E 42955 1,01 1,11 1,18 1,10  n.d.  n.d. 

388,80 

D
  E

  V
  O

  N
  I

  A
  N

 

M
id

dl
e 

D
ev

on
ia

n 

late Eifelian 

E 42927 1,01 1,10 1,11 0,98  n.d.  n.d. 
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Table A-8:  Organic Geochemistry - n-Alkane-Parameters ∑n-C15-19 / ∑n-C27-31, OEP n-C17 – n-C19, and CPI 
 

Assigned 
Absolute 
Age [Ma] 

Stratigraphic Age 
Sample 
Name 

∑n-C15-19 / ∑n-C27-31 
[modified after LHCPI  

of Littke et al. 1998] 

OEP n-C17 – n-C19 
[calculated according  
to Pancost et al. 1998] 

Carbon Preference Index (CPI) 
[calculated according  

to BRAY & EVANS 1961] 

262,50 303102-222 5,0 0,9 1,2 

263,20 303102-225 5,2 0,6 1,6 

262,50 327 631 2,0 1,1 1,7 

263,00 327 630 5,8 1,2 1,2 

264,00 327 627 3,1 1,0 1,2 

265,00 327 626 3,2 1,0 1,0 

266,00 

La
te

 P
er

m
ia

n 

Wordian to 
Capitanian 

327 625 3,1 1,1 1,1 

293,00 middle Asselian LK 2 7,8 1,1 1,1 

296,00 

P 
 E

  R
  M

  I
  A

  N
 

Ea
rly

 
Pe

rm
- 

ia
n 

early Asselian LK 1 6,6 1,2 1,0 

296,50 LK 4 5,6 1,1 1,1 

296,60 
latest Virgilian 

LK 3 3,3 1,1 1,1 

301,25 WL 5 5,6 1,2 1,3 

301,35 WL 3 6,0 1,0 1,3 

301,45 WL 1 6,5 1,1 1,4 

301,20 CL 6 3,4 1,1 1,3 

301,30 CL 5 6,7 1,1 1,3 

301,40 CL 3 9,0 1,1 1,3 

301,50 

earliest Virgilian 

CL 1 2,7 1,1 1,2 

303,95 A2-HpSh-133 0,5 1,0 1,3 

304,00 A2-HpSh-100 1,1 1,1 1,5 

304,05 A2-HpSh-80 2,4 1,2 1,5 

304,10 A2(II) 6,4 1,0 1,3 

304,20 

early Missourian 

A2(III) 5,3 1,0 1,2 

304,80 earliest Missourian B8 MCSh 5,6 1,1 1,3 

306,35 B2 12,2 1,1 1,2 

306,30 ED 16 1,7 1,2 1,4 

306,40 ED 12 4,7 1,0 1,3 

306,50 

Pe
nn

sy
lv

an
ia

n 

late Desmoinesian 

ED 15 4,9 1,1 1,3 

348,00 Ko 19 3,8 1,1 1,1 

349,00 Ko 14 5,0 1,2 1,1 

350,00 

middle to late 
Tournaisian 

Ko 11 2,1 1,0 1,1 

357,90 OHDW-1/40 5,5 1,2 1,1 

357,95 OHDW-1/29 4,9 1,3 1,0 

358,00 

C
  A

  R
  B

  O
  N

  I
  F

  E
  R

  O
  U

  S
 

M
is

si
ss

ip
pi

an
 

earliest Tournaisian 

OHRS-5/55 8,5 1,1 1,1 

361,20 OHRS-5/49 4,2 1,2 1,1 

361,70 
late Famennian 

OHRS-5/42 3,5 1,2 1,1 

371,80 BB-NOF 3 5,6 1,2 1,1 

371,90 BB-NOF 2 5,6 1,2 1,1 

372,00 BB-NOF 1 5,7 1,2 1,1 

372,00 

early Famennian 

NY 22 8,0 1,0 1,0 

374,30 BB-BF 4 7,4 1,1 1,1 

374,39 BB-BF 3 8,1 1,1 1,1 

374,45 BB-BF 2 4,9 1,1 1,1 

374,50 BB-BF 1 6,7 1,2 1,2 

374,50 

La
te

 D
ev

on
ia

n 

late Frasnian 

NY 11 6,9 1,1 1,1 

384,40 NY 29 2,9 1,1 1,1 

384,50 
middle Givetian 

NY 25 3,5 1,0 1,1 

386,90 earliest Givetian NY-9453-21 10,1 1,0 1,1 

387,70 NY-9453-23 5,0 1,0 1,0 

389,00 NY-9453-24 5,0 1,1 1,0 

388,60 E 43054 4,1 1,0 1,2 

388,65 E 43021 3,8 1,0 0,9 

388,70 E 43016 7,8 1,1 0,9 

388,75 E 42955 4,1 1,2 1,0 

388,80 

D
  E

  V
  O

  N
  I

  A
  N

 

M
id

dl
e 

D
ev

on
ia

n 

late Eifelian 

E 42927 3,5 1,1 0,9 
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Table A-9:  Organic Geochemistry - Abundance of Acyclic Isoprenoids Fa, i-C16, NPr, and Pr relative to Ph  
Abundance relative to Phytane (Ph, i-C20)    

[Peakarea of i-Ci / Peakarea of Ph; m/z = 85]] 
Assigned 
Absolute 
Age [Ma] 

Stratigraphic Age 
Sample 
Name Farnesane        

(Fa, i-C15) 
i-C16 

Norpristane 
(NPr, i-C18) 

Pristane       
(Pr, i-C19) 

262,50 303102-222 n.d. 1,9 1,1 3,5 

263,20 303102-225 0,7 2,0 1,1 2,0 

262,50 327 631 n.d. 0,3 0,3 0,9 

263,00 327 630 n.d. 0,6 0,5 1,0 

264,00 327 627 n.d. 0,5 0,5 1,1 

265,00 327 626 n.d. 0,3 0,3 0,9 

266,00 

La
te

 P
er

m
ia

n 
Wordian to 
Capitanian 

327 625 n.d. 0,5 0,4 1,1 

293,00 middle Asselian LK 2 1,5 2,5 1,1 1,6 

296,00 

P 
 E

  R
  M

  I
  A

  N
 

Ea
rly

 
Pe

rm
- 

ia
n 

early Asselian LK 1 0,4 1,6 1,7 2,0 

296,50 LK 4 1,0 2,3 1,2 1,8 

296,60 
latest Virgilian 

LK 3 1,7 3,2 1,2 1,9 

301,25 WL 5 n.d. 0,3 0,2 0,6 

301,35 WL 3 n.d. 0,3 0,2 0,5 

301,45 WL 1 n.d. 0,3 0,2 0,7 

301,20 CL 6 0,1 0,2 0,3 0,7 

301,30 CL 5 n.d. 0,3 0,3 0,6 

301,40 CL 3 n.d. 0,3 0,3 0,5 

301,50 

earliest Virgilian 

CL 1 0,3 0,4 0,3 0,7 

303,95 A2-HpSh-133 2,6 4,2 1,4 1,9 

304,00 A2-HpSh-100 0,6 1,2 0,8 2,2 

304,05 A2-HpSh-80 0,4 0,7 0,6 1,3 

304,10 A2(II) n.d. 0,4 0,4 0,7 

304,20 

early Missourian 

A2(III) 0,3 0,4 0,4 0,7 

304,80 earliest Missourian B8 MCSh n.d. 0,7 0,6 1,0 

306,35 B2 n.d. 1,0 1,0 1,1 

306,30 ED 16 0,7 1,8 0,8 1,9 

306,40 ED 12 0,3 0,6 0,4 0,8 

306,50 

Pe
nn

sy
lv

an
ia

n 

late Desmoinesian 

ED 15 0,3 0,5 0,4 0,8 

348,00 Ko 19 n.d. 0,6 0,5 1,7 

349,00 Ko 14 n.d. 0,8 0,6 1,9 

350,00 

middle to late 
Tournaisian 

Ko 11 n.d. 0,2 0,4 1,3 

357,90 OHDW-1/40 0,4 0,8 0,6 1,4 

357,95 OHDW-1/29 0,5 1,0 0,7 1,4 

358,00 

C
  A

  R
  B

  O
  N

  I
  F

  E
  R

  O
  U

  S
 

M
is

si
ss

ip
pi

an
 

earliest Tournaisian 

OHRS-5/55 0,5 1,0 0,9 1,1 

361,20 OHRS-5/49 0,7 1,3 0,9 1,7 

361,70 
late Famennian 

OHRS-5/42 0,7 1,2 0,9 1,5 

371,80 BB-NOF 3 n.d. 1,0 0,8 1,9 

371,90 BB-NOF 2 n.d. 1,0 0,8 1,8 

372,00 BB-NOF 1 n.d. 0,9 0,8 2,0 

372,00 

early Famennian 

NY 22 n.d. 1,2 1,1 1,9 

374,30 BB-BF 4 1,0 2,3 1,2 3,0 

374,39 BB-BF 3 n.d. 2,0 1,1 2,8 

374,45 BB-BF 2 n.d. 1,7 1,2 2,8 

374,50 BB-BF 1 n.d. 1,5 1,0 2,5 

374,50 

La
te

 D
ev

on
ia

n 

late Frasnian 

NY 11 n.d. 1,5 1,0 1,6 

384,40 NY 29 0,8 1,9 1,0 1,5 

384,50 
middle Givetian 

NY 25 0,8 2,6 1,3 1,5 

386,90 earliest Givetian NY-9453-21 n.d. 2,0 1,3 1,2 

387,70 NY-9453-23 n.d. 1,1 0,8 1,0 

389,00 NY-9453-24 n.d. 1,4 0,9 1,0 

388,60 E 43054 n.d. 0,3 0,3 0,5 

388,65 E 43021 n.d. 0,4 0,4 0,7 

388,70 E 43016 n.d. 0,5 0,4 0,7 

388,75 E 42955 n.d. 0,5 0,4 0,8 

388,80 

D
  E

  V
  O

  N
  I

  A
  N

 

M
id

dl
e 

D
ev

on
ia

n 

late Eifelian 

E 42927 n.d. 0,3 0,3 0,6 
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Table A-10:  Compound-specific Carbon Isotopic Compositions of n-Alkanes  
δ13C  

[‰ vs. V-PDB; Reproducibility of Replicate Measurements ≤ 0.5 ‰] 
Assigned 
Absolute 
Age [Ma] 

Stratigraphic Age 
Sample 
Name 

n-C14 n-C15 n-C16 n-C17 n-C18 n-C19 n-C20 

262,50 303102-222 n.d. n.d. -27,5 -28,1 -34,8 -28,5 -28,1 

263,20 303102-225 n.d. n.d. n.d. n.d. -25,5 -25,9 -25,6 

262,50 327 631 n.d. n.d.  n.d. -29,8 -30,5 -31,2 -30,8 

263,00 327 630 n.d. n.d. n.d. n.d. -29,6 -29,8 -29,7 

264,00 327 627 n.d. n.d. n.d. -29,0 -30,9 -30,5 -30,3 

265,00 327 626 n.d. n.d. n.d. n.d. n.d. -28,5 -30,1 

266,00 

La
te

 P
er

m
ia

n 

Wordian to 
Capitanian 

327 625 n.d. n.d. -29,7 -29,9 -30,5 -30,8 -30,6 

293,00 middle Asselian LK 2 n.d. n.d. -28,4 -28,5 -28,2 -27,5 -27,4 

296,00 

P 
 E

  R
  M

  I
  A

  N
 

Ea
rly

 
Pe

rm
- 

ia
n 

early Asselian LK 1 n.d. n.d. n.d. n.d. n.d. n.d. n.d. 

296,50 LK 4 n.d. n.d. n.d. n.d. -27,8 -28,0 -27,5 

296,60 
latest Virgilian 

LK 3 n.d. n.d. n.d. n.d. n.d. n.d. n.d. 

301,25 WL 5 n.d. n.d. n.d. n.d. n.d. -29,3 -29,3 

301,35 WL 3 n.d. n.d. n.d. n.d. n.d. -30,4 -30,3 

301,45 WL 1 n.d. n.d. n.d. n.d. -30,2 -30,7 -31,0 

301,20 CL 6 n.d. n.d. n.d. -27,7 -28,6 -28,5 -28,6 

301,30 CL 5 n.d. n.d. n.d. -28,7 -29,9 -29,5 -29,2 

301,40 CL 3 n.d. n.d. n.d. n.d. n.d. -27,9 -28,8 

301,50 

earliest Virgilian 

CL 1 n.d. n.d. n.d. n.d. n.d.  n.d. -28,7 

303,95 A2-HpSh-133 n.d. n.d. n.d. n.d. -26,1 -26,5 -25,9 

304,00 A2-HpSh-100 n.d. n.d. n.d. n.d. n.d. n.d. -25,4 

304,05 A2-HpSh-80 n.d. n.d. n.d. -27,5 -27,6 -27,7 -27,6 

304,10 A2(II) n.d. n.d. n.d. n.d. -27,1 -30,3 -29,2 

304,20 

early Missourian 

A2(III) n.d. n.d. n.d. n.d. -29,7 -29,5 -29,6 

304,80 earliest Missourian B8 MCSh n.d. n.d. n.d. n.d. -27,3 -28,2 -27,7 

306,35 B2 n.d. n.d. n.d. n.d. -26,8 -27,7 -27,7 

306,30 ED 16 n.d. n.d. n.d. n.d. n.d. n.d. n.d. 

306,40 ED 12 n.d. n.d. -28,3 -28,5 -28,0 -27,6 -28,0 

306,50 

Pe
nn

sy
lv

an
ia

n 

late Desmoinesian 

ED 15 n.d. n.d. -27,1 -27,3 -27,4 -27,2 -27,2 

348,00 Ko 19 n.d. n.d. n.d.  n.d. -31,4 -31,7 -31,4 

349,00 Ko 14 n.d. n.d. n.d. -29,2 -30,9 -32,0 -31,5 

350,00 

middle to late 
Tournaisian 

Ko 11 n.d. n.d. n.d. n.d. -30,2 -31,1 -30,6 

357,90 OHDW-1/40 n.d. n.d. n.d. n.d. -31,2 -31,2 -31,7 

357,95 OHDW-1/29 n.d. n.d. n.d. -31,2 -31,1 -31,3 -31,2 

358,00 

C
  A

  R
  B

  O
  N

  I
  F

  E
  R

  O
  U

  S
 

M
is

si
ss

ip
pi

an
 

earliest 
Tournaisian 

OHRS-5/55 n.d. n.d. -30,0 -30,0 -30,2 -30,6 -30,4 

361,20 OHRS-5/49 n.d. -30,0 -30,5 -30,4 -30,7 -30,0 -30,2 

361,70 
late Famennian 

OHRS-5/42 -30,2 -29,2 -29,8 -29,9 -30,0 -29,4 -29,5 

371,80 BB-NOF 3 n.d. n.d. n.d. -30,0 -30,2 -30,3 -29,7 

371,90 BB-NOF 2 n.d. -30,2 -30,4 -30,5 -30,7 -30,8 -30,3 

372,00 BB-NOF 1 n.d. n.d. n.d. -29,8 -30,4 -30,5 -29,9 

372,00 

early Famennian 

NY 22 n.d. -29,2 -29,4 -29,4 -29,4 -29,4 -28,9 

374,30 BB-BF 4 n.d.  n.d. -29,7 -29,9 -29,8 -30,0 -30,6 

374,39 BB-BF 3 n.d. n.d. n.d. n.d. -29,5 -29,6 -30,1 

374,45 BB-BF 2 n.d. n.d. n.d. -30,6 -31,2 -31,6 -31,3 

374,50 BB-BF 1 n.d. n.d. n.d. n.d. n.d. n.d. n.d. 

374,50 

La
te

 D
ev

on
ia

n 

late Frasnian 

NY 11 -26,7 -27,0 -27,2 -27,2 -27,4 -27,0 -27,2 

384,40 NY 29 n.d. n.d. -29,7 -29,7 -30,0 -30,4 -30,1 

384,50 
middle Givetian 

NY 25 n.d. n.d. -28,7 -28,3 -28,6 -28,8 -28,6 

386,90 earliest Givetian NY-9453-21 -28,2 -28,0 -28,1 -28,1 -28,3 -28,2 -28,1 

387,70 NY-9453-23 -29,1 -28,6 -28,9 -29,2 -29,3 -29,1 -29,0 

389,00 NY-9453-24 n.d. -28,7 -29,1 -29,1 -29,1 -29,1 -29,3 

388,60 E 43054 n.d. n.d.  -33,1 -28,0 -29,2 -29,6 -30,8 

388,65 E 43021 n.d. n.d. n.d. -28,0 -29,1 -29,0 -30,1 

388,70 E 43016 n.d.  n.d. -29,0 -29,3 -29,6 -29,9 -30,5 

388,75 E 42955 n.d. n.d. n.d. -32,2 -31,0 -31,1 -31,3 

388,80 

D
  E

  V
  O

  N
  I

  A
  N

 

M
id

dl
e 

D
ev

on
ia

n 

late Eifelian 

E 42927 n.d. n.d. n.d. -30,0 -31,0 -30,8 -31,3 
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δ13C  
[‰ vs. V-PDB; Reproducibility of Replicate Measurements ≤ 0.5 ‰] 

Assigned 
Absolute 
Age [Ma] 

Stratigraphic Age 
Sample 
Name 

n-C21 n-C22 n-C23 n-C24 n-C25 n-C26 n-C27 

262,50 303102-222 -28,0 -27,8 -27,6 -27,2 -27,1 -27,0 -26,9 

263,20 303102-225 -24,6 -24,3 -24,4 -24,6 -24,2 -24,4 -23,7 

262,50 327 631 -31,0 -32,1 -31,2 -31,0 -31,0 -31,7 -31,6 

263,00 327 630 -29,7 -29,8 -29,7 -29,6 -32,6 -29,9 -29,3 

264,00 327 627 -30,9 -29,9 -29,8 -30,0 -29,6 -29,8 -28,6 

265,00 327 626 -29,5 -29,4 -29,6 -29,9 -29,2 -29,7 -28,5 

266,00 

La
te

 P
er

m
ia

n 

Wordian to 
Capitanian 

327 625 -30,8 -30,6 -30,8 -30,5 -30,3 -30,5 -29,8 

293,00 middle Asselian LK 2 -27,2 -27,1 -27,2 -27,4 -27,6 -28,8 -27,1 

296,00 

P 
 E

  R
  M

  I
  A

  N
 

Ea
rly

 
Pe

rm
- 

ia
n 

early Asselian LK 1 n.d. n.d. n.d. -28,3 -28,4 -28,5 -28,3 

296,50 LK 4 -27,7 -27,4 -27,1 -28,0 -27,8 -28,0 -27,5 

296,60 
latest Virgilian 

LK 3 n.d. n.d. n.d. n.d. n.d. n.d. n.d.  

301,25 WL 5 -29,9 -31,6 -28,8 -28,7 -28,3 -28,6 -28,9 

301,35 WL 3 -31,2 -31,0 -31,2 -30,3 -30,0 -30,4 -29,7 

301,45 WL 1 -32,2 -31,6 -29,6 -29,6 -29,1 -29,2 -28,7 

301,20 CL 6 -28,4 -28,4 -27,9 -28,3 -27,3 -28,0 -27,8 

301,30 CL 5 -29,4 -29,3 -28,6 -28,7 -28,6 -28,3 -28,4 

301,40 CL 3 -30,2 -30,4 -29,4 -30,1 -29,6 -29,1 -30,1 

301,50 

earliest Virgilian 

CL 1 -29,3 -28,6 -28,5 -28,7 -28,3 -28,7 -28,4 

303,95 A2-HpSh-133 -25,8 -26,5 -25,7 -27,8 -27,7 -28,3 -27,2 

304,00 A2-HpSh-100 -25,7 -25,2 -25,3 -26,5 -26,7 -27,1 -26,0 

304,05 A2-HpSh-80 -27,4 -27,6 -26,7 -27,5 -27,0 -30,5 -26,1 

304,10 A2(II) -29,4 -29,4 -29,5 -29,5 -29,1 -29,5 -28,8 

304,20 

early Missourian 

A2(III) -29,2 -29,2 -29,0 -29,0 -28,9 -28,8 -28,5 

304,80 earliest Missourian B8 MCSh -28,1 -27,9 -27,8 -27,8 -27,6 -27,8 -27,1 

306,35 B2 -27,7 -28,9 -27,5 -27,2 -27,2 -27,9 -27,5 

306,30 ED 16 n.d. n.d. n.d. n.d. n.d. n.d. n.d.  

306,40 ED 12 -28,3 -28,3 -27,9 -28,1 -28,1 -28,2 -27,8 

306,50 

Pe
nn

sy
lv

an
ia

n 

late Desmoinesian 

ED 15 -27,9 -27,8 -27,7 -27,8 -27,9 -27,8 -27,3 

348,00 Ko 19 -31,6 -31,3 -31,3 -31,5 -31,0 -30,7 -30,5 

349,00 Ko 14 -31,6 -32,9 -31,5 -32,0 -31,2 -31,1 -30,5 

350,00 

middle to late 
Tournaisian 

Ko 11 -30,9 -30,9 -31,1 -30,8 n.d. -30,9 -30,6 

357,90 OHDW-1/40 -31,9 -31,9 -31,6 -31,5 -31,7 -31,8 -31,1 

357,95 OHDW-1/29 -31,2 -31,2 -30,5 -31,2 -31,0 -30,7 -30,9 

358,00 

C
  A

  R
  B

  O
  N

  I
  F

  E
  R

  O
  U

  S
 

M
is

si
ss

ip
pi

an
 

earliest 
Tournaisian 

OHRS-5/55 -30,4 -30,4 -29,8 -30,4 -30,2 -29,8 -29,5 

361,20 OHRS-5/49 -30,6 -30,7 -30,8 -30,8 -30,5 -30,6 -30,1 

361,70 
late Famennian 

OHRS-5/42 -29,7 -29,6 -29,9 -30,2 -30,2 -30,2 -29,1 

371,80 BB-NOF 3 -30,2 -29,9 -30,3 -30,3 -30,1 -30,1 -30,3 

371,90 BB-NOF 2 -30,7 -30,5 -30,6 -30,4 -30,1 -30,4 -30,3 

372,00 BB-NOF 1 -30,5 -30,3 -30,5 -30,3 -30,3 -30,3 -30,5 

372,00 

early Famennian 

NY 22 -28,9 -28,7 -29,0 -29,0 -29,0 -28,8 -29,0 

374,30 BB-BF 4 -31,4 -30,9 -31,2 -31,0 -30,9 -30,5 -30,4 

374,39 BB-BF 3 -30,7 -30,3 -30,7 -30,7 -31,0 -30,9 -31,3 

374,45 BB-BF 2 -32,4 -31,4 -32,2 -31,7 -31,7 -31,7 -31,2 

374,50 BB-BF 1 n.d. n.d. n.d. n.d. n.d. n.d. n.d.  

374,50 

La
te

 D
ev

on
ia

n 

late Frasnian 

NY 11 -27,1 -27,4 -27,1 -26,9 -26,8 -27,1 -26,8 

384,40 NY 29 -30,5 -30,2 -30,3 -30,2 -30,3 -30,1 -29,8 

384,50 
middle Givetian 

NY 25 -28,9 -28,7 -28,6 -28,7 -28,7 -28,7 -28,6 

386,90 earliest Givetian NY-9453-21 -28,4 -28,0 -28,3 -28,0 -28,1 -28,1 -27,9 

387,70 NY-9453-23 -28,9 -28,8 -28,9 -28,7 -28,7 -28,6 -28,7 

389,00 NY-9453-24 -28,7 -28,8 -28,8 -28,6 -28,8 -28,5 -28,5 

388,60 E 43054 -29,1 -29,6 -28,9 -29,1 -28,9 -28,6 -28,8 

388,65 E 43021 -30,6 -30,4 -30,6 -30,5 -31,2 -30,9 -30,9 

388,70 E 43016 -30,7 -30,6 -30,6 -30,6 -30,8 -30,7 -31,0 

388,75 E 42955 -31,6 -32,4 -31,7 -31,2 -31,9 -30,8 -31,1 

388,80 

D
  E

  V
  O

  N
  I

  A
  N

 

M
id

dl
e 

D
ev

on
ia

n 

late Eifelian 

E 42927 -31,4 -32,1 -32,0 -32,1 -31,7 -31,9 -32,0 
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δ13C  
[‰ vs. V-PDB; Reproducibility of Replicate Measurements ≤ 0.5 ‰] 

Assigned 
Absolute 
Age [Ma] 

Stratigraphic Age 
Sample 
Name 

n-C28 n-C29 n-C30 n-C31 n-C32 n-C33 n-C34 

262,50 303102-222 -27,0 -27,0 -27,7 -28,1 -29,5 -28,0 -32,5 

263,20 303102-225 -24,7 -23,2 -25,1 -23,7 -26,9 -23,7  n.d.   

262,50 327 631 -30,1 -29,6 -30,9 -30,9 -31,5 -34,3 -31,2 

263,00 327 630 -29,1 -28,4 -28,8 -29,6 -29,4 -30,7 -29,1 

264,00 327 627 -29,4 -26,7 -29,0 -29,2 -30,9 -30,9 -31,3 

265,00 327 626 -29,5 -27,6 -28,1 -28,4 -31,1 -29,9 -31,7 

266,00 

La
te

 P
er

m
ia

n 

Wordian to 
Capitanian 

327 625 -30,2 -29,1 -30,1 -30,2 -31,6 -31,9 -32,0 

293,00 middle Asselian LK 2 -27,5 -28,0 -27,5 -27,7 -28,6 -27,8 -29,7 

296,00 

P 
 E

  R
  M

  I
  A

  N
 

Ea
rly

 
Pe

rm
- 

ia
n 

early Asselian LK 1 -28,2 -28,0 -28,6 -27,9 -28,2 n.d. n.d.  

296,50 LK 4 -27,6 -26,9 -27,5 -26,9 -27,8 -27,2  n.d.  

296,60 
latest Virgilian 

LK 3 n.d. n.d. n.d. n.d. n.d. n.d. n.d.  

301,25 WL 5 -28,7 -27,1 -28,7 -28,0 -29,4 -28,5 -29,8 

301,35 WL 3 -29,6 -28,9 -29,3 -28,8 -29,7 -29,6 -31,0 

301,45 WL 1 -28,9 -27,9 -28,5 -28,0 -29,0 -27,9 -29,1 

301,20 CL 6 -28,0 -26,4 -27,9 -27,1 n.d. n.d. n.d.  

301,30 CL 5 -28,7 -27,8 -27,8 -27,9 -28,6 -27,5 -27,1 

301,40 CL 3 -29,2 -28,1 -30,0 -28,9 -29,4 -27,5 -29,6 

301,50 

earliest Virgilian 

CL 1 -28,4 -27,7 -28,3 -27,3 -28,8 -27,4 -28,5 

303,95 A2-HpSh-133 -27,7 -25,8 -27,7 -26,0 -28,4 -26,4 -28,1 

304,00 A2-HpSh-100 -26,6 -24,6 -26,6 -24,4 -27,0 -25,3  n.d.  

304,05 A2-HpSh-80 -26,8 -24,7 -26,4 -24,6 -27,7 -25,7 -26,9 

304,10 A2(II) -29,3 -28,0 -29,3 -28,3 -29,7 -29,3 -30,4 

304,20 

early Missourian 

A2(III) -28,7 -27,4 -29,2 -27,8 -29,2 -28,8 -29,7 

304,80 earliest Missourian B8 MCSh -27,6 -26,1 -27,5 -25,9 -27,5 -26,8 -27,0 

306,35 B2 -26,7 -26,9 -26,8 -26,8 -26,5 -27,1 -27,6 

306,30 ED 16 n.d. n.d. n.d. n.d. n.d. n.d. n.d.  

306,40 ED 12 -28,0 -26,8 -27,6 -27,3 -28,2 -27,8  n.d.  

306,50 

Pe
nn

sy
lv

an
ia

n 

late Desmoinesian 

ED 15 -27,5 -26,2 -27,5 -26,9 -27,9 -27,2 -29,1 

348,00 Ko 19 -30,1 -30,0 -29,9 -30,5 -30,8 -31,4 -31,3 

349,00 Ko 14 -30,3 -30,3 -29,8 -31,8 -31,0 -32,4 -31,1 

350,00 

middle to late 
Tournaisian 

Ko 11 -29,9 -30,8 -30,0 -30,4 -30,8 -32,4 -30,8 

357,90 OHDW-1/40 -30,2 -30,9 -31,0 -31,5 -31,8 n.d. n.d.  

357,95 OHDW-1/29 -29,8 -30,5 -30,5 -30,9 -31,1 n.d. n.d.  

358,00 

C
  A

  R
  B

  O
  N

  I
  F

  E
  R

  O
  U

  S
 

M
is

si
ss

ip
pi

an
 

earliest 
Tournaisian 

OHRS-5/55 -29,1 -28,9 -29,0 -29,2 -29,6 n.d. n.d.  

361,20 OHRS-5/49 -29,8 -30,1 -29,8 -29,9 -30,3 n.d. n.d.  

361,70 
late Famennian 

OHRS-5/42 -29,5 -29,6 -29,4 -29,5 -29,7 -30,0 -29,1 

371,80 BB-NOF 3 -30,6 -30,8 -30,5 -30,8 -30,6 n.d. n.d.  

371,90 BB-NOF 2 -30,8 -31,1 -30,9 -31,1 -31,4 -31,4  n.d.   

372,00 BB-NOF 1 -30,5 -31,1 -30,5 -30,6 -30,9 n.d. n.d.  

372,00 

early Famennian 

NY 22 -28,2 -29,4 -29,0 -28,0  n.d.   n.d. n.d.  

374,30 BB-BF 4 -30,4 -30,9 -29,7 -30,7 -30,2 -30,5 -29,2 

374,39 BB-BF 3 -30,9 -31,3 -30,9 -31,2 -31,3 n.d. n.d.  

374,45 BB-BF 2 -31,0 -31,3 -30,6 -30,5 -30,9 n.d. n.d.  

374,50 BB-BF 1 n.d. n.d. n.d. n.d. n.d. n.d. n.d.  

374,50 

La
te

 D
ev

on
ia

n 

late Frasnian 

NY 11 -26,6 -27,1 -27,1 -26,8 -27,4 -27,7 -26,0 

384,40 NY 29 -29,8 -30,2 -29,8 -29,7 -30,2 -29,0 -28,6 

384,50 
middle Givetian 

NY 25 -28,0 -28,8 -28,6 -28,6 -28,5 -28,2 -28,0 

386,90 earliest Givetian NY-9453-21 -28,0 -28,0 -27,8 -27,5  n.d. n.d. n.d.  

387,70 NY-9453-23 -28,6 -28,8 -28,7 -28,1 -28,4 n.d. n.d.  

389,00 NY-9453-24 -28,5 -28,9 -28,2 -28,1 n.d.  n.d. n.d.  

388,60 E 43054 -28,8 -29,7 -28,7 -29,2 -30,2 -28,3 -26,7 

388,65 E 43021 -31,1 -31,3 -31,6 -31,1 -31,7 -31,8 -37,2 

388,70 E 43016 -31,2 -31,4 -31,7 -31,0 -31,9 -30,4 -29,9 

388,75 E 42955 -31,0 -31,5 -31,3 -31,2 -32,0 -30,5 -30,6 

388,80 

D
  E

  V
  O

  N
  I

  A
  N

 

M
id

dl
e 

D
ev

on
ia

n 

late Eifelian 

E 42927 -32,2 -32,4 -32,5 -33,0 -32,8 -32,9 -31,7 
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δ13C  
[‰ vs. V-PDB; Reproducibility of Replicate Measurements ≤ 0.5 ‰] 

Assigned 
Absolute 
Age [Ma] 

Stratigraphic Age 
Sample 
Name 

n-C35 n-C36 n-C37 n-C38 n-C39 n-C40 

262,50 303102-222 -28,1 -30,0 -29,8 -29,3 -27,1 n.d. 

263,20 303102-225 n.d. n.d. n.d. n.d. n.d. n.d. 

262,50 327 631 -27,7 -31,1 -30,6 -30,4 -29,9 -30,3 

263,00 327 630 -28,9 -29,8 -29,5 -31,3 -28,8 -29,0 

264,00 327 627 -30,2 -31,6 -31,2 -31,3 -30,2 -30,8 

265,00 327 626 -29,6 -31,2 -30,2 -31,4 -30,2 -31,4 

266,00 

La
te

 P
er

m
ia

n 
Wordian to 
Capitanian 

327 625 -32,1 -32,4 -31,6 -31,5 -30,6 -30,9 

293,00 middle Asselian LK 2 -27,6 -27,6 n.d. n.d. n.d. n.d. 

296,00 

P 
 E

  R
  M

  I
  A

  N
 

Ea
rly

 
Pe

rm
- 

ia
n 

early Asselian LK 1  n.d -26,3 n.d. n.d. n.d. n.d. 

296,50 LK 4 n.d. n.d. n.d. n.d. n.d. n.d. 

296,60 
latest Virgilian 

LK 3 n.d. n.d. n.d. n.d. n.d. n.d. 

301,25 WL 5 -31,6 -29,2 -31,2 -29,3 -29,3 -27,2 

301,35 WL 3 -32,9 -30,5 -31,1 -29,2 -31,2 -30,4 

301,45 WL 1 -28,5 -29,8 -28,7 -30,9 -29,8 -28,3 

301,20 CL 6 n.d. n.d. n.d. n.d. n.d. n.d. 

301,30 CL 5 -29,2 -29,4 n.d. n.d. n.d. n.d. 

301,40 CL 3 -29,1 -30,3 -32,0 -29,9 -28,1 -29,0 

301,50 

earliest Virgilian 

CL 1 -27,7 -28,1 -27,6 n.d. n.d. n.d. 

303,95 A2-HpSh-133 -26,4 -26,1 -27,7 n.d. n.d. n.d. 

304,00 A2-HpSh-100 n.d. n.d. n.d. n.d. n.d. n.d. 

304,05 A2-HpSh-80 -26,5 -28,0 -29,0 n.d. n.d. n.d. 

304,10 A2(II) -30,0 -30,9 -31,1 -29,8 -31,4 -29,7 

304,20 

early Missourian 

A2(III) -29,7 -30,8 -31,5 -29,9 n.d. n.d. 

304,80 earliest Missourian B8 MCSh -28,0 -28,4 -26,7 -28,1 -26,6 -28,3 

306,35 B2 -28,6 -28,7 -31,5 -28,1 n.d. n.d. 

306,30 ED 16 n.d. n.d. n.d. n.d. n.d. n.d. 

306,40 ED 12 n.d. n.d. n.d. n.d. n.d. n.d. 

306,50 

Pe
nn

sy
lv

an
ia

n 

late Desmoinesian 

ED 15 -28,7 -28,5 -29,9 -29,2 -29,2 -27,3 

348,00 Ko 19 -31,3 -31,7 -32,1 -32,2 -32,7 -32,4 

349,00 Ko 14 -31,2 -23,8 -30,2 -31,4 -31,9 -32,0 

350,00 

middle to late 
Tournaisian 

Ko 11 -30,0 -29,9 -31,9 -30,8 -30,4 -29,7 

357,90 OHDW-1/40 n.d. n.d. n.d. n.d. n.d. n.d. 

357,95 OHDW-1/29 n.d. n.d. n.d. n.d. n.d. n.d. 

358,00 

C
  A

  R
  B

  O
  N

  I
  F

  E
  R

  O
  U

  S
 

M
is

si
ss

ip
pi

an
 

earliest 
Tournaisian 

OHRS-5/55 n.d. n.d. n.d. n.d. n.d. n.d. 

361,20 OHRS-5/49 n.d. n.d. n.d. n.d. n.d. n.d. 

361,70 
late Famennian 

OHRS-5/42 -29,8 n.d. n.d. n.d. n.d. n.d. 

371,80 BB-NOF 3 n.d. n.d. n.d. n.d. n.d. n.d. 

371,90 BB-NOF 2 n.d. n.d. n.d. n.d. n.d. n.d. 

372,00 BB-NOF 1 n.d. n.d. n.d. n.d. n.d. n.d. 

372,00 

early Famennian 

NY 22 n.d. n.d. n.d. n.d. n.d. n.d. 

374,30 BB-BF 4 -30,2 -26,2 n.d. n.d. n.d. n.d. 

374,39 BB-BF 3 n.d. n.d. n.d. n.d. n.d. n.d. 

374,45 BB-BF 2 n.d. n.d. n.d. n.d. n.d. n.d. 

374,50 BB-BF 1 n.d. n.d. n.d. n.d. n.d. n.d. 

374,50 

La
te

 D
ev

on
ia

n 

late Frasnian 

NY 11 -26,4 -27,1 n.d. n.d. n.d. n.d. 

384,40 NY 29 -29,6 -29,4 -29,8 -29,9 -28,7 n.d. 

384,50 
middle Givetian 

NY 25 -28,0 -27,6 -28,2 -28,5 -28,4 n.d. 

386,90 earliest Givetian NY-9453-21 n.d. n.d. n.d. n.d. n.d. n.d. 

387,70 NY-9453-23 n.d. n.d. n.d. n.d. n.d. n.d. 

389,00 NY-9453-24 n.d. n.d. n.d. n.d. n.d. n.d. 

388,60 E 43054 -29,1 -32,6 n.d. n.d. n.d. n.d. 

388,65 E 43021 -30,8 -30,1 -31,7 -31,3 -28,9 -32,1 

388,70 E 43016 -30,2 -30,3 -30,6 -29,6 -28,5 -28,4 

388,75 E 42955 -30,4 -30,2 -29,7 -30,3 -29,2 -30,4 

388,80 

D
  E

  V
  O

  N
  I

  A
  N

 

M
id

dl
e 

D
ev

on
ia

n 

late Eifelian 

E 42927 -30,8 -31,7 -31,2 -30,1 -31,0 -31,4 
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Table A-11:  Weighted Mean Average δ13C of Terrestrial n-Alkanes and Δ13C between Marine and Terrestrial n-Alkanes  
Assigned 
Absolute 
Age [Ma] 

Stratigraphic Age 
Sample 
Name 

Weighted Mean Average (wma) 
δ13Cn-C27+29+31 * 
[‰ vs. V-PDB] 

Δ13C wma-n-C27+29+31 ― n-C19 

[‰] 

262,50 303102-222 -27,2 1,3 

263,20 303102-225 -23,5 2,4 

262,50 327 631 -30,8 0,4 

263,00 327 630 -29,1 0,7 

264,00 327 627 -27,9 2,6 

265,00 327 626 -28,2 0,3 

266,00 

La
te

 P
er

m
ia

n 
Wordian to 
Capitanian 

327 625 -29,6 1,2 

293,00 middle Asselian LK 2 -27,5 0,0 

296,00 

P 
 E

  R
  M

  I
  A

  N
 

Ea
rly

 
Pe

rm
- 

ia
n 

early Asselian LK 1 -28,1 n.d. 

296,50 LK 4 -27,2 0,8 

296,60 
latest Virgilian 

LK 3 n.d. n.d. 

301,25 WL 5 -28,0 1,3 

301,35 WL 3 -29,2 1,1 

301,45 WL 1 -28,3 2,4 

301,20 CL 6 -27,1 1,4 

301,30 CL 5 -28,1 1,5 

301,40 CL 3 -29,2 -1,2 

301,50 

earliest Virgilian 

CL 1 -27,9 n.d. 

303,95 A2-HpSh-133 -26,4 0,1 

304,00 A2-HpSh-100 -25,1 n.d. 

304,05 A2-HpSh-80 -25,1 2,5 

304,10 A2(II) -28,4 1,9 

304,20 

early Missourian 

A2(III) -27,9 1,5 

304,80 earliest Missourian B8 MCSh -26,5 1,7 

306,35 B2 -27,2 0,5 

306,30 ED 16 n.d. n.d. 

306,40 ED 12 -27,3 0,3 

306,50 

Pe
nn

sy
lv

an
ia

n 

late Desmoinesian 

ED 15 -26,8 0,4 

348,00 Ko 19 -30,3 1,4 

349,00 Ko 14 -30,6 1,4 

350,00 

middle to late 
Tournaisian 

Ko 11 -30,6 0,4 

357,90 OHDW-1/40 -31,1 0,1 

357,95 OHDW-1/29 -30,8 0,5 

358,00 

C
  A

  R
  B

  O
  N

  I
  F

  E
  R

  O
  U

  S
 

M
is

si
ss

ip
pi

an
 

earliest Tournaisian 

OHRS-5/55 -29,2 1,4 

361,20 OHRS-5/49 -30,1 -0,1 

361,70 
late Famennian 

OHRS-5/42 -29,3 0,0 

371,80 BB-NOF 3 -30,6 -0,3 

371,90 BB-NOF 2 -30,7 0,0 

372,00 BB-NOF 1 -30,7 -0,2 

372,00 

early Famennian 

NY 22 -28,9 0,4 

374,30 BB-BF 4 -30,6 -0,6 

374,39 BB-BF 3 -31,3 -1,7 

374,45 BB-BF 2 -31,1 0,5 

374,50 BB-BF 1 n.d. n.d. 

374,50 

La
te

 D
ev

on
ia

n 

late Frasnian 

NY 11 -26,9 0,1 

384,40 NY 29 -29,9 0,4 

384,50 
middle Givetian 

NY 25 -28,7 0,1 

386,90 earliest Givetian NY-9453-21 -27,9 0,3 

387,70 NY-9453-23 -28,6 0,5 

389,00 NY-9453-24 -28,6 0,5 

388,60 E 43054 -29,1 0,4 

388,65 E 43021 -31,1 -2,1 

388,70 E 43016 -31,1 -1,2 

388,75 E 42955 -31,3 -0,2 

388,80 

D
  E

  V
  O

  N
  I

  A
  N

 

M
id

dl
e 

D
ev

on
ia

n 

late Eifelian 

E 42927 -32,3 -1,5 
 
* Weighted Mean Average δ13Cn-C27+29+31 = [(Peakarea n-C27 × δ13Cn-C27)+(Peakarea n-C29 × δ13Cn-C29)+(Peakarea n-C31 × δ13Cn-C31)] / (∑ Peakareas n-C27,n-C29,n-C31) 
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Table A-12:  Compound-specific Carbon Isotopic Compositions of Acyclic Isoprenoids  
δ13C  

[‰ vs. V-PDB; Reproducibility of Replicate Measurements ≤ 0.5 ‰] 
Assigned 
Absolute 
Age [Ma] 

Stratigraphic Age 
Sample 
Name Farnesane     

(Fa, i-C15) 
i-C16 

Norpristane 
(NPr, i-C18) 

Pristane       
(Pr, i-C19) 

Phytane       
(Ph, i-C20) 

262,50 303102-222 n.d. n.d. -28,9 -30,8 -30,1 

263,20 303102-225 n.d. -27,2 -29,4 -29,5 -29,5 

262,50 327 631 n.d. -28,8 -29,8 -31,3 -30,6 

263,00 327 630 n.d. -28,6 -28,7 -29,8 -29,5 

264,00 327 627 n.d. n.d. -29,2 -31,0 -29,8 

265,00 327 626 n.d. n.d. -29,8 -31,4 -30,6 

266,00 

La
te

 P
er

m
ia

n 
Wordian to 
Capitanian 

327 625 n.d. n.d. -29,9 -31,7 -31,0 

293,00 middle Asselian LK 2 -28,0 -28,2 -28,5 -28,4 -27,9 

296,00 

P 
 E

  R
  M

  I
  A

  N
 

Ea
rly

 
Pe

rm
- 

ia
n 

early Asselian LK 1 n.d. -29,1 -30,3 -30,0 -30,1 

296,50 LK 4 -28,7 -28,2 -29,8 -29,7 -29,7 

296,60 
latest Virgilian 

LK 3 n.d. -28,0 -28,8 -29,3 -28,5 

301,25 WL 5 n.d. -29,2 -29,5 -30,7 -30,9 

301,35 WL 3 n.d. n.d. -31,1 -31,8 -32,4 

301,45 WL 1 n.d. -30,0 -31,1 -31,7 -32,0 

301,20 CL 6 -29,0 -28,9 -30,1 -30,8 -30,8 

301,30 CL 5 n.d. -28,8 -29,8 -30,7 -31,1 

301,40 CL 3 n.d. -29,6 -29,7 -30,7 -30,8 

301,50 

earliest Virgilian 

CL 1 -28,4 -30,1 -30,3 -31,3 -31,2 

303,95 A2-HpSh-133 n.d. n.d. n.d. n.d. n.d. 

304,00 A2-HpSh-100 n.d. -27,0 -27,8 -29,8 -29,0 

304,05 A2-HpSh-80 -26,2 -26,7 -27,3 -29,0 -28,5 

304,10 A2(II) n.d. -27,7 -29,2 -30,2 -30,1 

304,20 

early Missourian 

A2(III) n.d. -29,6 -30,1 -31,1 -30,6 

304,80 earliest Missourian B8 MCSh n.d. -28,2 -28,9 -30,3 -30,2 

306,35 B2 n.d. -26,4 -26,9 -28,1 -27,6 

306,30 ED 16 n.d. -27,7 -28,8 -30,2 -29,0 

306,40 ED 12 -25,2 -27,1 -27,6 -29,0 -28,6 

306,50 

Pe
nn

sy
lv

an
ia

n 

late Desmoinesian 

ED 15 -26,1 -27,8 -28,2 -29,4 -29,0 

348,00 Ko 19 n.d. n.d. -31,0 -33,3 -32,6 

349,00 Ko 14 n.d. n.d. -31,9 -33,2 -33,3 

350,00 

middle to late 
Tournaisian 

Ko 11 n.d. n.d. -29,9 -30,9 -30,4 

357,90 OHDW-1/40 -30,6 -32,2 -31,9 -33,5 -32,8 

357,95 OHDW-1/29 -30,7 -31,4 -32,0 -32,8 -32,7 

358,00 

C
  A

  R
  B

  O
  N

  I
  F

  E
  R

  O
  U

  S
 

M
is

si
ss

ip
pi

an
 

earliest Tournaisian 

OHRS-5/55 -28,6 -30,1 -30,5 -31,0 -30,9 

361,20 OHRS-5/49 -27,3 -29,8 -30,0 -30,6 -30,5 

361,70 
late Famennian 

OHRS-5/42 -27,9 -29,7 -29,5 -29,7 -29,5 

371,80 BB-NOF 3 -30,3 -30,4 -30,4 -31,5 -31,4 

371,90 BB-NOF 2 -30,3 -30,4 -30,5 -31,5 -31,5 

372,00 BB-NOF 1 -30,1 -30,1 -30,3 -31,5 -31,2 

372,00 

early Famennian 

NY 22 -26,2 -28,5 -29,3 -29,2 -29,5 

374,30 BB-BF 4 -30,4 -30,9 -30,2 -31,5 -30,6 

374,39 BB-BF 3 -30,4 -30,2 -29,9 -31,1 -31,0 

374,45 BB-BF 2 -30,4 -30,7 -30,4 -31,7 -31,3 

374,50 BB-BF 1 -30,9 -30,5 -30,5 -31,5 -31,0 

374,50 

La
te

 D
ev

on
ia

n 

late Frasnian 

NY 11 -26,0 -26,8 -27,4 -27,5 -26,9 

384,40 NY 29 -29,3 -30,0 -31,0 -31,3 -29,3 

384,50 
middle Givetian 

NY 25 -26,3 -28,4 -30,5 -29,1 -30,3 

386,90 earliest Givetian NY-9453-21 -25,2 -27,3 -28,5 -27,6 -27,5 

387,70 NY-9453-23 -26,0 -28,4 -29,4 -29,1 -29,5 

389,00 NY-9453-24 -26,3 -28,0 -29,1 -29,4 -30,1 

388,60 E 43054 n.d. n.d. -25,2 -26,4 -25,9 

388,65 E 43021 n.d. n.d. -30,2 -31,1 -30,8 

388,70 E 43016 n.d. n.d. n.d. -30,8 -30,8 

388,75 E 42955 n.d. -29,8 -31,5 -32,0 -31,3 

388,80 

D
  E

  V
  O

  N
  I

  A
  N

 

M
id

dl
e 

D
ev

on
ia

n 

late Eifelian 

E 42927 n.d. n.d. -31,5 -32,1 -31,5 
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Table A-13:  Literature Values of δ13C of Brachiopod Shells and Sea Surface Temperatures (SST) and calculated δ13CCO2aq  
δ13C of Brachiopod-CaCO3 [‰ vs. PDB] Sea Surface Temperature (SST) [°C] Assigned 

Absolute 
Age [Ma] 

Stratigraphic Age 
Sample 
Name 

Minimum Maxim
um Mean References Minimum Maximum References 

262,50 303102-222 5,3 6,0 5,7 

263,20 303102-225 6,8 7,5 7,2 

262,50 327 631 4,8 5,5 5,2 

263,00 327 630 6,8 7,5 7,2 

264,00 327 627 6,0 6,7 6,4 

265,00 327 626 5,2 5,9 5,6 

266,00 

La
te

 P
er

m
ia

n 

Wordian to 
Capitanian 

327 625 4,7 5,4 5,1 

MII et al. 
(1997) 15 20 MII et al. 

(1997) 

293,00 middle Asselian LK 2 3,5 4,8 4,2 

296,00 

P 
 E

  R
  M

  I
  A

  N
 

Ea
rly

 
Pe

rm
- 

ia
n 

early Asselian LK 1 3,3 4,7 4,0 

296,50 LK 4 

296,60 
latest Virgilian 

LK 3 
3,2 4,6 3,9 

301,25 WL 5 

301,35 WL 3 

301,45 WL 1 

301,20 CL 6 

301,30 CL 5 

301,40 CL 3 

301,50 

earliest Virgilian 

CL 1 

2,9 4,3 3,6 

303,95 A2-HpSh-133 

304,00 A2-HpSh-100 

304,05 A2-HpSh-80 

304,10 A2(II) 

304,20 

early Missourian 

A2(III) 

304,80 earliest Missourian B8 MCSh 

2,5 4,0 3,3 

306,35 B2 

306,30 ED 16 

306,40 ED 12 

306,50 

Pe
nn

sy
lv

an
ia

n 

late Desmoinesian 

ED 15 

2,7 4,0 3,4 

23 27 

348,00 Ko 19 5,0 5,5 5,3 

349,00 Ko 14 2,0 2,5 2,3 

350,00 

middle to late 
Tournaisian 

Ko 11 2,5 3,0 2,8 

23 28 

357,90 OHDW-1/40 

357,95 OHDW-1/29 

358,00 

C
  A

  R
  B

  O
  N

  I
  F

  E
  R

  O
  U

  S
 

M
is

si
ss

ip
pi

an
 

earliest 
Tournaisian 

OHRS-5/55 

0,8 1,4 1,1 

MII et al. 
(1997), 

 
MII et al. 
(1999), 

  
ETHAN L. 

GROSSMAN 
pers. comm. 

MII et al. 
(1997), 

 
MII et al. 
(1999), 

  
ETHAN L. 

GROSSMAN 
pers. comm. 

361,20 OHRS-5/49 

361,70 
late Famennian 

OHRS-5/42 
0,9 1,5 1,2 

25 30 

371,80 BB-NOF 3 

371,90 BB-NOF 2 

372,00 BB-NOF 1 

372,00 

early Famennian 

NY 22 

0,3 0,9 0,6 

374,30 BB-BF 4 

374,39 BB-BF 3 

374,45 BB-BF 2 

374,50 BB-BF 1 

374,50 

La
te

 D
ev

on
ia

n 

late Frasnian 

NY 11 

-0,6 0,2 -0,2 

26 31 

384,40 NY 29 

384,50 
middle Givetian 

NY 25 
1,9 2,7 2,3 23 28 

386,90 earliest Givetian NY-9453-21 2,7 3,3 3,0 23 26 

387,70 NY-9453-23 

389,00 NY-9453-24 

388,60 E 43054 

388,65 E 43021 

388,70 E 43016 

388,75 E 42955 

388,80 

D
  E

  V
  O

  N
  I

  A
  N

 

M
id

dl
e 

D
ev

on
ia

n 

late Eifelian 

E 42927 

0,7 1,5 1,1 

JOACHIMSKI et 
al. (2004), 

 
VAN GELDERN 
et al. (2006) 

24 28 

JOACHIMSKI et 
al. (2004), 

 
VAN GELDERN 
et al. (2006) 
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Δ13CCaCO3 - CO2aq [‰]           
(calculated according to Romanek et 

al. 1992) 

δ13C of CO2(aq)                
[‰ vs. PDB] Assigned 

Absolute 
Age [Ma] 

Stratigraphic Age 
Sample 
Name @ Minimal 

SST 
@ Maximal 

SST 

Minimum           
(i.e. @ minimal δ13CCaCO3 

& minimal SST)   

Maximum           
(i.e. @ maximal δ13CCaCO3 

& maximal SST)   
Mean 

262,50 303102-222 -4,9 -3,6 -4,2 

263,20 303102-225 -3,4 -2,1 -2,7 

262,50 327 631 -5,4 -4,1 -4,7 

263,00 327 630 -3,4 -2,1 -2,7 

264,00 327 627 -4,2 -2,9 -3,5 

265,00 327 626 -5,0 -3,7 -4,3 

266,00 

La
te

 P
er

m
ia

n 

Wordian to 
Capitanian 

327 625 

10,2 9,6 

-5,5 -4,2 -4,8 

293,00 middle Asselian LK 2 -5,7 -3,9 -4,8 

296,00 

P 
 E

  R
  M

  I
  A

  N
 

Ea
rly

 
Pe

rm
- 

ia
n 

early Asselian LK 1 -5,9 -4,0 -5,0 

296,50 LK 4 

296,60 
latest Virgilian 

LK 3 
-6,0 -4,1 -5,1 

301,25 WL 5 

301,35 WL 3 

301,45 WL 1 

301,20 CL 6 

301,30 CL 5 

301,40 CL 3 

301,50 

earliest Virgilian 

CL 1 

-6,3 -4,4 -5,4 

303,95 A2-HpSh-133 

304,00 A2-HpSh-100 

304,05 A2-HpSh-80 

304,10 A2(II) 

304,20 

early Missourian 

A2(III) 

304,80 earliest Missourian B8 MCSh 

-6,7 -4,7 -5,7 

306,35 B2 

306,30 ED 16 

306,40 ED 12 

306,50 

Pe
nn

sy
lv

an
ia

n 

late Desmoinesian 

ED 15 

9,2 8,7 

-6,5 -4,7 -5,6 

348,00 Ko 19 -4,2 -3,1 -3,7 

349,00 Ko 14 -7,2 -6,1 -6,7 

350,00 

middle to late 
Tournaisian 

Ko 11 

9,2 8,6 

-6,7 -5,6 -6,2 

357,90 OHDW-1/40 

357,95 OHDW-1/29 

358,00 

C
  A

  R
  B

  O
  N

  I
  F

  E
  R

  O
  U

  S
 

M
is

si
ss

ip
pi

an
 

earliest Tournaisian 

OHRS-5/55 

-8,2 -7,0 -7,6 

361,20 OHRS-5/49 

361,70 
late Famennian 

OHRS-5/42 

9,0 8,4 

-8,1 -6,9 -7,5 

371,80 BB-NOF 3 

371,90 BB-NOF 2 

372,00 BB-NOF 1 

372,00 

early Famennian 

NY 22 

-8,6 -7,4 -8,0 

374,30 BB-BF 4 

374,39 BB-BF 3 

374,45 BB-BF 2 

374,50 BB-BF 1 

374,50 

La
te

 D
ev

on
ia

n 

late Frasnian 

NY 11 

8,9 8,3 

-9,5 -8,1 -8,8 

384,40 NY 29 

384,50 
middle Givetian 

NY 25 
9,2 8,6 -7,3 -5,9 -6,6 

386,90 earliest Givetian NY-9453-21 9,2 8,9 -6,5 -5,6 -6,1 

387,70 NY-9453-23 

389,00 NY-9453-24 

388,60 E 43054 

388,65 E 43021 

388,70 E 43016 

388,75 E 42955 

388,80 

D
  E

  V
  O

  N
  I

  A
  N

 

M
id

dl
e 

D
ev

on
ia

n 

late Eifelian 

E 42927 

9,1 8,6 -8,4 -7,1 -7,8 
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Table A-14:  Parameters involved in the Determination of εp according to Chapter 4 and resulting εp-Data  
δ13CCO2(aq)   

[‰ vs. PDB] 
α                                  

(= [1000 + δ13CCO2(aq)] / [1000 + δ13CPrimary Biomass]) 
Assigned 
Absolute 
Age [Ma] 

Stratigraphic Age 
Sample 
Name 

δ13CPhytane      
[‰ vs. PDB] 

δ13CPrimary Biomass   
[‰ vs. PDB]      

(= δ13CPhytane + 4‰) Minimal Maximal Minimal Maximal 

262,50 303102-222 -30,1 -26,1 -4,9 -3,6 1,02178 1,02312 

263,20 303102-225 -29,5 -25,5 -3,4 -2,1 1,02270 1,02403 

262,50 327 631 -30,6 -26,6 -5,4 -4,1 1,02184 1,02317 

263,00 327 630 -29,5 -25,5 -3,4 -2,1 1,02265 1,02398 

264,00 327 627 -29,8 -25,8 -4,2 -2,9 1,02220 1,02353 

265,00 327 626 -30,6 -26,6 -5,0 -3,7 1,02219 1,02353 

266,00 

La
te

 P
er

m
ia

n 

Wordian to 
Capitanian 

327 625 -31,0 -27,0 -5,5 -4,2 1,02211 1,02345 

293,00 middle Asselian LK 2 -27,9 -23,9 -5,7 -3,9 1,01865 1,02049 

296,00 

P 
 E

  R
  M

  I
  A

  N
 

Ea
rly

 
Pe

rm
- 

ia
n 

early Asselian LK 1 -30,1 -26,1 -5,9 -4,0 1,02074 1,02269 

296,50 LK 4 -29,7 -25,7 -6,0 -4,1 1,02022 1,02217 

296,60 
latest Virgilian 

LK 3 -28,5 -24,5 -6,0 -4,1 1,01896 1,02091 

301,25 WL 5 -30,9 -26,9 -6,3 -4,4 1,02117 1,02312 

301,35 WL 3 -32,4 -28,4 -6,3 -4,4 1,02275 1,02470 

301,45 WL 1 -32,0 -28,0 -6,3 -4,4 1,02233 1,02428 

301,20 CL 6 -30,8 -26,8 -6,3 -4,4 1,02106 1,02302 

301,30 CL 5 -31,1 -27,1 -6,3 -4,4 1,02138 1,02333 

301,40 CL 3 -30,8 -26,8 -6,3 -4,4 1,02106 1,02302 

301,50 

earliest Virgilian 

CL 1 -31,2 -27,2 -6,3 -4,4 1,02148 1,02344 

303,95 A2-HpSh-133 n.d. n.d. -6,7 -4,7 n.d. n.d. 

304,00 A2-HpSh-100 -29,0 -25,0 -6,7 -4,7 1,01877 1,02082 

304,05 A2-HpSh-80 -28,5 -24,5 -6,7 -4,7 1,01825 1,02030 

304,10 A2(II) -30,1 -26,1 -6,7 -4,7 1,01994 1,02199 

304,20 

early Missourian 

A2(III) -30,6 -26,6 -6,7 -4,7 1,02044 1,02250 

304,80 earliest Missourian B8 MCSh -30,2 -26,2 -6,7 -4,7 1,02002 1,02207 

306,35 B2 -27,6 -23,6 -6,5 -4,7 1,01755 1,01939 

306,30 ED 16 -29,0 -25,0 -6,5 -4,7 1,01897 1,02082 

306,40 ED 12 -28,6 -24,6 -6,5 -4,7 1,01856 1,02040 

306,50 

Pe
nn

sy
lv

an
ia

n 

late Desmoinesian 

ED 15 -29,0 -25,0 -6,5 -4,7 1,01897 1,02082 

348,00 Ko 19 -30,4 -26,4 -4,2 -3,1 1,02280 1,02393 

349,00 Ko 14 -33,3 -29,3 -7,2 -6,1 1,02279 1,02393 

350,00 

middle to late 
Tournaisian 

Ko 11 -32,6 -28,6 -6,7 -5,6 1,02253 1,02366 

357,90 OHDW-1/40 -32,8 -28,8 -8,2 -7,0 1,02121 1,02245 

357,95 OHDW-1/29 -32,7 -28,7 -8,2 -7,0 1,02111 1,02234 

358,00 

C
  A

  R
  B

  O
  N

  I
  F

  E
  R

  O
  U

  S
 

M
is

si
ss

ip
pi

an
 

earliest 
Tournaisian 

OHRS-5/55 -30,9 -26,9 -8,2 -7,0 1,01922 1,02045 

361,20 OHRS-5/49 -30,5 -26,5 -8,1 -6,9 1,01892 1,02015 

361,70 
late Famennian 

OHRS-5/42 -29,5 -25,5 -8,1 -6,9 1,01788 1,01911 

371,80 BB-NOF 3 -31,4 -27,4 -8,6 -7,4 1,01937 1,02060 

371,90 BB-NOF 2 -31,5 -27,5 -8,6 -7,4 1,01948 1,02071 

372,00 BB-NOF 1 -31,2 -27,2 -8,6 -7,4 1,01916 1,02039 

372,00 

early Famennian 

NY 22 -29,5 -25,5 -8,6 -7,4 1,01738 1,01861 

374,30 BB-BF 4 -30,6 -26,6 -9,5 -8,1 1,01761 1,01905 

374,39 BB-BF 3 -31,0 -27,0 -9,5 -8,1 1,01803 1,01947 

374,45 BB-BF 2 -31,3 -27,3 -9,5 -8,1 1,01834 1,01978 

374,50 BB-BF 1 -31,0 -27,0 -9,5 -8,1 1,01803 1,01947 

374,50 

La
te

 D
ev

on
ia

n 

late Frasnian 

NY 11 -26,9 -22,9 -9,5 -8,1 1,01375 1,01519 

384,40 NY 29 -29,3 -25,3 -7,3 -5,9 1,01847 1,01990 

384,50 
middle Givetian 

NY 25 -30,3 -26,3 -7,3 -5,9 1,01951 1,02095 

386,90 earliest Givetian NY-9453-21 -27,5 -23,5 -6,5 -5,6 1,01741 1,01833 

387,70 NY-9453-23 -29,5 -25,5 -8,4 -7,1 1,01755 1,01888 

389,00 NY-9453-24 -30,1 -26,1 -8,4 -7,1 1,01817 1,01951 

388,60 E 43054 -25,9 -21,9 -8,4 -7,1 1,01382 1,01515 

388,65 E 43021 -30,8 -26,8 -8,4 -7,1 1,01894 1,02028 

388,70 E 43016 -30,8 -26,8 -8,4 -7,1 1,01891 1,02025 

388,75 E 42955 -31,3 -27,3 -8,4 -7,1 1,01941 1,02074 

388,80 

D
  E

  V
  O

  N
  I

  A
  N

 

M
id

dl
e 

D
ev

on
ia

n 

late Eifelian 

E 42927 -31,5 -27,5 -8,4 -7,1 1,01967 1,02101 
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εp [‰]  
(= 1000 × [α-1]) 

Assigned 
Absolute 
Age [Ma] 

Stratigraphic Age Sample Name 

Minimal Maximal Mean Variation (±) 

262,50 303102-222 21,8 23,1 22,5 0,7 

263,20 303102-225 22,7 24,0 23,4 0,7 

262,50 327 631 21,8 23,2 22,5 0,7 

263,00 327 630 22,6 24,0 23,3 0,7 

264,00 327 627 22,2 23,5 22,9 0,7 

265,00 327 626 22,2 23,5 22,9 0,7 

266,00 

La
te

 P
er

m
ia

n 
Wordian to Capitanian 

327 625 22,1 23,5 22,8 0,7 

293,00 middle Asselian LK 2 18,6 20,5 19,6 0,9 

296,00 

P 
 E

  R
  M

  I
  A

  N
 

Ea
rly

 
Pe

rm
- 

ia
n 

early Asselian LK 1 20,7 22,7 21,7 1,0 

296,50 LK 4 20,2 22,2 21,2 1,0 

296,60 
latest Virgilian 

LK 3 19,0 20,9 19,9 1,0 

301,25 WL 5 21,2 23,1 22,1 1,0 

301,35 WL 3 22,7 24,7 23,7 1,0 

301,45 WL 1 22,3 24,3 23,3 1,0 

301,20 CL 6 21,1 23,0 22,0 1,0 

301,30 CL 5 21,4 23,3 22,4 1,0 

301,40 CL 3 21,1 23,0 22,0 1,0 

301,50 

earliest Virgilian 

CL 1 21,5 23,4 22,5 1,0 

303,95 A2-HpSh-133 n.d. n.d. n.d. n.d. 

304,00 A2-HpSh-100 18,8 20,8 19,8 1,0 

304,05 A2-HpSh-80 18,2 20,3 19,3 1,0 

304,10 A2(II) 19,9 22,0 21,0 1,0 

304,20 

early Missourian 

A2(III) 20,4 22,5 21,5 1,0 

304,80 earliest Missourian B8 MCSh 20,0 22,1 21,0 1,0 

306,35 B2 17,5 19,4 18,5 0,9 

306,30 ED 16 19,0 20,8 19,9 0,9 

306,40 ED 12 18,6 20,4 19,5 0,9 

306,50 

Pe
nn

sy
lv

an
ia

n 

late Desmoinesian 

ED 15 19,0 20,8 19,9 0,9 

348,00 Ko 19 22,8 23,9 23,4 0,6 

349,00 Ko 14 22,8 23,9 23,4 0,6 

350,00 

middle to late 
Tournaisian 

Ko 11 22,5 23,7 23,1 0,6 

357,90 OHDW-1/40 21,2 22,4 21,8 0,6 

357,95 OHDW-1/29 21,1 22,3 21,7 0,6 

358,00 

C
  A

  R
  B

  O
  N

  I
  F

  E
  R

  O
  U

  S
 

M
is

si
ss

ip
pi

an
 

earliest Tournaisian 

OHRS-5/55 19,2 20,5 19,8 0,6 

361,20 OHRS-5/49 18,9 20,2 19,5 0,6 

361,70 
late Famennian 

OHRS-5/42 17,9 19,1 18,5 0,6 

371,80 BB-NOF 3 19,4 20,6 20,0 0,6 

371,90 BB-NOF 2 19,5 20,7 20,1 0,6 

372,00 BB-NOF 1 19,2 20,4 19,8 0,6 

372,00 

early Famennian 

NY 22 17,4 18,6 18,0 0,6 

374,30 BB-BF 4 17,6 19,0 18,3 0,7 

374,39 BB-BF 3 18,0 19,5 18,7 0,7 

374,45 BB-BF 2 18,3 19,8 19,1 0,7 

374,50 BB-BF 1 18,0 19,5 18,7 0,7 

374,50 

La
te

 D
ev

on
ia

n 

late Frasnian 

NY 11 13,8 15,2 14,5 0,7 

384,40 NY 29 18,5 19,9 19,2 0,7 

384,50 
middle Givetian 

NY 25 19,5 21,0 20,2 0,7 

386,90 earliest Givetian NY-9453-21 17,4 18,3 17,9 0,5 

387,70 NY-9453-23 17,5 18,9 18,2 0,7 

389,00 NY-9453-24 18,2 19,5 18,8 0,7 

388,60 E 43054 13,8 15,1 14,5 0,7 

388,65 E 43021 18,9 20,3 19,6 0,7 

388,70 E 43016 18,9 20,2 19,6 0,7 

388,75 E 42955 19,4 20,7 20,1 0,7 

388,80 

D
  E

  V
  O

  N
  I

  A
  N

 

M
id

dl
e 

D
ev

on
ia

n 

late Eifelian 

E 42927 19,7 21,0 20,3 0,7 
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Table A-15:  Literature Values of δ13C of Brachiopod Shells and Sea Surface Temperatures (SST) and calculated δ13CCO2aq used for 
the determination of the εp-Values from Data of MURPHY (2000) and JOACHIMSKI et al. (2001) discussed and illustrated 
in Chapter 7.2  

Sample  
δ13C of Brachiopod-CaCO3                    

[‰ vs. PDB] 
Sea Surface Temperature (SST) [°C] 

Assigned 
Absolute 
Age [Ma] 

Stratigraphic Age Position  
in Section above 
base of section / 

Depth in Core  
[m] R

ef
er

en
ce

 

Minimum Maximum Mean References Minimum Maximum References 

371,65 71,55 

371,70 67,55 

371,75 63,75 

371,86 60,35 

371,88 57,85 

371,90 

late  
triangularis  

zone 

56,25 

0,3 0,9 0,6 

372,05 55,30 

372,40 53,15 

372,70 

middle  
triangularis  

zone 
51,85 

1,5 2,0 1,8 

372,75 50,85 

372,80 

early 
Famennian 

early  
triangularis  

zone 50,75 
2,0 2,5 2,3 

373,55 47,90 

373,65 47,40 

373,75 46,70 

373,85 46,20 

373,95 45,80 

374,10 44,90 

374,15 

linguliformis 
zone 

44,00 

-0,5 0,5 0,0 

374,40 41,80 

374,70 38,00 

375,00 

late  
rhenana  

zone 
35,90 

-0,6 0,2 -0,2 

375,10 34,40 

375,20 33,30 

375,30 31,40 

375,60 

late 
Frasnian 

early  
rhenana  

zone 

25,05 

JO
A

C
H

IM
SK

I e
t a

l. 
(2

00
1)

 

-0,4 0,4 0,0 

26 31 

380,80 160,44 

380,90 162,04 

381,00 

La
te

 D
ev

on
ia

n 

earliest 
Frasnian 

lower to 
middle (?) 

part of MN 1 
zone / earliest 

falsiovalis 
zone 163,44 

0,6 1,6 1,1 

381,04 164,79 

381,09 165,86 

381,13 167,02 

381,18 168,34 

381,21 169,13 

381,26 170,36 

381,30 

latest 
Givetian 

late disparilis 
to  

norrisi zones 

171,58 

0,2 0,9 0,6 

383,20 

D
  E

  V
  O

  N
  I

  A
  N

 

M
id

dl
e 

D
ev

on
ia

n 

middle 
Givetian 

middle  
varcus zone 174,08 

M
U

R
PH

Y 
(2

00
0)

 

1,4 2,1 1,8 

Joachimski 
et al.  

(2004),  
 

van Geldern 
et al.  

(2006), 
 

Joachimski 
pers. comm. 

23 27 

Joachimski 
et al.  

(2004),  
 

van 
Geldern et 

al.  
(2006), 

 
Joachimski 

pers. 
comm. 
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Sample  

Δ13CCaCO3 - CO2aq [‰]           
(calculated according to  
Romanek et al. 1992) 

δ13C of CO2(aq)                
[‰ vs. PDB] 

Assigned 
Absolute 
Age [Ma] 

Stratigraphic Age Position  
in Section above 
base of section / 

Depth in Core  
[m] R

ef
er

en
ce

 

@ Minimal 
SST 

@ Maximal 
SST 

Minimum           
(i.e. @ minimal δ13CCaCO3 

& minimal SST)   

Maximum           
(i.e. @ maximal δ13CCaCO3 

& maximal SST)   
Mean 

371,65 71,55 

371,70 67,55 

371,75 63,75 

371,86 60,35 

371,88 57,85 

371,90 

late  
triangularis  

zone 

56,25 

-8,6 -7,4 -8,0 

372,05 55,30 

372,40 53,15 

372,70 

middle  
triangularis  

zone 
51,85 

-7,4 -6,3 -6,8 

372,75 50,85 

372,80 

early 
Famennian 

early  
triangularis  

zone 50,75 
-6,9 -5,8 -6,3 

373,55 47,90 

373,65 47,40 

373,75 46,70 

373,85 46,20 

373,95 45,80 

374,10 44,90 

374,15 

linguliformis 
zone 

44,00 

-9,4 -7,8 -8,6 

374,40 41,80 

374,70 38,00 

375,00 

late  
rhenana  

zone 
35,90 

-9,5 -8,1 -8,8 

375,10 34,40 

375,20 33,30 

375,30 31,40 

375,60 

late 
Frasnian 

early  
rhenana  

zone 

25,05 

JO
A

C
H

IM
SK

I e
t a

l. 
(2

00
1)

 

8,9 8,3 

-9,3 -7,9 -8,6 

380,80 160,44 

380,90 162,04 

381,00 

La
te

 D
ev

on
ia

n 

earliest 
Frasnian 

lower to 
middle (?) 

part of MN 1 
zone / earliest 

falsiovalis 
zone 163,44 

-8,6 -7,1 -7,9 

381,04 164,79 

381,09 165,86 

381,13 167,02 

381,18 168,34 

381,21 169,13 

381,26 170,36 

381,30 

latest 
Givetian 

late disparilis 
to  

norrisi zones 

171,58 

-9,1 -7,8 -8,5 

383,20 

D
  E

  V
  O

  N
  I

  A
  N

 

M
id

dl
e 

D
ev

on
ia

n 

middle 
Givetian 

middle  
varcus zone 174,08 

M
U

R
PH

Y 
(2

00
0)

 

9,2 8,7 

-7,9 -6,6 -7,3 
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Table A-16: Parameters involved in the Determination of the εp-Values based on Data of MURPHY (2000) and JOACHIMSKI et al. 
(2001) and the resulting εp-Data discussed and illustrated in Chapter 7.2 

 
Sample  

δ13CCO2(aq)             
[‰ vs. PDB] 

α                     
(= [1000 + δ13CCO2(aq)] /  
1000 + δ13CPrimary Biomass]) 

Assigned 
Absolute 
Age [Ma] 

Stratigraphic Age Position  
in Section above 
base of section / 

Depth in Core  
[m] R

ef
er

en
ce

 δ13CPhytane     
[‰ vs. PDB] 

δ13CPrimary Biomass   
[‰ vs. PDB]      

(= δ13CPhytane + 4‰) 
Minimal Maximal Minimal Maximal 

371,65 71,55 -31,7 -27,7 -8,6 -7,4 1,01969 1,02092 

371,70 67,55 -31,6 -27,6 -8,6 -7,4 1,01958 1,02081 

371,75 63,75 -31,6 -27,6 -8,6 -7,4 1,01958 1,02081 

371,86 60,35 -31,2 -27,2 -8,6 -7,4 1,01916 1,02039 

371,88 57,85 -31,1 -27,1 -8,6 -7,4 1,01906 1,02029 

371,90 

late  
triangularis  

zone 

56,25 -30,3 -26,3 -8,6 -7,4 1,01822 1,01945 

372,05 55,30 -31,8 -27,8 -7,4 -6,3 1,02102 1,02216 

372,40 53,15 -29,8 -25,8 -7,4 -6,3 1,01893 1,02006 

372,70 

middle  
triangularis  

zone 
51,85 -30,0 -26,0 -7,4 -6,3 1,01914 1,02027 

372,75 50,85 -29,7 -25,7 -6,9 -5,8 1,01934 1,02047 

372,80 

early 
Famennian 

early  
triangularis  

zone 50,75 -29,9 -25,9 -6,9 -5,8 1,01955 1,02068 

373,55 47,90 -30,1 -26,1 -9,4 -7,8 1,01719 1,01883 

373,65 47,40 -31,2 -27,2 -9,4 -7,8 1,01834 1,01998 

373,75 46,70 -30,9 -26,9 -9,4 -7,8 1,01802 1,01967 

373,85 46,20 -32,5 -28,5 -9,4 -7,8 1,01970 1,02135 

373,95 45,80 -33,0 -29,0 -9,4 -7,8 1,02023 1,02187 

374,10 44,90 -33,2 -29,2 -9,4 -7,8 1,02044 1,02208 

374,15 

linguliformis 
zone 

44,00 -32,4 -28,4 -9,4 -7,8 1,01960 1,02124 

374,40 41,80 -32,0 -28,0 -9,5 -8,1 1,01907 1,02051 

374,70 38,00 -32,8 -28,8 -9,5 -8,1 1,01991 1,02136 

375,00 

late  
rhenana  

zone 
35,90 -33,0 -29,0 -9,5 -8,1 1,02012 1,02157 

375,10 34,40 -32,1 -28,1 -9,3 -7,9 1,01938 1,02083 

375,20 33,30 -32,3 -28,3 -9,3 -7,9 1,01959 1,02104 

375,30 31,40 -32,8 -28,8 -9,3 -7,9 1,02012 1,02156 

375,60 

late 
Frasnian 

early  
rhenana  

zone 

25,05 

JO
A

C
H

IM
SK

I e
t a

l. 
(2

00
1)

 

-32,1 -28,1 -9,3 -7,9 1,01938 1,02083 

380,80 160,44 -29,8 -25,8 -8,6 -7,1 1,01767 1,01921 

380,90 162,04 -31,2 -27,2 -8,6 -7,1 1,01914 1,02068 

381,00 

La
te

 D
ev

on
ia

n 

earliest 
Frasnian 

lower to 
middle (?) 

part of MN 1 
zone / earliest 

falsiovalis 
zone 163,44 -31,5 -27,5 -8,6 -7,1 1,01948 1,02102 

381,04 164,79 -31,1 -27,1 -9,1 -7,8 1,01850 1,01984 

381,09 165,86 -31,6 -27,6 -9,1 -7,8 1,01904 1,02037 

381,13 167,02 -31,7 -27,7 -9,1 -7,8 1,01914 1,02048 

381,18 168,34 -31,8 -27,8 -9,1 -7,8 1,01919 1,02053 

381,21 169,13 -31,9 -27,9 -9,1 -7,8 1,01937 1,02071 

381,26 170,36 -32,1 -28,1 -9,1 -7,8 1,01959 1,02093 

381,30 

latest 
Givetian 

late disparilis 
to  

norrisi zones 

171,58 -31,4 -27,4 -9,1 -7,8 1,01883 1,02016 

383,20 

D
  E

  V
  O

  N
  I

  A
  N

 

M
id

dl
e 

D
ev

on
ia

n 

middle 
Givetian 

middle  
varcus zone 174,08 

M
U

R
PH

Y 
(2

00
0)

 

-28,3 -24,3 -7,9 -6,6 1,01682 1,01815 
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Sample  
εp [‰]  

(= 1000 × [α-1]) 

Assigned 
Absolute 
Age [Ma] 

Stratigraphic Age Position  
in Section above 
base of section / 

Depth in Core  
[m] R

ef
er

en
ce

 

Minimal Maximal Mean Variation (±) 

371,65 71,55 19,7 20,9 20,3 0,6 

371,70 67,55 19,6 20,8 20,2 0,6 

371,75 63,75 19,6 20,8 20,2 0,6 

371,86 60,35 19,2 20,4 19,8 0,6 

371,88 57,85 19,1 20,3 19,7 0,6 

371,90 

late  
triangularis  

zone 

56,25 18,2 19,5 18,8 0,6 

372,05 55,30 21,0 22,2 21,6 0,6 

372,40 53,15 18,9 20,1 19,5 0,6 

372,70 

middle  
triangularis  

zone 
51,85 19,1 20,3 19,7 0,6 

372,75 50,85 19,3 20,5 19,9 0,6 

372,80 

early 
Famennian 

early  
triangularis  

zone 50,75 19,5 20,7 20,1 0,6 

373,55 47,90 17,2 18,8 18,0 0,8 

373,65 47,40 18,3 20,0 19,2 0,8 

373,75 46,70 18,0 19,7 18,8 0,8 

373,85 46,20 19,7 21,3 20,5 0,8 

373,95 45,80 20,2 21,9 21,1 0,8 

374,10 44,90 20,4 22,1 21,3 0,8 

374,15 

linguliformis 
zone 

44,00 19,6 21,2 20,4 0,8 

374,40 41,80 19,1 20,5 19,8 0,7 

374,70 38,00 19,9 21,4 20,6 0,7 

375,00 

late  
rhenana  

zone 
35,90 20,1 21,6 20,8 0,7 

375,10 34,40 19,4 20,8 20,1 0,7 

375,20 33,30 19,6 21,0 20,3 0,7 

375,30 31,40 20,1 21,6 20,8 0,7 

375,60 

late 
Frasnian 

early  
rhenana  

zone 

25,05 

JO
A

C
H

IM
SK

I e
t a

l. 
(2

00
1)

 

19,4 20,8 20,1 0,7 

380,80 160,44 17,7 19,2 18,4 0,8 

380,90 162,04 19,1 20,7 19,9 0,8 

381,00 

La
te

 D
ev

on
ia

n 

earliest 
Frasnian 

lower to 
middle (?) 

part of MN 1 
zone / earliest 

falsiovalis 
zone 163,44 19,5 21,0 20,2 0,8 

381,04 164,79 18,5 19,8 19,2 0,7 

381,09 165,86 19,0 20,4 19,7 0,7 

381,13 167,02 19,1 20,5 19,8 0,7 

381,18 168,34 19,2 20,5 19,9 0,7 

381,21 169,13 19,4 20,7 20,0 0,7 

381,26 170,36 19,6 20,9 20,3 0,7 

381,30 

latest 
Givetian 

late disparilis 
to  

norrisi zones 

171,58 18,8 20,2 19,5 0,7 

383,20 

D
  E

  V
  O

  N
  I

  A
  N

 

M
id

dl
e 

D
ev

on
ia

n 

middle 
Givetian 

middle  
varcus zone 174,08 

M
U

R
PH

Y 
(2

00
0)

 

16,8 18,2 17,5 0,7 
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